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Summary

Studies of the Last Glacial Maximum have demonstrated a vital role for the carbon

cycle in regulating climate on glacial-interglacial timescales, in particular empha-

sising the effects of storage or exhalation of CO2 from the world’s oceans. However

the utility of proposed mechanisms over longer timescales, such as Early Pleistocene

glacial cycles, remains unclear. The aim of this thesis is to investigate how changes

in surface hydrography, deep ocean ventilation and flow, and marine biogeochem-

istry evolved across the Pleistocene, focusing on the Southwest Indian Ocean. New

multi-proxy paleoceanographic records are generated from sediments cores in the

Southwest Indian Ocean, at the boundary between the Subantarctic Southern Ocean

and the subtropical Indian and Atlantic Oceans. These records, from International

Ocean Discovery Program (IODP) Site U1475, span the Early to Late Pleistocene and

include: Measurements of benthic C. wuellerstorfi and the deep-dwelling planktic

G. truncatulinoides foraminifera stable isotopes; the accumulation of ice-rafted de-

bris (IRD) deposited by Antarctic icebergs; and the ‘Sortable Silt’ mean grain-size

proxy for near-bottom flow speed. The records are combined with published data

from a nearby core (MD02-2588) and presented on the ‘Agulhas Plateau composite’.

The results show that during glacial intervals, IRD deposition and near-bottom flow

speeds were high, deep chemical ventilation was reduced, and the mode-water to

deep-water chemical gradient was stronger relative to interglacial times. The glacial

Agulhas Plateau was characterised by a northerly expansion of Southern Ocean wa-

ters accompanied by a stronger or more proximal Antarctic Circumpolar Current, a

stronger chemocline, and a reduction in northern-sourced deep water presence. In

these records, the Mid-Pleistocene Transition begins around 1.25 Ma with a stepwise

increase in IRD deposition and higher amplitude cycles in near-bottom flow speed.
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The records also demonstrate that key interglacial periods are characterised by excep-

tionally sluggish deep-flow and a breakdown in vertical carbon stratification. Finally,

the temporal phasing of the records describe a sequence of events whereby Southern

Ocean surface conditions appear to lead deep circulation and global ice volume into

ice ages; potential mechanisms to explain this phasing are outlined, involving shifts

in the distribution of Antarctic iceberg melt.
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IOW = Indian Ocean Waters;

IWT = Intermediate Water Temperature;

LCDW = Lower Circumpolar Deep Water;

LR04 = Lisiecki and Raymo’s 2004 benthic oxygen isotope stack;

LSR = Linear Sedimentation Rate;

MAR = Mass Accumulation Rate;
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MBT = Mid-Brunhes Transition;

MIS = Marine Isotope Stage;

MPT = Mid-Pleistocene Transition;

NADW = North Atlantic Deep Water;

NSW = Northern-Sourced Water;

ODP = Ocean Drilling Program;

PCHIP = Piecewise Cubic Hermite Interpolating Polynomial;

PDW = Pacific Deep Water;

PIC = Particulate Inorganic Carbon;

PF = Polar Front;

POC = Particulate Organic Carbon;

pMag = Paleomagnetic;

SAASW = Subantarctic Surface Water;

SAF = Subantarctic Front;

SALH = Silicic Acid Leakage Hypothesis;

SAMW = Subantarctic Mode Water;

SAZ = Subantarctic Zone;

SSW = Southern-Sourced Water;

STF = Subtropical Front;

STFZ = Subtropical Frontal Zone;

SWWB = Southern Hemisphere Westerly Wind Belt;

UCDW = Upper Circumpolar Deep Water;

VPDB = Vienna Pee Dee Belemnite;
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1 | Introduction

... sea replaces what was once dry land, and where there is now sea, is at

another time land. This process must however be supposed to take place in an

orderly cycle.

- Aristotle, Meterologica

From global temperatures to precipitation patterns and wind fields, the climate sys-

tem has changed throughout geological time and will continue to change into the

future. Climate variations on a range of timescales have been identified: from mil-

lions of years, such as tectonically driven global warming and cooling (Zachos et al.,

2001), to inter-annual variations associated for example with the El Niño-Southern

Oscillation (Philander, 1983). Understanding the workings of the climate system is

an increasingly prescient undertaking, with anthropogenic activities now known to

be instrumental in forcing recent climate change. Over the past century, the rate of

changes to the climate are seemingly unprecedented, with atmospheric CO2 levels

rising faster than has been seen for at least the past 20 kyr* (Joos and Spahni, 2008),

accompanied by increases in global air temperature of ∼1.0°C and global sea level of

∼0.2 m since Pre-Industrial times (IPCC, 2021).

To understand climate change, it is essential to recognise feedbacks within the sys-

tem, and to understand the relationship between internal dynamics and external forc-

ing. One valuable way to achieve this is to study how the climate system has varied

through Earth’s history. By accessing records of past climate change and understand-

ing the natural mechanisms behind long term change, glacial-interglacial cycles, and

*1 kyr = 1 thousand years
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abrupt climate transitions, we may better foresee how the planet will respond to the

ongoing effects of human activity.

1.1 Pleistocene Climates and Orbital Cycles

It has long been known that Earth’s climate was not always like that of today. Since

scientists in the 19th Century first theorised the occurrence of ‘ice ages’ (Agassiz et al.,

1840; Adhèmar, 1842), geologists and paleoclimatologists have uncovered an exten-

sive history of cycles whereby warm and cold conditions periodically prevailed and

large continental ice sheets periodically waxed and waned. It was apparent from

early on that these oscillations might be driven by changes in the geometry of Earth’s

orbit (e.g. Croll, 1867; Milankovic̀, 1940), though the geological evidence necessary

to test the nature of this connection remained scarce. In the 20th century, the pop-

ularisation of deep-sea sediment coring (e.g. Pettersson, 1948) and the development

of geochemical tools for extracting the climate information stored in samples recov-

ered (e.g. the 18O/16O ratio in calcite microfossils; Emiliani, 1955; Shackleton, 1977),

made it possible to begin testing these theories.

For example, oxygen isotope records allowed the formalisation of glacial-interglacial

cycles into Marine Isotope Stages (MIS; where the Holocene is MIS 1, the last glacial

maximum is MIS 2, and so on; Figure 1.1). Relating this stratigraphy to calculations

of past orbital geometry (e.g. Berger, 1977), and in addition to radioisotope measure-

ments (e.g. radiocarbon and thorium series isotopes; Emiliani, 1955, 1971) and the

identification of magnetic reversals (e.g. Shackleton and Opdyke, 1973) allowed the

dating of sediment cores and provided a chronological framework for paleoclimate

studies.

One of the products of this progress has been the development of long, continuous

marine oxygen isotope records, providing perhaps the clearest overview of climate

change over the Cenozoic era (e.g. Zachos et al., 2001; Lisiecki and Raymo, 2005;

Westerhold et al., 2020). The ratio of 18O/16O, or δ18O† recorded by calcium carbon-

†delta notation defined as δ18O = ([(18O/16O)sample / (18O/16O)standard] – 1) x 1000



1.1 Pleistocene Climates and Orbital Cycles 3

Figure 1.1: δ18Obenthic Stack of Ahn et al. (2017). (c) 0 - 700 ka with Marine Isotope
Stages (MIS) and selected sub-stages labelled following Railsback et al. (2015, and references
therein). Even numbers represent glacial stages and odd numbers are interglacials (sensu
lato). iNHG refers to the intensification of Northern Hemisphere Glaciation.

ate microfossils in deep-sea sediments provides a first-order approximation of con-

tinental ice volume (Shackleton, 1967), although additional factors are also at play.

Stacks of δ18O such as the ‘Probabilistic Stack’ (Figure 1.1; Ahn et al., 2017) average

out local hydrographic changes recorded at individual locations and have become a

cornerstone in Plio-Pleistocene sediment core studies (Imbrie et al., 1984; Shackle-

ton et al., 1990; Pisias et al., 1990; Raymo et al., 1997; Lisiecki and Raymo, 2005; Ahn

et al., 2017). Statistical analysis of records such as this have answered many questions

regarding the nature of past climate variability, and have raised perhaps even more.
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1.1.1 An overview of climate over 5.3 million years

Figure 1.1a shows that over the past 5 million years (myr), quasi-periodic glacial-

interglacial cycles occurred amid a background of long-term trends, punctuated by

state changes such as the intensification of Northern Hemisphere Glaciation (iNHG),

the Mid-Pleistocene Transition (MPT) and the Mid-Brunhes Transition (MBT).

The long-term trend of increasingly heavy δ18O reflects gradual global cooling and

the development of ever larger continental ice sheets. This constitutes the tail-end

of an even longer-term cooling trend across the Cenozoic which has been attributed

to tectonic uplift (e.g. Raymo et al., 1990) and reconfigurations of ocean circulation

patterns by the closure of oceanic seaways (e.g Keigwin, 1982; Haug and Tiedemann,

1998). This cooling was punctuated by periods of more rapid δ18O increase related to

the development of Antarctic and then Northern Hemisphere ice sheets (Lear et al.,

2008; Shackleton et al., 1984), culminating in the intensification of glacial cycles with

a distinct 41 kyr periodicity during the iNHG (Figure 1.1a).

An interval of quasi-periodic global glacial cycles known as the ‘41-kyr world’ fol-

lowed this transition, which also broadly marks the boundary between the Pliocene

and Pleistocene epochs (Figure 1.1; ∼2.6 Ma; Gibbard et al., 2010). A long-term cool-

ing trend then persisted until around ∼ 1 Ma (Snyder, 2016), at which point a transi-

tion occurred in the cyclic nature of the ‘41-kyr world’.

The Mid-Pleistocene Transition

This transition, known as the MPT, is characterised by the onset of longer, more asym-

metrical glacial cycles, larger in amplitude (Clark et al., 2006). Several mechanisms

have been proposed to explain the change in glacial dynamics which led to this tran-

sition from the ‘41-kyr world’ into the so-called ‘100-kyr’ world. Some of these relate

to ice-sheet dynamics, such as a shift in the stability of the Laurentide Ice Sheet in re-

sponse to erosion of sub-glacial regolith (Clark and Pollard, 1998; Tabor and Poulsen,

2016), or a transition from a land- to marine-terminating East Antarctic Ice Sheet

(Raymo, 2006; Elderfield et al., 2012). A shift in ice-sheet behaviour may also have
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Figure 1.2: Spectral density estimates for (a) δ18Obenthic Stack of Ahn et al. (2017); and or-
bital solutions from Berger and Loutre (1991) for (b) eccentricity, (c) obliquity, (d) longitude
of perihelion (precession) and (e) mid-July insolation at 65oN. Power spectra are estimated
using the Multi-Taper Method.

been facilitated by a gradual decrease in atmospheric CO2 levels (Willeit et al., 2019;

Chalk et al., 2017). Alternative hypotheses emphasise sea-ice dynamics (Tziperman

and Gildor, 2003), enhanced dust fluxes (for example as a result of glacial erosion or

mid-latitude aridification; Willeit et al., 2019; Berends et al., 2021), and ocean circu-

lation/mixing (Köhler and Bintanja, 2008; Hasenfratz et al., 2019).

The exact nature of the MPT is difficult to determine due to the different ways in

which it manifests between different regions and proxy reconstructions. In sea sur-

face temperature records the emergence of ∼1/100-kyr spectral power occurs as early

as ∼1.5 Ma in some regions (Liu et al., 2008), and changes in the oceanic carbon cycle

are evident from ∼1.6 Ma (Wang et al., 2010; Lisiecki, 2014; Hodell and Channell,

2016). Detecting the MPT in benthic δ18O records (Figure 1.1) is also complicated by

the variable contributions from deep-sea temperature and global ice volume (Sosdian
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and Rosenthal, 2009; Elderfield et al., 2012; Ford and Raymo, 2019); although inverse

modelling techniques do support a substantial increase in ice volume across the MPT

(de Boer et al., 2014; Berends et al., 2021).

Part of the difficulty in describing the MPT relates to ambiguities in defining the

glacial cycles that follow. For example, the spectral power identified as representing

the emergence of Late Pleistocene glacial cycles depends on whether one considers

them to be paced by eccentricity cycles (e.g. Lisiecki, 2010), or by bundles of obliquity

(Huybers and Wunsch, 2005), precession or a combination (Huybers, 2011).

Forcing and Timing of Glacial Cycles

A statistical analysis of marine sediment core records by Hays et al. (1976) confirmed

the presence of periodicities matching those of changes in the precession and tilt

(obliquity) of Earth’s axis as well the eccentricity of Earth’s orbit around the sun (Fig-

ure 1.2). However, the results of Hays et al. (1976) required a more complex explana-

tion than offered by the canonical Milankovitch theory (Milankovic̀, 1940) to explain

glacial cycles of the ‘100-kyr world’. This theory relates the waxing and waning of

Northern Hemisphere ice sheets to the amount of summer insolation received at high

northern latitudes; in other words, connecting orbital geometry to climate through

the ability of solar radiation to melt snow and ice accumulated during the previous

winter. The absence of clear 100-kyr eccentricity forcing in high latitude summer in-

solation (Figure 1.2; Berger and Loutre, 1991) makes it difficult to reconcile with the

∼100-kyr periodicity of glacial cycles of the past 1 myr. The lack of an obvious mech-

anism linking glacial cycles to eccentricity became known as the ‘100-kyr problem’,

and continues to motivate the search to better understand the link between external

orbital forcing and internal feedbacks in the climate system.

Recently, several advances have been made in understanding orbital forcing of Pleis-

tocene climate cycles. For example, progress in techniques for dating paleoclimate

archives such as improved radioisotope constraints from speleothems (Cheng et al.,

2016; Bajo et al., 2020) and paleomagnetic constraints in marine sediments (e.g. Chan-

nell et al., 2009) as well as novel approaches to circumvent circular reasoning in ma-
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Figure 1.3: The last 2 myr of climate change viewed from selected ice core, marine, lacustrine,
and terrestrial deposits. (a) Antarctic air temperature (anomaly from modern) recorded by
δD from the EPICA Dome C ice core (Jouzel et al., 2007). (b) Composite record of atmospheric
CO2 concentration from Antarctic ice cores (Lüthi et al., 2008, and references therein). (c)
Estimate of global surface temperature (anomaly from modern) from a compilation of sea
surface temperature records (Snyder, 2016). (d) Normalised magnetic susceptibility from the
Lingtai loess/paleosol sequence, located on the Chinese Loess Plateau (Sun et al., 2010). (e)
Ti/Si ratio in a lake sediment core from Lake El’gygytgyn in Northeast Russia (Melles et al.,
2012). Selected interglacials are highlighted in vertical shading, boundaries follow Lisiecki
and Raymo (2005).

rine sediment records (e.g. Huybers, 2007, Barker et al., submitted) have constrained

the timing of glaciations and deglaciations with respect to insolation cycles. These

results suggest that glacial terminations aligned closely with bundles of obliquity

and/or precession cycles, supporting the proposal that the ∼100-kyr frequency in

climate records is actually the result of two (80-kyr) or three (120-kyr) obliquity cy-

cles (Huybers, 2011), with the the precise timing of glacial-interglacial transitions

influenced additionally by precession (Cheng et al., 2009).

One finding which pervades paleoclimate reconstructions from the Late Pleistocene
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is the importance of atmospheric CO2 concentrations in triggering, amplifying, and

modulating changes in glacial-interglacial climate (e.g. Shackleton, 2000). Even with

satisfying hypotheses related to the external pacing of glacial cycles, the amplitude of

climate fluctuations and the abruptness and asymmetry of transitions (e.g. Broecker

and van Donk, 1970) demand additional forcing from internal mechanisms such as

the carbon cycle. Ice core records demonstrate a tight link between the partial pres-

sure of CO2 in the atmosphere (pCO2) and Antarctic air temperature on millennial

(Ahn and Brook, 2008) and glacial-interglacial scales (Petit et al., 1999; Lüthi et al.,

2008) during the Pleistocene. Moreover, pCO2 increases rapidly across glacial ter-

minations, with pulses in oceanic CO2 outgassing aligning closely with changes in

temperature and global climate (Rose et al., 2010; Marchitto et al., 2007).

A central role for ocean processes in the Pleistocene carbon cycle is expected, as it is

the largest carbon reservoir which can readily interact with the atmosphere on kyr-

timescales (Broecker, 1982). In the following section, I give a brief overview of circu-

lation and biogeochemistry in the modern ocean, laying the groundwork to explore

the past dynamics of these processes over the coming chapters.

1.2 Ocean Circulation

Covering over 70% of the Earth’s surface, and owing to its large heat capacity, the

ocean is dominant in absorbing and redistributing heat around the planet. The ex-

tent of this role is exemplified by the observation that over 90% of the heat gained by

Earth between 1971 and 2010 was absorbed in the ocean (Zanna et al., 2019). Fur-

thermore, the surface mixed layer of the ocean readily exchanges gasses such as CO2

with the atmosphere, and the ventilation of the ocean interior by water-mass subduc-

tion thus provides a pathway for chemical tracers and heat out of the atmosphere

(Khatiwala et al., 2009). Circulation patterns in the ocean act to redistribute heat and

tracers around the world, resulting in distinct spatial patterns in thermohaline and

biogeochemical properties.

The dynamic flow of water around the planet can be largely described by the con-
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Figure 1.4: Mean age of water in the modern ocean inferred from radiocarbon measurements.
(a) Isolines at 2500 m depth. (b) Meridional transect through the Atlantic Ocean at -20oE.
Blue colors represent older water; i.e. longer since exposure to the surface. Dataset from
Gebbie and Huybers (2012)

cept of overturning circulation, whereby water sinks in some places and upwells in

others, connecting generally light and warm surface waters with the denser, cooler

deep ocean interior (e.g. Cessi, 2019). Two overturning circulations dominate much

of global ocean, one with deep-water production occurring in the northern North At-

lantic and the other with deep-water production today occurring in the high latitude

Southern Ocean (Gordon, 1986; Gebbie and Huybers, 2012). This is seen in areas of

relatively young waters (i.e. less time since exposure to the atmosphere) in the high

latitude deep North Atlantic and Southern Oceans (Figure 1.4). These cells are closely

intertwined (Talley, 2013; Marshall and Speer, 2012) with North Atlantic Deep Water

(NADW) upwelling in the Southern Ocean, ultimately contributing to the Antarctic

Bottom Water (AABW) overturning cell (see the ‘figure-of-eight’ schematic in Figure

1.5).
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North Atlantic Deep Water

The NADW overturning cell is also referred to as Atlantic Meridional Overturning

Circulation (AMOC), although the deep-water exported has an almost global reach.

The dynamics of this cell have received much attention, particularly in the context of

abrupt climate change, both in the geological past and immediate future (Broecker

et al., 1985; Lynch-Stieglitz et al., 2007; Rahmstorf, 2002). The production of NADW

is driven primarily by the density modification of near-surface waters in the high

latitude North Atlantic, mostly through cooling, however the salinity of deep-water

formation regions does exert some influence. This allows for the possibility of a pos-

itive feedback where increased salinity leads to more rigorous overturning, which

supplies more salt through increased surface return flow (Rahmstorf, 2000), making

the system non-linear and also sensitive to freshwater fluxes. Early work led to the

idea that this allowed two stable states in the NADW cell: NADW production ’on’,

and NADW production ’off’ (Manabe and Stouffer, 1988; Stommel, 1961). During

the last glacial cycle, this concept has been expanded with three distinct modes de-

scribing ‘stadial’, ‘interstadial’ and ‘Heinrich’ NADW production states (Rahmstorf,

2002).

After production in the North Atlantic, NADW propagates southwards through the

Atlantic basin (Dickson and Brown, 1994) before entering the Indian Ocean basin

south of Africa, or becoming entrained in the eastward flowing Antarctic Circumpo-

lar Current (ACC) and mixing with deep water from the Pacific, Indian and Southern

Ocean basins to form the denser class of Circumpolar Deep Water (CDW) referred to

as Lower Circumpolar Deep Water (LCDW).

The export of deep-water from the Atlantic basin is balanced by the return of surface

and thermocline waters across the Indian-Atlantic ocean gateway and thermocline to

intermediate waters through the Drake Passage gateway (Rintoul, 1991; de Ruijter

et al., 1999). The ‘warm-water return route’ occurs through the so-called Agulhas

Leakage. This is the term given to the exchange of warm and saline Indian Ocean

waters into the South Atlantic through mesoscale eddies and filaments shed from

the Agulhas Current as it retroflects in the south-west corner of the Indian Ocean
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subtropical gyre (Lutjeharms and Ballegooyen, 1988). There is evidence to suggest

that the magnitude of Agulhas Leakage has an impact on the strength of the AMOC

and subsequently on global climate (Beal et al., 2011; Biastoch et al., 2008; Caley

et al., 2012; Dyez et al., 2014; Peeters et al., 2004).

Antarctic Bottom Water Cell

The second overturning circulation cell is associated with Antarctic Bottom Water

(AABW) production in the Ross Sea, Weddell Sea and Adelie Land sectors of the

Southern Ocean (Foster and Carmack, 1976; Jacobs et al., 1970). The production of

AABW is fed predominantly by deep upwelling south of the ACC. Following sub-

duction, the cold and dense water follows one of two routes: if it is dense enough,

it forms bottom water (AABW) that sinks and propagates northwards through the

abyssal ocean, and if it is not dense enough it forms regional deep water masses

(Sloyan and Rintoul, 2001). At lower latitudes, AABW upwells and mixes with deep

water masses (NADW in the Atlantic Ocean, Indian Ocean Deep Water in the Indian

Ocean and Pacific Deep Water in the Pacific Ocean) before flowing back towards the

Southern Ocean predominantly in the form of the less dense CDW class known as

Upper Circumpolar Deep Water (UCDW). A useful metric in this context is the ‘age’

of a water-mass, which refers to the time elapsed since a parcel of water was in contact

with the atmosphere (Figure 1.4a). As water masses get ‘older’ they tend to accumu-

late respired carbon and nutrients sinking from the surface ocean (discussed below),

and so spatial patterns of water-mass age can be informative tracers with implications

for the carbon cycle. The return of CDW to the surface Southern Ocean can be seen in

a meridional transect of the Atlantic Ocean, for example, as a tongue of relative old

(>500 yr) water extending approaching the surface between 40oS and 60oS (Figure

1.4b).

Above this return flow, there is also a poleward flow of less dense northern-sourced

deep water, for example NADW in the Atlantic basin. This signifies a divide between

the two overturning cells, across which mixing can occur. The less dense UCDW

upwells in the Sub-Antarctic Zone of the Southern Ocean, where it then spreads to-
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Figure 1.5: Meridional overturning schematic for the Atlantic Ocean following Talley (2013).
The orange arrows represent the North Atlantic Deep Water (NADW) cell feeding into the
Lower Circumpolar Deep Water (LCDW). The green arrows represent the Antarctic Bottom
Water (AABW) cell, feeding into the Upper Circumpolar Deep Water (UCDW). Upwelling
occurs in the Southern Ocean in response to the Ekman Divergence across the Antarctic Cir-
cumpolar Current (ACC). Subantarctic Mode Water (SAMW) and Antarctic Intermediate Wa-
ter (AAIW) are subduction in the Subantarctic Zone (SAZ). The grey arrow represents deep
water formation in the northern North Atlantic. The dashed lines represent selected water-
mass boundaries. PAZ = Polar Antarctic Zone.

wards the (sub)tropics as Antarctic Intermediate Water (AAIW) and Sub-Antarctic

Mode Water (SAMW), eventually returning to the North Atlantic to complete the in-

termediate depth overturning cell (Marinov et al., 2006; Toggweiler et al., 2006).

The mixing between southern-sourced AABW and northern-sourced NADW to form

CDW represents a connection between the two overturning cells. The extent of the

‘communication’ between the two cells has been implicated in the Southern Ocean’s

capacity to store CO2 (Hodell et al., 2003; Marinov et al., 2006; Toggweiler, 1999) as

discussed below.

1.3 Reconstructing past ocean conditions

Above I have outlined some key aspects of modern ocean circulation, our understand-

ing of which has been aided by an extensive history of in situ (e.g. Key et al., 2004),

and remote (Goldstein et al., 1989) observations as well as data assimilation and nu-
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merical modelling techniques (see historical perspective by Semtner, 1986). Clearly

the applicability of direct or remote observation approaches in reconstructing past

ocean conditions are limited, and paleoceanographers instead must reconstruct pale-

oenvironments through indirect methods, generally referred to as proxy reconstruc-

tions.

The field of paleoceanography is largely built on the principle that past environmen-

tal changes may be recorded in the stratigraphic accumulation of ocean sediments‡.

Younger strata overlay older strata, and hence changes in the sediment properties

with stratigraphic depth should represent changes in the sedimentary system, and

hence environment, through time.

1.3.1 Environmental signals in terrigenous sediment

Deep-sea sediments can be divided into biogenic components originating mostly in

the local water column, and allochthonous, non-biogenic material originating mostly

from adjacent continents. The latter, known as the terrigenous fraction, is primarily

clastic material supplied to the seafloor as aeolian dust, ice-rafted glaciogenic debris,

and hemipelagic sediments from fluvial and shelf sources. Analysing the terrigenous

fraction can provide information on climatic conditions in the sediment source re-

gion, as well as processes acting to transport the material, and dynamical processes

affecting the deposited sediment, such as current sorting. Perhaps the simplest way

in which environmental signals are archived is through the mineralogy and petrol-

ogy of the sediment. For example, the composition of clay particles in sediments, the

majority of which are detrital in origin, reflects the provenance of the water masses in

which they are transported (Biscaye, 1965; Petschick et al., 1996), although changes

through time may also reflect changes in hydroclimate and weathering on the adja-

cent continents (Moriarty, 1977). Because of this, clay mineralogy studies are often

combined with additional proxies such as radiogenic isotope composition (see below).

Moreover, the presence of coarse, detrital grains in (sub-) polar regions often reflects

‡Paleoceanography also makes use of stratigraphic media that are not sedimentary in nature, such
as coral calcite bands and ice cores, however this thesis is primarily concerned with the sedimentary
records of deep-sea sediment cores.
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Figure 1.6: Map showing the seafloor sediment lithology census of Dutkiewicz et al. (2015).
Colours correspond to surface sediment lithologies explained in the key, derived from ocean
floor sediment samples.

the deposition of terrigenous sediments by icebergs or sea-ice (Lisitzin, 1960; Hough,

1950). The accumulation of ice-rafted debris (IRD) over time can therefore provide

a proxy record of ice-rafting, or more specifically the melting of sediment-laden ice,

at a given location (e.g. Conolly and Ewing, 1965; Watkins et al., 1974; Heinrich,

1988). Furthermore the petrology/mineralogy of ice-rafted material in addition to

the elemental and isotopic composition can provide insights into the provenance of

the icebergs or sea-ice from which the material was deposited (Farmer et al., 2003;

Hemming et al., 1998; Nielsen et al., 2007a).

Grain-size analysis

Mechanisms of production, transport, and deposition of sediments inherently favour

grains of certain characteristics, such as size ranges, and therefore provide different

populations to the final buried strata (McCave and Hall, 2006). By isolating varia-

tions in the sediment grain size distribution attributed to different mechanisms, one

can infer changes in said mechanisms through time; for example by isolating the pre-
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dominantly current-sorted signal as in the ‘Sortable Silt’ paleo-flow speed method

(SS; McCave et al., 1995b), or the aeolian dust signal through end-member decompo-

sition (e.g. Stuut et al., 2002).

The sorting of deep-sea sediments occurs by the hydraulic action of near-bottom

ocean flow. The resuspension and deposition of sediment by aggregate breakup and

particle selection is dependent on the particle settling velocities and the fluid shear

stress acting on them. McCave et al. (1995b) demonstrated that at a given stress,

some grains and aggregates are deposited, whilst others with lower settling veloci-

ties remain in suspension. The sorting of fine§, non-cohesive, sediment is therefore

controlled mostly by selective deposition. By determining the mean grain size of the

non-cohesive, fine sediment fraction (10-63µm; McCave et al. (1995b)), it is therefore

possible to reconstruct the strength of near-bottom flow.

Records of the Sortable Silt mean grain size (SS) from marine sediment cores have

provided insights into the history of current vigour in the North Atlantic (e.g. McCave

et al., 1995a), South Atlantic (e.g. Spooner et al., 2018), Pacific (e.g. Hall et al., 2001),

and Southern Oceans (e.g. McCave et al., 2013) across a range of geological timescales

(Kleiven et al., 2011; Hall et al., 2003; Bianchi and McCave, 1999; Thornalley et al.,

2018). However, as with all paleoceanographic proxies, this approach has limitations:

firstly it provides an estimate only of local flow vigour and multiple locations are

ideally needed to infer circulation changes on climatically-relevant scales. Secondly,

SS can be sensitive to the proximity of sediment sources (McCave and Hall, 2006) as

well as local hydrodynamics influenced by sedimentary structures (McCave, 2008).

Finally, whilst in situ field calibrations of SS to geostrophic flow speed exist (McCave

et al., 2017), the relationship varies between regions, though primarily in its intercept

rather than the slope. This means that SS might be better applied to reconstruct

changes in flow speed rather than absolute flow speed.

§in this context, fine refers o <63µm; shear stress by near-bottom flow at sites of paleoceanographic
interest, i.e. with high sedimentation rates, are rarely able to resuspend coarse sediments above this
boundary (Miller et al., 1977)
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Bulk sediment chemistry

Additional insights into past circulation can come from measuring the chemistry of

sediments. For example, the preferential enrichment or depletion of certain chem-

icals into different grain sizes means the ratio of elements with affinities for coarse

and fine phases, such as Zr/Rb (Wu et al., 2020), can be utilized to infer changes in

sediment coarseness along a core, and can be measured relatively quickly by XRF

scanning (Croudace and Rothwell, 2015). Furthermore, ratios between other ele-

ments can yield additional paleoenvironmental information, such as variations in

terrestrial versus marine sediment sources (e.g. Fe/Ca, Ti/Ca, Fe/Si; Møller et al.,

2006; Konfirst et al., 2011; Arz et al., 1998), the provenance of terrigenous sediments

(e.g. Fe/K, Ti/Fe; Konfirst et al., 2011; Monien et al., 2012), the presence of particular

sediment phases such as ice-rafted debris (e.g. Sr/Ca and Si/Sr, depending on min-

eralogy; Hodell et al., 2008), changes in the redox state of the sediment (e.g. Fe/Al,

Fe/S; Sluijs et al., 2008) and biological productivity (e.g. Br/Ti, Ba/Al; Ziegler et al.,

2008; Caley et al., 2011).

Furthermore, the isotopic composition of bulk sediments can provide proxies for the

provenance of water masses over time. For example, water masses carry a radiogenic

isotope signature reflecting the geology of the source regions, as well as inputs dur-

ing its circulation through different regions (Chow and Patterson, 1962). Particles

precipitated in equilibrium with seawater essentially trap the dissolved radioisotope

signature of the water-mass present, and changes in the isotopic composition of cer-

tain sediment phases over time can therefore provide a history of water-mass changes

(Frank, 2002). A widely used application of this principle is the reconstruction of

deep water-mass provenance through time by determining the Nd (Palmer and El-

derfield, 1986; Du et al., 2020; Rutberg et al., 2000), Pb (e.g. Burton et al., 1997;

Reynolds et al., 1999) and/or Hf isotopes (e.g. Piotrowski et al., 2000; van de Flierdt

et al., 2002). In addition to water-mass provenance, radiogenic isotopes can also pro-

vide insights into the vigour of overturning circulation, such as 231Pa/230Th ratio.

Owing to differences in the solubility (and hence residence time) between the two

isotopes (Anderson et al., 1983), the 231Pa/230Th ratio in the sediment can reflect the

addition or removal of 231Pa by lateral advection, in turn related to deep circulation
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patterns (Henderson et al., 1999).

1.3.2 Environmental signals from biogenic sediments

Proxies utilizing the biogenic component of marine sediment cores are among the

most widely-used in paleoceanography. As alluded to in the first few paragraphs

of this chapter, the reconstruction of ocean temperature, ice volume, and carbon

cycling from the geochemistry of microfossils, such as foraminifera (e.g. Emiliani,

1955; Shackleton, 1967), has been instrumental in building a more complete pic-

ture of the past ocean. Other microfossil groups are also widely studied, such as

coccolithophores (e.g. Margolis et al., 1975; Beaufort et al., 1997), dinoflagellates

(e.g. Edwards et al., 1991) as well as diatoms and radiolaria (e.g. Gersonde et al.,

2005), which produce calcium carbonate, organic, and silica shells/walls/exoskele-

tons, respectively. Paleoeanographic uses for these microfossils range from measur-

ing their elemental and isotopic compositions, to analysing the properties of organic

molecules which they secrete into the ocean, and relating changes in community

structure through time to environmental conditions under which different species

prevail (i.e. assemblage counts or relative species abundance).

Foraminifera

The widespread distribution and (generally) good preservation of foraminifera shells,

or ‘tests’, means that the fossil record of foraminifera provides an exceptional archive

from which climate information can be extracted over a range of timescales. In-

deed, stable isotope measurement on foraminifera (e.g. Emiliani, 1955; Shackleton

and Opdyke, 1973; Shackleton, 1977), have enabled the development of a globally-

coherent marine stratigraphy; graphical correlation of oxygen isotope records to ref-

erence curves (Prell et al., 1986) has become perhaps the most popular way to an-

chor sediment core records to an astronomical timescale (such as the orbitally-tuned

‘stacks’ of Lisiecki and Raymo, 2005; Ahn et al., 2017). In addition, the carbon isotope

composition of foraminifera can yield important information about past ocean circu-

lation and carbon cycling (e.g. Shackleton and Opdyke, 1973; Duplessy et al., 1984),
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though the signal can reflect a complex combination of additional thermodynamic,

ecological and post-depositional influences (Lynch-Stieglitz et al., 1995; Charles et al.,

1993; Spero et al., 1997); this is discussed in more detail in Chapter 5. Stable isotope

analysis can nonetheless provide a wealth of information regarding past climate and

ocean conditions. In addition, a suite of additional geochemical proxies have been

developed using the chemistry of foraminifera, including paleo-thermometers (such

as Mg/Ca; Rosenthal et al., 1997), carbonate chemistry proxies (such as B/Ca and

δ11B; Hemming and Hanson, 1992; Yu and Elderfield, 2007), and nutrient proxies

(e.g. Cd/Ca; Boyle, 1981).

Moreover, paleoenvironmental information can also be gained by determining the

community structure and abundance of certain species of foraminifera in marine

sediments. For example, fossil species assemblages can be related to the distribution

of modern assemblages in relation to hydrographic conditions (increasingly possi-

ble with the development of global ‘core-top’ datasets; e.g. Siccha and Kucera, 2017),

and can therefore be used to infer the hydrographic conditions in which the fossil

assemblage lived (Imbrie, 1971). This approach, known as transfer functions or the

‘Modern Analogue Technique’, has been widely used in paleoceanography both with

foraminifera assemblages (e.g. Diz et al., 2007), diatom assemblages (e.g. Gersonde

et al., 2005) and nannofossil assemblages (e.g. Marino et al., 2009). Notably, this ap-

proach allowed the ‘CLIMAP’¶ project to reconstruct paleoclimate conditions across

the North Atlantic region during the Last Glacial Maximum interval (CLIMAP Project

Members, 1976).

1.4 Glacial Paleoceanography

The precise contributions from different processes in driving the ∼100ppm varia-

tion in pCO2 during glacial cycles (Petit et al., 1999) remains unresolved, however

a unifying finding from modelling and proxy studies alike is that ocean processes

play a dominant role (e.g. Sarmiento and Toggweiler, 1984; Broecker and Peng, 1987;

Sigman and Boyle, 2000). The Southern Ocean in particular is thought to exert a

¶CLIMAP = Climate Long Range Investigation, Mapping and Predictions
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disproportionate influence on the global carbon cycle; Fischer et al. (2010) show that

Southern Ocean ventilation and biological productivity changes can explain around

40ppm and around 15ppm, respectively, of the glacial pCO2 decrease.

The first and most obvious mechanism by which the ocean might modulate atmo-

spheric pCO2 during glacial intervals is through the temperature dependence of CO2

solubility in water: CO2 is more soluble in colder water and colder glacial condi-

tions would therefore allow more CO2 to dissolve in the surface ocean. The actual

impact of this mechanism however is counteracted by the decrease in ocean volume

due to ice sheet growth, as well as salinity changes and the contraction of the terres-

trial biosphere (Sigman and Boyle, 2000; Broecker, 1982). Instead, changes in ocean

biogeochemistry and circulation must be considered.

1.4.1 The glacial biological pump

Roughly half of the world’s primary productivity of biogenic carbon occurs through

phytoplankton in the surface ocean (Buitenhuis et al., 2013). When these organisms

die, much of this carbon is respired and recycled within the upper mixed layer (We-

ber et al., 2016), however a fraction also sinks into the deep ocean. This downward

transfer of particulate organic carbon is referred to as the ‘biological pump’, and is an

important process in regulating atmospheric pCO2 through its ability to isolate car-

bon in the deep ocean for up to millennia. The export of particular organic carbon is

counteracted in the surface ocean by the ‘carbonate counter pump’, whereby the for-

mation of calcium carbonate shells by coccolithophores, foraminifera and pteropods

removes carbonate ions from the water, increasing the level of dissolved CO2 (Heinze

et al., 1991; Frankignoulle et al., 1994). It is therefore important to discriminate

between the production of particulate organic carbon (also known as the soft-tissue

pump) and particulate inorganic carbon (the ‘carbonate counter pump’) in studies of

the past carbon cycle (Duchamp-Alphonse et al., 2018).

Variations in the efficiency of the biological pump‖ have long been considered to play

‖or, more specifically, the ‘soft-tissue pump’. Hereafter ‘biological pump’ refers to this unless other-
wise stated. See Ito and Follows (2005)
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an important role in driving changes in atmospheric pCO2 in the past, for example

during Pleistocene glacial intervals (Broecker, 1982; Sigman and Boyle, 2000). Boyle

(1988) demonstrated that a shift of carbon and nutrients into the deep ocean during

glacial intervals might be an effective way of reducing atmospheric pCO2, a mecha-

nism known as ‘vertical nutrient fractionation’. Furthermore, this redistribution of

carbon would raise deep-sea carbonate dissolution, thus increasing ocean alkalinity

and lowering atmospheric pCO2 further (the ‘carbonate compensation’ mechanism;

Broecker and Peng, 1987).

Perhaps the most comprehensively studied interval in terms of the past biological

pump is the Last Glacial Maximum (LGM; 23 to 19 ka; Figure 1.7). Radiocarbon

measurements (Broecker et al., 1990) and reconstructions of deep-water carbonate

chemistry (Yu et al., 2013) and nutrient content (Oppo et al., 2018) from this interval

generally point to an increased storage of respired carbon in the deep ocean, how-

ever it is less clear how much of this was due to a global increase in the biological

pump (Galbraith and Skinner, 2020). In the Subantarctic Southern Ocean, records of

surface nutrient utilization (Martínez-García et al., 2014; Robinson et al., 2005) and

organic biomarker production (Ikehara et al., 2000; Martínez-Garcia et al., 2009) sug-

gest that biological productivity was greater**, and reconstructed fluxes of biogenic

material and associated minerals into the sediment (Anderson et al., 2014; Kohfeld

et al., 2005) and reconstructed bottom water chemistry (e.g. dissolved oxygen con-

centration; Jaccard and Galbraith, 2011) imply a greater export of carbon to the deep

ocean. The situation in the glacial North Atlantic is less clear: although some evi-

dence exists for a more efficient carbon pump (Yu et al., 2019), it is unclear whether

this is related to primary productivity or ocean circulation (Straub et al., 2013).

Conversely, in the Antarctic Zone of the Southern Ocean export fluxes were evidently

lower (Jaccard, 2005; Jaccard et al., 2013; Kohfeld et al., 2005; François et al., 1997;

Kumar et al., 1995). A similar scenario is seen in the Sub-polar North Pacific Ocean

(Jaccard, 2005; Gebhardt et al., 2008). Lower productivity in high latitude polar

oceans has been suggested to result from increased upper-ocean stratification and a

reduced supply of deep ocean nutrients to the surface during glacials (François et al.,

**several caveats are associated with this statement surrounding nutrient supply and preserva-
tion/advection of biogenic particles (Sachs et al., 2000; Anderson et al., 2002)
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Figure 1.7: Meridional transects through a state estimate of the LGM ocean from a model
inversion of compiled paleoceanographic observations (described in Oppo et al., 2018). (a)
δ13C and (b) Phosphate concentration from foraminifera-bound carbon isotopes and Cd/Ca
ratios. Dataset from Oppo et al. (2018)

1997; Jaccard et al., 2013). This highlights an additional factor which much be taken

into consideration when reconstructing the strength of the biological carbon pump:

ocean circulation.

1.4.2 The Southern Ocean Leak

The significance of glacial productivity trends in the Southern Ocean comes down to

the role that nutrient utilization in this region plays in regulating the preformed††

nutrient content of much of the world’s deep ocean (Marinov et al., 2006). This is

††The term ‘preformed’ when referring to deep ocean nutrients essentially means nutrients not uti-
lized by biology, as opposed to ‘regenerated’ nutrients; the ratio between the two provides a metric for
the global efficiency of the biological pump (Ito and Follows, 2005)
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because a large proportion of water in the deep ocean is exposed to the atmosphere

via upwelling in the Southern Ocean, bringing respired carbon and regenerated nu-

trients into the surface mixed layer. In the modern ocean these waters are returned

to the ocean interior before the nutrients have been fully utilized, allowing for the es-

cape of the upwelled carbon into the atmosphere (Sigman and Boyle, 2000; Marinov

et al., 2008), and lowering the global efficiency of the biological pump. This process,

known as the ‘Southern Ocean Leak’, has been identified as an important driver of

atmospheric CO2 fluctuations on glacial-interglacial timescales (Sarmiento and Tog-

gweiler, 1984; Knox and McElroy, 1984; Siegenthaler and Wenk, 1984).

Stemming of the ‘leak’ during glacial intervals might have occurred through a variety

of processes. For example, reduced mixing between the deep and surface Southern

Ocean would limit the exposure of carbon and nutrient-rich deep water to the sur-

face. Indirect evidence for this can be found in the decline of Antarctic Zone export

productivity, considered to be driven by vertical stratification (François et al., 1997;

Jaccard et al., 2013). Secondly, a physical barrier acting to trap CO2 in surface waters,

such as Antarctic sea-ice, would limit the out-gassing of upwelled carbon (Stephens

and Keeling, 2000). Thirdly, increasing the biological utilization of nutrients in the

Southern Ocean would reduce the preformed nutrient content of re-subducted water

masses, therefore increasing the efficiency of the global biological pump (Sigman and

Boyle, 2000).

Iron Fertilization

A key factor which today keeps Southern Ocean productivity low is biological limi-

tation by micronutrients such as iron (Martin, 1990; Boyd et al., 2000). A relaxation

of iron limitation in the past ocean, for example by increased dust (Martin, 1990) or

glaciogenic (Raiswell et al., 2008) deposition in the Southern Ocean, or an increase

in the upwelling of iron-rich deep waters (Tagliabue et al., 2014), would therefore

facilitate more complete utilization of macronutrients. This in turn would lead to

a more efficient biological pump, drawing down CO2 (e.g. Watson et al., 2000). In-

creased dust fluxes are evident from ice core (Wolff et al., 2006) and marine sediment
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core records (Martínez-Garcia et al., 2009; Lamy et al., 2014), and a tight link between

these fluxes and patterns of biological productivity has been demonstrated (Martínez-

García et al., 2014; Anderson et al., 2014; Ziegler et al., 2013). However, the extent to

which dust fluxes can explain the remarkably high iron fluxes in some regions during

glacial intervals has been questioned (Latimer and Filippelli, 2001) and it may be the

case that conditions in the glacial Southern Ocean favoured multiple sources of bio-

available iron. That being said, various carbon cycle models have demonstrated that

estimated glacial-level dust fluxes can stimulate an lowering of atmospheric pCO2 by

up to 40 ppm (Brovkin et al., 2007; Köhler et al., 2005; Watson et al., 2000). Moreover,

shifts in wind and hence dust deposition patterns would likely mirror shifts in ocean

mixing and iron input from icebergs, sea ice or suspended sediment sources (Latimer

and Filippelli, 2001; Meskhidze et al., 2007; de Baar et al., 1995; Noble et al., 2012).

1.4.3 Glacial Ocean Circulation

For the sequestration of carbon in the deep ocean to persist on long enough timescales

to influence climate, physical mechanisms as well as biological processes must be

called upon. Changes in upwelling or deep ocean mixing which act to isolate the deep

ocean from the surface (and atmosphere) are therefore key in explaining the lowering

of atmospheric pCO2 during glacial intervals (Toggweiler, 1999; Sigman and Boyle,

2000).

In the modern ocean, deep water-masses (i.e. below around 2500m) are mostly brought

to the surface by wind-driven upwelling around Antarctica (Toggweiler and Samuels,

1995), and so changes in the position and strength of the Southern Hemisphere west-

erly wind belt have been proposed as a driver of low glacial pCO2 (Toggweiler et al.,

2006). Furthermore, shifting westerly winds have been implicated in driving a surge

of respired carbon out of the deep ocean by Southern Ocean upwelling during deglacia-

tions (Anderson et al., 2009). More generally, these results highlight the importance

of changes in the AABW overturning circulation cell (as described above), in the

global carbon cycle. Interestingly, Karsten and Marshall (2002) and Watson and Gara-

bato (2006) have shown that the strength of overturning in the Southern Ocean is in-
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fluenced by surface buoyancy fluxes in addition to (and possibly even more so) wind

forcing. This means that changes in glacial upwelling could also have occurred in-

dependently of changes in the westerly wind belt (Watson and Garabato, 2006). This

highlights the importance of reconstructing both wind-driven and buoyancy-driven

Southern Ocean changes in understanding past changes in deep ocean circulation

and carbon storage.

An interesting caveat to descriptions of paleo-ocean circulation is the discrepancy

between water-mass volumes or chemical properties and flow or mass transport (c.f.

Wunsch, 2003). This means that any property that either does not change through

time (during transport by ocean flow) or changes at a rate which is not constrained,

cannot be utilized as paleoceanographic tracer of circulation strength, in the strictest

sense (LeGrand and Wunsch, 1995). Reconstructions of circulation strength are there-

fore limited to radiometric approaches (radiocarbon, U-Th series isotopes, for ex-

ample) and indirect measures of near-bottom shear stress using, for example the

SS proxy (McCave et al., 1995b). Continuing with the LGM case study, records of

231Pa/230Th from the North Atlantic suggest that substantial reductions in AMOC

during the last glacial cycle occurred during discrete intervals (McManus et al., 2004;

Böhm et al., 2014; Hall et al., 2006), although it is important to note the potential

influence of changes in the composition of particles sinking from the surface (Chase

et al., 2002). Records of the difference in radiocarbon age between surface and deep

waters (for example measured on co-registered planktic and benthic foraminifera;

Broecker et al., 1988) generally suggest a slowdown in the ventilation of the deep,

implicating a more sluggish overturning circulation during the LGM (e.g. Robinson

et al., 2005; Skinner et al., 2017). However, the fidelity of radiocarbon as a tool for

reconstructing circulation rate has been questioned (Huybers, 2007; Campin et al.,

1999) and model-data comparisons provide contradictory explanations for observed

LGM radiocarbon patterns (Menviel et al., 2020; Kurahashi-Nakamura et al., 2017).

Reconstructions of circulation strength using the SS flow-speed proxy are free from

some of the biogeochemical complications which affect radioisotope studies, however

pitfalls surrounding sediment source effects and local hydrodynamics interactions

with bathymetry/bedforms can impede straightforward interpretations (McCave and
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Hall, 2006). Using SS measurements from a transect of cores in the North Atlantic,

McCave et al. (1995b) showed that deep flow in the region was reduced during the

LGM, with a potentially more vigorous mid-depth circulation. Spooner et al. (2018)

found broadly the same pattern of strong mid-depth flow and sluggish deep flow

from SS measurements across a depth transect in the Southwest Atlantic Ocean,

however other studies demonstrate either little change or a decrease in flow speed

at intermediate depths in the North Atlantic (Hoffmann et al., 2019; Praetorius et al.,

2008). Evidence from earlier glacial intervals support a reduction in the vigour of

overflow from the Nordic Seas (Kleiven et al., 2011) as well as more sluggish deep

circulation in the equatorial Atlantic (Gröger et al., 2003). Conversely, increased flow

speeds were reconstructed during glacials in the Southwest Pacific Ocean (Hall et al.,

2001), suggesting an invigoration in the deep western boundary current ventilating

much of the deep Pacific. Similarly, higher glacial flow vigour has been observed

in the western tropical Indian Ocean (van der Lubbe et al., in press), and the south-

western Indian Ocean (Molyneux et al., 2007; Krueger et al., 2012; Martínez-Méndez

et al., 2008), although more sluggish near-bottom flow speeds have been found in the

deep Southeastern Indian Ocean (Williams et al., 2021). The wide range of results

demonstrate that caution must be applied when extrapolating regional SS data into

hypotheses regarding large-scale or even global ocean circulation. That being said,

when considering flow speed records across multiple depths and locations, especially

from within different points in a common current system, it may be possible to in-

fer changes in physical paleoceanography on a larger scale. This is explored in more

detail in Chapter 6.

Deep mixing and stratification

The importance of constraining past circulation patterns and flow vigour largely rests

on the importance of understanding the oceanic carbon cycle. Changes in deep strat-

ification and convective mixing have been theorised to isolate the deep carbon store

and lower atmospheric pCO2 (Toggweiler, 1999). Toggweiler (1999) and Köhler et al.

(2005) demonstrated with box models that reduced deep vertical mixing could re-

duce atmospheric pCO2 by 21ppm and 35ppm, respectively, with at least the same
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magnitude change again resulting from the carbonate compensation effect (Broecker

and Peng, 1987). Inhibiting deep ocean ventilation through reduced mixing could

result from changes in the density gradient between intermediate and deep water

masses, in turn related to changes in deep-water formation and thermohaline prop-

erties (Schmittner and Galbraith, 2008).

Some paleoceanographic evidence supports this proposal, revealing a strong, mostly

salinity-driven density gradient between intermediate and deep water-masses (Ad-

kins, 2002; Roberts et al., 2016; Lund et al., 2011). Adkins (2002) suggest that this

results from changes in buoyancy forcing between the deep-water formation regions

of the AABW and NADW overturning cells, resulting a more saline AABW relative

to NADW. Moreover, this stratification may be aided by the shoaling of the boundary

between the cells, resulting in less vertical diapycnal mixing as the boundary moves

further from rough topography on the seafloor, where internal waves generate en-

hanced mixing (Adkins, 2013). However, the impact of increased tidal mixing due to

lower sea levels might counter this mechanism (Wilmes et al., 2021), and constraints

on physical mixing versus chemical ventilation in the past ocean are required to bet-

ter understand this scenario.

Glacial Deep Water-Mass Geometry

Large changes in the properties and geometry of deep water-masses in the past are ev-

ident from paleoceanographic proxies such as carbon isotopes (e.g. Curry and Oppo,

2005; Oppo et al., 2018, ; Figure 1.7a), Cd/Ca ratios (a tracer for past nutrient content;

e.g. Marchitto and Broecker, 2006; Oppo et al., 2018, ; Figure 1.7a), and Nd isotopes

(a conservative water-mass tracer; Du et al., 2020), although it is important to note

that these reconstructions regularly disagree on the details (e.g. Gebbie, 2014).

Low carbon isotope ratios in the deep (roughly >2000m) Atlantic have been attributed

to a northward invasion of corrosive southern-sourced bottom waters analogous to

AABW (Oppo and Lehman, 1993; Curry and Oppo, 2005; Menviel et al., 2017; Muglia

and Schmittner, 2021). This expansion of southern-sourced waters‡‡ (SSW) is co-

‡‡deep and bottom waters originating in the Southern Ocean during glacial times are commonly
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Figure 1.8: A proposed circulation scheme describing this LGM overturning circulation state
following Sikes et al. (2017) and Ferrari et al. (2014). PAZ = Polar Antarctic Zone, SAZ =
Subantarctic Zone, ACC = Antarctic Circumpolar Current, SSW = Southern-Sourced Water,
GNAIW = Glacial North Atlantic Intermediate Water. The semi-transparent dashed arrow in
the North Atlantic refers to equivocal results around the nature of NADW formation under
glacial conditions (e.g. Böhm et al., 2014; Howe et al., 2016). Dashed lines represent simpli-
fied density gradients; the blue-green dashed lines showing the intermediate-deep density
gradient between the two overturning cells (Adkins, 2013).

incident with NADW shoaling into a glacial intermediate water-mass, enriched in

13C and depleted in nutrients, dubbed Glacial North Atlantic Intermediate Water

(GNAIW) (Boyle and Keigwin, 1987). Glacial SSW was volumetrically superior to

GNAIW, explained by its expansion northwards and the shoaling of the boundary

between the two from ∼4000m to <2000m (Figure 1.7). This has important impli-

cations for the global carbon cycle and atmospheric pCO2 levels, because changing

the relative volumes of water-masses with different preformed nutrient inventories,

essentially equates to altering the efficiency of the global biological pump (Ito and

Follows, 2005).

A proposed circulation scheme describing this LGM overturning circulation state is

shown in Figure 1.8, although I note that alternative views of state of glacial ocean

circulation are numerous (e.g. Howe et al., 2016; Kwon et al., 2012; Matsumoto and

Lynch-Stieglitz, 1999). Interestingly, some modelling endeavours seeking to simu-

late the LGM ocean have yielded disparate results, difficult to reconcile with paleo-

ceanographic observations. For example, suites of experiments performed under the

referred to as ‘southern-sourced waters’ or SSW
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Paleoclimate Modelling Intercomparison Project (PMIP) have historically struggled

to reproduce the shallow NADW seen in the data (e.g. Figure 1.7). Results from the

third PMIP phase (PMIP3), and to a lesser extent PMIP4 (Kageyama et al., 2021), gen-

erally showed a stronger and deeper NADW for the LGM (see synthesis by Muglia and

Schmittner, 2015). This suggests that either the interpretation of paleoceanographic

data is wrong or, perhaps more likely, some vital forcing is missing or misrepresented

in simulations of the LGM ocean. Muglia and Schmittner (2015) propose that deep

NADW in PMIP3 models is driven by wind stress in the North Atlantic, and Zhang

et al. (2013) show that stronger wind forcing over the Drake Passage region can also

stimulate an anomalously strong/deep NADW cell in LGM simulations. Clearly, bet-

ter constraints from paleoceanographic data can aide in more realistic simulations of

past climates, particularly with respect to the LGM.

1.5 Paleoceanography on longer timescales: This Thesis

As demonstrated above, the field of paleoceanography has progressed a great deal

over the past 50 years, furthering our understanding of how the ocean and climate

interact and elucidating the relationship to external forcing on a range of scales. In

this introduction, I have focused heavily on reconstructions spanning the LGM and

Late Pleistocene glacial cycles, in part because a more extensive and diverse array of

paleoceanographic reconstructions exist for recent glacial cycles compared to older

intervals. This is partially due to to the relative ease and lower cost of recovering

‘shorter’ sediment cores which probe less-far back in time.

Explanations of changes in climate, and in particular changes in atmospheric pCO2,

over glacial-interglacial timescales theorise a central role for changes in ocean chem-

istry and circulation. For example, a more efficient biological pump, isolation of the

deep ocean due to reduced vertical mixing and diminished upwelling, and modifi-

cations to the upper pathways associated with large-scale circulation have all been

proposed as amplifying the deterioration of climate conditions during glacial inter-

vals. However, the utility of these mechanisms to explain changes in climate on longer

timescales, such as across the Mid-Pleistocene Transition and over Early Pleistocene
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glacial cycles, remains unclear.

For the paleoceanography of these earlier times to be investigated, it requires longer,

more complete sediment sections recovered for example by Deep Sea Drilling Pro-

gram (DSDP), Ocean Drilling Program (ODP), Integrated Ocean Drilling Program

and International Ocean Discovery Program (IODP) expeditions (see historical per-

spective by Becker et al., 2019).

The overarching aim of this thesis is to utilise new sediment cores from IODP Expe-

dition 361 to generate multi-proxy reconstructions of surface and deep hydrography

at the Agulhas Plateau over the Pleistocene. IODP Expedition 361 drilled six sites in

the Southwest Indian Ocean, between 15oS and 41oS, targetting Plio-Pleistocene se-

quences with the aim of reconstructing the paleoceanography of the Agulhas Current

system and wider Southwest Indian Ocean (Hall et al., 2017b). The new data gen-

erated in this thesis provide a history of oceanographic conditions from the south-

ernmost location drilled, Site U1475, and are used to test and develop hypotheses

regarding the role of the ocean regulating atmospheric CO2 and climate. The specific

aims are as follows:

1. Develop a long, continuous benthic stable isotope record from Site U1475 span-

ning the entirety of the Pleistocene epoch. The benthic oxygen isotope record

will allow the construction of an astronomically-tuned age-depth model for

the site, and the benthic carbon isotope record will provide insights into deep

chemical ventilation and water-mass dynamics, in particular when compared to

records from other regions and water depths.

2. Reconstruct a history of Antarctic iceberg drift south of Africa across Early

Pleistocene glacial cycles, the Mid-Pleistocene Transition, and the Mid-Brunhes

Transition, in order to identify links between far-travelling Antarctic icebergs

and ocean circulation with respect to the development of glacial conditions.

3. Reconstruct a history of the chemical gradient between the intermediate and

deep ocean at the northern edge of the Subantarctic Zone, in order to investigate

how the export of carbon into the ocean interior evolved over multiple glacial
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cycles and in the context of low-frequency variability shown elsewhere in the

oceanic carbon cycle.

4. Use the ‘Sortable Silt’ mean grain size proxy to reconstruct changes in near-

bottom flow speed on the Agulhas Plateau, where the deep flow regime is highly

sensitive to changes in the strength and position of the ACC as well as deep

water-mass dynamics (Molyneux et al., 2007). Extending the previous 150-kyr

SS record from this region over multiple glacial cycles will better constrain the

evolution of circum-Antarctic flow under a range of climate boundary condi-

tions.

1.5.1 Outline

In the following chapters I address each of the aims listed above, before synthesis-

ing the results presented and propose directions for future work. In addition, a de-

scription of the materials used and the methodologies applied throughout is given in

Chapter 2.

Chapter 3: Determining Age-Depth Models for the Agulhas Plateau Composite

One of the most important considerations when constructing paleoclimate records

are the available constraints on age. In Chapter 3, I present 3.2 myr long benthic

stable isotope records from the Agulhas Plateau, and demonstrate the development

of age-depth models used throughout this thesis. In addition I show an alternative

age-depth model free from orbital tuning assumption.

Chapter 4: Antarctic icebergs lead ocean circulation into Pleistocene glacials; Ev-

idence from 1.65 Million Years of Agulhas Plateau Ice-rafted Debris

As described above, palaeoceanographic evidence suggests that during glacial peri-

ods of at least the past 1.5 myr, large-scale ocean circulation and deep water-mass

geometry had markedly different features from today. An absence of evidence to elu-
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cidate the origin of these changes means that the sequence of events leading to global

glacial conditions remains unclear. Some modelling studies have shown that altering

the buoyancy forcing in the Southern Ocean can have a global reach, notably by mod-

ifying the formation of NADW (e.g. Seidov et al., 2005), however paleo-evidence for

this has thus far been missing.

In Chapter 4, a new, high resolution record of ice-rafted debris accumulation is pre-

sented from the Agulhas Plateau. Located mostly out of the reach of coarse volcanic

material present in the South Atlantic, this record represents a sensitive proxy for

survivability of Antarctic icebergs across the Southern Ocean. Combined with a com-

prehensive analysis of phasing between this and other co-registered data, it is shown

that a systematic lead is present for Antarctic iceberg drift over changes in deep ocean

circulation during glacial cycles across the last 1.5 Ma. Finally, a new mechanism is

proposed to explain this coupling, relating to the ‘escape’ of buoyancy anomalies

from the Southern Ocean into the return limb of the Atlantic overturning cell.

Chapter 5: Extending the Agulhas Plateau Carbon Isotope Gradient Record: Mod-

ulation by Long Eccentricity

Secondly, whilst long records of stable carbon isotopes measured on benthic foraminifera

from different core depths have shown that distinct gradients between the intermedi-

ate and deep ocean repeatedly developed over glacial cycles (e.g. Hodell et al., 2003),

knowledge of shallower gradients expected to result from changes in Southern Ocean

export productivity are limited to last last few glacial cycles (Ziegler et al., 2013;

Charles et al., 2010). This is in part because of the difficulty in recovering long sed-

iment core archives from relatively shallow locations, as well as the uncertainties

inherent in aligning the stratigraphies of multiple core sites. Ziegler et al. (2013) in-

stead used the gradient between benthic and deep-dwelling planktic foraminifera to

reconstruct the chemical gradient between Southern Ocean mode waters and the deep

ocean. This revealed a tight coupling between changes in atmospheric CO2, Southern

Ocean dust fluxes, and the mode water to deep ocean carbon isotope gradient.

Extending the Southern Ocean carbon isotope gradient back through the Pleistocene
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provides an opportunity to investigate this coupling on longer timescales. For ex-

ample, it would allow one to test hypotheses linking the Mid-Pleistocene Transition

to Southern Ocean productivity (e.g. Chalk et al., 2017; Willeit et al., 2019). Where

productivity proxies from single locations are limited by the question of local versus

regional influences, and the advection and preservation of biogenic molecules in the

sediment (e.g. Anderson and Winckler, 2005; Sachs et al., 2000), the mode to deep

water carbon isotope gradient should instead integrate a larger area and be more ro-

bust to local influences.

In Chapter 5, a 1.55 myr-long record of mode to deep water carbon isotope gradient is

presented from the Agulhas Plateau. This record reveals substantial long-term mod-

ulation of this gradient, matching low-frequency changes in Earth’s orbital cycles.

The potential origins of this signal are assessed, and a proposal is put forward relat-

ing the modulation of the carbon isotope gradient to the production of Subantarctic

Mode Water.

Chapter 6: Changes in Physical and Chemical Ventilation of Deep-Water in the

Southwest Indian Ocean across Climate Transitions of the past 1.9 Million Years

Finally, paleoceanographic reconstructions from the Southern Ocean across the last

glacial cycle have proved invaluable in testing models which link deep ocean venti-

lation and wind-driven upwelling to atmospheric pCO2 (e.g. Anderson et al., 2009;

Ai et al., 2020). However, probing these processes with proxy records requires recon-

structing elements of chemical and physical oceanography (i.e. the accumulation of

respired carbon in the deep and changes in wind-driven ocean circulation).

In Chapter 6 of this thesis, a record of near-bottom flow speed is presented from the

Agulhas Plateau, reconstructed using the ‘Sortable Silt’ mean grain size proxy (Mc-

Cave et al., 1995b), reflecting variations in the strength and position of the Antarctic

Circumpolar Current and, therefore, the Southern Hemisphere Westerly Wind Belt.

By combining this record with records of deep chemical ventilation (benthic carbon

isotopes), and changes in surface hydrography (previously published records of sea

surface temperature and productivity) it is possible to explore the evolution of cou-
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pling between wind-driven circulation and deep chemical ventilation across multi-

ple glacial cycles, including remarkable interglacial intervals and climate transitions

such as the MPT and MBT.
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2 | Materials and Methods

2.1 Agulhas Plateau sediment cores

2.1.1 International Ocean Discovery Program Site U1475

The primary archive utilised in this thesis is International Ocean Discovery Program

(IODP) Site U1475, comprising deep-sea sediment cores obtained during Expedition

361 in February 2016 (Hall et al., 2017b). The cores were recovered using an Ad-

vanced Piston Corer (APC), which retrieved a total of 1016 m of sediment from six

holes. This thesis makes use of the triple APC continuous spliced sequence con-

structed by the stratigraphic correlation of RGB records for each hole (see Hall et al.,

2017a, for a detailed description of the splice construction). The site is located on

the southwestern Agulhas Plateau (41o25.6’S; 25o.6’E) at the interface between the

Indian, Atlantic, and Southern Oceans; ∼450 nmi south of the South African coast

(Figure 2.1; Hall et al., 2017a).

2.1.2 Agulhas Plateau Oceanography

At a water depth of 2669 m, Site U1475 is presently bathed in a mixture of North

Atlantic Deep Water (NADW) and Circumpolar Deep Water (CDW) (Arhan et al.,

2003). Immediately south of the Agulhas Plateau, the sea-floor descends to depths

of >4000m, situating the site in close proximity to the cold, dense Lower Circum-

polar Deep Water (LCDW) and Antarctic Bottom Water (AABW) that fills much of

the abyssal ocean in the Southern Hemisphere (Talley, 2013). In the deep basins sur-
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Figure 2.1: Figure from Hall et al. (2017a). Location of IODP Site U1475 with major surface
ocean circulation patterns (arrows) and approximate summer position of the Intertropical
Convergence Zone (ITCZ) and Congo Air Boundary (CAB) (dashed lines, from Reason and
Rouault, 2006). AC = Agulhas Current, ARC = Agulhas Return Current, SEC = South Equa-
torial Current, SEMC = South East Madagascar Current, NEMC = North East Madagascar
Current, EACC = East Africa Coastal Current, TB = Transkei Basin.

rounding the Agulhas Plateau, the gradual transition from NADW to LCDW occurs

at ∼3000m, however several lines of evidence indicate that this boundary shoaled

during past glacial periods reaching ∼2000m at times (e.g. Curry and Oppo, 2005).

Site U1475 is therefore well-situated to document past changes in the geometry of

northern and southern-sourced deep waters in relation to climate change since the

Late Miocene.

Figure 2.2b shows a temperature-salinity diagram for the southwestern Agulhas Plateau

(41°S, 25°E; WOA18‡). The surface hydrography is dominated by warm and relatively

saline waters, mostly originating in the evaporative subtropical Indian Ocean. This

Indian Ocean Water (IOW) is composed of a variety of water-masses including Sub-

tropical Surface Water and Agulhas Waters. Site U1475 is directly influenced by the

‡World Ocean Atlas 2018 available at https://www.nodc.noaa.gov/OC5/woa18/
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Figure 2.2: (a) Latitudinal salinity transect at 25oE (note the broken y-axis scale). The merid-
ional component of water mass circulation (white arrows) follows Read and Pollard (1993).
(b) Potential temperature - salinity diagram from 41oS, 25oE, 2669m (southwestern Agulhas
Plateau) with water depth given as colour. The contours represent isopycnals at 0.25 kg−1

intervals. Key water mass end-members are labelled following Read and Pollard (1993). IOW
= Indian Ocean Water, SAASW = Subantarctic Surface Water, AASW = Antarctic Surface Wa-
ter, AAIW = Antarctic Intermediate Water, UCDW = Upper Circumpolar Deep Water, LCDW
= Lower Circumpolar Deep Water, NADW = North Atlantic Deep Water, AABW = Antarctic
Bottom Water. data from the World Ocean Atlas 2018 (Zweng et al., 2019)

southern extent of the eastward-flowing Agulhas Return Current (ARC), consisting of

the relatively shallow Agulhas Waters not transported into the South Atlantic by the

so-called ‘Agulhas Leakage’ south of Africa. As the ARC nears the Agulhas Plateau,

the bathymetric rise steers them in an S-shape to the north (Boebel et al., 2003).

Figure 2.2b also indicates a range of less saline and slightly cooler surface waters,

representing density modifications of IOW by South Atlantic water-masses from the

west, transported as part of the Southern Hemisphere ‘super-gyre’ at the northern

limit of the Antarctic Circumpolar Current (ACC) (Graham and Boer, 2013; Speich

et al., 2007). Further density modification from colder water-masses from the south

also occur. These water-masses, identifiable as Antarctic Surface Water (AASW) and

Subantarctic Surface Water (SAASW), are partitioned from Agulhas waters in the

ARC by a hydrographic front, characterized by a strong meridional gradient in SST

at ∼43oS. This SST gradient shows little to no seasonal variation and is associated
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with the westward flowing ARC. Following Graham and Boer (2013), this front can

be considered the ‘dynamical subtropical front’* and is seemingly unrelated to the

other seasonally variable hydrographic fronts in the the region.

Figure 2.2a shows the tongue of low salinity Antarctic Intermediate Water (AAIW)

and Subantarctic Mode Water (SAMW) spreading downwards and northwards from

the Southern Ocean surface. Intermediate-depth water around the Agulhas Plateau is

characterised by a combination of ‘old’ mode and intermediate water-masses (SAMW

and AAIW) which have been extensively modified to become warmer and more saline

during circulation through the Indian Ocean, brought to the region by the Agulhas

Current and ARC. Meanwhile, ‘new’ SAMW and freshly ‘renewed’ AAIW are con-

tributed from the south, originating in the Subantarctic Zone (SAZ) through deep

winter mixing and modification of AASW and SAASW. Mode water circulation in

the region is therefore characterised by some combination of ‘old’, highly modified

SAMW from the Indian Ocean, supplied by the ARC, and relatively fresher mode wa-

ters transported within and across the ACC and to a lesser extent the South Atlantic

Current (Sloyan and Rintoul, 2001).

Figure 2.3, shows oxygen depth profiles for three locations in the region: one in the

core of the ARC, one over the southern Agulhas Plateau (location of Site U1475/the

APcomp) and one further south in the SAZ. The northernmost site in the ARC flow

path displays a clear subsurface oxygen minimum around 200m depth, likely rep-

resenting IOW or the influence of low-oxygen subtropical thermocline waters (Lut-

jeharms and Ansorge, 2001). Over the southern Agulhas Plateau, the influence of

these low-oxygen waters gives way partially to highly oxygenated AASW and SAASW,

though a slight oxygen minimum still exists. This minimum is almost entirely absent

at the southernmost site, where the water column above 100m is consistently more

oxygenated than the other sites, reflecting enhanced air-sea exchange in the SAZ.

*The eastward extension of the western boundary current (Graham and Boer, 2013)
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Figure 2.3: Dissolved oxygen concentration with depth for three sites in the Agulhas Plateau
region, 35oS to 45oS and 20oE to 30oE. Site U1475/APcomp is represented in red. Data from
the WOCE Global Hydrographic Climatology (Gouretski, 2018)

Sedimentology

The Agulhas Plateau is bathymetricaly isolated, ascending ∼2500m above the sur-

rounding deep basins: the Agulhas Passage to the north, the Agulhas Basin to the

west, and the Transkei basin to the north-east (Figure 2.1). Subsequently, the delivery

of terrigenous material from the African continent is small, as shown by the pre-

dominantly biogenic composition of Site U1475 (80% ± 6% on average) (Hall et al.,

2017a). Two lithogenic units are identified in the Site U1475 sequence, though the

records presented here consist only of Unit II, a light greenish to pale grey nannofos-

sil ooze. The biogenic material in Unit II is dominated by nannofossils (55% ± 11%),

microfossils (17% ± 6%) and diatoms (6% ± 4%). Quartz and clay minerals domi-

nate the terrigenous fraction, with periodic occurrences of coarse-grained (>150µm)

ice-rafted minerals (Hall et al., 2017a).

The relatively low siliceous fraction through the core reflects the distal position from
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the circum-Antarctic opal belt where opal in sediments regularly exceeds 50% (Diek-

mann, 2007). Furthermore, the down-core CaCO3% variability is relatively small

(74-85%) based on shipboard CaCO3 measurements (Hall et al., 2017a) and weight %

potassium derived from natural gamma ray counts (Vleeschouwer et al., 2017; Gruet-

zner et al., 2019). The variability of sites further south typically exceeds this (e.g.

Howard and Prell, 1994), implying lower glacial-interglacial variability in preserva-

tion and/or rain rate of carbonate at Site U1475 compared to more ’typical’ Southern

Ocean regimes. The preservation of CaCO3 in deep marine sediments is controlled by

the CaCO3 saturation state of the overlying seawater, itself a function of seawater car-

bonate ion concentration and pressure (Archer, 1996). With depth, increasing pres-

sure leads to increased CaCO3 dissolution, resulting in a horizon below which disso-

lution exceeds preservation (known as the Carbonate Compensation Depth or CCD§).

In the Agulhas Plateau region, the modern CCD is situated sufficiently deeper than

Site U1475 (∼4300m; Howard and Prell, 1994) preventing significant dissolution. Al-

though the preservation may have varied in the past depending on the prevalence of

supersaturated NADW and more corrosive southern-sourced deep waters (González-

Dávila et al., 2011), it has been shown that, at least during the Late Pleistocene, car-

bonate dissolution was minimal (Molyneux et al., 2007; Diz et al., 2007).

Seismic data provide evidence for a strong current system present and highly inter-

active with respect to the sedimentary environment in the region, with Uenzelmann-

Neben (2002) identifying several contourite sediment drifts on the southern Agulhas

Plateau. Furthermore, abyssal circulation around the Agulhas Plateau is likely re-

sponsible for erosional activity and sedimentary hiatuses in the region, manifesting

notably as an erosional moat encircling it, related to the intensification of bottom-

currents during the Mid-Miocene (Uenzelmann-Neben, 2002). Located just below

the crest of one of the aforementioned drift deposits, Site U1475 is above the the

reach of the (modern-day) AABW circulation, evidently unaffected by erosional fea-

tures, with no obvious hiatuses through the recovered section and a Holocene or Late

Quaternary-aged core-top (Hall et al., 2017a; Gruetzner et al., 2019). This drift is

instead deposited by south-eastward-flowing components of NADW, entering from

§The nomenclature surrounding the ocean carbonate system is at times convoluted and this defini-
tion of the CCD is in some ways an oversimplification
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Figure 2.4: Figure showing the Site U1475 Holes from which samples for this study were
obtained; all of which are part of the shipboard splice (Hall et al., 2017a)

the South Atlantic. In a region with such hydraulically-active bottom currents, Site

U1475 offers a unique and valuable sedimentary archive, highly sensitive to changes

in deep-sea circulation since the Late Miocene (Gruetzner et al., 2019).

2.2 Sampling Strategy and Processing

Samples for Site U1475 were requested from and sampled by the Kochi Core Centre

and were obtained by the staff as either ‘half-round’ or ‘wedge’ samples. All samples

were from the shipboard splice, consisting predominantly of Holes C, E, and B (Fig-

ure 2.4). In total, 1473 samples were processed for this thesis, spanning from 8.36m

to 87.98m splice depth at a spacing of 4 cm. In preparation for proxy work, samples

were submersed in deionized (DI) water and placed on an over-under spinner for 24

hours before being wet-sieved at 63µm, again with DI water. DI water was flushed

through the sieve until calcite shells in the >63µm fraction were free from visible clay

or silt particles. The fine (<63µm) and coarse (>63µm) fractions were then dried at

40oC and weighed to give the respective fraction weight %. A sub-sample of the fine

fraction was removed for grain-size analysis and the coarse fraction was sieved fur-

ther to isolate the desired size fractions for IRD and stable isotope work (see below).

2.2.1 The Agulhas Plateau Composite record

The U1475 ‘pre-site survey’ CASQ core MD02-2588 was recovered in 2002 by the R/V

Marion Dufresne expedition MD128, situated near the location that would later be

drilled as Site U1475 (MD02-2588: 41o19.90’S, 25o49.7’E; 2907 m depth). Since sev-
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Figure 2.5: Construction of the Agulhas Plateau Composite by aligning the benthic δ18O
records from MD02-2588 (Ziegler et al., 2013) and Site U1475 (this thesis; see Chapter 3).
The vertical red line shows the tie-point chosen between the two records, selected at the
maximum rate of change to minimise uncertainty

eral high resolution multi-proxy records already existing for MD02-2588 (e.g. Marino

et al., 2013; Ziegler et al., 2013), the upper 10.27m (roughly 300 kyr; see Chapter 3)

of this core is used in place of the corresponding section of Site U1475. In order to

present a continuous Agulhas Plateau sedimentary record, the lowest deglaciation of

MD02-2588 was correlated to the respective deglaciation in Site U1475 using both

the benthic δ18O and benthic δ13C records from both cores (Figures 2.5 and 3.2).

This tie point occurs at 10.27 m in MD02-2588 and 9.16 m in U1475. The resulting

stratigraphic framework is referred to hereafter as the Agulhas Plateau composite

(APcomp).

2.3 Analytical methods

2.3.1 Stable isotope analysis of foraminifera

For stable isotope analyses, foraminifera were picked from the washed >63µm sedi-

ment fraction further sieved into various size ranges (discussed for each species be-

low) using a fine paint brush and deionized water under a binocular light microscope.
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Figure 2.6: As for Figure 2.5, but presented on the APcomp depth scale. Benthic δ18O and
δ13C records from MD02-2588 (Ziegler et al., 2013) and Site U1475 (this thesis; see Chapter
3).

Cibicides wuellerstorfi

Cibicides wuellerstorfi (Schwager, 1886) is an epifaunal benthic foraminifera, consid-

ered to precipitate calcite with δ13C in, or close to equilibrium with the ambient

bottom water δ13CDIC (Woodruff et al., 1980; Belanger et al., 1981; McCorkle and

Keigwin, 1994; Schmittner et al., 2017) and is thus a widely used paleoceanographic

tool.

Where possible, 3 specimens were picked from the 250-315 µm fraction for stable

isotope analysis. Individuals with broken or poorly preserved shells were rejected.

Where fewer specimens were present, the >350 µm fraction was consulted as there

is no evidence for a size-dependency in Cibicides species stable isotope composition

(Corliss et al., 2002). Stable isotope measurements were performed at Cardiff Univer-

sity using a Thermo Finnigan MAT 253 mass spectrometer linked online to a Carbo

Kiel carbonate preparation device with long term precision of ±0.05h for δ18O and

±0.021h for δ13C (±1σ). Results are calibrated to an internal laboratory standard

(BCT 63µm) and presented relative to the Vienna Pee Dee Belemnite scale (h VPDB).
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Globrotalia truncatulinoides (sinistral)

Globorotalia truncatulinoides (d’Orbigny, 1839) is an extant species of non-spinose

Globorotaliid planktic foraminifera. G. truncatulinoides is characterised by a conical

shape, a left- (sinistral) or right-coiling (dextral) final whorl consisting of 5 chambers

(de Vargas et al., 2001). Here, only the sinistral form is measured, due to the wider

temperature tolerance and shallower depth range of dextral specimens (Chiessi et al.,

2007); justified further in Chapter 5.

To generate the down-core records, paired stable isotope (δ18O, δ13C) measurements

were made on sinistral (left-coiling) G. truncatulinoides specimens from the 250-315µum

size fraction. The number of specimens measured in each sample (hereafter n) was

dependent on the availability of morphologically distinct and well-preserved G. trun-

catulinoides shells; the target number was 15 (see Chapter 5), however n ranged from

1 to 15.

For isotope analyses of large samples (n>7), 100 to 250µg of crushed sample was

weighed using a Sartorius micro-balance (precision ±1µg) and measured a Finnigan

Delta V Advantage coupled online with a Gasbench II. Long-term external precision

is <0.06‰ for δ13C and δ18O and internal standard deviations are generally <0.1‰.

Smaller samples (n≤7) were measured using a Thermo Finnigan MAT 253 mass spec-

trometer coupled online to a Carbo Kiel carbonate preparation device with a long

term precision of ±0.05h for δ18O and ±0.021h for δ13C (±1σ). All results are cali-

brated to an internal laboratory standard (BCT63) and reported relative to the Vienna

Pee Dee Belemnite scale.

Individual Foraminifer Analysis

The aim of measuring the isotope composition of multiple shells within a sample

is to approximate the population average for a given stratigraphic interval. It has

previously been proposed that a large number of specimens (30-50 individuals) are

required to achieve a reproducible mean (Killingley et al., 1981; Löwemark et al.,

2005; Schiffelbein and Hills, 1984), however this may be unrealistically large (Fraass
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and Lowery, 2017) and the number will vary depending on the species in question,

the sedimentation rate, and the local hydrographic variability. One way to con-

strain the relationship between precision and number of shells per sample is to mea-

sure the composition of multiple individual foraminifer from single samples. Some

early studies attempting to quantify inter-specimen variability through Individual

Foraminifera Analysis (IFA) found alarmingly high variance within a single sample

(up to 2‰). However, the relatively large samples required by Mass Spectrometers

at the time meant that IFA had to be performed on foraminifera from large size-

fractions, introducing complications from the size-dependent fractionation of many

species (Friedrich et al., 2012).

Here, 154 specimens from the 250 - 315µm size fraction, spanning 4 individual sam-

ples (2 from interglacial and 2 from glacial intervals) from Site U1475 were mea-

sured on a MAT 253 mass spectrometer following the ‘small-sample’ protocol out-

lined above. On average, the internal standard deviation for measurements of in-

dividual G. truncatuloinoides shells was 0.03‰ for δ13C and 0.05‰ for δ18O. The

intra-sample standard deviation (average across the 4 samples with sample means

subtracted) is 0.40‰ for δ18O and 0.31‰ for δ13C (Figure 2.7a-b). From this, the

standard error of the mean for each down-core sample can be estimated by dividing

by the square-root of the number of shells measured (n). Following this approach, a

sample with n = 15 specimens will have 95% confidence intervals of 0.20‰ for δ18O

and 0.16‰ for δ13C (Figure 2.7c). Data-points consisting of n<3 specimens (n = 3

equates to a standard error of 0.46‰ and 0.35‰ for δ18O and δ13C, respectively) are

discarded, as this (admittedly somewhat arbitrary) boundary constitutes the num-

ber of samples below which the 95% confidence intervals exceed the inter-sample

standard deviations. These estimates are used in Chapter 5 to calculate confidence

intervals for the down-core G. truncatulinoides isotope records.

2.3.2 Ice-Rafted Debris

To determine the abundance of Ice-Rafted Debris (IRD) from Site U1475, the washed

coarse samples (>63µm) were split between 3 and 5 times using a micropaleontology



2.3 Analytical methods 45

0.0 2.5 5.0
0

10

Fr
eq

ue
nc

y a.   C-1H-6 102-104 cm

0 2

0.0 2.5 5.0
0

10
Fr

eq
ue

nc
y b.   C-2H-3 102-104 cm

0 2

0.0 2.5 5.0
0

10

Fr
eq

ue
nc

y c.   E-2H-2 69-71 cm

0 2

0.0 2.5 5.0
18O o/oo

0

10

Fr
eq

ue
nc

y d.   E-2H-4 58-60 cm

0 2
13C o/oo

Figure 2.7: Histograms for δ18O (left) and δ13C (right) of G. truncatuloinoides obtained by
Individual Foraminifera Analysis (IFA) on four stratigraphic samples on the U1475 Splice
(a-d). Samples (a) and (d) are from interglacial intervals and (b) and (c) are from glacial
intervals

splitter to yield between 500 and 1000 entities (including foraminifera). The split

sample was then sieved to isolate the >150µm fraction. This size fraction is routinely

used in studies of IRD at ice-distal locations (Hemming, 2004, and references therein)

and was chosen to exclude grains that may be transported by means other than ice-

rafting (e.g. eolian or ocean current processes), whilst including enough material for

robust counts. This methodology is comparable to that employed for MD02-2588.

The IRD records presented in this thesis include measurements previously made on

MD02-2588 (n=522; partially published in Marino et al., 2013; Simon et al., 2013)).

Detrital fragments were counted within the sub-samples under a stereo light mi-

croscope. No attempt was made to distinguish between mineralogies of clear phe-

nocrysts, however grains that were obviously of volcanic (e.g. tephra) or authigenic

(e.g. pyrite) were excluded from the IRD record as they may have originated by means

other than iceberg-rafting (Nielsen et al., 2007a). Quartz and feldspar are often in-
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distinguishable with confidence by eye, so ‘volcanic’ feldspar grains may uninten-

tionally be included in the count. However, Energy Dispersive X-Ray Spectrometry

(EDS) point analysis (see below) reveals that the dominant mineralogy is quartz and

that volcanic mineralogies are relatively rare. Records were made for any notable

minerals or grains identified, but no continuous quantitative record of mineralogy is

provided due to the ambiguity of identifying minerals by stereo light microscopy (see

Nielsen et al., 2007a).

Mass Accumulation Rates

Several methods for normalizing ice-rafted debris counts in marine sediments exist.

For example, IRD counts can be converted to number of grains per gram of dry sedi-

ment (this thesis), concentration relative to the number of planktic foraminifera (the

‘IRD Index’; Poore and Berggren, 1975), concentration relative to the total number

of grains of any type in the given size fraction (‘IRD Mass Ratio’; Allen and Warnke,

1991) or as a weight concentration (i.e. in mg of IRD per g of sediment; Teitler et al.,

2010). Each method carries benefits and limitations reflecting the possibility of exter-

nal factors effecting the index. For example, the ratio of IRD per planktic foraminifera

or total grains present can change due to dissolution of carbonate material, or changes

in biological productivity. One way to account for this, albeit imperfectly, is to cal-

culate the accumulation rate of IRD using an estimate of sedimentation rate and the

dry bulk density of the sediment.

To calculate mass accumulation rates, the raw IRD counts were converted into con-

centrations (equation 2.1) and then into apparent mass accumulation rates (MAR) by

multiplication with Linear Sedimentation Rate (LSR)† and Dry Bulk Density (DBD;

data from (Gruetzner et al., 2019)).

Conc. (# grains/g) = # grains(>150µm) ÷ total sample dry weight (g) (2.1)

†this is not an ideal solution as it requires assuming linear sedimentation between age-depth tie
points, an assumption which is unlikely to hold in reality
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MARIRD (# cm−2 kyr−1) = Conc. (# grains/g) ×LSR (cm kyr−1) ×DBD (g cm−3) (2.2)

MD02-2588 IRD

The short overlapping sections of Site U1475 and the previously measured MD02-

2588 show good agreement between IRD concentrations. No dry bulk density (DBD)

data exists for MD02-2588 and so in order to convert the existing IRD data into MAR

(equation 2.2), DBD was estimated by fitting a 2nd order polynomial to the Site U1475

DBD data used in the splice and forecasting values for MD02-2588 samples (r2 =

0.57).

IRD Mineralogy

Of the total samples, a subset were quasi-randomly chosen for mineralogical deter-

mination by Energy Dispersive X-ray Spectrometry (EDS) point analysis (n=8). The

number of grains picked from each sample for EDS ranged from 1 to 8 and varied in

appearance. Firstly, the grains were mounted to a sticky carbon mount using a fine

brush and deionized water. The mounted sample was then carbon coated to ∼15nm

with 8 second bursts. The coated samples were then loaded onto a Zeiss Sigma HD

field emission gun Scanning Electron Microscope (aperture 60 µm, amplitude 15kV).

The grains were then imaged and elemental data was acquired at several points using

2 Oxford X-Max detectors with a combined area of 300 mm2. The elemental oxide %

data obtained is available in full in the appendix (Table A1).

2.3.3 Grain-size analysis

Grain size analysis can be employed to investigate changes in the delivery, deposition

and sorting of marine sediments. In thesis, the ‘sortable silt’ flow speed proxy is

reconstructed for the APcomp.
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Removal of Biogenic Components

Before measurements were made, the biogenic components (carbonate and opal) of

the sediment were removed by 2-step digestion. First, 2-4g of the <63µm fraction

were placed in excess 2M acetic acid for >12 hours. The excess acid was then removed

by siphon and the step was repeated. Following the second removal of acid, the

sample was rinsed with de-ionised water and left to settle overnight. After 24 hours,

the sample was heated in an 85oC water bath with excess 0.2% sodium carbonate

(Na2CO3) for five hours. The sample was then left to cool and settle, before the excess

Na2CO3 was removed and de-ionised water was added. The sediment was left to

settle for >2 days before excess water was siphoned off and replaced. The sediment

was left again to settle for 1-2 weeks before the excess water was removed and the

sediment was washed into 60ml bottles with sodium hexametaphosphate (Calgon).

Coulter Counter

SS data for MD02-2588 and the upper 22.49 m of Site U1475 was obtained by Ian R.

Hall, Cardiff University.

The SS flow speed proxy is derived by measuring the mean grain size of the 10-63

µm terrigenous size fraction. Before analysis, the samples were placed on a rotating

wheel for >24 hours and then ultrasonicated for 3 minutes to ensure grains were en-

tirely disaggregated. Measurements for Site U1475 samples were made using a Beck-

man Multisizer IV Coulter Counter (following the protocol of Bianchi et al. 1999) at

Cardiff University (previously made measurements for Site MD02-2588 were made

on a comparable Beckman Multisizer III). This instrument is an electrical resistance

pulse counter, considered preferable to laser particle sizer alternatives for measuring

the non-cohesive silt fraction (Bianchi et al., 1999). Samples were analysed at least

2 times until results converged to within 0.3 µm. The final SS value is reported as

the average of these measurements. If the intra-sample standard deviation was high

(>0.5µm), the data was dismissed and the sample re-measured. Furthermore, if the

aperture of the Coulter Counter repeatedly ‘blocked’ the run was omitted and the
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sample re-measured following inspection of a smear slide to ensure that the removal

of biogenic components was sufficient. SS data presented in Chapter 6 refer to the ge-

ometric mean of the 10-63µm fraction and are presented either in µm units or unitless

with mean subtracted and standard deviation set to 1.

2.4 Overview of Statistical methods

In the following chapters, detailed descriptions are provided for any novel or un-

orthodox‡ techniques used. Here I give a brief overview of statistical or numerical

methods used. All analyses were performed in Python or Matlab unless otherwise

stated. Source code is available at www.github.com/AidanStarr/thesis and is pro-

vided in the appendix.

2.4.1 Spectral estimation

Spectral analysis in this context refers to investigating time series in the frequency-

domain. In other words, it is an attempt to identify or isolate periodic components in

a signal, such as the amplitude or wavelength of cycle(s) which might be present in

the time series. In many ways, spectral analysis and paleoceanography go hand-in-

hand, and the estimation of spectra in sediment core records has underpinned much

of what we now know about past climate cycles (e.g. Hays et al., 1976).

In this thesis I make use of:

• the Blackman-Tukey Method to estimate autospectra, cross-spectra and coherency

between records, as this is a well established approach in paleoclimate studies

(e.g. Paillard et al., 1996) and allows the relatively fast, computationally effi-

cient estimation of spectra for many segments and time series;

• Continuous Wavelet Transformation (CWT), which uses wavelets (in this case

a Morlet wavelet) to estimate the evolutionary power of different frequencies

‡approaches seen less frequently in Paleoceanographic studies
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(Torrence and Compo, 1998). CWT is a particularly useful approach for non-

stationary time series (Weedon, 2003);

• Lomb-Scargle Periodogram, a spectral estimation approach which allows anal-

ysis of unevenly-spaced data (Lomb, 1976; Scargle, 1982) and is hence a pop-

ular choice for paleoclimate studies. In this thesis, I use the software package

‘REDFIT-x’ (Ólafsdóttir et al., 2016) which allows cross-spectrum analysis and

provides red noise and chi2 confidence intervals;

To avoid introducing spurious phasing of periodicities, in general I have attempted

to keep time series on their original, uneven timescale. However, this is not always

possible, depending on the availability of algorithms for unevenly spaced data or the

required computational power. In these cases, the time series are interpolated to a

linear timescale with a δt at least greater than the average original spacing, if not the

maximum original spacing.

2.4.2 Phasing

In Chapter 4, the relationship between ice-rafted debris accumulation and benthic

δ18O and δ13C is analysed using a combination of approaches. Firstly, for lagged

cross-correlation analysis I use the ‘Gaussian kernel’ algorithm of Rehfeld et al. (2011)

which allows cross-correlation estimation on unevenly spaced time series and has

been shown to perform well with synthetic and real paleoclimate datasets (Rehfeld

and Kurths, 2014).

Secondly, I use a ‘Peak-Lag’ algorithm modified from Barker et al. (2015) to include

uncertainty estimation. This novel numerical approach is analogous to ‘Event Syn-

chronization’ methods, and iteratively measures the offset between local maxima in

the rate of change of two time series. this provides a uni-directional estimate of lead-

lag relationships.

By testing the sensitivity of the algorithm to the smoothing filter selection, results

presented in Chapter 4 were found to be robust (within 1σ of each other) for a range

of filter designs (moving-average and Savitsky-Golay filters; orders between 1 and
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Figure 2.8: a. and b. Tests showing the peak-lag algorithm ability to detect relationships
in a series of surrogate time-series with known lags applied. The ‘actual lag’ axes represent
the known lag-time imposed between pairs of the surrogate series and the ’calculated lag’
axes show the lag estimated by the algorithm. A perfect performance would manifest as a 1:1
straight line through the scatter points. The violin plots in b. show the mean, median and
kernel probability density estimates of calculated lags from 104 iterations of the test.

21). Moreover, to test the confidence that the final result is significantly non-zero, I

performed 1000 ‘Monte Carlo’ simulations with zero-lag red noise surrogates (gener-

ated from an autoregressive model of the real data), finding that the lag identified in

Chapter 4 is significantly different from the surrogate series (p<10-10).

Finally, I test the utility of the algorithm to detect lead-lag relationships in a series of
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surrogate time series with known lags applied by constructing synthetic time series

from 3 sine waves (100, 41, 23-kyr periods), with higher-frequency oscillation (7-kyr

period) and white-noise components added to emulate sub-orbital features and mea-

surement/sedimentary noise. Known lags are imposed between pairs of the surrogate

series. The results show that the algorithm performs well and is capable of detecting a

lag of down to 0.4 kyr to a confidence of p<10-10 (Figure 2.8a). The algorithm shows

an inherent drift at higher lags (Figure 2.8b), meaning it underestimates lag times

greater than 4 kyr.

2.5 Stable Isotope Compilation

Comparing δ13Cbenthic records from multiple sites can provide valuable insights into

large-scale water mass distributions and circulation (e.g. Curry and Oppo, 2005;

Barth et al., 2018; Lisiecki, 2010) and can aide in untangling the multiple factors

which can influence δ13C at a single location (e.g. Shackleton et al., 1992; Peterson and

Lisiecki, 2018). Furthermore, calculating regional averages of compiled δ13Cbenthic is

a useful way to improve the signal to noise ratio of single records and provide a re-

gional view of changes in δ13C. Finally, the differences in δ13Cbenthic between regions

and water depths can be related to the fractionation of carbon between ocean layers

(e.g. Hodell and Venz-Curtis, 2006) or ocean basins (Raymo et al., 1990), with clear

implications for the global carbon cycle.

To provide a stratigraphically-consistent framework of available benthic δ13C records

spanning the interval(s) of interest to this thesis, I compiled published records from

20 sediment core sites across the globe (Figure 2.9a; Table 2.1). Only records mea-

sured on Cibicides species were chosen (primarily C. wuellerstorfi). Each record not

already presented on an LR04 age model was aligned to LR04, in the cases where the

record was part of the LR04 stack, the age model from Lisiecki and Raymo (2005)

was used (see appendix Figure A1 for alignment of records). Once on the LR04 age

scale, each record was then transferred to a common, monotonically-increasing time

axis by binning to 5 kyr bins§.

§Appendix Code 3 gives the Python script to recreate the isotope compilation.
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2.5.1 Regional Stacks

Figure 2.9b shows the compiled δ13Cbenthic records as well as the global average (note

that this is not weighted by region so this average is biased towards the North Atlantic

where the density of core sites is highest). Furthermore, averages are calculated for

different regions (the shallow North Atlantic, deep South Atlantic, and deep Pacific).

In Chapter 5, these regional stacks are used to provide estimates of end-member

composition for North Atlantic Deep Water (NADW), Souther-Sourced Deep Waters,

and Pacific Deep Water across the Pleistocene, which when compared to the APcomp

δ13Cbenthic record allow the calculation of % NADW through time.

Figure 2.9: (a) Locations of cores used in the stable isotope compilation. (b) Time series of
each record compiled (on the LR04 timescale), global average is given (thick black line).
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The shallow North Atlantic stack is composed of sites from this region situated shal-

lower than 2500m water depth (see table 2.1), the Deep South Atlantic stack uses

sites deep than 3500m and poleward of 25oS, and the Deep Pacific stack uses sites

deeper than 3000 m in the open Pacific Ocean (i.e not including the South China Sea

site ODP 1143).
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Site Lat. (o) Lon. (o) Depth (m) Basin Ref.

ODP1267 -28.10 1.71 4355 Atl Bell2015

ODP1264 -28.53 2.85 2504 Atl Bell2015

ODP1063 33.68 -57.62 4583 Atl Poirier2014

ODP980 55.48 -14.70 2172 Atl Oppo1998;
Flower2000; Mc-
Manus1999

ODP982 57.52 -15.87 1134 Atl Venz1999; Venz2002

ODP983 60.40 -23.64 1983 Atl Klieven2003;
Raymo1998

ODP984 61.43 -24.08 1649 Atl Raymo2004

DSDP552 56.04 -23.23 2301 Atl Shackleton1984

DSDP607 41.00 -32.23 3427 Atl Ruddiman1989;
Raymo1989

ODP846 -3.09 -90.82 3296 Pac Mix1995

ODP664 0.11 -23.23 3806 Atl Raymo1997

ODP659 18.08 -21.03 3071 Atl Sarnthein1989

DSDP502 11.49 -79.38 3051 Atl deMenocal1992

ODP849 0.18 -110.52 3839 Pac Mix1995

ODP925 4.20 -43.49 3041 Atl Wilkens2017

ODP1088 -41.14 13.56 2082 Atl Hodell2003

ODP1090 -42.91 8.90 3700 Atl Hodell2003

ODP1143 9.35 113.28 2772 Pac Wang2004

MD06_3018 -23.00 166.15 2470 Pac Russon2009

U1308 49.88 -24.24 3883 Atl Hodell2016

U1476 -15.81 41.77 2166 Ind vanderLubbe2021;
Barker2021

Table 2.1: Cores used in the stable isotope compilation; references are: Bell2015 = Bell et al.
(2015); Poirier2014 = Poirier and Billups (2014); Oppo1998 = Oppo et al. (1998); Flower2000
= Flower et al. (2000); McManus1999 = McManus et al. (1999); Venz1999 = Venz et al.
(1999); Venz2002 = Venz and Hodell (2002); Kleiven2003 = Kleiven et al. (2003); Raymo1998
= Raymo et al. (1998); Raymo2004 = Raymo et al. (2004); Shackleton1984 = Shackleton
et al. (1984); Ruddiman1989 = Ruddiman et al. (1989); Raymo1989 = Raymo et al. (1989);
Mix1995 = Mix et al. (1995); Raymo1997 = Raymo et al. (1997); Santhein1989 = Sarnthein
and Tiedemann (1989); deMenocal1992 = deMenocal et al. (1992); Wilkens2017 = Wilkens
et al. (2017, and references therein); Hodell2003 = Hodell et al. (2003); Wang2004 = Wang
et al. (2004); Russon2009 = Russon et al. (2009); Hodell2016 = Hodell and Channell (2016);
vanderLubbe2021 = van der Lubbe et al. (in press); Barker2021 = Barker et al. (submitted).
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3 | Determining Age-Depth Models for the

Agulhas Plateau Composite

3.1 Introduction

Records of the stable isotope composition of foraminifera from deep-sea sediment

cores have been instrumental in shaping our understanding of past oceans and cli-

mate. Following the early work of Epstein and Lowenstam (1953) and Emiliani (1955)

it has been shown that the temperature-dependent fractionation of oxygen isotopes

into the shells of foraminifera can provide insights into past ocean temperatures. It

is now known that the ratio of 18O/16O* in fossil foraminifera reflects a combination

of seawater temperature, local hydrography, and continental ice volume. Because

the residence time of oxygen isotope in large ice sheets is longer than the mixing

time of the ocean, and because deep ocean temperatures are thought to vary rela-

tively little over thousand-year time-scales (e.g. Elderfield et al., 2012), δ18O records

from benthic foraminifera can act as a first order approximation for global ice vol-

ume (Shackleton, 1967). Furthermore, the global signal of the ocean δ18O signal

(on kyr timescales) means that these records provide a way of aligning the strati-

graphies of sediment cores from different regions, and it has become commonplace

in the field of paleoceanography to convert sediment core depth to age by aligning

δ18O to a regional or global δ18O stack or composite (Imbrie et al., 1984; Prell et al.,

1986; Bassinot et al., 1994; Lisiecki and Raymo, 2005; Ahn et al., 2017). To this end, a

record of δ18Obenthic is presented here for the Agulhas Plateau composite (APcomp),

comprised of MD02-2588 and International Ocean Discovery Program Site U1475.

*referred to in delta notation as δ18O
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Figure 3.1: The APcomp δ18Obenthic record shown on depth. The upper ∼11m are from MD02-
2588, published previously by Ziegler et al. (2013)

3.2 Methods Summary

To avoid repetition I provide only a a brief summary of the stable isotope method-

ology here (a full description is available in Chapter 2). For stable isotope analysis,

2-3 specimens of C. wuellerstorfi were picked from the 250-315 µm fraction for stable
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isotope analysis. Individuals with broken or poorly preserved shells were rejected.

Where fewer specimens were present, the >350 µm fraction was consulted as there

is no evidence for a size-dependency in Cibicides stable isotope composition (Corliss

et al., 2002). Stable isotope measurements were performed at Cardiff University us-

ing a Thermo Finnigan MAT 253 mass spectrometer linked online to a Carbo Kiel

carbonate preparation device with long term precision of ±0.05h for δ18O. Results

are calibrated to an internal laboratory standard (BCT 63µm) and presented relative

to the Vienna Pee Dee Belemnite scale (h VPDB).

3.3 Stable Oxygen Isotope Results

Figure 3.1 shows the APcomp C. wuellerstorfi δ18O record. The data span just un-

der 90 m of core (n = 2832 samples, of which 1028 were previously presented for

MD02-2588). δ18Obenthic ranges from between 3 and 4 h in the upper 40 m, and the

variance (predominantly quasi-periodic cycles) increases towards the top of the core.

Furthermore there is a clear trend towards heavier δ18Obenthic values throughout the

record.

3.3.1 MD02-2588 - Site U1475 Overlap

Figure 3.2 shows the overlap between MD02-2588 and Site U1475. This overlapping

interval represents a single glacial-interglacial transition, showing little to no offset

between adjacent measurements. Measurements on MD02-2588 were previously pre-

sented by Ziegler et al. (2013) and are higher resolution than Site U1475 (average δt

for this interval is 0.3 kyr per sample for MD02-2588 and just under 1 kyr per sample

for Site U1475 for this intervals based on the LR04 age scale; see below).
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Figure 3.2: Overlap between MD02-2588 (light grey; Ziegler et al., 2013) and Site U1475
(dark grey) stable isotope records

3.4 Age-Depth Models

3.4.1 LR04 Age Model

An orbitally-tuned age-depth model was constructed for the APcomp by correlating

the C. wuellerstorfi δ18O record to the updated global δ18Obenthic stack (Prob-stack)

of Ahn et al. (2017). The Prob-stack includes 180 globally distributed δ18Obenthic

records and provides an update of the LR04 stack. The Prob-stack and LR04 are sim-

ilar over the intervals studied in this thesis and constitute the same timescale. I there-

fore refer to this age model as the ‘LR04’ timescale. From selected age-depth markers

(n = 45; consisting 12 previously published radiocarbon dates and 33 δ18Obenthic ties

points), the final age-depth model was constructed using the deterministic age mod-

elling routine Undatable (Lougheed and Obrochta, 2019) with 105 bootstrap simula-

tions. I note that the ‘Undatable’ age model is very similar to a linearly interpolated

alternative, however it provides an estimate of age uncertainty. On average, the 95%

uncertainty for the APcomp LR04 timescale is 6-kyr with a range of ± 5-kyr. The resul-

tant sedimentation rates range from 1.2 cm/kyr to 7.6 cm/kyr, averaging 3.1 cm/kyr.

The Brunhes/Matuyama magnetic reversal (0.781 Ma) and the Jaramillo Subchron

(1.072 - 0.988 Ma) are identified in the U1475 down-core magnetic inclination, con-
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Figure 3.3: The ‘LR04’ timescale for the APcomp (dark grey) tuned to the δ18Obenthic stack of
Ahn et al. (2017). Triangles show the position of tie-points identified. The orange shading
shows the 95% uncertainty in the ‘prob-stack’ record (Ahn et al., 2017)
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Figure 3.4: The age-depth relationship obtained by correlation to a global δ18Obenthic stack:
left shows a comparison to the age-depth model obtained by shipboard biostratigraphy and
identification of paleomagentic reversals (Hall et al., 2017a). The dashed line shows the piece-
wise linear age model determined by Hall et al. (2017a) and the white squares show the
δ18Obenthic tie points identified in in this thesis. Middle shows the magnetic reversal chrons
and subchrons identified on the Site U1475 splice (Hall et al., 2017a). Right shows the result-
ing linear sedimentation rate from the ‘LR04’ timescale described in the text.

firming the robustness of the final age-depth model.

The existing chronology for MD02-2588, established by Ziegler et al. (2013), con-

sisted of 12 radiocarbon ages in the upper 40 kyr and then graphical correlation of

δ18Obenthic C. wuellerstorfi to the EPICA Dome C δD record. For the APcomp ‘LR04’

age model, the Ziegler et al. (2013) age model is revised with a new tuning target of
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Figure 3.5: The MD02-2588 δ18Obenthic record from Ziegler et al. (2013) presented on the
original EDC3 age model (tuned to the δD record from the EPICA Dome C ice core (Jouzel
et al., 2007)) as established by Ziegler et al. (2013). Also shown is the updated LR04 age
model (see text).

the Prob-stack. The different tuning approaches result in only minor discrepancies

between age models, reflecting the deviations between the LR04 and EPICA Dome C

chronologies (Figure 3.5).

3.4.2 Correlation to the U1476 pMag Age Model

[This work relates to contributions to a publication Barker et al., in submission]

In addition to the LR04 age model described above, I also present an alternative age-

depth model for the APcomp by tuning the δ18Obenthic record to the δ18Obenthic record

of IODP Site U1476, for which there is an ‘absolute’ age scale. The Site U1476 age

model is presented by Barker et al. (in submission) and was produced by transferring

40Ar/39Ar-dated paleomagnetic excursions and reversals from Ocean Drilling Pro-

gram Site 983 (see Channell et al., 2020) to Site U1476 via their respective δ18Obenthic

records. Owing to the relatively constant sedimentation rates at Site U1476, due to its

location away from major bottom currents, interpolation between these radiometrically-

constrained age markers yields a robust age-depth model which is entirely indepen-

dent of orbital assumptions. Furthermore, error propagation at each step means that

the U1476 pMag age model is presented with associated age uncertainties.

The philosophy here is similar to that of the ‘depth-derived’ age scale of Huybers

and Wunsch (2004), in that it presents a chronological framework useful for testing

orbital forcing hypotheses without the circularity involved in doing so with orbitally-
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tuned age models. The age model is utilised in this way in Chapter 5.

To align the APcomp to the U1476 pMag age model, 44 tie-points are chosen by graph-

ically aligning the two δ18Obenthic records (Figure 3.6c). The U1476 δ18Obenthic record

spans 0 - 2000 ka, and so no tie points older than this are possible. Furthermore, pale-

omagnetic reversals which have been identified on the Site U1475 splice are included

as additional constraints (Hall et al., 2017a). The resulting implied sedimentation

rates range from 0.6 cm/kyr to 6.6 cm/kyr, averaging 3.1 cm/kyr. The pMag age

model as well as the LR04 age model are provided in the appendix (Tables A2 and

A3). The upper 1600 kyr of the pMag age model (the interval used in Chapter 5) is

shown in Figure 3.6. This chronology is not used elsewhere in this thesis.

3.4.3 Late Pleistocene Site U1475 Age Model

[This work was produced in contribution to publication Tangunan et al. (2021)]

While in this thesis the upper 300 kyr of MD02-2588 are presented in place of the up-

per 300 kyr Site U1475 (i.e. the APcomp), proxy records have been produced for this

interval of Site U1475 (Tangunan et al., 2021). In order to refine the shipboard bios-

tratigraphic age model for this upper section of Site U1475, it was stratigraphically

aligned to the corresponding section of MD02-2588 by graphically aligning records

of sediment reflectance (a*, L*), and XRF Ca/Fe ratio from both sites. The resulting

age model (n = 18 tie points) was then confirmed by comparing the Site U1475 sedi-

ment colour (blue) to the MD02-2588 δ18Obenthic record (Figure 3.7). MD02-2588 age

model from Ziegler et al. (2013) was then applied to the equivalent interval of Site

U1475.
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Figure 3.6: Comparison between the ‘LR04’ and ‘pMag’ age models described in the text for
the APcomp. (a) APcomp δ18Obenthic (grey) and the δ18Obenthic ‘prob-stack’ (teal; Ahn et al.,
2017). (b) APcomp δ18Obenthic (grey) and IODP Site U1476 on the U1476 ‘pMag’ timescale
(Barker et al., in submission). (c) Age-depth relationship for both age models (LR04 in teal
and pMag in orange).
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Figure 3.7: Age-depth model for Site U1475 (orange) tied to sediment core MD02-2588
(green). Site U1475 records are plotted against the published records of MD02-2588 (Ziegler
et al., 2013, I.R. Hall, unpublished MD02-2588 XRF data). (a) Sediment reflectance, (b)
XRF Ca/Fe ratio, (c) Site U1475 sediment color (blue band), (d) δ18Obenthic from MD02-2588
(Ziegler et al., 2013), (e) Linear sedimentation rate for both core sites. Figure from Tangunan
et al. (2021)
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4 | Antarctic icebergs lead ocean circulation

into Pleistocene glacials; Evidence from 1.65

Million Years of Agulhas Plateau Ice-rafted

Debris

4.1 Introduction

In the modern ocean, the dominant feature of large-scale mass and heat transport

is the Atlantic Meridional Overturning Circulation (AMOC), characterised by the

deep, southward spread of North Atlantic Deep Water (NADW) towards the South-

ern Ocean (SO), balanced by the northward return of surface, mode, intermediate,

and bottom waters (Bower et al., 2019; Talley, 2013). The geometry and vigour of

this circulation influences global climate on various timescales. For example, pale-

oceanographic evidence suggests that during glacial periods of the past 1.5 million

years the AMOC was markedly different from modern (Lisiecki, 2014): in the Atlantic

basin, deep waters of Southern Ocean origin increased in volume whilst above them

the core of the NADW shoaled (Hesse et al., 2011). Whilst this reorganization has

previously been explained through changes in North Atlantic processes (e.g. Crowley

and Häkkinen, 1988; Mix and Fairbanks, 1985), this paradigm has been challenged

by studies invoking ‘upstream’ disruptions (e.g. variable Agulhas Leakage; Caley

et al., 2012; Knorr and Lohmann, 2003), modifying the shallow return of waters to

the North Atlantic required to complete this ‘Upper Cell’ of the overturning circu-

lation. Furthermore, the southward and northward components of the Upper Cell

are connected via wind- and buoyancy-related processes in the SO, with much of
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the outcropping NADW first taking an indirect route, via the so-called ‘Lower Cell’

of overturning circulation, before joining the AMOC return limb via the upper cell

(Talley, 2013).

Southern Ocean conditions have been increasingly invoked by modelling studies (Wat-

son et al., 2015; Knorr and Lohmann, 2003; Ferrari et al., 2014) seeking to explain

glacial NADW dynamics, however paleoceanographic evidence supporting such a

causal link remains scarce (Govin et al., 2009), particularly over multiple glacial-

interglacial cycles. One reason for this is the relative difficulty in obtaining continu-

ous, well-dated sediment sequences from the mid to high latitude SO, where dating

the carbonate-poor sediment can be difficult* (e.g. Zheng et al., 2002). This means

that relatively less is known about Southern Ocean ice-sheet-ocean interactions com-

pared to in the Northern Hemisphere (see review by Hemming, 2004). That being

said, there is a long history of paleoceanographic studies in the Southern Ocean (e.g.

Donahue, 1965; Keany et al., 1976), accelerated greatly by the advent of coordinated

ocean drilling programmes. Notably, a north-south transect of sediment cores recov-

ered during Ocean Drilling Program Leg 177 (Hodell, 1999) has yielded reconstruc-

tions of surface (Becquey and Gersonde, 2002; Kunz-Pirrung et al., 2002; Martínez-

Garcia et al., 2011) and deep (Hodell and Venz-Curtis, 2006; Venz and Hodell, 2002;

Diekmann and Kuhn, 2002) hydrography across much of the Plio-Pleistocene, some

of which have been linked directly to Antarctic ice-sheet dynamics (Kanfoush, 2000;

Teitler et al., 2010). Furthermore, the recent suite of International Ocean Discov-

ery Program (IODP) expeditions targeting high quality sediment sequences in the

Southern Ocean has provided, and will likely continue to provide, opportunities to

constrain ocean-cryosphere links in the region. These include the southerly sites re-

covered by Expedition 361 (Hall et al., 2017a) as well as Expedition 382 (Weber et al.,

2021) and 383 (Lamy et al., 2021).

In this chapter, a tight surface-deep coupling between the presence of far-travelled

Antarctic icebergs and deep-water mass structure is revealed by combining new and

previously published (Marino et al., 2013; Simon et al., 2013) records of ice-rafted de-

bris mass accumulation rate (IRDMAR), and carbon and oxygen isotope records from

*Though not impossible (Weber et al., 2012; Hillenbrand et al., 2009; Pugh et al., 2009)
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Figure 4.1: Iceberg trajectories simulated by Pyberg under Pre-Industrial (PI) conditions
(see text). Winter sea ice extent from Gersonde et al. (2005) (15% concentration contour
for September) for PI and last glacial maximum. Surface ocean circulation is modified from
Bower et al. (2019); AR = Agulhas Retroflection, AL = Agulhas Leakage, ARC = Agulhas Re-
turn Current. The shaded grey band represents the Subtropical Frontal Zone (STFZ; Graham
and Boer, 2013)

benthic foraminifera (δ13Cbenthic, δ18Obenthic) from sediment cores recovered from

the Agulhas Plateau, presented on the ‘Agulhas Plateau Composite’ (hereafter the

APcomp; see Chapter 2). Analysis of this multi-proxy evidence shows that northward

shifts in Antarctic iceberg melt in the Indian-Atlantic Southern Ocean systematically

preceded deep-water mass reorganisations by 1-2 thousand-years (kyr) during Pleis-

tocene glaciations. With the aid of iceberg trajectory model experiments, a proposed

mechanism for this link is put forward.

4.1.1 Southern Ocean Ice-Rafted Debris

The Agulhas Plateau is situated at the southern boundary of the Indian-Atlantic

Ocean Gateway (Figure 1a); the upper water column is dominated by eastward flow-

ing Indian Ocean surface waters retroflected as the Agulhas Return Current (i.e. not

‘leaked’ into the South Atlantic; Lutjeharms and Ansorge, 2001). To the south, the

relatively cold and fresh waters of the SAZ meet their northern limit, forming steep

hydrographic gradients at the subtropical frontal zone (STFZ; Figure 1). Iceberg pres-
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ence (and subsequently IRD deposition) at this location can therefore be influenced

by regional hydrography as well as the export, survivability, and transport of icebergs

into and across the SO. One way in which to untangle these influences is to compare

IRD records from multiple locations or to compare IRD deposition with other pale-

oceanographic proxies for sea surface temperature, sea ice extent or surface circula-

tion.

The coverage of available Southern Ocean IRD records may be less than in the North

Atlantic, but several existing records do provide some insight into past Antarctic ice-

berg dynamics. For example, Kanfoush (2000) identified multiple discrete IRD peaks

across three cores along a latitudinal transect of the Atlantic SO, attributing these

events to millennial-scale calving of the Antarctic ice-sheet. However, the origin of

ice-rafted minerals in the Atlantic Subantarctic Zone (SAZ) has been the topic of some

discussion, due to the multiple potential sources of coarse-grained sediment in the

region. Coarse-grained volcanic material in Pleistocene sediments from the Atlantic

SAZ has been interpreted as originating from the South Sandwich Isles (Kanfoush,

2000; Nielsen et al., 2007b) and to a lesser extent Bouvet Island and the Antarc-

tic Peninsula (Smith et al., 1983). Conversely, the presence of quartz in these sedi-

ments is typically attributed to long-distance transport by Antarctic icebergs (Kan-

foush et al., 2002; Keany et al., 1976). However, Nielsen et al. (2007b) show that clear

mineral grain assemblages originally identified at quartz IRD (Kanfoush, 2000; Kan-

foush et al., 2002) were in fact composed predominantly of plagioclase and olivine

originating from the South Sandwich Islands, likely transported by sea-ice rather

than icebergs.

Clearly the interpretation of Southern Ocean IRD records is not always straightfor-

ward, and comparisons made between different studies can be hindered by different

methodologies and the variable definition of ‘IRD’. For example, close to Antarctica

a definition such as the ‘>150µm fraction’ is problematic due to the potential for

grains of this size to originate from other processes, whilst coarser grain-size defi-

nitions will likely miss the majority of IRD at more distal locations. Furthermore,

local sedimentation rates and winnowing can introduce features in records of IRD

concentration not directly related to ice-rafted sediment deposition (Diekmann et al.,
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2003b; Cofaigh et al., 2001). Figure 4.2 shows a compilation of some available IRD

records from the Indian and Atlantic Southern Ocean sectors spanning the last glacial

cycle. Only records with an available δ18O record were selected to allow age-depth

alignment to a common target (the ‘Prob-Stack’ of Ahn et al., 2017), however con-

siderable age model uncertainties on the order of 10-kyr are still present (estimated

by the deterministic age-modelling software ‘Undatable’; Lougheed and Obrochta,

2019). With these uncertainties in mind, it is clear that heterogeneities in the timing

and extent of IRD deposition exist in the glacial SO, which, in addition to method-

ological discrepancies, likely result from changes in surface hydrography (i.e. iceberg

survivability) rather than iceberg calving (Keany et al., 1976; Labeyrie et al., 1986;

Figure 4.2: Selected records of Southern Ocean IRD across the last glacial cycle with age
models modified to the ‘LR04’ age scale (see text). (a) PS2564 IRD data from Diekmann et al.
(2003a); aligned to LR04 using δ18Obenthic (unpublished data-set shared by A. Mackensen 2019).
(b) APcomp IRD record (Simon et al., 2013). (c) PS1754 IRD data from Diekmann et al.
(2003a), aligned to LR04 using δ18Oplanktic (Niebler, 1995) and radiocarbon dates (Frank,
1996). (d) PS1768 IRD data from Diekmann et al. (2003a), aligned to LR04 using δ18Oplanktic
(Niebler, 1995) and radiocarbon dates (Frank, 1996). (e) PS1388 IRD data from Diekmann
et al. (2003a), aligned to LR04 using δ18Obenthic from Mackensen et al. (1989) (f) APcomp

δ18Obenthic (Ziegler et al., 2013). (g) Map showing core locations
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Howard and Prell, 1992). In this chapter, I investigate the potential implications of a

diachronous pattern of iceberg melt in the SO, through a new continuous IRD record

and the results of iceberg trajectory model experiments.

4.2 Methods Summary

The Agulhas Plateau composite (APcomp) is a stratigraphic framework consisting of

proximal sediment core sites MD02-2588 (41o19.90’S, 25o49.7’E, 2907m) and IODP

Site U1475 (41o25.6’S, 25o15.6’E, 2669m). Here, existing records of δ18Obenthic and

δ13Cbenthic (Ziegler et al., 2013) and IRD counts (Marino et al., 2013; Simon et al.,

2013) from the upper 10.27m of MD02-2588 are combined with new IRD and stable

isotope data from Site U1475. Data here are presented on the ‘LR04’ timescale. Full

details of splice construction and chronology development can be seen in Chapter

3. Sedimentation rates range from 1.2 cm/kyr to 7.6 cm/kyr, averaging 3.1 cm/kyr

and the records presented have a temporal resolution ranging from ∼0.3 kyrs in the

Late Pleistocene to ∼1.5 kyrs in the early-mid Pleistocene. Stable isotope measure-

ments were made on the benthic foraminifera Cibicidoides wuellerstorfi. Results are

calibrated to an internal laboratory standard (BCT63) and presented relative to the

Vienna Pee Dee Belemnite scale (see Chapter 2 for full methods).

4.2.1 Ice-Rafted Debris methodology

Ice-rafted debris concentration was determined by counting detrital mineral grains

in the >150µm sediment fraction (subsampled using a micropaleontology splitter to

yield 500 to 1000 entities) before normalization to sample weight (IRD concentration

in #g) and then multiplication by apparent bulk mass accumulation rate, derived

from estimates of dry bulk density (DBD) from Gruetzner et al. (2019) and linear

sedimentation rate. The temporal evolution, spectral characteristics, and timing of

peaks in the IRD record are largely unaffected by conversion from concentration to

Mass Accumulation Rate (MAR) (Figure 5.6). This methodology is equivalent to that

employed for MD02-2588, the measurements for which were previously published
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by (Simon et al., 2013; Marino et al., 2013, ; n = 522), however DBD was estimated by

fitting a 2nd order polynomial to the overlapping interval of Site U1475 (r2 = 0.57) as

no DBD data is available for MD02-2588. The resulting IRD mass accumulation rate

is referred to as IRDMAR

No quantitative distinction was made between mineralogies of phenocrysts present,

however grains that were clearly of volcanic (e.g. tephra) or authigenic (e.g. pyrite)

origin were excluded from the IRD counts. Energy Dispersive X-Ray Spectrometry

(EDS) point analysis (see Chapter 2 for full methodology) was used to identify the

mineralogies of several grains from a selection of samples (total grains = 31). Of the

31 measured, 23 were quartz (mostly ‘clean’ quartz with some Fe-K and Fe members),

7 were orthoclase (K-feldspar), and 1 was garnet (Almandine member). Identification

of minerals from EDS spectra followed Reed (2005) and raw data is provided in the

appendix (Appendix Table 1).

4.2.2 Iceberg Trajectory Modelling

[Performed by Thomas Rackow, Alfred Wegener Intitute†]

As described in Starr et al. (2021), iceberg trajectory experiments were performed

with the numerical model Pyberg (https://github.com/trackow/pyberg), an offline

Python implementation of the FESOM-IB iceberg drift and decay module (Rackow

et al., 2017). The model simulates iceberg trajectories and alongtrack rates of melting

using established iceberg physics (Bigg et al., 1997; Gladstone et al., 2001; Lichey and

Hellmer, 2001). In this study, PyBerg was forced by the outputs from a comprehen-

sive fully coupled atmosphere–ocean general circulation model, COSMOS (ECHAM5-

JSBACH-MPI-OM). COSMOS is composed of the atmospheric model ECHAM5, a

land surface component JSBACH, and the ocean model MPI-OM (including sea-ice

dynamics that is formulated using viscous-plastic rheology) with a resolution of 3o×1.8o

†experiments were designed by AS, Ian R. Hall and Stephen Barker (Cardiff University, UK), Gre-
gor Knorr and Thomas Rackow (Alfred Wegener Institute for Polar and Marine Research, Germany),
and Xu Zhang (Institute of Tibetan Plateau Research, Chinese Academy of Sciences, China); PyBerg
development and model experiments were performed by Thomas Rackow (Alfred Wegener Institute for
Polar and Marine Research); COSMOS climate model outputs were provided by Xu Zhang (Institute
of Tibetan Plateau Research, Chinese Academy of Sciences, China); all results have been previously
published in Starr et al. (2021))
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in the horizontal and 40 uneven vertical layers. The climate model experiments are

described in detail in Zhang et al. (2013) and a summary is given in Table 4.1.

For each experiment, icebergs were initialized between 63oW and 50oW in the iceberg

alley of the Weddell Sea following observations of near-coastal iceberg positions and

horizontal sizes (Wesche and Dierking, 2015). The total initial iceberg mass in the ice-

berg alley is 49.59 Gt. Along-track melt-rates were gridded and summed on a 1ox1o

regular grid to produce the meltwater distribution. The modelled pre-industrial tra-

jectories are consistent with modern observational datasets (Tournadre et al., 2016;

Schodlok et al., 2006) and the last glacial maximum results are mostly consistent with

previously published model results (Bigg, 2020).

4.2.3 Statistical Analysis

Several approaches are used to analyse the phasing and statistical properties of the

IRD and stable isotope records. Firstly, lagged cross-correlation between IRDMAR

against δ18Obenthic and δ13Cbenthic is determined with a kernel-based cross-correlation

algorithm (from Rehfeld et al., 2011), performed on the original, irregularly-spaced

data, in order to avoid the possibility of spurious phasing introduced by linear inter-

polation.

Secondly, a ‘peak-lag’ algorithm was designed to iteratively measure the offset be-

tween peaks in the rate of change of IRDMAR and δ13Cbenthic . This algorithm was

modified from the approach of Barker et al. (2015) and analogous to ‘Event Synchro-

nisation’ techniques. It works by smoothing the time series, finding the first differ-

ence, and then measuring the offset in local maxima of both signals. The sensitivity

of this approach to the smoothing parameters chosen was tested by ‘Monte Carlo’

Experiment Boundary Conditions Angular Preccesion Obliquity Eccentricity

PI PI (CO2 280ppm) 102.04o 23.45 0.0168
LGM LGM (CO2 185ppm) 114.42o 22.95 0.0190
LGM27ka LGM (CO2 185ppm) 196.532o 22.25 0.0175

Table 4.1: Experimental design for the three climate model simulations used to force the
iceberg trajectory model in this study (COSMOS model simulations from Zhang et al., 2013)
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simulations of synthetic time series (described in Chapter 2), yielding similar results

for different smoothing approaches (i.e. moving average versus Savitsky-Golay). Fur-

thermore, this provides 99% red noise ‘Monte Carlo’ confidence limits.

Thirdly, to produce the phase wheels in Figure 4.5, the Blackman-Tukey method is

employed with a Bartlett window (using the Analyseries software (Paillard et al.,

1996), bandwidth < 0.0035) after linearly interpolating (δt=1.5 kyr) and standard-

izing (mean = 0, standard deviation = 1) the data.

In addition, time series are divided into glacial cycles (as in figure 4.11) by identify-

ing the intervals between peak interglacial conditions (identified as local minima in

δ18Obenthic separated by a minimum distance of 25 kyr) and the next time δ18Obenthic

crosses an ‘interglacial threshold’ of 3.32‰ (C. wuellerstorfi scale, equivalent to

3.75‰ when scaled to the Uvigerina scale used in the LR04 stack (Lisiecki and Raymo,

2005)), which is lower than adopted by (Past Interglacials Working Group of PAGES,

2016), but prevents defining the interstadial MIS 5c as an interglacial (Tzedakis et al.,

2009). Within each interval, the cumulative integral of IRDMAR and δ18Obenthic is

found before normalizing the values to percentages of total ‘accumulation’ for that

interval.

Finally, the time-evolutive spectral power in the APcomp IRDMAR time series is esti-

mated by applying a continuous wavelet transform (using zero-padding and a Mort-

let mother wave with the algorithm of Grinsted et al., 2004). To visualize the results,

the power in the frequency bands between 1/39 kyr to 1/43 kyr are extracted to rep-

resent frequencies associated with obliquity, and 1/92 kyr to 1/108 kyr to represent

frequencies associated with eccentricity. This gives an estimate of relative not abso-

lute spectral power in these bands.

4.3 Results

The glacial APcomp is characterised by generally higher IRDMAR and lower δ13Cbenthic

(Figure 5.6) compared to interglacials, reflecting the increased presence of Antarc-

tic icebergs and the reduced deep ventilation, respectively (see below). A long-term
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Figure 4.3: APcomp IRD record. (a) δ18Obenthic for the APcomp (see text). (b) δ13Cbenthic (see
text). (c) Linear sedimentation rate (LSR) from interpolation between age-depth tie points.
(d) IRD concentration (right axis; pink) and mass accumulation rate (MAR; left axis; teal).

trend in glacial IRD maxima is also clear, with step-wise increases in glacial abun-

dance at MIS 36 (∼1.2 Ma) and MIS 24 (∼900 kyr ago) and a decrease after MIS 6

(∼190 kyr ago).

4.3.1 Surface-Deep Phasing

A significant negative correlation is present between IRDMAR and δ13Cbenthic (r2 =

-0.39), becoming stronger when IRDMAR is log-transformed (r2 = -0.54). The reason

for log-transforming the IRDMAR data is twofold: firstly, it has a strongly skewed dis-

tribution with a small number of very high values. Secondly, log-IRDMAR may be

a more sensitive indicator of paleo-iceberg drift, for example the probability of ice-
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berg presence in the Southern Ocean decreases by orders of magnitude with distance

north of the main iceberg belt in the Weddell Sea sector (Merino et al., 2016). To

explore the phasing of the close relationship between the co-registered surface and

deep APcomp conditions, three independent statistical approaches are employed. The

strongest correlation between the two records (r2 = -0.59) occurs when IRDMAR leads

δ13Cbenthic by 2±1 kyr, and spectral coherency analysis reveals a lead for IRDMAR in

all three major Milankovitch frequency bands. Additionally, the ‘peak-lag’ algorithm

Figure 4.4: (a) Time-series of δ13Cbenthic (top; pink, note reversed scale), IRDMAR (middle;
teal), and δ18Obenthic (lower; grey, note reversed scale) from the APcomp for the past 1.65 Ma,
with glacial Marine Isotope Stages shaded grey. The interval 0-800 kyr ago is expanded in
panel (b) which additionally includes the Nasea-salt accumulation from the EPICA Dome C
Antarctic ice core (Wolff et al., 2006), a proxy for Southern Ocean sea-ice extent (top, purple).
The APcomp Uk’

37 SST record (Romero et al., 2015) is also shown (second from top, orange).
Note the log-scale for IRDMAR in (b)
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Figure 4.5: Summary of results from statistical analysis of IRDMAR versus δ18Obenthic phas-
ing. (a) Blackman-Tukey coherency phase of IRDMAR against δ13Cbenthic (red; triangular-head
arrows) and δ18Obenthic (blue; diamond-head arrows) in the 1/100 kyr, 1/41 kyr, and 1/23 kyr
frequency bands. These phase wheels are cropped at 0-90o, with clockwise rotation indicat-
ing a larger lead for IRDMAR (given in kyr on the curved axes). The arrow length represents
coherency and the shaded areas give the 95% uncertainty in phase. IRDMAR leads δ13Cbenthic
and δ18Obenthic in phase for all 3 frequencies. (b) Summary of lead times for IRDMAR over
δ13Cbenthic determined by three independent approaches, with estimates of 95% uncertainty
given by the back bars.

reveals that maxima in the IRDMAR occur on average 1.65±0.59 kyr before maxima

in the rate of δ13Cbenthic decrease (Figure 4.5). Together, these approaches indepen-

dently demonstrate that IRDMAR systematically leads δ13Cbenthic at the APcomp; the

unidirectional result from the ‘peak-lag’ algorithm quantifies this lead best as 1-2 kyr.

4.4 Discussion

4.4.1 Interpreting IRD

Understanding the relationship between IRDMAR and δ13Cbenthic requires a frame-

work for interpreting each proxy with consideration for the potentially confounding
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influences. For example, high IRDMAR during glacial intervals might be interpreted

as representing a shift in iceberg trajectories. This interpretation is coherent with

published IRD records which show that deposition close to Antarctica is generally

highest during interglacial periods (Keany et al., 1976; Diekmann et al., 2003a) and

periods of ice-sheet retreat (Diekmann et al., 2003a; Weber et al., 2014) (e.g. glacial

terminations), whilst at SAZ locations IRD maxima typically occur during glacial pe-

riods (this chapter; Keany et al., 1976; Teitler et al., 2010). This suggests that glacial

conditions in the Southern Ocean favour the increased transport of icebergs away

from Antarctica, as the early decay of icebergs is reduced and the overall survivability

and transport enhanced. This might be due to cooler surface temperatures (Gersonde

et al., 2005), increased sea-ice (Gersonde et al., 2005; Wolff et al., 2006), and changes

in surface circulation, possibly relating to the intensity and/or position of the South-

ern Hemisphere Westerly Wind Belt (Kohfeld et al., 2013). Moreover, iceberg drift in

the ocean is associated with, and can facilitate sea-ice formation (Merino et al., 2016),

and sea-ice presence in turn can inhibit the wave-driven erosion of icebergs (Wagner

et al., 2018) and even govern iceberg movement under severe ice conditions (Schod-

lok et al., 2006). Enhanced sea-ice concentration and extent is a well-documented

feature of the glacial Southern Ocean (e.g. Gersonde et al., 2005; Allen et al., 2011),

and the close correspondence between the APcomp IRDMAR record and an Antarctic

ice core proxy for sea ice extent (Wolff et al., 2006) (Figure 4.4) over the past 8 glacial

cycles suggests that such a feedback may be important.

Furthermore, iceberg trajectory modelling results indicate that glacial conditions are

associated with an equatorward shift and lengthening of trajectories relative to prein-

dustrial simulations (Figure 4.8) and modern observations (Tournadre et al., 2016).

Whilst long-term IRDMAR variability in the SAZ is likely influenced by varied calv-

ing rates and the evolution of the Antarctic ice-sheet (Pollard and DeConto, 2009), the

PyBerg modelling results demonstrate that a dramatically altered distribution of ice-

bergs does not require a substantial change to ice-sheet mass balance. Of course, ice-

berg presence and therefore IRD deposition at the APcomp does require at least some

calving of icebergs to occur, and therefore necessitates a sufficiently large (marine-

terminating) ice-sheet. Considering evidence that East Antarctica maintained a marine-

terminating ice-sheet across the warm interglacials MIS 11 (Raymo and Mitrovica,
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Figure 4.6: (a) An SEM image of a quartz grain from Site U1475 with an enlarged view of
surface micro-textures in the inset panel. (b-d) SEM images of IRD grains with examples of
relative peak intensities for elements derived from EDS point analyses. (b) shows a spectrum
typical of K-feldspar (orthoclase), (c) of quartz, and (d) of garnet (almandine member). Scale
bars are given in white on all SEM images.
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2012; Teitler et al., 2010) and MIS 31 (Teitler et al., 2015), it is likely that the calving-

ice-sheet-condition would have been consistently met during the glacial intervals

across the Mid to Late Pleistocene.

As outlined above, the interpretation of IRD in the Southern Ocean is dependent

on at least some knowledge of petrological origin. The observed APcomp IRD as-

semblage of predominantly quartz with some K-feldspar and garnet is distinct from

the plagioclase-dominated clear mineral assemblages found close to Bouvet Island

(Nielsen et al., 2007a; Teitler et al., 2010). This mineralogy implies a continental

Antarctic origin (Diekmann and Kuhn, 1999): the high quartz proportion may sug-

gest a Ronne Ice Shelf, Filchner Ice Shelf, or Antarctic Peninsula origin (Diekmann

and Kuhn, 1999) whilst the presence of garnet implies a metamorphic origin (Manoj

et al., 2013), possibly indicating a contribution from the East Antarctic ice-sheet

(Diekmann and Kuhn, 1999; Teitler et al., 2010). Micro-textures such as striations

and step-like fractures identified on selected quartz grains further support a glacial

origin (Mahaney, 2002; John et al., 2015).

4.4.2 Interpreting δ13Cbenthic

The deep circulation at the AP is characterised by competing water masses of North-

ern and Southern Hemisphere origin (Arhan et al., 2003). Northern-sources wa-

ters (NSW; referring to NADW and glacial analogues) today extends to 3000m water

depth as they exit the Atlantic Ocean into the Southern Ocean (Bower et al., 2019). A

weakening and/or shoaling of NSW, as in some glacial reconstructions (Hesse et al.,

2011), would result in increased presence of Southern-Sourced Waters (SSW) at the

Agulhas Plateau, consisting of some combination of Lower Circumpolar Deep Water

and Antarctic Bottom Water, flowing clockwise around the SO, and spreading north-

wards into the neighbouring subtropical basins (Talley, 2013). The relative contribu-

tion of NSW versus SSW at the AP is reconstructed here through the δ13C of Cibici-

doides wuellerstorfi, an epifaunal benthic foraminifer shown previously to be closely

related to the δ13CDIC of ambient seawater (Schmittner et al., 2017). δ13Cbenthic is a

widely applied proxy to trace past changes in deep ocean ventilation by ocean circu-
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lation (e.g. Lisiecki, 2014; Hesse et al., 2011). However, as with the IRD proxy, the

δ13Cbenthic record may be influenced by numerous environmental processes. In other

words, it is not a simple water mass tracer, and may be affected additionally by pro-

ductivity signals (Mackensen and Licari, 2003) and thermodynamic effects on air-sea

exchange resulting in non-stationary water mass end-members (e.g. Lear et al., 2016).

A potential way to clarify the controls on δ13Cbenthic is to compare the reconstructed

time series with records representing potential water mass end-members. This allows

essentially correcting for changes in water mass end-member composition over time

(i.e. related to air-sea exchange). Here, a simple binary mixing model (following

Oppo and Fairbanks, 1987) is used to estimate the % of NSW from δ13Cbenthic. The

correlation between calculated NSW% and the raw δ13Cbenthic record then provides

some insight into the extent to which δ13Cbenthic can be attributed to changes in water

mass composition. Using stacked δ13Cbenthic records representing NSW and SSW over

the past 1.5 Ma the following mixing equation is used:

%NSW = 100x
(δ13CAP comp − δ

13CSSW

δ13CNSW − δ13CSSW
) (4.1)

Where δ13CNSW is a shallow North Atlantic stack and δ13CSSW is a deep South At-

lantic stack (see Chapter 2 for full details of the carbon isotope compilation used

throughout this thesis). For comparison, %NSW is also calculated using a Pacific

Deep Water (PDW) stack as the second end-member, as in reality the ‘Southern’ deep

water-mass present in the glacial Atlantic is likely some combination of the two. For

example, whilst several studies employ a PDW end-member (Oppo and Fairbanks,

1987; Raymo et al., 1997; Lang et al., 2016), this was originally in part due to the ab-

sence of suitable Southern Ocean end-member records (Raymo et al., 1997). Indeed,

Venz and Hodell (2002) later applied the same approach with newly available deep

Southern Ocean δ13Cbenthic records. However, recent evidence indicates that PDW

was present in the glacial South Atlantic Ocean in larger proportions than previously

thought (Yu et al., 2020) and so a PDW end-member may be preferable after all.

The results show that %NSW is well correlated to APcomp δ13Cbenthic (SSW end-

member, r2=0.39; PDW end-member, r2=0.75), supporting our interpretation that
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Figure 4.7: (a) Authigenic εNd deep equatorial Atlantic ODP Site 154-929 (from Howe and
Piotrowski, 2017). Smoothed δ13Cbenthic stacks for Northern-Sourced Water (NSW), Pacific
Deep Water (PDW) and Southern-Sourced Water (SSW) end-members (see Chapter 2 for stack
construction and constituent core sites) and the APcomp δ13Cbenthic record. Selected Marine
Isotope Stages (MIS) are shown as grey vertical shading. The bottom time series in a. shows
% NSW at the APcomp calculated using a binary mixing model with NSW and a PDW (grey)
or SSW (purple) end-members. (b) Scatter plots of APcomp δ13Cbenthic vs. %NSW calculated
with an SSW (left) and PDW (middle) end-member, and vs. the εNd isotope record of Howe
and Piotrowski (2017) (right). Pearson’s correlation coefficient r2 is given. (c) Shows Pre-
Industrial δ13C of Dissolved Inorganic Carbon (from Eide et al. (2017) along a North-South
(blue) and then East-West (red) transect, with the APcomp position shown as a white circle.
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relative NSW presence at the site is the dominant control on δ13Cbenthic. Further-

more, δ13Cbenthic shows a strong negative correlation to authigenic εNd from ODP

Site 929 in the deep North Atlantic (r2=-0.54; Howe and Piotrowski, 2017). Finally,

the use of δ13Cbenthic as a water mass tracer in this context find support from basin-

wide data compilations and modelling studies (e.g. Hesse et al., 2011). The timing

of δ13Cbenthic changes recorded in the APcomp can therefore be instructive in identi-

fying the origin of deep circulation changes with respect to surface Southern Ocean

conditions recorded in the co-registered IRDMAR data.

4.5 Discussion: The ‘Southern Escape’ of freshwater

With a framework for interpreting the proxy records in place, the next question that

arises relates to the significance of the close coupling observed between IRD and

δ13Cbenthic. What are the implications for a consistent lead of iceberg melt over deep ocean

circulation change at the APcomp?

In the modern ocean the conveyor of icebergs traversing the Southern Ocean con-

stitutes a major transport of meteoric freshwater away from the Antarctic ice-sheet,

particularly in the Weddell Sea sector (Silva et al., 2006): a sizeable fraction of mod-

ern iceberg mass (up to 35% for giant icebergs; Rackow et al., 2017; Silva et al., 2006)

can be exported north of 63o S. By estimating iceberg meltwater inputs from Py-

Berg iceberg trajectory experiments, it is evident that a substantial redistribution

of freshwater in the Southern Ocean can occur under glacial conditions, as the lat-

itude at which iceberg meltwater is greatest shifts several degrees to the north, with

meltwater input south of 50oS diminishing (Figure 4.10). Interestingly, this pattern

of diachronous IRD deposition between glacial and interglacial conditions has been

observed since the earliest studies of Southern Ocean IRD accumulation (Watkins

et al., 1974; Keany et al., 1976). In fact, there is a striking similarity between the

pattern of iceberg melt between the Antarctic and Subantarctic zones proposed by

Watkins et al. (1974) and the meltwater distribution estimated by the glacial PyBerg

simulations (Figure 4.12b). Furthermore, meltwater in the region between 0-50oE

nearly doubles in the glacial compared to the pre-industrial experiment (22.7% and
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Figure 4.8: Pyberg results modified from Starr et al. (2021). (a), (c), and (e) Meltwater dis-
tribution estimated for 1o x 1o cells by PyBerg experiments (a) Pre-Industrial (PI), (c) Last
Glacial Maximum (LGM), (c) Last Glacial Maximum 27ka (LGM27ka). Purple lines are ob-
served modern iceberg trajectories (from QSCAT; Budge and Long, 2018); modelled PI trajec-
tories appear substantially longer than the observed because PyBerg tracks icebergs after then
become too small to be identified and hence tracked by modern observational techniques. (b),
(d), and (f) Zonal-average meltwater estimates for each latitude between 0 and 50oE for PI
(b), LGM (d), and LGM27ka (e)
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40.7%, respectively, of the total initial iceberg mass). Whilst this is clearly an ideal-

ized representation, with no change in calving-rate imposed between experiments, it

demonstrates that changes in Southern Ocean conditions can dramatically alter the

buoyancy budget of the SO. For example in the modern SO, the meltwater associated

with iceberg maxima can readily exceed the local precipitation-evaporation balance

(Rackow et al., 2017).

A connection between Southern Ocean surface forcing and the deep ocean has been

explored through a variety of theoretical lenses. A common theme occurs wherein

enhanced sea-ice (formation and extent) results in an expansion of the region of net

surface buoyancy loss (Watson et al., 2015; Ferrari et al., 2014), due to increased brine

rejection close to, and subsequent melt occurring away from, the continent. However,

the ability of sea-ice buoyancy forcing alone to explain the full NSW shoaling implied

by paleoceanographic evidence has been questioned (Sun et al., 2018) and such a di-

rect link is challenged by the failure of climate models without artificial levels of

additional cooling in the Southern Ocean (Zhang et al., 2013) to simulate a shoaled

glacial NSW. The equatorward shift in Antarctic iceberg melt, a feature absent from

the aforementioned models, may be a key, previously unconsidered component in

connecting the surface Southern Ocean to overturning circulation. This would allow

positive buoyancy anomalies to effectively ‘escape’ the Southern Ocean into the re-

turn AMOC limb; ultimately influencing deep-water formation in the Upper (NSW)

instead of the Lower (SSW) overturning cell.

The return limb of AMOC consists of surface to intermediate waters entering the

South Atlantic gyre (Talley, 2013) through northward Ekman transport across the

Southern Ocean and entrainment in South Atlantic Subtropical Gyre, or via the shed-

ding of warm and saline mesoscale eddies by the so-called Agulhas Leakage (Gordon,

1986). The importance of this return limb is illustrated by the role of Agulhas Leak-

age in the resumption of NADW formation at glacial terminations, when an increase

in the inter-ocean exchange of salt transfers positive density anomalies into the At-

lantic basin, triggering the resumption of a strong, deep AMOC mode (Knorr and

Lohmann, 2003; Scussolini et al., 2015). It follows that the inverse scenario, reducing

the density export into the South Atlantic for example through the ‘southern escape’



4.5 Discussion: The ‘Southern Escape’ of freshwater 86

of iceberg meltwater, would have the opposite effect: suppressing NADW formation.

Such a mechanism finds support from Southern Ocean ‘hosing’ experiments which

find that freshwater addition in the Southern Ocean (in these experiments, south of

60oS) can affect NADW formation (Seidov et al., 2005; Stouffer et al., 2007) due to

Ekman spread of surface waters away from the SO. However, these experiments also

generate a weaker Lower Cell: the paleoceanographic evidence for which remains

equivocal. Whilst sea-ice formation may have stimulated the Lower Cell (Schmittner,

2003), grounded ice cover in coastal regions of AABW formation may have had an

opposing effect (Pollard and DeConto, 2009; Menviel et al., 2017). Some paleoceano-

graphic records do appear to hint at an increase in AABW convection (Govin et al.,

2009), however the 1-2 kyr lag time observed here is difficult to reconcile with a di-

rect Southern Ocean mechanism; the temporal offset between IRDMAR and δ13Cbenthic

may instead favour a teleconnection operating with a threshold behaviour. For exam-

ple, while the northward export of icebergs to the SAZ would directly decrease the

buoyancy flux in AABW formation regions, NADW formation may initially remain

strong enough to prevent the northward/upward expansion of SSW. This would con-

tinue until the associated ‘escape’ of buoyancy anomalies into the Upper Cell grad-

ually weakened NADW formation across some threshold whereby the expansion of

SSW into the deep Atlantic is possible.

4.5.1 Orbital Pacing and Sequence of Events

With this mechanism in mind, the timing of events at the APcomp in the context of

global climate is examined next. In agreement with evidence for an early climate

signal in the Southern Ocean during interglacial-glacial transitions (Govin et al.,

2009; Imbrie et al., 1992; Brathauer and Abelmann, 1999), IRDMAR is shown to lead

δ18Obenthic at all three significant orbital frequency bands (Figure 4.5). Under the

assumption that δ18Obenthic changes synchronously with global climate‡, this would

imply that IRDMAR peaks lead relative to global climate (or at least Northern Hemi-

sphere ice volume). Moreover, a distinct inter-hemispheric asynchrony is suggested

‡In reality δ18Obenthic has been shown to evolve asynchronously between ocean basins (Skinner and
Shackleton, 2005), and so this assumption is a tentative one
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Figure 4.9: ‘Southern Escape’ schematic from Starr et al. (2021). (a) Shows an idealized
representation of the Southern Ocean during Interglacial conditions. The front panel gives
meridional-averaged overturning circulation following Marshall and Speer (2012). Arrow
width represents the relative strength of each circulation cell (wider being stronger). Dark
blue shading represents iceberg meltwater being entrained into the Lower Cell as icebergs
melt south of the main Antarctic Circumpolar Current (ACC) belt. Orange wavy arrows
represent brine rejection from sea-ice formation. The peach-coloured band represents the
Subtropical Frontal Zone (STFZ) delineating the Subtropical regime to the north and the
(sub)Antarctic regime to the South. (b) Same as (a), but for conditions during Glacial Incep-
tion; i.e. the transition from interglacial to glacial conditions. (c) Same as (a) and (b), but for
full glacial conditions (occurring after (b)).
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Figure 4.10: (a) Same as Figure 4.12 but including LGM iceberg trajectories from PyBerg.
(b) 0-50oE zonal mean SST under PI (pink) and LGM (blue) conditions. SST proxy data are
from Gersonde et al. (2005) (blue symbols; triangle = diatom, circle = radiolarian, square =
alkenone). Model SST data are from COSMOS experiments (Zhang et al., 2013). The esti-
mated meltwater distribution is given as total meltwater input in the 0-50oE zone as simu-
lated by PyBerg (see text), with values for the PI (pink) and LGM (blue) being the percentage
of the total initial iceberg mass (added as icebergs in the yellow ‘seeding region’) which melts
in the region.

by the phasing of IRD between the Southern Ocean and the North Atlantic: IRD peaks

at the APcomp typically precede IRD peaks at ODP Site 982 (Venz et al., 1999) (Figure

4d). A sequence of events emerges in which at the onset of glacial periods a northward

expansion of Antarctic iceberg melt occurs, facilitated by increased sea ice extent and

surface cooling in the Southern Ocean (Govin et al., 2009), preceding the descent into

full global glacial conditions as indicated by maxima in the global δ18Obenthic record.

The external forcing of this sequence of events may therefore be identified by the

external forcing of SST and sea-ice in the SO; a role for which obliquity has been in-

voked (e.g. Timmermann et al., 2014). Indeed, cooler surface conditions in the low

obliquity PyBerg model experiment (LGM27ka), compared to last glacial maximum

experiment (Figure 4.8) cause icebergs to travel further and decay more slowly be-

tween ‘iceberg alley’ and the Atlantic-Indian SAZ. This is consistent with existing

SST reconstructions from the Agulhas Plateau (Romero et al., 2015) revealing colder

SST during lower obliquity (Figure 2b).

The pacing of IRDMAR peaks by obliquity is apparent during cycles before ∼1.2 Ma
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Figure 4.11: Results of the ‘glacial accumulation’ algorithm with each shaded curve repre-
senting IRDMAR (green) and δ18Obenthic (purple) integrated and normalized to 100% within
each glacial cycle. Above, the δ18Obenthic record is shown (purple, solid) with green triangles
denoting the peak interglacials defined and the dashed black line showing the δ18Obenthic
threshold above which the transitions from glacial to interglacial conditions are defined.

(MIS 36) and after ∼0.4 Ma (MIS 11; Figure 4b), however is somewhat obscured in-

between during the Mid-Pleistocene Transition (MPT). During the MPT, the domi-

nant cyclicity in IRDMAR shifts from ∼1/40 kyr to ∼1/100 kyr, possibly reflecting a

transition to a non-linear response to orbital forcing associated with larger ice-sheets

(Willeit et al., 2019). The surface-deep lead (IRDMAR versus δ13Cbenthic) however is

relatively constant (at 1-2 kyr) for the entire 1.65 Ma record, however the lead of

Southern Ocean processes over maxima in δ18Obenthic (and hence glacial conditions)

is variable, increasing between∼1.2 Ma and ∼0.4 Ma. For example, during MIS 24-26,

>80% of the total IRDMAR accumulated within the first 50% of the glacial cycle (Fig-

ure 4a). This is compared to ∼60% accumulation by halfway through the pre- and

post-MPT cycles. An increase in this lead of Southern Ocean processes over global

ice volume may have resulted from growing larger ice-sheets across the MPT (which

would take longer to develop), with the return to a shorter lead time in the Late

Pleistocene implying that the rate of ice-sheet growth had increased to accommodate

this larger size. Interestingly, recent evidence from the North Atlantic suggests that

the rate of northern ice-sheet growth may have accelerated across the MPT, reaching

a maximum after ∼0.6 Ma, as a consequence of increasing Atlantic Inflow into the

Nordic Seas since ∼1.2 Ma (Barker et al., view). Furthermore, glacial IRDMAR max-

ima at the APcomp increase across the MPT (Figure 4d), beginning at MIS 36 (∼1.2
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Figure 4.12: (a) Results from the ‘glacial accumulation’ analysis: The cumulative integral
is taken for IRDMAR and δ18Obenthic within each glacial interval and normalized to 100%
in time and value. Glacial Progress % is relative time between the onset and termination
of each glacial interval. Accumulation is the normalized cumulative integral, for example
50% indicates that half of the total IRDMAR deposited in that cycle has been deposited. The
three panels show the average and 95% bootstrap confidence intervals for Marine Isotope
Stage 1 (MIS 1) to MIS 10 (left), MIS 11 to MIS 36 (middle), and MIS 37 to MIS 59 (right).
(b) IRDMAR on a log-scale (black) with eccentricity (red, dashed line) and obliquity (blue,
dashed line) from Laskar et al. (2004). Shaded grey bars (top) highlight glacial MIS and the
blue gradient bar indicates periods with dominant obliquity pacing. (c) Wavelet analysis
(Mortlet wave with zero-padding) of IRDMAR, showing temporal evolution of relative power
in the eccentricity (red-orange lines) and obliquity (blue lines) frequency bands. (d) APcomp
IRDMAR record (green; top) and a 1 Ma record of IRD (% IRD relative to planktic foraminifera)
from the North Atlantic ODP Site 982 (Venz et al., 1999) (bottom; grey; note reversed y-axis).
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Ma) and likely reflecting enhanced export of icebergs across the SAZ, coincident with

surface cooling and freshening in the Atlantic Southern Ocean (Rodríguez-Sanz et al.,

2012).

While this long-term trend may be driven by increasingly iceberg-favourable (cooler)

conditions in the region (Rodríguez-Sanz et al., 2012), a role for some change in the

discharge of Antarctic icebergs can not be ruled out, especially amid a background

of global cooling and possible transitions in the character of Antarctic ice-sheets

(Raymo, 2006). Nonetheless, the southern escape of freshwater (IRDMAR) into the

SAZ appears to scale with the magnitude of glacial AMOC perturbations as indicated

by δ13Cbenthic minima; notably, the IRDMAR maximum (and δ13Cbenthic minimum)

at ∼0.9 Ma coincides with the implied collapse in AMOC as recorded in the nearby

deep Cape Basin (Pena and Goldstein, 2014). This apparent scaling, as well as the

consistent temporal coupling between the southern escape of freshwater and deep

water-mass perturbations across this interval, implicate this feedback as a central

ingredient in setting overturning circulation state across the MPT and in doing so,

perhaps promoting the sequestration of atmospheric CO2 during the longer glacial

intervals of the 100-kyr world (Lear et al., 2016; Farmer et al., 2019; Chalk et al.,

2017).
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5 | Extending the Agulhas Plateau Carbon

Isotope Gradient Record: Modulation by

Long Eccentricity?

5.1 Introduction

5.1.1 Background

Long-term fluctuations in paleoclimate records provide an insight into the response

of Earth’s climate to a range of internal and external forcing (e.g. Westerhold et al.,

2020). For example, changes in ice sheet, ocean circulation, and biogeochemical dy-

namics across Pleistocene glacial-interglacial cycles represent the role and response

of these systems with respect to periodic changes in Earth’s orbital geometry. More-

over, not all glacial and interglacial intervals are created equally; the exact combina-

tion of orbital eccentricity, axial tilt (obliquity), and the position of perihelion (pre-

cession), varies among Marine Isotope Stages (MIS), leading to diversity in paleocli-

mate conditions among glacial and interglacial intervals (Tzedakis et al., 2009; Lang

and Wolff, 2011). In addition, long-term climate transitions can modify the nature

of these cycles, for example the Mid-Pleistocene Transition (MPT) and Mid-Brunhes

Transiton (MBT; also known as the Mid-Brunhes Event) which predominantly modi-

fied the character of glacial and interglacial conditions, respectively (e.g. Clark et al.,

2006; Barth et al., 2018). Ocean processes appear to be important features of these

transitions (Yin, 2013; Pena and Goldstein, 2014), suggesting that ocean circulation

and coupled marine biogeochemistry are tightly linked to changes in global climate
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across a range of timescales.

The importance of ocean processes in the global climate system can be attributed in

large part to their potential to inject or sequester CO2 to or from the atmosphere (see

reviews by Sigman and Boyle, 2000; Sigman et al., 2010). Firstly, the potential stor-

age relies on pathways of ventilation in which surface waters, which are in contact

with the atmosphere, are transported into the isolation of the deep ocean interior.

The most important of these ventilation pathways can be categorised as (1) deep-

water formation in the North Atlantic, (2) deep- and bottom-water formation in the

high latitude Southern Ocean and (3) mode and intermediate water formation in the

mid-latitude Southern Ocean (Khatiwala et al., 2012). While pathways (1) and (2)

transport the largest volume of water into the interior, it is pathway (3) which is most

significant in heat and carbon uptake (Khatiwala et al., 2009; Zanna et al., 2019).

Furthermore, the subduction of intermediate-depth water masses such as Subantarc-

tic Mode Water (SAMW) and Antarctic Intermediate Water (AAIW) via this pathway

is also responsible for supplying nutrients to the low-latitude thermocline (Sarmiento

et al., 2004). Intermediate waters mass formation also occurs in the North Atlantic

(e.g. Talley and McCartney, 1982) and Mediterranean (e.g. van Aken, 2000) regions,

and a substantial formation of ‘Glacial North Atlantic Intermediate Water’ has been

proposed to occur during glacial times (Duplessy et al., 1988; Oppo and Lehman,

1993).

The potential release of deeply-stored carbon into the atmosphere conversely relies

on the transport of abyssal and deep waters to the surface, occurring predominantly

in the mid-latitude Southern Ocean (Marshall and Speer, 2012). This upwelling pre-

dominantly consists of Circumpolar Deep Water (CDW), composed of a mixture of

deep and bottom water masses from the Atlantic, Indian, and Pacific basins, return-

ing to the surface along sloping isopycnals which outcrop in the Southern Ocean (adi-

abatic) with a small contribution from diabatic vertical mixing (Marshall and Speer,

2012). The fate of this water between reaching the surface and being subducted back

into the ocean interior is vital in mediating the ‘leak’ of deeply sequestered CO2 to the

atmosphere. For example, the incomplete biological utilization of nitrate and phos-

phate from this upwelled nutrient-rich water in the modern Southern Ocean limits
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the efficiency of the so-called biological carbon pump and facilitates CO2 out-gassing

(Marinov et al., 2006). During past glacial intervals, the stimulation of primary pro-

ductivity in the Subantarctic Zone (SAZ) of the Southern Ocean, for example via iron

fertilization associated with dust deposition, is thought to have stemmed the efflux of

CO2 to the atmosphere (Sigman and Boyle, 2000).

5.1.2 Carbon isotope gradients

The relationship between ocean ventilation, out-gassing, and the concentration of at-

mospheric CO2 (pCO2) relies on a complex interaction between physical and biogeo-

chemical processes. A useful metric for assessing the efficiency of the ocean carbon

sink is the vertical stratification of carbon between ocean layers (Boyle, 1988). More-

over, the multitude of biological and thermodynamic processes which drive this par-

titioning can also drive isotopic fractionation of the carbon species involved; observ-

able in the spatial distribution of 13C/12C in Dissolved Inorganic Carbon (DIC) in the

ocean (Figure 5.1b), reflecting a combination of the biological, physical, and thermo-

dynamic history of each water mass (Kroopnick, 1985). For example, the preferential

uptake of 12C during primary production leaves the surrounding ocean enriched in

13C (high δ13C*), whilst remineralization of this organic matter at depth lowers the

deep δ13CDIC. The vertical gradient between shallow and deep ocean δ13CDIC will

therefore increase with a more efficient biological carbon pump. Indeed, during past

intervals of lower pCO2, the δ13CDIC gradient between the surface/intermediate and

deep Southern Ocean increased, both on millennial (Charles et al., 2010; Ziegler et al.,

2013) and glacial-interglacial timescales (Broecker, 1982; Ninnemann and Charles,

1997).

One approach to reconstruct this gradient in the past is to compare the δ13C of ben-

thic foraminifera (δ13Cbenthic) from sediment core locations in different water depths

(i.e. depth transects; Mulitza et al., 1998; Hodell et al., 2003), however this approach

is hindered by the availability of cores from the desired water depths and the need

to align the age scales of each core. Alternatively, the δ13C gradient between ‘co-

*defined in delta notation as δ13CDIC = ([(13C/12C)DIC / (13C/12C)standard] – 1) x 1000
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Figure 5.1: (a) Map showing the location of sediment cores discussed in this chapter with
schematic mode/intermediate water circulation from You (1998); Reid (2003). ARC = Ag-
ulhas Return Current, AL = Agulhas Leakage, ACC = Antarctic Circumpolar Current. The
sea-floor shallower than 400m is shaded (data from ETOPO1 1 Arc-Minute Global Relief
Model, Geophysical Data Center, 2009). (b) Meridional transect of δ13CDIC zonally-average
between 20 and 60oE (Eide et al., 2017)
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registered’ planktic and benthic foraminifera species from identical samples can be

reconstructed from a single sediment core site (e.g. Ziegler et al., 2013; Duplessy

et al., 1988; Shackleton et al., 1983), provided the depth habitat and species-specific

calcification effects are known and/or can be accounted for. For example, δ13C of the

deep-dwelling planktic foraminifera species Globorotalia truncatulinoides (D’Orbigny,

1839), is thought to be a faithful recorder of δ13CDIC in the permanent thermocline

(Chiessi et al., 2007; Ziegler et al., 2013; Hu et al., 2020), provided a consistent iden-

tification strategy is employed (Charidemou, 2018), and so its gradient with δ13C of a

benthic species such as C. wuellerstorfi (thought to calcify in near-equilibrium with the

δ13CDIC of bottom water; Schmittner et al., 2017), provides an estimate of the δ13CDIC

gradient between the subsurface and deep ocean. Because G. truncatulinoides prefer-

entially occupies SAMW depths in the Southern Ocean (Martínez, 1997), the gradient

between δ13Ctrunc and δ13Cbenthic at the Agulhas Plateau can be considered a proxy

for δ13CSAMW - δ13CCDW; hereafter referred to as ∆δ13C(SAMW−CDW) (Ziegler et al.,

2013).

5.1.3 This Study

The evolution of ocean ventilation and the carbon cycle is increasingly well-studied

across the Late Pleistocene (e.g. Gottschalk et al., 2016), however, our understand-

ing of this system across longer timescales, such as those associated with cycles in

orbital eccentricity (∼100 kyr and ∼400 kyr periodicities) remains unresolved. Here,

I present a 1.55 Million Year (myr) long record of ∆δ13C(SAMW−CDW) from the Ag-

ulhas Plateau in the Subantarctic Southern Ocean. New and previously published

stable isotope records of G. truncatulinoides (s)† (0-350 ka published in Ziegler et al.,

2013) and C. wuellerstorfi (0-350 ka published in Ziegler et al., 2013) are combined to

extend the record of ∆δ13C(SAMW−CDW) back to the Early Pleistocene.

†‘sinistral’ or left-coiling form
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5.2 Methods Summary

The Agulhas Plateau Composite (APcomp) is a stratigraphic framework consisting of

proximal sediment core sites MD02-2588 (41o19.90’ S, 25o49.7’ E, 2907 m) and In-

ternational Ocean Discovery Program Site U1475 (41o25.6’ S, 25o15.6’ E, 2669 m)

from the Subantarctic Southern Ocean (see Chapter 2 for full site description and

details of splice construction). Data are primarily presented on the ‘LR04’ timescale

determined by graphical correlation of δ18Obenthic to the probabilistic benthic stack

(Ahn et al., 2017), however spectral analysis is also included of the APcomp records

on the International Ocean Discovery Program (IODP) Site U1476 ‘absolute age scale‘

(Barker et al., Manuscript Submitted), created by graphical correlation of δ18Obenthic

curves between APcomp and Site U1476 (15o49.25’ S, 41o46.12’ E, 2166 m). This pro-

vides an alternative age scale independent of orbital assumptions; in other words one

in which spurious spectral peaks are unlikely to be introduced by tuning sediment

depth to orbital forcing models. Further details of both age models can be found in

Chapter 3. The sampling strategy here is the same as outlined in Chapter 4 (and pub-

lished in Starr et al., 2021), however the abundance of G. truncatulinoides specimens

limits the resolution of the final isotope record in some intervals.

5.2.1 G. truncatulinoides isotope analysis and confidence intervals

Down-core stable isotope records (δ18O, δ13C) were obtained for sinistral (left-coiling)

G. truncatulinoides (hereafter G. truncatulinoides refers to the sinistral form unless

otherwise stated) specimens from the 250-315µm size fraction. The number of spec-

imens measured in each sample (hereafter n) was dependent on the availability of

morphologically distinct and well-preserved G. truncatulinoides shells; the target num-

ber was 15 (see below), however n ranged from 3 to 15. Isotope analyses of large

samples (n>7) were measured a Finnigan Delta V Advantage coupled online with

a Gasbench II and smaller samples (n≤7) were measured using a Thermo Finnigan

MAT 253 mass spectrometer coupled online to a Carbo Kiel carbonate preparation

device. All results are calibrated to an internal laboratory standard (BCT63) and re-
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ported relative to the Vienna Pee Dee Belemnite scale. For Individual Foraminifera

Analysis (IFA), single G. truncatulinoides specimens were picked from 4 samples and

measured on a MAT 253 mass spectrometer, following the protocol outlined above.

All analyses were made at Cardiff University.

Planktic foraminifera species generally display higher inter-test variability than ben-

thic species within a given stratigraphic sample, as seasonal, inter-annual, and decadal

climate variations are more prevalent in the upper ocean than in the deep. This means

that more shells are required per sample to average out high-frequency variability

and provide a representative estimate of the time-averaged population mean. In or-

der to constrain the relationship between precision and number of shells required in

this study, 154 individual G. truncatulinoides shells from 4 individual samples from

Site U1475 were analysed (Figure 5.2). From the resulting standard deviations (aver-

aged across the 4 samples with sample means subtracted), the standard error of the

mean for each down-core sample can be estimated by dividing by the square-root of

the number of shells measured (n)‡. From the standard error, it possible to estimate

the 95% uncertainty intervals. For n = 1, the 95% confidence intervals are ∼0.8‰ and

∼0.6‰ for δ18O and δ13C, respectively. Following this approach, a sample with n =

15 specimens will have 95% confidence intervals of 0.20‰ for δ18O and 0.16‰ for

δ13C (Figure 5.2c). Data-points consisting of n<3 specimens (n = 3 equates to a stan-

dard error of 0.46‰and 0.35‰for δ18O and δ13C, respectively) are discarded, as this

(admittedly somewhat arbitrary) boundary constitutes the number of samples below

which the 95% confidence intervals exceed the inter-sample standard deviations. The

associated uncertainty is reported for the remaining samples to ensure transparency,

particularly important in intervals of low G. truncatulinoides abundance. A record

of the number of specimens measured per sample for the MD02-2588 G. truncatuli-

noides isotope datasets is not available, however Ziegler et al. (2013) state that ‘∼10’

individuals were picked for analysis; this is the number used for the estimation of

confidence levels for the upper 300 ka of the APcomp.

The G. truncatulinoides carbon isotope and oxygen isotope records are hereafter re-

ferred to as δ13Ctrunc and δ18Otrunc, respectively. The carbon isotope gradient between

‡See appendix Code 2.
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Figure 5.2: (a-b) Histograms showing IFA results for δ18O (a) and δ13C (b). Means are sub-
tracted from every measurement on each of the four U1475 samples. n is the total number
of shells measured, σ gives the average standard deviation for the four samples. c Standard
Error of the Mean estimated for measurements of n = 1 to 24 specimens, using the σ from (a)
and (b).

δ13Ctrunc and δ13Cbenthic is referred to as ∆δ13C(SAMW−CDW)
§.

5.2.2 Binning and Interpolation

As demonstrated in Figure 5.2, standard error increases as the number of constituent

specimens (n) decreases. This means that as the availability of G. truncatulinoides

specimens (and hence n) varies as a function of time, the signal to noise ratio of the

data is also non-stationary. This has implications for the interpretation of long-term

trends and for the statistical analysis of the data. In order to address this, two tech-

niques are employed to increase and standardize the signal to noise ratio of the data:

binning and interpolation. For the former, the data are binned by averaging every

data point that falls within 6 kyr discrete intervals. For each bin, uncertainty is es-

timated from the total number of shells across all samples within the bin and the

§although I note that the bottom water mass at the APcomp may not always be strictly be CDW
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standard deviations found by analysis of individual shells, outlined above. This is

then propagated with the statistical error of the binning itself to estimate 95% confi-

dence limits.

The second approach employed is down-sampling to a linear age scale (dt = 6 kyr) us-

ing the Piecewise Cubic Hermite Interpolating Polynomial (PCHIP) approach, whereby

monotonic cubic splines are fitted to segments of the original data in order to find the

value at the new points (using the ‘SciPy’ implementation based on Fritsch and But-

land, 1984). This has the advantage that the shape is preserved, and the first deriva-

tive is continuous. PCHIP confidence intervals are then estimated by a combination

of ‘Monte-Carlo’ and bootstrap re-sampling. The procedure can be summarized as

follows:

1. Each data point is re-sampled from a normal distribution with a standard de-

viation matching that of the sample to simulate the error associated with each

original data-point;

2. The new re-sampled time series then has 5% of its values randomly removed;

3. A PCHIP interpolator is then fitted and the resulting curve is stored;

4. Steps 1-3 are repeated 10,000 times, creating an ensemble of 10,000 interpo-

lated time series on the new downsampled, linear age scale;

5. The median is taken to be the new series, and the 95% and 5% percentiles are

taken as the confidence interval;

The resulting binned and PCHIP down-sampled time series are broadly indistin-

guishable, with equivalent minimum and maximum values. Due to the utility of

the PCHIP approach in preserving the underlying shape of the data and the more

comprehensive uncertainty estimation approach, the time series are discussed in this

form unless otherwise stated. All statistical analysis (described below), however, were

performed on the original raw time series, and I emphasize that the conclusions made

are independent of the binning or interpolation technique chosen.
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5.2.3 Spectral Analysis

Due to the uneven spacing of the time series, all analyses are performed on the orig-

inal data to avoid introducing spurious peaks or phase shifts which may occur when

interpolating to a monotonic age scale (Yiou et al., 1996). Before spectral analysis,

all data were standardized and a 2nd order polynomial trend was removed. The

REDFIT-X software (Ólafsdóttir et al., 2016) was used to calculate the Lomb-Scargle

periodgram (Lomb, 1976; Scargle, 1982) as well as cross-spectrum density and spec-

tral coherency against a synthetic curve combining orbital eccentricity, obliquity, and

precession (known as ETP). To test the sensitivity of the results to the de-trending

method and Lomb-Scargle parameters chosen, the analysis was also performed using

a variety of settings. Figure 5.3 shows that the low-frequency peaks (the focus of this

chapter) are robust to changes in the number of overlapping 50% segments (n50), the

window shape used (Hanning, Rectangular, or Welch), and the method used to de-

trend the time series (linear, 2nd order and 3rd order polynomials removed). Further-

more, the low-frequency peaks are robust to the choice of age model,giving similar

results when using the Site U1476 absolute age scale, which is independent of orbital

tuning (unlike the LR04 timescale which is derived from an orbital ice volume model;

Lisiecki and Raymo, 2005).

Next, band-pass filters were designed with a central frequency determined by the

spectra with a resolution bandwidth of ± the 6dB resolution bandwidth output by

REDFIT-X. In order to compare the data presented here to previously published pa-

leoclimate records, Lomb-Scargle periodograms and cross-spectra against ETP were

computed for several other time series. All data was treated as described above.

Records which revealed a significant ∼400 kyr periodicity (either in auto-spectrum

or cross-spectrum versus ETP) were then included in the band-pass filtering shown

in Figure 5.12.



5.3 Understanding G. truncatulinoides abundance 102

Figure 5.3: Lomb-Scargle periodograms for ∆δ13C(SAMW−CDW), varying (a) de-trending
method, (b) window type, (c) number of overlapping 50% segments, (d) the LR04 versus
the U1476 ‘pMag age model’ (Barker et al., Submitted)

5.3 Understanding G. truncatulinoides abundance

5.3.1 Life History and Evolution

The first notable observation from this study is the low abundance of G. truncatuli-

noides during several intervals across the Early to Mid-Pleistocene (Figure 5.6). Al-

though a quantitative record of G. truncatulinoides abundance is not provided (i.e.

the record of number of tests is truncated at 15 as this was the maximum number of

shells measured per sample), an absence of shells available for analysis (n) implies

periodic collapses in the population of G. truncatulinoides at the APcomp location.

G. truncatulinoides is a deep-dwelling, non-symbiotic species of planktic foraminifera

which forms the majority of its calcite test at the depth of the permanent thermocline

(LeGrande et al., 2004; Cléroux et al., 2007). By comparing the core-top δ18Otrunc

with water column δ18Oseawater and temperature, Ziegler et al. (2013) propose a cal-

cification depth for of 300-400m at the AP, in agreement with plankton tow studies

in the south-east Atlantic (Lončarić et al., 2006). It is worth noting that the popula-

tion present at the modern AP may be genetically different from those further back in

time, and evolutionary trends and divergences can occur over the timescales covered
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in this study (>1 Ma). The evolutionary history of G. truncatulinoides is relatively well

understood, originating in the south-west Pacific Ocean around 2.8 Ma (Lazarus et al.,

1995) before appearing briefly in the Atlantic Ocean ∼2.5 Ma and then more widely

outside of the Pacific after 2 Ma (Sexton and Norris, 2008). Within the morpholog-

ically defined G. truncatulinoides species there have been 5 (Quillévéré et al., 2013)

cryptic genotypes identified in modern populations, exhibiting distinct hydrographic

tolerances and thus geographic distributions. The appearance and adaptation of dif-

ferent genotypes may result in temporal changes in the oceanographic range of G.

truncatulinoides in the fossil record; for example, the Subantarctic, cold-tolerant types

III and IV evolved ∼300 ka (de Vargas et al., 2001) suggesting that the oceanographic

conditions which may have limited G. truncatulinoides abundance at the APcomp at

times in the Early to Mid-Pleistocene, may not have influenced the abundance of the

later, more cosmopolitan genotypes (appearing around ∼300 ka) in the same way.

However, no divergence events appear to be coincident with the intervals of low

abundance intervals observed at the APcomp, and the dispersal of G. truncatulinoides

to its current geographic distribution was complete by ∼2 Ma (Sexton and Norris,

2008), suggesting that low abundance cannot be attributed to evolutionary processes.

Secondly, G. truncatulinoides exhibits substantial vertical habitat migrations through-

out its life cycle, meaning water column stratification can disrupt its reproduction

(Lohmann and Schweitzer, 1990), as deep winter mixing is required to bring juve-

nile or reproductive-stage adult G. truncatulinoides to the surface mixed layer (Hem-

leben et al., 1985). It follows that increased stratification, possibly resulting from

reduced wintertime mixing, might provide an explanation for the intervals of low

G. truncatulinoides abundance. However, comparing the modern¶ distribution of

G. truncatulinoides (ForCenS dataset; Siccha and Kucera, 2017) with a mixed-layer

depth climatology (Sallée et al., 2021) does not reveal a clear relationship between

the two (Figure 5.4c). Further investigation of modern G. truncatulinoides abundance

against other hydrographic variables (from GLODAPv2; Olsen et al., 2016) reveals a

stronger response to oxygen concentration at 400m; abundance declines sharply be-

low ∼180µmol/kg (Figure 5.4d). Indeed, G. truncatulinoides appears to track oxygen

isolines in the North and South Atlantic and Indian Ocean subtropical gyres (Figure

¶More specifically, sediment core-top
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Figure 5.4: Core-top distribution of G. truncatulinoides (s) relative abundance from ForCenS
(Siccha and Kucera, 2017) against sea surface temperature (a), temperature at 400m (b),
Mixed-Layer Depth (c), dissolved oxygen at 400m (d), salinity at 400m (e), silica concentra-
tion at 400m (f), CO2 at 400m (g), and buoyancy frequency N2 (h). Hydrographic data from
Sallée et al. (2021) and Olsen et al. (2016).

5.5). This may be linked to the role of deep mixing discussed above; a cessation of

wintertime mixing would result in lower subsurface oxygen concentration. Interest-

ingly, Reichart et al. (1998) show that peaks in G. truncatulinoides abundance in the

Arabian Sea over the past 225 kyr coincided with reduced oxygen minimum zone

intensity, which they link to periods of deep convective winter mixing.

5.3.2 Drivers of G. truncatulinoides abundance across the MPT

The Mid-Pleistocene disappearance of G. truncatulinoides is not restricted to the AP

and has been observed also in the equatorial and North Atlantic (Kaiser et al., 2019),

south-east Atlantic (Ufkes and Kroon, 2012) and south-west Pacific Ocean (Crundwell

et al., 2008). This widespread disappearance is generally observed between MIS

21 and MIS 15, although the exact timing varies between locations. It is plausible

that some change in the thermohaline properties, nutrient and/or oxygen content

of the intermediate and mode waters ventilating much of the low-latitude thermo-

cline (i.e. SAMW and Antarctic Intermediate Water) could have driven this phe-
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Figure 5.5: Core-top distribution of G. truncatulinoides (s) relative abundance from the
ForCenS dataset (Siccha and Kucera, 2017). Navy contours show dissolved oxygen concen-
tration at 400m water depth in 100 µmol/kg increments. Oxygen data is from GLODAPv2
(Olsen et al., 2016).

nomenon (Kaiser et al., 2019), particularly as foraminifera calcifying in shallower

water depths, such as G. truncatulinoides (dextral), appear to persist across this in-

terval. Furthermore, this interval coincides with pulses in the extinction of multi-

ple benthic foraminifera species at intermediate depths (Mancin et al., 2013; Kender

et al., 2016), the last in a longer-term benthic foraminifera extinction event since the

Late Pliocene (Hayward et al., 2007). A detailed explanation of this phenomenon is

beyond the scope of this chapter, however the evidence outlined above appear to sug-

gest of a major shift in the formation or properties of intermediate water circulation

across the MPT, although an ecological or evolutionary process cannot be discounted.

5.4 Results

5.4.1 Stable isotope time series

δ13Ctrunc is characterized by glacial-interglacial variations with maxima (minima)

occurring during interglacial (glacial) intervals (Figure 5.6). However, the distinct

glacial-interglacial variations dominant in the δ13Cbenthic record are obscured some-
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Figure 5.6: G. truncatulinoides stable isotope results. (a) Raw δ13Ctrunc time series with 95%
confidence intervals shown as vertical bars. (b) G. trunc (orange) and C. wuellerstorfi (navy)
binned time series (bin size 6 kyr). (c) G. trunc (orange) and C. wuellerstorfi (navy) interpo-
lated by PCHIP (see text). (d) PCHIP interpolated ∆δ13C(SAMW−CDW) (e) The number of G.
truncatulinoides shells included in each sample (n). The 95% confidence level in (b) and (c)
is shaded.

what by low-frequency variations in δ13Ctrunc. With these distinct long-term fluctua-

tions, δ13Ctrunc displays similarities to low-latitude planktic δ13C records. For exam-

ple, comparison to the Mediterranean Globigerinoides ruber ‘Stack’ (Figure 5.7a; Wang

et al., 2010) and western equatorial Pacific Globigerinoides sacculifer δ13C (Schmidt

et al., 1993) reveals intervals of prolonged high δ13C relative to δ13Cbenthic, such as

from MIS 8 and MIS 12 and between MIS 16 and MIS 24. These long cycles are

punctuated by periodic δ13Ctrunc minima of ∼0 ‰ during MIS 8, 16, 14, 34, and

44, where the mid-depth δ13Ctrunc values converge with δ13Cbenthic values (Figure

5.7). These excursions are recognisable as the carbon isotope minima which appear in
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Figure 5.7: Comparison of G. truncatulinoides (orange) and benthic δ13C (navy) with selected
δ13C records and regional stacks. (a) Mediterranean Globigerinoides ruber ‘Stack’ (Wang et al.,
2010). (b) Equatorial Indian Ocean ODP Site 758 Neogloboquadrina dutertrei (Bolton et al.,
2013). (c) South Atlantic ODP Site 1090 Globigerina bulloides (Hodell et al., 2003). (d-g)
Regional stacks of benthic δ13C (Cibicides species); see Chapter 2 for full description of data
compilation and stacking. All records are presented on the LR04 timescale
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records of surface and (well ventilated) intermediate water masses in the Atlantic, In-

dian and Pacific Oceans (Spero and Lea, 2002; Romahn et al., 2014; Shackleton et al.,

1983; Oppo and Fairbanks, 1989), thought to be linked to a release of low δ13C CO2

into the atmosphere from the deep ocean, and the subsequent spread of that signal

through either mode/intermediate water ventilation (Spero and Lea, 2002) or air-sea

exchange (Lynch-Stieglitz et al., 2019). Further δ13Ctrunc minima are associated with

the terminations of each glacial stage back to at least MIS 16, however the resolution

and data sparsity of the APcomp record during earlier glacial intervals precludes any

conclusion on the presence or absence of these carbon isotope minima during earlier

terminations. Interestingly, δ13Ctrunc is consistently high relative to δ13C of mixed-

layer species in the Atlantic SAZ (Globigerina bulloides and Neogloboquadrina pachy-

derma at ODP Site 1090; Hodell et al., 2003), which co-varies much more closely with

δ13Cbenthic (Figure 5.7). This might reflect the connection between upwelled deep-

water in the Southern Ocean and surface waters to the south of the Agulhas Plateau,

however it may also reflect the effect on δ13Cforaminifera of carbonate ion or tempera-

ture differences between the sites, post-depositional alterations (ODP 1090 is situated

at 3700m water depth, possibly within reach of the carbonate saturation in the past;

Hodell et al., 2001) or species-specific offsets (Spero et al., 1991). Finally, similari-

ties between δ13Ctrunc and the δ13C of Neogloboquadrina dutertrei from the equatorial

Indian Ocean (Bolton et al., 2013, Figure 5.7b) might reflect the signature of ‘ocean

tunnelling’ of SAMW into the Indian Ocean thermocline (Liu and Alexander, 2007;

Ninnemann and Charles, 1997), or a common forcing between the two location.

Both δ13Ctrunc and δ13Cbenthic show the imprint of large-scale secular changes in the

oceanic 13C pool (Hoogakker et al., 2006), however this whole ocean signal should

theoretically be removed in ∆δ13C(SAMW−CDW). Glacial-interglacial variations in ∆δ13C(SAMW−CDW)

are clearer than in δ13Ctrunc, with increased gradients coinciding with glacial inter-

vals and vice versa. Glacial ∆δ13C(SAMW−CDW) maxima range from ∼1 ‰ to ∼1.5‰

and interglacial minima range from ∼0.5‰ to ∼0.0‰; the amplitudes of both are

modulated by long-term fluctuations. The highest ∆δ13C(SAMW−CDW) values occur

during glacial MIS 12, 18, 22, 38 and 42, whilst the lowest interglacial values oc-

cur during MIS 1, 5, 25, 31, 33, 45. ∆δ13C(SAMW−CDW) variations on sub-orbital

timescales have been described in detail elsewhere for the upper 350 ka of the APcomp
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Figure 5.8: Results of spectral analysis of δ13Ctrunc, δ13Cbenthic, ∆δ13C(SAMW−CDW) and
Dδ18O. (a-d) Bias-corrected Lomb-Scargle periodograms computed with REDFIT-X (Ólafs-
dóttir et al., 2016) with the 95% chi2 confidence level and significant peaks labelled (in kyr
periods). (e-h) As for (a-d) but without bias-correction and with the theoretical red noise
floor. (i-l) Cross-spectra against ETP (see text). (n-o) Coherency against ETP with 95% (red)
and 99% (yellow) confidence levels given.

record (Ziegler et al., 2013; Charidemou, 2018) and so the focus here is therefore on

longer timescales.

5.4.2 Frequency-domain results

Spectral analysis of the raw time series (Figure 5.8) reveals peaks at periodicities

matching various orbital parameters (Laskar et al., 2004). Firstly, δ13Ctrunc displays

peaks centred on 1/93, 1/111, 1/152, 1/374, and 1/686 kyr, each of which exceed the
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Figure 5.8 (Cont.)

95% chi2 and 95% Monte-Carlo significance level. A further peak is visible above the

noise floor at 1/41 kyr‖, however this fails to exceed the chi2 or Monte-Carlo confi-

dence levels. Next, δ13Cbenthic displays significant peaks at 1/40, 1/109, 1/165, and

1/825 kyr and ∆δ13C(SAMW−CDW) displays significant peaks at 1/40, 1/96, 1/133, and

1/412 kyr. Due to the variable and, in places, low resolution of the time series, it is

possible that high-frequency signals are lost or suppressed (aliasing), however cross-

spectral and coherency analysis suggest that whilst not statistically significant in the

auto-spectra of the full series, there is significant coherence between all three records

and precession (Figure 5.8i-o). Discussions exist around the utility and performance

‖For each record, some higher-frequency peaks aligning with obliquity and precession bands are
significant in the ‘uncorrected’ auto-spectra, however do not exceed chi2 or Monte-Carlo significance
levels when bias-corrected (Figure 5.8)
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of various spectral density significance tests (e.g. Meyers, 2012) and I acknowledge

the possibility of rejecting real peaks and accepting noise as significant; focus is in-

stead given to the evolution of these cyclic components through time, using band-

pass filtering.

5.5 Discussion: Interpreting δ13C

5.5.1 Drivers of δ13CSAMW and ∆δ13C(SAMW−CDW)

∆δ13C(SAMW−CDW) reflects the degree of similarity between foraminiferal calcite pre-

cipitated by G. truncatulinoides in SAMW and C. wuellerstorfi in CDW. The δ13CDIC

of deep waters at the Agulhas Plateau has been shown to strongly reflect variations

in deep water-mass provenance on glacial-interglacial timescales (Starr et al., 2021),

in turn ‘faithfully‘ recorded by C. wuellerstorfi (Schmittner et al., 2017). However the

controls on δ13Ctrunc are less clear. Firstly, the carbon isotope composition of DIC in

SAMW (δ13CSAMW) can be affected by multiple processes which may be difficult to

untangle. Secondly, fractionation during the calcification of G. truncatulinoides shells

can augment the signal of SAMW that is archived in δ13Ctrunc.

The isotopic composition of DIC in the ocean is a function of (1) biological export of

12C from surface to deep; (2) air-sea exchange between ocean and atmospheric carbon;

and (3) the mixing of water masses with different δ13C signatures. Taking δ13CSAMW

as an example, these processes can be decomposed (and simplified) as follows:

δ13CSAMW = δ13Cpref ormed + δ13Cbiology (5.1)

δ13Cpref ormed = δ13Cair−sea+ δ13Csource (5.2)

δ13Cair−sea = f (air − seaf ractionation, temperature) + δ13Catm (5.3)

In this framework, δ13CSAMW subducted in the Southern Ocean is controlled by bi-

ological fractionation (δ13Cbiology), fractionation during air-sea exchange (δ13Cair−sea;
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itself a function of temperature and atmospheric δ13Catm) and the δ13C of the source

water mass (i.e. strength and signature of upwelling CDW; δ13Csource). In order to

interpret records of past δ13C, it is important to first consider these potentially con-

founding drivers.

5.5.2 Driver 1: Biological fractionation

Equation (1.1) shows that δ13CSAMW is driven by a combination of preformed δ13C

and biological activity. Early studies attributed the vertical fractionation of carbon

isotopes in the ocean to biological productivity (export of 13C-depleted carbon from

the shallow to deep ocean; Kroopnick, 1985), in particular during glacial times (e.g.

Broecker, 1982). But is biology the primary driver of δ13CSAMW and ∆δ13C(SAMW−CDW)

observed in this study? Multiple lines of evidence exist for an increase in SAZ pro-

ductivity under glacial conditions: nitrogen isotopes (Martínez-García et al., 2014)

suggest a more complete utilization of nutrients, and regional increases in the flux of

biogenic detritus and associated minerals imply an increase in the export of carbon to

the deep (Kohfeld et al., 2005). Whilst results from the wider Southern Ocean show

that productivity decreased in the glacial Antarctic Zone (Jaccard et al., 2013), in-

creased biological export in the SAZ is coherent with a stronger chemocline between

SAMW and the deep ocean (Ziegler et al., 2013). Furthermore, a more isolated lower

overturning cell (Toggweiler, 1999) would act to amplify the impact of biological ex-

port on ∆δ13C(SAMW−CDW) by effectively trapping respired carbon in the deep ocean.

The role of biological export in at least partially driving ∆δ13C(SAMW−CDW) during

Late Pleistocene glacial conditions is therefore well constrained, however further

back in time, as fewer records are available, the picture becomes more ambiguous.

For example, whilst there is evidence for elevated productivity in the SAZ during

glacials of at least the last 1.5 Ma (Martínez-Garcia et al., 2011; Diekmann and Kuhn,

2002), no single productivity record can explain the ∆δ13C(SAMW−CDW) record pre-

sented here completely. It may be that ∆δ13C(SAMW−CDW) integrates a larger area of

the Southern Ocean than is captured by biomarker and organic carbon accumulation

from a single location. For example, organic biomarker records from the Agulhas
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Plateau (Tangunan et al., 2021; Cartagena-Sierra et al., 2021) show some similarity to

∆δ13C(SAMW−CDW), but also diverge across given intervals (such as the MPT), possibly

due to regional differences in SAZ productivity. The utility of biological explanations

for the long-term modulation of ∆δ13C(SAMW−CDW) is discussed in more detail below.

5.5.3 Driver 2: Source water composition

In addition to biological fractionation, δ13CSAMW is also controlled by the ‘preformed’

δ13CDIC in the SAZ. This is a function of air-sea fractionation effects (see below) and

the δ13C of waters entering the SAZ from the south. For example, as CDW up-

wells around Antarctica it brings to the surface old, 13C-depleted carbon from the

deep. Northward Ekman transport advects this water into the SAZ where it under-

goes water mass transformation (forming SAMW or Antarctic Intermediate Water).

Therefore, if CDW upwelling intensifies, δ13CSAMW should become more similar to

δ13CCDW. This signal would then be propagated through much of the global thermo-

cline (Ninnemann and Charles, 1997). This scenario has been proposed to explain the

widespread deglacial minima in planktic δ13C records (Spero and Lea, 2002) and the

varying intensity of deglacial carbon isotope minima between basins has even been

used to infer the major loci of upwelling around Antarctica (Hu et al., 2020). More-

over, this upwelling pulse has been linked to a negative excursion in δ13Catm during

at least the two most recent deglaciations (Schmitt et al., 2012), due to the injection

of 13C-depleted carbon into the atmosphere. Conversely, Lynch-Stieglitz et al. (2019)

show that a Southern Ocean origin for the deglacial planktic δ13C minima may not

be so clear, proposing that these excursions are instead related to the imprint of 13C-

depleted atmospheric CO2 on the surface ocean through air-sea exchange. Whilst

this may be the case for the North Atlantic, the intensity and δ13C composition of

Southern Ocean upwelling will nevertheless influence the δ13CSAMW due to the close

oceanographic connection between the two. Moreover, even without a change in up-

welling strength, the proportion of NADW in upwelled CDW will alter the source

water δ13C composition, although this would also be reflected in δ13Cbenthic at the

APcomp and should be inconsequential for ∆δ13C(SAMW−CDW).
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5.5.4 Driver 3: Air-sea fractionation

As shown in equation (1.2), the effect of air-sea exchange on the δ13CSAMW (and

hence ∆δ13C(SAMW−CDW)) must also be considered. In the modern ocean, the tem-

perature dependent fractionation during air-sea exchange causes SAMW to be rela-

tively enriched in δ13C compared to global nutrient stoichiometry (Lynch-Stieglitz

et al., 1995). For changes in δ13CSAMW and ∆δ13C(SAMW−CDW) to be attributed to

non-thermodynamic processes, the ambient temperature of SAMW would therefore

need to remain relatively constant over the past 1.5 Ma. Following Ziegler et al.

(2013), the temperature of calcification can be approximated from the gradient be-

tween δ18Otrunc and δ18Obenthic (∆δ18O). This relies on the assumption that the tem-

perature component of δ18Obenthic was relatively constant in the past, supported by

records of bottom water temperatures from the Pacific Ocean (Elderfield et al., 2012;

Ford and Raymo, 2019) which remained near-freezing for most of the interval in ques-

tion. Using the approximate 0.25‰/1oC relationship between δ18O and temperature

(Kim and O’Neil, 1997), the calcification temperature anomaly (from the Holocene

mean) can be approximated. The resulting ∆T estimate shows a long-term trend, de-

creasing by ∼1.2oC per Ma (Figure 5.9b), in agreement with the intermediate water

temperature record of McClymont et al. (2016) showing a 1.8oC per Ma decrease over

this interval (Figure 5.9c). Finally, to convert this into δ13Cair−sea, the 0.1‰ per 1oC

change in temperature relationship is used (Mook et al., 1974).

The resulting estimate (Figure 5.9b) implies that the air-sea fractionation effect on

δ13Ctrunc was most extreme at MIS 4 (+0.5‰) and MIS 20 (+0.4‰), both charac-

terized by low δ18O, possibly driven by colder SAMW. Aside from these excursions,

glacial-interglacial δ13Cair−sea variations are small (on the order of ∼0.2‰) and when

the estimated δ13Cair−sea is subtracted from δ13Ctrunc, changes to ∆δ13C(SAMW−CDW)

are also small (<0.25‰ excluding MIS 4 and MIS 20). Little influence of air-sea ex-

change on δ13Ctrunc is consistent with previous findings for the past 350 kyr (Ziegler

et al., 2013) and with the relatively small changes in temperature reconstructed for

the surface Southern Ocean during past glacial intervals (e.g. Waelbroeck et al., 2009).

The influence of air-sea exchange on glacial-interglacial APcomp ∆δ13C(SAMW−CDW)

variations is considered to be small, with exceptions during MIS 4 and MIS 20. That
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Figure 5.9: Estimating the thermodynamic influence on δ13Ctrunc and ∆δ13C(SAMW−CDW). (a)
δ18Otrunc and δ18Obenthic (PCHIP interpolated). (b) Estimated temperature anomaly from
Holocene, derived from ∆δ18O (see text). (c) Intermediate Water Temperature (IWT) record
from Deep Sea Drilling Project Site 593 (McClymont et al., 2016). Linear regressions through
(b) and (c) are shown in red. (d) Estimated δ13Cair−sea (derived from δT in panel (b) with 95%
confidence intervals shaded. (e) ∆δ13C(SAMW−CDW) uncorrected and corrected for δ13Cair−sea.

being said, there does appear to be a periodic component to the ∆δ18O (and hence

∆T) record, with a period of ∼400 kyr. The possibility that the 1/400 kyr cycle in

∆δ13C(SAMW−CDW) is of thermodynamic origin is discussed below.

5.5.5 Departures from equilibrium in δ13CG.trunc.

In addition to multiple factors influencing δ13CSAMW, foraminifera do not always

calcify in equilibrium with seawater DIC. For example, calcification at lower temper-
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ature decreases the metabolic uptake of 12C, increasing δ13C (Bemis et al., 2000), and

higher carbonate ion concentrations have been shown to decrease δ13C (Spero et al.,

1997). Further departures from equilibrium can be introduced by physiological pro-

cesses such as respiration (Spero et al., 1991). However, core-top studies from the

south-west Pacific (Hu et al., 2020; Charidemou, 2018) and Indian Ocean (Williams

et al., 1977) show that G. truncatulinoides largely reflect the δ13CDIC in the surround-

ing seawater, with departures from equilibrium of no more than 0.6‰. G. truncat-

ulinoides in the modern ocean is therefore a fairly good recorder of δ13CDIC across a

relatively large temperature range. That being said, changes in foraminifera diet and

carbonate chemistry (Kohfeld et al., 2000) cannot be ruled out as influencing past

δ13Ctrunc

5.6 Discussion: Trends and Cycles in ∆δ13C(SAMW−CDW)

5.6.1 Glacial-Interglacial variations

∆δ13C(SAMW−CDW) at the Agulhas Plateau likely integrates multiple processes which

effect the vertical partitioning of carbon and nutrients in the ocean (Morée et al.,

2018). During glacial intervals, the isolation of the lower cell of overturning circu-

lation coupled with the production, export and remineralization of organic matter

resulted in the accumulation of DIC in the deep (Muglia et al., 2018). For this iso-

lation of respired carbon to be effective at reducing pCO2 the efficiency of biological

productivity in the SAZ, where respired nutrients and carbon are upwelled to the

surface, must also be called upon. Increased (decreased) utilization of nutrients in

this region can therefore promote decreased (increased) efflux of carbon into the at-

mosphere.

Since the pioneering work of Martin (1990), much attention has been paid to role

of iron in stimulating increased Southern Ocean productivity during glacial inter-

vals. In the modern Southern Ocean (as with other ‘High-Nutrient Low-Chlorophyll’

regions), iron is acts as a limiting nutrient in phytoplankton growth, meaning that

an increased supply of iron (such as from wind-blown dust) during glacial intervals
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Figure 5.10: (a) Records of pCO2 from the EPICA Dome C ice core (Masson-Delmotte et al.,
2010) and sediment core boron isotope reconstructions, with ∆δ13C(SAMW−CDW) (this study)
and orbital eccentricity (green, dashed; Laskar et al., 2004). Original data are given in grey
and maximum (minimum) values for ∆δ13C(SAMW−CDW) (pCO2) each glacial MIS are shown
as blue circles with 95% confidence error bars. Orange/red circles show the same but for
minimum (maximum) interglacial ∆δ13C(SAMW−CDW) (pCO2) values. (b) Kernel density esti-
mates for glacial (blues) and interglacial (reds) pCO2 (upper) and ∆δ13C(SAMW−CDW) (lower)
before and after the MPT. (c) Time slice panels showing ice core (black line; Masson-Delmotte
et al., 2010, and references therein) and boron-isotope based sediment core (markers; Chalk
et al., 2017; Dyez et al., 2018; Foster, 2008; Henehan et al., 2013; Honisch et al., 2009) recon-
structions of pCO2. ∆δ13C(SAMW−CDW) is shown in orange (PCHIP smoothed overlay in dark
orange), iron accumulation from ODP Site 1090 is shown in navy (Martínez-Garcia et al.,
2011) and δ18O(benthic) from the APcomp is shown in pink.
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might increase productivity (Watson et al., 2000). Ziegler et al. (2013) show that

∆δ13C(SAMW−CDW) maxima over the past 350 ka coincide with peaks in dust accu-

mulation in the South Atlantic and Antarctic ice cores. However, bioavilable iron

can also be supplied to the surface Southern Ocean through deep mixing (Tagliabue

et al., 2014), sedimentary and hydrothermal fluxes (Sieber et al., 2021), and even ice-

berg melt (Raiswell et al., 2008). Untangling these sources in paleoclimate records

is challenging because environmental changes can favour different mechanisms si-

multaneously (e.g. a shift in the westerly wind belt might increase dust deposition

in the northern SAZ whilst also enhancing iceberg drift to the region). That being

said, there is a large body of evidence attributing iron-fertilization to dust fluxes, es-

pecially in the Atlantic Southern Ocean (e.g. Shoenfelt et al., 2018; Anderson et al.,

2014). Figure 5.10 shows that across glacial-interglacial cycles, ∆δ13C(SAMW−CDW) co-

varies with the accumulation of iron at ODP Site 1090 (Martínez-Garcia et al., 2011),

with high iron during glacial intervals matching high ∆δ13C(SAMW−CDW). However,

the magnitude of glacial-interglacial fluctuations in ∆δ13C(SAMW−CDW) is relativity

large relative to iron accumulation during early cycles (before the MPT).

Furthermore, the inference of a stronger glacial chemocline linked to Southern Ocean

iron fertilization would also carry implications for pCO2 levels. Whilst such a link is

visible on shorter timescales (Figure 5.10c), it again breaks down when viewed across

the MPT (Figure 5.10a-b). For example, average glacial pCO2 decreased by between

20-40 ppm across the MPT (Figure 5.10b; Chalk et al., 2017; Honisch et al., 2009)

whilst no statistically significant change in ∆δ13C(SAMW−CDW) is evident. As dis-

cussed above, multiple factors can influence ∆δ13C(SAMW−CDW), such as air-sea frac-

tionation and circulation changes. However, both the long-term cooling trend (as es-

timated from ∆δ18O; Figure 5.9) and observed changes in deep water-mass geometry

(e.g. Pena and Goldstein, 2014) across this interval would theoretically increase the

gradient between SAMW and CDW, rather than cancel out the increase that one might

expect to accompany lower pCO2. It may be the case that changes in stratification/-

circulation not revealed by ∆δ13C(SAMW−CDW) are responsible for the sequestration of

carbon across the MPT, however it appears that transitions in the intermediate-deep

(Hodell and Venz-Curtis, 2006) or Atlantic - Pacific (Raymo et al., 1997) carbon iso-

tope gradient preceded the proposed MPT pCO2 decline (Chalk et al., 2017; Honisch
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et al., 2009) by >200 kyr. Moreover, a decoupling between ∆δ13C(SAMW−CDW) and

pCO2 between different glacial intervals appears to be related to the presence of long

cycles modulating ∆δ13C(SAMW−CDW) (Figure 5.10a).

5.6.2 (Quasi-) 1/400 kyr cycles

The dominant low-frequency signal in the ∆δ13C(SAMW−CDW) and δ13Ctrunc records

presented here is centred ∼1/400 kyr (Figure 5.8), coinciding with cycles in Earth’s

long eccentricity in the same frequency band. Orbital eccentricity exerts a relatively

small influence on annual mean insolation, and its effect on climate is instead pre-

dominantly through its modulation of precession (Laepple and Lohmann, 2009). It

follows that eccentricity forcing is classically associated with low-latitude climate

systems (Berger et al., 2006). How does a seemingly low-latitude forcing influence the

long-term evolution of Agulhas Plateau ∆δ13C(SAMW−CDW)?

A pervasive link between long eccentricity forcing and changes in the oceanic car-

bon reservoir has been identified at multiple times throughout the Cenozoic (Hol-

bourn et al., 2007; Wang et al., 2010). However, the 1/400 kyr cycles present in many

Early Pleistocene oceanic carbon cycle records become obscured during the Mid- to

Late Pleistocene (Wang et al., 2010), lengthening towards a ∼500 kyr periodicity and

distorting the phase relationship with eccentricity (Figure 5.11). Whilst this tran-

sition (and loss of 1/400 kyr cyclicity) is evident in the APcomp δ13Cbenthic record,

both the δ13Ctrunc and ∆δ13C(SAMW−CDW) records maintain a ∼1/400 kyr component

throughout (Figure 5.12). Furthermore, records of secular changes in coccolithophore

production (Rickaby et al., 2007) and carbonate accumulation/dissolution (Bassinot

et al., 1994; Barker et al., 2006) appear to align more closely with these quasi-500

kyr period carbon cycle fluctuations than with the 400 kyr eccentricity cycle sensu

stricto (Figure 5.11). This is best shown in the timing of carbon isotope maximum

events (Cmax II and Cmax III; Figure 5.11) identified by Wang et al. (2004), thought

to embody whole-ocean carbon cycle shifts. These maxima are spaced by ∼500 kyr

following 1.2 Ma and are out of phase with 1/400 kyr-band eccentricity minima and

∆δ13C(SAMW−CDW) maxima. This suggests that the long term fluctuations in the global
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carbon cycle outlined above are either unrelated or obscured relative to the long ec-

centricity modulation of APcomp ∆δ13C(SAMW−CDW).

One explanation for this link might be through SAZ primary productivity. For exam-

ple, during the high eccentricity interval from 500 - 700 ka, biomarker accumulation

in the APcomp (Cartagena-Sierra et al., 2021) was reduced relative to the low eccentric-

ity interval which followed. However, this relationship breaks down during the ec-

centricity high at ∼1 Ma, where primary production appears to be enhanced. It is im-

portant to note that whilst the APcomp biomarker accumulation record shows a cross-

spectral density peak at ∼1/400kyr when compared to ETP, it does not have statisti-

cally significant auto-spectral peak at this frequency. Furthermore, records of South-

ern Ocean productivity and iron supply (Martínez-Garcia et al., 2011) show a glacial

increase across the MPT, whereas pre-MPT glacial ∆δ13C(SAMW−CDW) is equally as

high as during post-MPT glacials (Figure 5.10). The long-term trends in Southern

Ocean productivity are difficult to reconcile with long-term modulation of ∆δ13C(SAMW−CDW),

suggesting that a straightforward productivity explanation is unlikely.

Could there instead be a low-latitude productivity signal? SAMW at the Agulhas Plateau

is likely a mixture between ‘new’ SAMW from the SAZ to the south, and subtropical

mode waters transported in the Agulhas Current (re-circulated SAMW or Subtrop-

ical Mode Water; Koch-Larrouy et al., 2010). Changing the δ13C of the subtropi-

cal mode water component could therefore alter ∆δ13C(SAMW−CDW) at the Agulhas

Plateau. Biological productivity in the low-latitude Indian Ocean might respond to

eccentricity either directly by insolation cycles or by nutrient run-off related to the

African or South Asian Monsoon systems (Wang et al., 2004). One might expect in-

creased export productivity in the Indian Ocean to cumulatively enrich 13C in the

recirculated/subtropical mode water, resulting in 13C-enriched mode water at the

Agulhas Plateau and thus a stronger gradient. However, primary productivity in the

equatorial Indian Ocean responds to eccentricity with an opposite phase compared

to ∆δ13C(SAMW−CDW) because high local insolation (modulated by intervals of high

eccentricity) is shown to drive higher productivity (Beaufort et al., 1997; Tangunan

et al., 2017). Moreover, much of the subtropical Indian Ocean through which SAMW

spreads is highly oligotrophic, with exceptionally low organic matter export (Harms
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Figure 5.11: Quasi-1/400 kyr cycles in Pleistocene carbon cycle records. (a) Full eccen-
tricity (grey) and 1/400 kyr component (yellow) from Laskar et al. (2004). (b) APcomp

∆δ13C(SAMW−CDW) (this study), (c-d) Sr/Ca from the equatorial Pacific (c) and south-west
Indian Ocean ((d); Rickaby et al., 2007). (e) Composite Coarse Fraction Index (CCFI) from
the tropical Indian Ocean (Bassinot et al., 1994). (f-g) δ13Cbenthic from the APcomp (f), South
China Sea ((g); Wang et al., 2004), and global mean of all sites spanning this interval (h; see
Chapter 2). Solid blue lines show a 1/500 kyr bandpass filter and dashed red lines show 1/400
kyr bandpass filter. Vertical blue shading highlights intervals of low eccentricity (in the 1/400
kyr band) and vertical pink shading shows the carbon isotope maxima events identified by
Wang et al. (2004)
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et al., 2021). Based on this reasoning, it is unlikely that the 1/400 kyr modulation of

∆δ13C(SAMW−CDW) can be attributed to primary productivity at low-latitudes.

5.6.3 The Hadley Cell connection

Perhaps the most informative comparison to make in exploring eccentricity modu-

lation of ∆δ13C(SAMW−CDW) is the co-registered ∆δ18O record. As described above,

spectral analysis of this time series reveals a statistically significant 1/374 kyr peak

(indistinguishable from 1/400 kyr at the frequency bandwidth of the analysis). At

times of high ∆δ13C(SAMW−CDW) (in the 1/400 kyr band), ∆δ18O is closer to zero, sug-

gesting that G. truncatulinoides (SAMW) and C. wuellerstorfi (CDW) were calcifying in

water more similar in temperature, δ18Oseawater, or both. Lower SAMW temperatures

might influence δ13Ctrunc in a number of ways. Firstly, air-sea exchange at lower tem-

peratures would leave the surface water more enriched in 13C (see above), although

one would expect to see these periodicities in direct temperature proxy records from

the SAZ (c.f. Martínez-Garcia et al., 2011; Cartagena-Sierra et al., 2021). Secondly,

the colder calcification temperature of G. truncatulinoides might result in a higher

δ13Ctrunc relative to δ13CDIC due to temperature-sensitive metabolic effects (Bemis

et al., 2000).

In addition, changes in δ13CDIC of the mode waters present at the Agulhas Plateau

might provide an explanation. For example, modifying the export of SAMW from

the Southern Ocean might alter the mixture of ‘new’ SAMW (high δ13C; cold; low

δ18O) and ‘old’ subtropical mode water (low δ13C; warmer; high δ18O) present at

the Agulhas Plateau. SAMW formation occurs through deep winter-time convection,

which is intricately linked to air-sea fluxes in the Southern Ocean (e.g. Sallée et al.,

2006). Processes which introduce instabilities into the surface ocean in regions of

SAMW formation, such as cross-frontal mixing (Rintoul and England, 2002; Dong

et al., 2008; Koch-Larrouy et al., 2010), have also been shown to promote the convec-

tion of SAMW. Interestingly, an imprint of long eccentricity on frontal dynamics in

the Southern Ocean has been previously proposed (Bard and Rickaby, 2009; Caley

et al., 2012; Starr et al., 2021); in the next section I review the evidence for such a
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Figure 5.12: (a) Full eccentricity (grey) and 1/400 kyr component (yellow) from Laskar
et al. (2004). (b) Limpopo run-off record from MD96-2048 (Caley et al., 2018), (c) Wet-
Dry index from ODP Site 967 in the Mediterranean (Grant et al., 2017), (d) ‘Med-stack’
δ13Cplanktic composite record (Wang et al., 2010), (e) Alkenone-derived sea surface tem-
perature record from ODP Site 722 (Herbert et al., 2010), (f) IODP Site U1476 SS record
(van der Lubbe et al., manuscript accepted), (g) ∆δ13C(SAMW−CDW) Ziegler et al. (this study;
2013), ∆δ18O(SAMW−CDW) Ziegler et al. (this study; 2013), Globorotalia menardii accumulation
at ODP Site 1087 (Caley et al., 2012)
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link.

Bard and Rickaby (2009) describe a scenario whereby low eccentricity truncates low

latitude insolation maxima, reducing the intensity of the Hadley Cell and ‘draw-

ing the STF northward’. Moreover, Yin (2013) shows that the latitudinal pressure

gradient (i.e. the difference in intensity between the subpolar high and subtropical

low) is dominated by the insolation gradient during Austral winter, which in turn is

modulated by eccentricity. This could plausibly introduce a 400 kyr periodicity into

records of Southern Ocean frontal dynamics (Caley et al., 2012; Bard and Rickaby,

2009). Equatorward expansion of the SAZ has been shown to result in the advection

of cold, (sub)Antarctic surface waters into the south-west Indian Ocean subtropical

gyre, leading to cooling of the upstream Agulhas Current (Simon et al., 2013). This

might explain the close covariation between ∆δ13C(SAMW−CDW) and sea surface tem-

perature off the coast of south-eastern Africa over the past 800 kyr (Bard and Rick-

aby, 2009). Moreover, there is evidence for a ∼1/400 kyr cyclicity, albeit weak, in

the APcomp IRD record (Starr et al., 2021), however the additional influence of high-

latitude processes (i.e. Antarctic Ice Sheet dynamics) likely obscures this relationship

substantially. A mechanism which influences Southern Ocean front dynamics might

also be expected to influence records of circum-Antarctic flow-speed (associated with

the Antarctic Circumpolar Current), however no such 1/400 kyr cyclicity is present in

the co-registered APcomp SS record (Chapter 6). As elaborated on in the next chapter,

this may relate to a decoupling between the Polar Front, the Subantarctic Front, and

the Subtropical Front; records of surface hydrography reflecting the STF (Cartagena-

Sierra et al., 2021) vary differently to SS during certain intervals in the Pleistocene.

With these caveats in mind, a tentative mechanism might operate as follows:

1. Low eccentricity results in lower maximum equatorial insolation;

2. This reduces the latitudinal pressure gradient, weakening the Hadley Cell;

3. The resulting equator-ward migration of Southern Ocean fronts increases cross-

frontal mixing, introducing; instabilities in the upper water column of the south-

west Indian Ocean;
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4. This favours deep winter convection, increasing the subduction of SAMW;

5. More SAMW fills the Indian Ocean thermocline, resulting a more enriched

(δ13C) mode water mass at the Agulhas Plateau;

Is there evidence supporting a 400 kyr periodicity in records reflecting atmospheric cir-

culation patterns? A persistent long eccentricity imprint on African hydro-climate is

revealed in proxy records of Limpopo River run-off (Figure 5.12b; Caley et al., 2018),

wet-dry cycles in the Saraho-Arabian dust belt (Figure 5.12c; Grant et al., 2017; Lar-

rasoaña et al., 2003), and Mediterranean δ13Cplanktic (Figure 5.12d Wang et al., 2010)

through the Pleistocene. In northern Africa, this imprint has been linked to low ec-

centricity suppressing the maximum low latitude insolation and the aridification of

the Saharo-Arabian dust belt (Trauth et al., 2009). In eastern (sub)tropical Africa, low

(high) eccentricity is related to lower (higher) rainfall due to migrations in the rain

belt associated with the ITCZ (and hence the Hadley Cell Caley et al., 2018; Chase,

2021). Finally, 1/400 kyr cyclicity in a record of Mozambique Channel Throughflow

(Figure 5.12f; van der Lubbe et al., in press) supports a sensitivity of atmospheric

(and ocean) circulation in the Indian Ocean to long eccentricity. As shown by Li et al.

(2017), there is a persistent 1/400 kyr periodicity in the zonal Pacific temperature

gradient, tightly linked to the circulation modes in the Indian Ocean which drive

Mozambique Channel Throughflow (van der Lubbe et al., in press). To summarise,

there are multiple lines of proxy evidence for an imprint of long eccentricity cycles

on atmosphere and ocean circulation around Africa.

5.7 Concluding remarks: Eccentricity and the carbon cycle?

Considering the central role ascribed to SAMW ventilation in ocean nutrient and car-

bon cycling (e.g. Khatiwala et al., 2009; Sarmiento et al., 2004), it is perhaps sur-

prising to not see an equivalent 400 kyr periodicity in records of atmospheric CO2 .

The paradoxical decoupling between the oceanic carbon cycle and atmospheric CO2

on ∼400 kyr timescales has been previously discussed, for example by Barker et al.

(2006) who suggest that high coccolithophore production during the low eccentricity
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MBT interval might be essentially cancelled out by an increase in carbonate dissolu-

tion. An interesting proposition might arise from this to explain the decoupling of

∆δ13C and pCO2, by relating the production of SAMW with an increase in (low lat-

itude) biological productivity, counteracted by the resulting increase in mean ocean

carbonate saturation state. This is because SAMW constitutes a primary vessel sup-

plying nutrients from the surface Southern Ocean to much of the global low-latitude

thermocline (Sarmiento et al., 2004). Perhaps during intervals of low eccentricity, an

intensification of SAMW formation (due to the Hadley Cell contracting) transports

more nutrients to the (sub)tropics, promoting an increase in carbonate production

and also increasing carbonate dissolution (assuming no change in Ca2+ ion flux into

the ocean), balancing out any potential change in pCO2 from the organic carbon flux

associated with coccolithophore production (Buitenhuis et al., 2001).

The ∼1/400 kyr cycles in ∆δ13C presented here appear to provide support for a

Southern Ocean driver of secular fluctuations in coccolithophore production (Rick-

aby et al., 2007). Furthermore, the obscured periodicity of long cycles in carbon-

ate production (and dissolution; Figure 5.11) compared to the un-obscured cycles in

∆δ13C suggests there may be a non-linear sensitivity of coccolithophore production

to mode water nutrient supply, rather directly to eccentricity itself (Rickaby et al.,

2007).

5.7.1 Silicic Acid Leakage

To test the hypothesis that long-term fluctuations in SAMW formation driven by ex-

pansions and contractions of the Hadley Cell circulation might ‘transfer’ the 1/400

kyr eccentricity cycle into the oceanic carbon cycle, one would also need to consider

the nutrient make-up of the SAMW being exported. For example, changes in the

silicic acid content of SAMW has been proposed to exert an important control on

the low-latitude productivity which mode water ventilation fuels: a high ratio of Si

to macronutrients such as nitrate exported to the low latitude ocean will result in a

dominance of diatom over coccolithophore productivity (a model known as the ‘Sili-

cic Acid Leakage Hypothesis (SALH); Matsumoto et al., 2002). This shift away from
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calcifying to non-calcifying primary producers would in-turn reduce the ratio of inor-

ganic to organic carbon (PIC:POC) of particulate carbon sinking to the seafloor, and

therefore have a net lowering effect on atmospheric CO2 levels (Matsumoto et al.,

2002; Archer, 1991). Crosta et al. (2007) show that changes in the production of

SAMW can complicate the effect of SALH on low latitude diatom productivity. For

example if intervals of low surface Southern Ocean Si:Nitrate ratio coincide with in-

tervals of enhanced SAMW subduction, the increase in absolute silicic acid supply

would continue to support diatom productivity in spite of a lower nutrient ratio. In

this chapter, I have shown that the production of SAMW may have varied on long,

climatically-relevant timescales, highlighting the need for studies testing these the

role for these hypotheses over climate transitions such as the MPT to consider varia-

tions in SAMW production, in addition to the ratio of nutrients in SAMW. The ∆δ13C

record presented here is alone limited in its ability to test how changes in the South-

ern Ocean chemocline and SAMW dynamics on long eccentricity timescales influ-

enced phytoplankton community structure and productivity elsewhere in the ocean;

further investigation would benefit from reconstructions of coccolith versus diatom

accumulation in conjunction with reconstructions of mode water circulation from

sites spanning various regimes in the mid- to low-latitude ocean.

5.7.2 Conclusion

In conclusion, in this Chapter I propose that whilst glacial-interglacial variations in

∆δ13C(SAMW−CDW) likely result predominantly from changes in biological produc-

tivity integrated over a large area of the Southern Ocean, there is a clear amplitude

modulation by long eccentricity cycles (∼400 kyr period). A similar signal in the

record of ∆δ18O suggests that this response is related to changes in the formation

or thermohaline properties of SAMW, although a role for thermodynamic effects on

δ13C or metabolic disequilibrium of δ13Ctrunc cannot be ruled out. Evidence for such

a link between eccentricity and ∆δ13C(SAMW−CDW) holds interesting implications for

explaining records of carbonate production and dissolution in the ocean, however

more work is required to elucidate the role of Southern Ocean mode water formation

in low latitude carbonate production.
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6 | Changes in Physical and Chemical

Ventilation of Deep-Water in the SW Indian

Ocean across Climate Transitions of the past

1.9 Million Years

6.1 Introduction

The role of ocean circulation in the global carbon cycle is well-documented. Per-

haps the clearest demonstration of this can be seen during the last glacial cycle when

lower atmospheric CO2 levels were likely balanced by higher carbon storage in the

deep ocean (Broecker, 1982). Paleoceanographic reconstructions reveal a ‘chemical

divide’ at around 2000-2500m in the glacial ocean (Hodell et al., 2003; Mccorkle and

Heggie, 1998), reflecting a build-up of respired carbon below this depth. The de-

velopment of a chemocline in the glacial ocean corroborates a shift of nutrients and

CO2 from the shallow to the deep ocean, proposed in early studies to result from en-

hanced biological productivity (Broecker, 1982; Boyle, 1988). For this deep storage

to persist, however, physical mechanisms acting to isolate the deep ocean from the

surface (and atmosphere) must also be called upon (Toggweiler, 1999; Sigman and

Boyle, 2000). In the modern ocean, deep water-masses (i.e. below around 2500m) are

mostly exposed to the surface in the Southern Ocean by upwelling around Antarc-

tica, the result of the predominantly wind-driven Antarctic Circumpolar Current*

(ACC; Toggweiler and Samuels, 1993). The extent to which carbon entrained in this

*while classically considered a wind-driven current (e.g. Gill, 1968), an increased role for buoyancy
forcing has been recognised in recent studies (Hogg, 2010)
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upwelled water is released into the atmosphere depends on the thermodynamic and

biological processes which follow (as discussed in Chapter 5), as well as physical pro-

cesses impacting the exposure of deep-water to the surface.

Toggweiler et al. (2006) proposed that during glacial intervals, upwelling around

Antarctica was reduced as a result of an equatorward displacement of the South-

ern Hemisphere westerly wind belt (hereafter referred to as SWWB). This coupling

is also implicated in driving a surge of respired carbon out of the deep ocean during

deglaciations (Anderson et al., 2009), possibly signifying the breakdown of the deep

chemocline, although the timing of chemical and physical stratification changes paint

a more complex deglacial picture (Roberts et al., 2016). Moreover, expanded sea-ice

around Antarctica may have physically limited air-sea exchange in the high-latitude

Southern Ocean during glacials (Stephens and Keeling, 2000), and may even have

driven an expansion in the volume of Southern Ocean deep-waters at the expense of

a shallower North Atlantic Deep Water (NADW) (Ferrari et al., 2014). In the modern

Southern Ocean, the position and variability of sea-ice and the SWWB are intimately

linked to the position of the ACC and the associated oceanic fronts (Orsi et al., 1995)

along which the major flow-lines occur†. This emphasises the importance of com-

plementing reconstructions of past ACC dynamics with reconstructions of Southern

Ocean front and sea-ice evolution, although building a coherent interpretation from

records of each component is often complex (e.g. Kohfeld et al., 2013) as the rela-

tionship between ocean flow, surface hydrography and sea-floor topography varies

between different regions of the Southern Ocean (Graham et al., 2012).

Untangling the drivers of oceanic CO2 storage on glacial-interglacial timescales re-

quires a multitude of paleoceanographic reconstructions spanning a range of loca-

tions and water depths. Indeed, connecting physical drivers (e.g. SWWB, sea ice)

to chemical (e.g. carbon and nutrient distributions) and physical (e.g. density strat-

ification and flow speed) ocean properties continues to motivate research. Studies

of this nature have thus far been limited on timescales spanning multiple glacial

cycles and climate transitions. For example, evidence exists for a deep chemocline

during most glacial periods of at least the last 1.5 Ma (Hodell et al., 2003), how-

†much of the ACC transport occurs in narrow jets along oceanic fronts (Sokolov and Rintoul, 2009)
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Figure 6.1: (a) Circum-Antarctic ocean fronts associated with the ACC as defined by Park
et al. (2019): NB = Northern Boundary; SAF = Subantarctic Front; PF = Polar Front; SACCF
= southern ACC Front; SB = southern Boundary. A selection of core sites discussed in this
Chapter are shown as red markers. Star = APcomp; Square = ODP 1090; Triangle = PS97/093-
2; Circle = ODP 1123. The sea-floor shallower than 3000m is shaded (data from ETOPO1 1
Arc-Minute Global Relief Model, Geophysical Data Center, 2009). (b) Bathymetric profile at
26oE with the APcomp position shown (red star) and the ACC fronts from (a) at this longitude
shown as triangles.
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ever understanding of the origin of this phenomenon is limited by the sparsity of

long, continuous records of potential physical drivers. To address this, this Chap-

ter presents an extended near-bottom flow speed record from the Agulhas Plateau

spanning the past 1.9 Ma, combining previous measurements from core MD02-2588

(Charidemou, 2018, Ian R. Hall, unpublished data;) with new measurements from In-

ternational Ocean Discovery (IODP) Site U1475, presented as a continuous record on

the Agulhas Plateau Composite (APcomp; see Chapter 2).

6.1.1 Agulhas Plateau Deep Paleoceanography

Hydrographic surveys of the modern Agulhas Plateau region (Arhan et al., 2003) re-

veal a deep water column characterised by the competing presence of NADW and

deep/bottom waters of Southern Ocean origin (Lower Circumpolar Deep Water and

Antarctic Bottom Water; LCDW and AABW), hereafter referred to collectively as

Southern Sourced Waters (SSW). These water masses constitute key players in the

two ‘cells’ composing the Global Overturning Circulation (Talley, 2013). The Agul-

has Plateau therefore represents an important intersection between these upper and

lower cells; NADW exits the Atlantic basin and flows into either the Indian Ocean

north of the Agulhas Plateau, or the Southern Ocean to the south, where it is sits

above SSW, joining the eastward flowing Antarctic Circumpolar Current (ACC). The

position of Agulhas Plateau means that paleoceanographic proxies from the region

are highly sensitive to shifts in the presence of NADW (or glacial analogues referred

to as Northern Sourced Waters; NSW) versus SSW (Starr et al., 2021; Molyneux et al.,

2007). In addition, the southern Agulhas Plateau is currently situated within the in-

fluence of the most equatorward ACC jets (Drouin and Lozier, 2019; Orsi et al., 1995),

and regional changes in deep flow vigour have been tightly linked to changes in the

strength or position of the ACC (Molyneux et al., 2007).

Figure 2 shows selected reconstructions of deep hydrography from sediments cores

recovered from the Agulhas Plateau. Firstly, the Sortable Silt mean grain size (SS;

see Chapter 2) proxy implies higher near-bottom flow speeds at 2500m – 3000m wa-

ter depths during glacial and cold intervals (Figure 6.2 c-d; Martínez-Méndez et al.,
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Figure 6.2: Paleoceanography of the southern Agulhas Plateau for the past 200 kyr. Kaolin-
ite/Chlorite (a; Krueger et al., 2008) and SSMedian (b; Krueger et al., 2012) from PS2561-2. c)
SS from MD02-2589 (Molyneux et al., 2007) and SS (d; Charidemou, 2018), Linear Sedi-
mentation Rate (e; Ziegler et al., 2013) and IRD accumulation (f; Marino et al., 2013) from
MD02-2588

2008; Molyneux et al., 2007). This likely reflects a strengthening or equatorward shift

in the deep-reaching ACC at this longitude. High glacial flow-speeds are mirrored

by reduced NSW presence, indicated by nutrient and water-mass provenance prox-

ies such as Ca/Cd (Martínez-Méndez et al., 2008), δ13Cbenthic (Molyneux et al., 2007)

and εNd (Rutberg et al., 2000). Furthermore, clay mineralogies of sediments from the

Agulhas Plateau (Figure 6.2 a; Krueger et al., 2008) and the Cape Basin (Diekmann

and Kuhn, 2002) show a similar pattern, with glacial (interglacial) intervals charac-

terised by increased (decreased) presence of chlorite- (kaolinite-) bearing high (low)

latitude water-masses. Interestingly, SS from the deep (>4400m) Agulhas Plateau

(Figure 6.2 b Krueger et al., 2012) shows less distinct glacial-interglacial variability,

possibly reflecting the diminished reach of ACC jets at abyssal depths.
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A compelling story emerges from this region over the last glacial cycle, whereby

glacial conditions are linked to an equatorward shift or strengthening of circumpo-

lar flow associated with the ACC. Moreover, an apparent coupling between physi-

cal flow vigour and chemical ventilation hints at a mechanistic link between wind-

driven Southern Ocean circulation and the isolation of the deep ocean (á la Toggweiler

et al., 2006). However, a wider perspective must be taken, for example by consider-

ing the flow-speed evolution at other locations within reach of the ACC system. SS

reconstructions from the Drake Passage region and south-west Atlantic reveal lower

flow-speeds during the last glacial maximum compared to the Holocene (Lamy et al.,

2015; Wu et al., 2021; Roberts et al., 2017), although results from the Scotia Sea are

less clear (McCave et al., 2013). Moreover, lower glacial flow speeds in the south-

east Indian Ocean (Williams et al., 2021) contrast the generally higher glacial flow-

speeds reconstructed in the south-west Pacific (Hall et al., 2001), central South At-

lantic (Beny et al., 2020), and Agulhas Plateau region (this chapter; Martínez-Méndez

et al., 2008). To accommodate these spatially heterogeneous results, a model relating

glacial-interglacial ACC change and deep ventilation requires a more complex ex-

planation than a linear response to stronger/weaker SWWB, for example one which

accounts for the topographic control on flow and different Southern Ocean fronts in

different regions.

Finally, the evolution of surface-deep ocean coupling further back in time remains

unresolved. For example, proxy records related to biological productivity and sea

surface temperature suggest that the position of Southern Ocean fronts were highly

variable through the Pleistocene (Kemp et al., 2010; Becquey and Gersonde, 2002;

Civel-Mazens et al., 2021), yet it is unclear how these relate to changes in the strength

and geometry of the ACC and the ventilation of deep waters. In this chapter, I investi-

gate how major climate transitions such as the Mid-Pleistocene Transition (MPT) and

Mid-Brunhes Transition (MBT) manifest in this system, and whether such a physical-

chemical coupling occurs across Early Pleistocene glacial cycles.
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6.2 Methods Summary

6.2.1 MD02-2588 - Site U1475 Continuity

To present a continuous record of near-bottom flow speed through the Mid- to Late-

Pleistocene, the new Site U1475 SS data is combined with new and previously pre-

sented SS data from nearby sediment core MD02-2588 (Charidemou, 2018, data col-

lected by I.R. Hall, Cardiff University). The two sites are geographically close, within

0.2 degrees of latitude and 0.6 degrees of longitude of each other, and are separated

by around 250 m water depth. Whilst the two locations should therefore be influ-

enced by the same local hydrographic conditions, the difference in depth as well as

topographic features such as sediment waves and mounds on the south-west Agulhas

Plateau (Uenzelmann-Neben, 2001) may result in hydrodynamic differences between

the two sites. Figure 3 shows SS data across the stratigraphic overlap between the

two sites. Although only covering a single glacial-interglacial transition (aligned via

δ18Obenthic; see Chapter 3), a distinct offset is observable between the two records. SS

from Site U1475 (the shallower site) is ∼2µm higher than MD02-2588, which would

equate to a vertical flow speed gradient of ∼1.4 cm s-1 per 100 m according to the

calibration of McCave et al. (2017).

To determine how pervasive this SS offset is a comparison to the nearby core site



6.2 Methods Summary 135

MD02-2589 (water depth 2660m; Molyneux et al., 2007) is made. No core-top SS

data is available for MD02-2589, however the time-averaged SS for the 11-170 ka

interval is 20.6µm, around 2µm lower than the same time interval average in MD02-

2588 (water depth 2900m). Interestingly, the depth-gradient between the two sites

is of the opposite trend to the U1475 – MD02-2588 gradient. This may be due to

the interaction of ocean flow and sedimentary features, or the downstream fining ef-

fect on SS (McCave and Hall, 2006); MD02-2589 is located to the east of MD02-2588

and U1475, making it ‘downstream’ with respect to NADW and the ACC flow. With

regards to combining the records of MD02-2588 and U1475, it is ultimately not pos-

sible to determine whether this offset would be constant across other time intervals.

Therefore, instead of adjusting one of the records by a constant offset, both series are

instead standardised to zero-mean and standard deviation of 1 (‘unit variance’) be-

fore being ‘spliced’ together. An exception applies to Figures 6.8 and 6.12 where the

mean is subtracted from the MD02-2588 and U1475 intervals separately before con-

version to flow speed anomaly (cm s-1) using the slope of 1.36 cm s-1/ µm (McCave

et al., 2017).

6.2.2 Frequency-domain analysis

To identify the periodicities present in the APcomp SS record, auto-spectral density,

cross-spectral density, and spectral coherence are estimated against an orbital curve

product (ETP) using the Lomb-Scargle periodogram approach (REDFIT; see Chapter

2 for full description). The significance of the results, shown in Figure 6.4, is deter-

mined using ‘Monte Carlo’ red noise and chi2 confidence levels (Ólafsdóttir et al.,

2016). Peaks in the auto-spectrum which exceed the 99% confidence level are identi-

fied with a local-maxima (‘peak finder’) algorithm. Figure 6.4 shows that significant

spectral peaks are present at 1/700, 1/120, 1/95, and 1/41 kyr. Similarly, strong

cross-spectral peaks and significant coherency are present at ∼1/100 and 1/41 kyr,

with additional significant coherency at 1/55 and 1/21 kyr.

Furthermore, to test the phasing of SS at different frequencies relative to the time

series presented in Chapters 4 and 5, Blackman-Tukey phase estimates are calculated
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for SS, significant peaks are labelled as periods in kyr (grey indicates significant with respect
to the chi2 90% false alarm limit but not exceeding the 99% red noise level (Monte Carlo;
MC99). (b) Cross-spectrum against ETP. (c) Coherency against ETP with Monte Carlo 99%
and theoretical 95% confidence intervals. Analysis were performed using ‘REDFIT-x’ software
with ‘ofac’ of 5, ‘hifac’ of 2 and ‘n50’ of 3. 6dB bandwidth is 2 x 10−3 kyr−1.

against APcomp δ18Obenthic. These results are shown in Figure 7.3 for the 1/23 kyr

(panel a), 1/41 kyr (panel b) and 1/100 kyr (panel c) bands. As expected from the

absence of auto-spectral peaks around the precession-band frequencies (Figure 6.4a),

the coherence of SS to δ18Obenthic is too weak to determine phase confidently. For

1/41 kyr, SS is in-phase with ∆δ13CSAMW−CDW and leads IRDMAR, δ18Obenthic and

δ13Cbenthic. In the 1/100 kyr band, SS lags behind ∆δ13CSAMW−CDW and IRDMAR,

slightly leading (though within uncertainty) δ13Cbenthic and δ18Obenthic.

6.2.3 Change-Point Detection

In order to assess how stationary trends and variability in SS are over time, the record

is divided into sections separated by events or transitions in the data. To do so
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(quasi-) objectively, a suite of offline Change-Point Detection (CPD) algorithms are

applied to the standardized data after first interpolating to a linear age scale (δt =

maximum spacing between raw data points). CPD is a signal-processing technique

which considers the time series to be ‘piecewise non-stationary’, meaning some char-

acteristic changes at one or more unknown points in time, and has been previously

utilized to detect changes in paleoclimate time series (Ruggieri et al., 2009; Kylan-

der et al., 2007). The goal is to find a number of change-points which minimize a

cost function; in other words to fit a model in which each segment is as statistically

homogeneous as possible. The four algorithms used here are a Pruned Exact Linear

Time (PELT) search, a Dynamic Programming search, Binary Segmentation search,

and Window-Based Search (Figure 6.6). An exhaustive review of change-point de-

tection approaches is beyond the scope of this thesis (see Truong et al., 2020 for a

detailed description of the algorithms employed here), and I note that the result of

no single approach is taken to be absolute or ‘true’. Instead, transitions that are iden-

tified by multiple approaches and could also be identified by visual inspection are

used to approximate segments in the time series. As shown in Figure 6.6a, multiple

change-points can be assigned to the time-series, and the CPD algorithm results are

not always unanimous.

6.3 Results

6.3.1 Pleistocene SS Variability

The SS record (Figure 6.5a) displays distinct variations over glacial-interglacial and

longer timescales. As previously observed at the Agulhas Plateau (Molyneux et al.,

2007), glacial intervals are generally characterised by high near-bottom flow speeds

with minima occurring during interglacial intervals. This pattern is observable for

the much of the record back to around 1.6 Ma, becoming less clear in older glacial

cycles. Notable exceptions occur during glacial intervals MIS 22 and MIS 28 where SS

maxima are absent or heavily muted. Furthermore, the timing of glacial SS maxima

relative to glacial maxima (in the context of peaks in δ18Obenthic) is non-stationary
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Figure 6.5: Results from the APcomp for 0 - 1.85 Ma. (a) The full SS record is plotted as unit
variance (see text) with a secondary axis provided for µm units (MD02-2588 is offset by 2µm
on this axis). δ13Cbenthic (b), δ18O (c), and IRD accumulation (d) are also shown (see Chapter
4). Glacial intervals (following Lisiecki and Raymo, 2005) are shaded grey. The red dashed
line indicates the base of the IRD dataset.

through time. This is most striking in the 0-800 ka interval, where SS peaks appear

to occur relatively early in the glacial sequence, returning to interglacial levels before

the deglacial transition in δ18Obenthic. Furthermore, on top of the background glacial-

interglacial variability there are a number of state changes evident which might be of

paleoclimatic significance:

• 71 ka. All four CPD algorithms identify a change-point around the MIS 5/4

transition, supported by a stepwise increase in the rolling standard deviation

of the time series (Figure 6.6c). This transition is characterised by an abrupt

increase in SS which persists into MIS 2, and is described in detail by Molyneux

et al. (2007) in site MD02-2589. In that study, they demonstrate a decoupling

between global ice-volume, chemical ventilation and flow vigour across this

transition.
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• 430 ka. 3 of the 4 algorithms detect a change-point between 400 and 500 ka,

which I assign to 430 ka based on a peak in rolling-standard deviation. This

transition displays a sharp decrease in SS from MIS 11 into MIS 10.

• 930 ka and 1060 ka. Thirdly, 3 of the 4 methods identify two transitions align-

ing roughly with the Mid-Pleistocene Transition (MPT; e.g. Clark et al., 2006);

one at 930 ka (MIS 25/24) and another at around 1060 ka (MIS 31/30). These

are characterised by increased glacial-interglacial variance separating lower (higher)

frequency glacial cycles after (before) the MPT. Between these transitions, SS is

low with little glacial-interglacial variability, mirroring the suppressed cycles

in δ18Obenthic.

• Pre-MPT. Additional change-points are identified in the >1060 ka section (no-

tably around 1600 ka), however these are less clear by eye and less obvious in

the rolling standard deviation, and no change-point are formally defined before

the MPT.

In this chapter I will explore the nature of each of these transitions, in particular

with consideration of regional and global climatic changes recorded in other proxy

records. First, however, it is important to evaluate the fidelity of the SS proxy to

record near-bottom flow vigour at this location, acknowledging any caveats that might

influence interpretations made.

6.4 Discussion

6.4.1 Influences on the SS proxy

The utility of SS to reconstruct near-bottom flow speed (and hence ACC proximi-

ty/strength) at the Agulhas Plateau relies on the assumption that hydraulic sorting

is the dominant control on grain size (atleast in the 10-63µm ‘Sortable Silt’ fraction).

More precisely, it depends on the dominance of selective deposition in the sorting

of this size fraction (McCave et al., 1995b). Encouragingly, seismic data provide ev-

idence for a sedimentary environment which interacts extensively with current pat-
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denoted by vertical red dashed lines, as discussed in the text. Solid horizontal lines represent
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terns on the Agulhas Plateau (Uenzelmann-Neben, 2002). Moreover, the irregularity

of benthic storms in the region (Cronin et al., 2013) and the range of flow-speeds

observed at nearby moored-current meters (Pollard and Read, 2001) support the as-

sumptions above. However, mean grain size through time can also be influenced by

changes in the supply of sediment, and any attempt to directly relate SS to absolute

flow speed must also consider the effect of ‘downstream fining’ along a flow path

(McCave and Hall, 2006).

Furthermore, suspicion has be cast as to whether sediments containing ice-rafted de-

bris (IRD) deposits are sufficiently current-sorted for the application of paleo-flow

speed proxies (Hass, 2002; Jonkers et al., 2015). This is because IRD, whilst often

practically defined as a coarse fraction percent (e.g. >150µm; Chapter 4), in reality

consists of a broad grain size spectra. McCave and Andrews (2019) provide a test for

the influence of ice-rafting on current-sorting, by computing the running correlation



6.4 Discussion 141

between SS and the percentage of fine material in the 10-63µm range (SS%), whereby

if the correlation falls below some threshold the sediment is considered unsuitable

for application of the SS proxy. The presence of IRD in Pleistocene APcomp sediments

(Chapter 4) means that a potential relationship must be considered here. Whilst the

test of McCave and Andrews (2019) can not be used in this instance (the approach

employed here only measures grains within the 10-63µm fraction), it is reassuring

that they go on to find no consistent relationship between fine-fraction sorting and

the amount of coarse IRD present in North Atlantic sediments. Provided that flow

speeds remain relatively high and the deposition of IRD is neither too high or abrupt,

McCave and Andrews (2019) argue that sediment will be current-sorted regardless

of its origin (ice-rafted or otherwise). In the Drake Passage region, where IRD de-

position is higher than at the Agulhas Plateau due to the proximity to Antarctica,

no correlation between IRD and SS is evident, nor is an influence of IRD peaks on

the correlation between SS and SS% (Roberts et al., 2017; Wu et al., 2021). Finally,

there is only a weak correlation between IRD concentration and SS at the APcomp

(r2 = 0.24). A relationship between the two proxies would likely be exaggerated by

complementary environmental conditions favouring both IRD deposition and higher

flow speed, such as a northward expansion of the ACC with the associated Southern

Ocean fronts (Starr et al., 2021). To summarise, it is likely that the dominant control

on SS presented here is near-bottom flow speed.

6.4.2 Physical – Chemical Coupling

As reasoned above, the APcomp SS record provides a reconstruction of near-bottom

flow speed at this location. In combination with other proxies for changes in water-

mass chemistry or provenance, an opportunity arises to investigate the link between

Southern Ocean wind-forcing, ACC dynamics, and deep chemical ventilation. For ex-

ample, taking δ13Cbenthic as a record of the contribution of canonically well-ventilated

NSW (e.g. Broecker, 1979) versus the ‘older’ SSW (Chapter 3; Molyneux et al., 2007),

it is possible to assess the coupling between ACC strength/extent and deep ventila-

tion at the Agulhas Plateau. In Figure 6.7, the APcomp SS and δ13C records are shown,

along with a sliding-window correlation coefficient between the two. This reveals in-
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Figure 6.7: APcomp Physical - Chemical Coupling The top two panels show δ13Cbenthic and
SS (semi-transparent = raw data; solid line = 15-point 3rd order Savitsky-Golay smoothing
filter). The next panel shows the sliding correlation coefficient (r) between SS and δ13Cbenthic
(dark purple = 150-ka; light purple = 300-ka). The lower panel shows the cross-correlation
results for SS versus δ13Cbenthic for each segment identified above using the algorithm of
Rehfeld et al. (2011). The average temporal resolution for each interval is given in the bottom
left of each sub-plot and the lag corresponding to maximum negative correlation is indicated
by the vertical red lines. A positive lag corresponds to SS leading δ13Cbenthic
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tervals of pronounced coupling (strong negative correlation) where high near-bottom

flow speeds accompany depleted δ13C. Interestingly, transient intervals of weak and

even positive correlation are evident at times, which might indicate periodic decou-

pling between ACC strength/position and relative NSW vs SSW ventilation. It is

important to note that the timing and regularity of these intervals is somewhat sen-

sitive to the window size used for the sliding correlation. For example, a 150-kyr

window (dark purple in Figure 6.7) reveals brief intervals of weak positive correla-

tion around MIS 15, MIS 20, and ∼MIS 54. A correlation switch around MIS 54 is also

revealed with a 300-kyr window, and appears to coincide with a large-scale transition

in overturning circulation and Northern Hemisphere ice sheet behaviour (Hodell and

Channell, 2016).

Coupling after 1.6 Ma

A transition in the relationship between SS and δ13C is evident at ∼1.6 Ma (roughly

corresponding to MIS 54; Figure 6.7). Before this, a weak positive correlation results

from suppressed glacial-interglacial variability, in addition to a gradual increase in

both SS and δ13C between MIS 61 and MIS 56. Interestingly, this interval has been

suggested to exhibit maxima in NADW formation (Bell et al., 2015; Venz and Hodell,

2002) and is followed by a stepwise decrease in NADW formation (Raymo et al., 1990;

Lang et al., 2016) and an increase in the glacial chemocline between the intermediate

and deep Atlantic (Hodell and Venz-Curtis, 2006; Lisiecki, 2014). The onset of a clear

(negative) coupling after 1.6 Ma might be related to a transition in the nature (Khélifi

and Frank, 2014) and orbital phase (Lisiecki, 2014) of overturning circulation coinci-

dent with an intensification in Northern Hemisphere glacial cycles (Hodell and Chan-

nell, 2016) and surface cooling in the North Atlantic (Naafs et al., 2012). Moreover,

this interval marks an apparent ‘synchronization’ between the high latitude North

and South Atlantic (Hodell and Channell, 2016), marked by regular 41-kyr−1 cyclic-

ity in the respective Polar Fronts (Hodell and Venz, 2013). Such an inter-hemispheric

synchronization could explain the onset of clear coupling between SS and δ13Cbenthic,

as the ACC position is intrinsically linked to the position of the Southern Ocean Polar

Front (Orsi et al., 1995) and δ13C is heavily influenced by the export of NADW from
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the Atlantic.

6.4.3 The Mid-Pleistocene Transition

Following the onset of clear negative coupling after ∼1.6 Ma, the next notable tran-

sition occurs during the MPT. Here, maxima during MIS 24 and MIS 30 bound an

interval of low SS with minimal variability (Figure 6.8). The first indication of the

transition is a distinct minimum during the MIS 31 interglacial, where SS is ∼5µm

lower than during earlier interglacials (with the exception of MIS 49). The relatively

rapid transition from MIS 31 to MIS 30 is characterised by a flow-speed change of

nearly 10 cm/s at the APcomp, followed by a sustained high during the glacial MIS

30. This pattern is also evident at a similar latitude in the south-west Pacific (ODP

1123; Hall et al., 2001), where a ∼7 cm/s rise across the MIS 31/30 transition occurs.

This seemingly abrupt shift punctuates a long-term transition in global climate con-

ditions around this time, marking a shift in the periodicity (41-kyr−1 to ∼100-kyr−1),

intensity (transition to colder, icier conditions) and shape (symmetrical to asymmet-

rical) of glacial-interglacial cycles (Clark et al., 2006). The nature and timing of the

MPT varies between archives, and depending on the statistical method applied (Clark

et al., 2006). In the APcomp SS record, it appears to manifest as a series of acute min-

ima and maxima beginning at MIS 31.

MIS 31

MIS 31 is considered to be an exceptional interglacial in the circum-Antarctic region,

characterised by anomalously warm temperatures at high latitudes and an extreme

retreat of the West Antarctic Ice Sheet (Beltran et al., 2020) with a corresponding

∼20 m sea level rise (Raymo, 2006). Higher-than-Holocene sea surface temperatures

around the Antarctic Margin (5 to 9oC warmer) (Scherer et al., 2008; Beltran et al.,

2020) and the modern Polar Frontal Zone (3oC warmer) (ODP Site 1094; Beltran et al.,

2020), the appearance of calcareous sediments around the Antarctic Margin (Scherer

et al., 2008; Villa et al., 2012), and high coccolith accumulation at Site 1094 (Flores

and Sierro, 2007) likely reflect a southward shift in the Polar Front. A southward
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Figure 6.8: SS derived near bottom flow speed anomaly records from the APcomp (top), ODP
1123 (middle Hall et al., 2001), and PS97/093-2 (bottom Toyos et al., 2020). (1) Shows the
Mid-Brunhes Transition and (b) shows the Mid-Pleistocene Transition. Selected interglacial
intervals are shaded red. Flow speed anomaly is calculated as SS difference from mean, con-
verted using the slope of McCave et al. (2017). AP = Agulhas Plateau

shift in the Subantarctic and Subtropical Fronts is also indicated by calcareous nan-

nofossil assemblages (Maiorano et al., 2009) and low wind-blown dust deposition

(Martínez-Garcia et al., 2011) in the modern Subantarctic Zone (ODP Site 1090), and

high sea surface temperatures at the Agulhas Plateau (Cartagena-Sierra et al., 2021).

Finally, a minima in the percentage of tetra-unsaturated alkenones relative to the to-

tal abundance of unsaturated C37 alkenones (%C37:4; Figure 6.9e) and more saline

surface conditions at ODP 1090 (Rodríguez-Sanz et al., 2012) further support more

subtropical conditions at this time (Martinez-Garcia et al., 2010).

This suggests that a poleward contraction of the Southern Ocean frontal system is

concurrent with the diminished influence of the ACC on near-bottom flow vigour on

the Agulhas Plateau, with flow speeds around 5 cm/s lower than during the previous

interglacials MIS 33 and 35. Whether this is driven by an orbital configuration which

favours warm Southern Hemisphere summers (Scherer et al., 2008) or some internal

climate feedback is unclear, however a scenario whereby warm interglacial condi-
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tions coincide with a poleward ACC (and associated frontal system) might provide

an interesting analogue for future warming.

MIS 30 to MIS 25

Following MIS 31, SS increased rapidly to a maximum during the MIS 30 glacial.

This sharp transition is mirrored in a marked surface freshening (Rodríguez-Sanz

et al., 2012) and increase in polar water advection (Martinez-Garcia et al., 2010) at

Site 1090 (Figure 6.9 d and e). This likely reflected a northward expansion of the SAF

and STF, bringing fresher, more nutrient-rich surface waters to the Agulhas Plateau,

stimulating a rise in biological productivity (Figure 6.9 f; Cartagena-Sierra et al.,

2021). Anomalously high SS suggests a strong and/or proximal ACC, which may

be related to a step-wise increase in lithogenic sediment accumulation at Site 1090

(Diekmann and Kuhn, 2002) and in IRD deposition at the Agulhas Plateau (Chapter

4; Starr et al., 2021). There is less evidence available to support a substantial shift

in deep ocean conditions at this time, either in the proportion of NADW (Kim et al.,

2021) or accumulation of DIC (Farmer et al., 2019) in the deep Atlantic (Figure 6.10).

However, a negative correlation between SS and δ13C persists in this interval, which

does exhibit a negative δ13C excursion characteristic of SSW presence; this suggests

that some level of physical - chemical ventilation coupling is at play.

The interval that follows is characterised by a prolonged interval of low SS with little

orbital-scale variability. These low flow-speed, low variance glacial cycles are mir-

rored somewhat by summer sea surface temperatures in the South Atlantic (Becquey

and Gersonde, 2002), but are contrasted by highly variable sea surface temperatures

(Crundwell et al., 2008) and near-bottom flow speeds (Hall et al., 2001) in the south-

west Pacific. Furthermore, the high Agulhas Plateau productivity during MIS 30 con-

tinues through this interval (Cartagena-Sierra et al., 2021) and large amplitude fluc-

tuations occur in the %C37:4 record from ODP 1090 (Martinez-Garcia et al., 2010).

These results provide a seemingly disparate picture of the ACC and associated fronts.

For example, the low and relatively stable SS implies a prolonged distal or weak ACC,

whilst the continued biological productivity at the Agulhas Plateau and advection of
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Figure 6.9: Surface Paleoceanography across the MPT. (a) APcomp δ18Obenthic record (this
thesis). (b) APcomp δ13Cbenthic (this thesis). (c) APcomp SS (this chapter). (d) δ18O of surface
seawater at ODP Site 1090 (note reversed scale Rodríguez-Sanz et al., 2012). (e) Percentage
of tetra-unsaturated alkenones relative to the total abundance of unsaturated C37 alkenones
from ODP Site 1090 (%C37:4; Martinez-Garcia et al., 2010). (f) APcomp alkenone accumula-
tion rate (Cartagena-Sierra et al., 2021).
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polar waters at ODP 1090 imply a northerly SAF or STF, although the controls on pro-

ductivity in the Agulhas Plateau region are obviously more complex than this simpli-

fied model (Read et al., 2000). A possible explanation for this apparent paradox could

be that a northerly STF was not mirrored by a northerly PF, allowing the incursion

of cold, nutrient-rich waters at the Agulhas Plateau whilst ACC jets associated with

the PF remained distal. Graham and Boer (2013) show that jets associated with the

STF, particularly in the Agulhas region, are confined to the surface due to the more

stratified water column and more baroclinic flow. This suggests that changes in the

STF position, which result in strong hydrographic changes at the surface, can be de-

coupled from changes in deep flow vigour. Alternatively, an equatorward yet weaker

SWWB might have the same effect on decoupling productivity from flow speed.

MIS 24 to MIS 22 and the ‘900 ka Event’

Similarly to MIS 30, the MIS 24 glacial is associated with a rapid increase in SS,

although the latter coincides with a suite of evidence from multiple proxies and loca-

tions describing a substantial, large-scale shift in climate. In the context of the MPT,

this shift represents an abrupt event punctuating a background of long-term global

cooling and intensified glacials (Clark et al., 2006; Elderfield et al., 2012; McClymont

et al., 2013). At this time, NSW abruptly gave way to SSW in the deep Atlantic (Figure

6.10; Pena and Goldstein, 2014; Tachikawa et al., 2021), accompanying an accumu-

lation of DIC in the deep ocean (Farmer et al., 2019), and possibly coincident with

a shift in the nature of the East Antarctic Ice Sheet (Raymo, 2006; Elderfield et al.,

2012). Closer inspection of the anatomy of this ‘900 ka event’ reveals that many of

these perturbations climax during MIS 22, whereas the Agulhas Plateau SS record

peaks at MIS 24 before gradually declining across MIS 23 and MIS 22 into the in-

terglacial MIS 21. Similarly, APcomp IRD accumulation reaches a long-term maxima

(the second highest of all glacial intervals recorded) during MIS 24, yet returns to

interglacial levels during MIS 22, as does biomarker accumulation (Cartagena-Sierra

et al., 2021). An equatorward and/or stronger ACC is therefore implied during MIS

24, with a substantial supply of icebergs across the Southern Ocean which, follow-

ing Chapter 4 and Starr et al. (2021) would lead changes in overturning circulation
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through the ’southern escape’ mechanism. However, the offset between this Southern

Ocean surface expansion and the overturning circulation ‘crisis’ peak at MIS 22 (>20

kyr) is too long to be attributed to this mechanism (which works on the scale of 1 - 2

kyr).

Alternatively, sea ice expansion during MIS 22 could have reduced the strength of the

ACC by acting as a frictional barrier between the sea surface and westerly winds (Wu

et al., 2021; Martin et al., 2014). Such an anomalously large sea-ice extent would have

a profound impact not just on ACC strength, but also on air-sea exchange (Stephens

and Keeling, 2000) and possibly deep water mass geometry (Ferrari et al., 2014). In

the absence of a direct Southern Ocean sea-ice reconstruction at this time this is

purely conjecture, however it provides a plausible explanation for the patterns ob-

served. But why might sea-ice expand so much during this interval? One possibility is

that subdued summer insolation, due to low orbital eccentricity (Laskar et al., 2004),

facilitated cooling across MIS 23 (Kemp et al., 2010), with regional Southern Ocean

cooling amplified further by the sea-ice albedo effect (X. Zhang, personal communi-

cation, 2021). Support for this mechanism might be found in comparing flow speed

records from the Drake Passage (Toyos et al., 2020) and the Agulhas Plateau (Fig-

ure 6.8). This comparison shows that the anti-correlated glacial-interglacial trend

usually observed between SS at the two locations breaks down during MIS 22. The

latitudinal heterogeneity in ACC-related flow speed changes (discussed in more de-

tail below) would not apply if shifts in the SWWB were disconnected from the ACC

flow by extended (and thick) sea ice.

To summarize, the MPT manifests in the APcomp SS record as a series of maxima

and minima of higher amplitude than the preceding glacial and interglacial inter-

vals. More specifically, a marked flow-speed minimum during the anomalously warm

(Scherer et al., 2008) MIS 31 is followed by a strong and/or proximal ACC during MIS

30. Little variability is evident during the following cycles, and an apparent disparity

between biological and physical proxies may indicate a decoupling of the ACC and

STF (although more work is needed to elucidate this). Finally, a sharp transition into

a flow-speed maxima during MIS 24 marks the beginning of a large-scale reorganiza-

tion of ocean circulation (Pena and Goldstein, 2014), deep ocean chemistry (Farmer
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et al., 2019), and ice sheet dynamics (Raymo, 2006). Whilst these perturbations con-

tinue and ‘peak’ during MIS 22, SS decreases gradually towards interglacial levels.

I propose that this is the result of anomalously widespread sea-ice in the Atlantic

Southern Ocean through MIS 23 and 22, reducing the exchange of momentum from

the SWWB to the the ACC.

6.4.4 The Mid-Brunhes Transition

Following the MPT, orbital modulation of SS continues with periodic glacial highs

and interglacial lows of slightly higher amplitude than pre-MPT cycles. This is super-

imposed on a gradual trend of increasing SS which terminates in distinct lows during

MIS 13 and MIS 11. All 4 CPD algorithms identify a transition between 500 and 400

ka and a peak in the rolling standard deviation centres this shift at around 430 ka. In

the context of global climate, this marks a shift in the amplitude of glacial-interglacial

cycles known as the Mid-Brunhes Transition (MBT; also known as the Mid-Brunhes

Event). In ice-core records, the MBT corresponds to a stepwise increase in interglacial

CO2 and temperature (Jouzel et al., 2007), whilst marine sediment cores document

a decrease in interglacial ice-volume (Lisiecki and Raymo, 2005). Whilst the MBT

was originally described as an abrupt shift centred on MIS 11 (Jansen et al., 1986),

recent work has suggested a more gradual transition (Yin, 2013), and evaluation of

the preceding interglacial MIS 13 reveals that changes in the global carbon cycle were

already set in motion around 500 ka (Ao et al., 2020; Barth et al., 2018).

The relatively low SS during MIS 13 (Figure 6.6) supports the concept of a two-step

MBT. This interglacial coincides with a whole-ocean δ13C maxima (Barth et al., 2018),

as well as distinct shifts towards drier conditions in southern Africa (Caley et al.,

2018; Ivory et al., 2016), intense monsoonal precipitation in North Africa (Zhao et al.,

2012) and South Asia (Ziegler et al., 2010), and wetter conditions recorded by East

Asian loess sequences (Ao et al., 2020). However, whilst both MIS 13 and MIS 11 were

exceptional relative to earlier interglacials, the two also exhibit distinct differences.

For example, MIS 13 is characterised by inter-hemispheric differences in temperature

(Guo et al., 2009), with muted sea surface temperature peaks in the South Atlantic
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Figure 6.10: Deep paleoceanography across the MPT (a) APcomp δ18Obenthic record (this the-
sis). (b) Ice core (black line; Masson-Delmotte et al., 2010, and references therein) and boron-
isotope based sediment core (markers; Chalk et al., 2017; Dyez et al., 2018; Foster, 2008;
Henehan et al., 2013; Honisch et al., 2009) reconstructions of pCO2. (c) APcomp δ13Cbenthic

(this thesis). (d) APcomp SS (this chapter). (e) εNd records from ODP Site 607 (Kim et al.,
2021) and ODP Site 1267 (Farmer et al., 2019). (f) Change in Dissolved Inorganic Carbon
(DIC) concentration in bottom water at ODP Site 1267 (Farmer et al., 2019)
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(Martínez-Garcia et al., 2009) and wider Southern Ocean (Ao et al., 2020), and lower

pCO2 and Antarctic temperature relative to MIS 11 (Jouzel et al., 2007). Cool (for

interglacial standards) Southern Ocean conditions during MIS 13 are seemingly at

odds with SS minima, which suggests a poleward or weakened ACC. Indeed, SS in

the Drake Passage is relatively low compared to MIS 11. It may be the case that

whilst the MIS 13 climate exhibited inter-hemispheric asymmetry, the low- to high-

latitude Southern Hemisphere temperature (and thus pressure) gradient may have

been weak. For example, sea surface temperatures were low during MIS 13 in the

tropical South Atlantic (Schefuss et al., 2004), however a better understanding the

complexities of atmospheric circulation and tele-connections during this interval is

required to explain the differences observed between regions (Muri et al., 2011).

MIS 11: Another remarkable interglacial?

The interglacial MIS 11 is characterised by a pronounced SS low, similar in ampli-

tude to MIS 31. Compared to the relatively gradual onset of the preceding MIS 13

SS minimum, the MIS 12/11 transition is remarkably abrupt (Figure 6.8), occurring

across only 2 or 3 samples (with δt around 1 kyr). The rapid termination of MIS 12 is

reflected in a ‘massive and prolonged’ terminal ice-rafting event in the North Atlantic

(Riveiros et al., 2013). MIS 11 is characterised by a sea-level high-stand up to 20 m

above modern (Rohling et al., 1998) and a (partial) collapse of the West Antarctic

Ice Sheet (Scherer, 1998). In the Southern Ocean, summer sea surface temperatures

were over 2oC warmer-than-Holocene in the modern Polar Frontal Zone (ODP 1094;

Kunz-Pirrung et al., 2002) and Subantarctic Zone (Cortese et al., 2007). As with MIS

31, these results are coherent with poleward shifted Southern Ocean fronts, linked

to a poleward migration of the SWWB (Tapia et al., 2021). The circum-Antarctic ex-

tent of this shift (Figure 6.8) is reflected in a similarly abrupt flow-speed minimum

in the south-west Pacific (Hall et al., 2001) and a coincident spike in Drake Passage

flow-speeds (Toyos et al., 2020).

Considering the MIS 11 and MIS 31 interglacials together, a picture emerges where an

intense poleward shift in the SWWB appears to drive a poleward shift in the reach of
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the ACC; evident in anomalously low SS at the Agulhas Plateau and SW Pacific Ocean

and high SS in the Drake Passage. In the context of anthropogenic climate change, a

poleward intensification of the SWWB has been attributed to anthropogenic forcing

(Cai, 2006; Böning et al., 2008), however in the past (during the last deglaciation for

example) shifting SWWB and Southern Ocean fronts appear to either lead (Anderson

et al., 2009) or coincide with Riveiros et al. (2010) changes in CO2. Anderson et al.

(2009) suggest that this is due to the upwelling of carbon-rich SSW in response to the

SWWB aligning with the ACC at the Drake Passage latitude-band (Toggweiler et al.,

2006), although a synergistic increase in Agulhas Leakage in response to movement

of the zero wind-stress curl latitude south of Africa (Bard and Rickaby, 2009; Peeters

et al., 2004) may also occur. During MIS 31, the configuration of the ACC and PF

is suggested to have warmed the Antarctic margin by enhancing the upwelling of

relatively warm CDW and initiating a retreat of the West Antarctic Ice Sheet which

further warmed the Southern Ocean, pulling the SWWB and ACC poleward (Beltran

et al., 2020).

6.4.5 Surface-Deep Phasing

Interestingly, Riveiros et al. (2010) also find that changes in surface hydrography in

the South Atlantic during the MIS 10/11 transition leads changes in the deep ocean

during this transition by 2±1 kyr. Applying cross-correlation analysis to the intervals

identified Figure 6.7 reveals a similar, though slightly larger temporal offset (4-6 kyr)

between SS and δ13C following the MPT (<930 ka). Before this time, the maximum

negative correlation occurs at a lag of 0 kyr (within the intervals average sampling

resolutions of 1 - 1.9 ka). Blackman-Tukey phase estimates for the full time series

(Figure 7.3) show that a lead for SS over δ13C is most clear in the obliquity frequency

band (1/41 kyr), with a slight lead in the eccentricity band (1/100 kyr). This cor-

roborates the observation that SS maxima during Mid- to Late-Pleistocene glacials

occurs relatively early in the glacial sequence, particularly during the transition from

interglacial to glacial conditions, strongly influenced by obliquity in the Southern

Hemisphere (Fogwill et al., 2015, ; Chapter 4).
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Figure 6.11: Blackman-Tukey phase estimates for APcomp records against δ18Obenthic. The
records are δ13Cbenthic (multiplied by -1; labelled δ13C; pink), log-transformed IRDMAR (la-
belled IRD; green), ∆δ13CSAMW−CDW (labelled ∆δ13CSAMW−CDW; purple) and SS (orange).
Phases are given in degrees relative to maximum δ18Obenthic (0o is in phase with δ18O max-
imum, 90o represents a half-cycle lag relative to δ18Obenthic and 180o equates to anti-phase).
Shading represents the 95% confidence interval. Performed with the Analyseries software (Pail-
lard et al., 1996) after linearly interpolating (δt=3 kyr) and standardizing (mean = 0, standard
deviation = 1) the data.

A consistent lead-lag phasing is also present between IRD accumulation and δ13Cbenthic

at this location (see Chapter 4; Starr et al., 2021), whereby IRD accumulation gener-

ally increases 1-2 kyr before δ13Cbenthic begins to decrease (i.e. SSW presence in-

creases as NSW shoals). In Chapter 4, this temporal phasing is attributed to an early

equatorward shift in the meltwater distribution of Antarctic icebergs, in response to

a change in Southern Ocean surface hydrography, resulting in the ‘escape’ of posi-

tive buoyancy anomalies into the upper Atlantic circulation. This then perturbs the

formation and/or density of NADW, thus reorganizing deep water-mass geometry at

the Agulhas Plateau. The equatorward shift in iceberg trajectories is likely the re-

sult of some combination of changes in sea ice, Southern Ocean surface cooling and

circulation patterns, and shifts in the SWWB; each of which can also be related to

movement of the ACC (where not bathymetrically constrained; Sokolov and Rintoul,

2009). Therefore, a lead for Southern Ocean surface conditions over deep ocean hy-

drography during the transition from interglacial to glacial conditions is apparent in

both the IRD - δ13C and SS- δ13C relationships at the Agulhas Plateaucomp.
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Whilst this temporal phasing is present since atleast 1.5 Ma between IRD and δ13C,

it only emerges after the MPT between SS and δ13C. This might be attributed to dif-

ferences in the dominant factors controlling ACC strength/position and iceberg tra-

jectories. For example, sedimentological records from the Atlantic Southern Ocean

sector suggest that northward shifts in the glacial Polar Front position increased after

∼1.1 Ma (Diekmann and Kuhn, 2002) or ∼0.9 Ma (Kemp et al., 2010), whereas the

Subtropical Front south of Africa, north of which waters are too warm to sustain sub-

stantial iceberg drift, may have already reached its northernmost position by ∼1.4 Ma

(Cartagena-Sierra et al., 2021). Such a diachronous evolution of different Southern

Ocean fronts would carry important implications for nutrient dynamics and possibly

export productivity across the MPT, due to the contrasting response of the Antarctic

and Subantarctic Zones to different boundary conditions (Jaccard et al., 2013).

6.5 Concluding Remarks: The circum-Antarctic View

The Agulhas Plateau flow speed record shows distinct variations across globally-

significant climate transitions of the past 1.9 Ma (e.g the MPT and MBT). To sum-

marize, exceptionally warm intervals such as MIS 31 and MIS 11 correspond to flow

speed minima. On the other hand, maxima correlate to glacial conditions, with a no-

table peak at the onset of the ‘900 ka event’ from MIS 24 to MIS 22. The onset of a

pervasive negative correlation between SS and δ13Cbenthic at ∼1.6 Ma coincides with

a state change in the glacial-interglacial overturning behaviour of overturning circu-

lation at this time, and the development of distinct intermediate-deep chemocline

during glacials. Generally, high flow speed during glacial intervals is associated with

indications of an equatorward displacement of the STF (Cartagena-Sierra et al., 2021;

Bard and Rickaby, 2009; Schaefer et al., 2005; Sikes et al., 2009), SAF (Becquey and

Gersonde, 2002; Ho et al., 2012), and PF (Gersonde et al., 2005; Weaver et al., 1998),

although decoupling between the STF and ACC is apparent during some intervals

(i.e. MIS 30 to MIS 25). As discussed above, this might reflect additional influences

on the SWWB - ACC - Southern Ocean fronts relationship (such as anomalously high

sea-ice, as proposed for MIS 22). It may also reflect additional influences on the SS
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record, such as local hydraulic or sediment dynamics, or on the records of frontal

position utilized. Kohfeld et al. (2013) demonstrate that connecting reconstructions

of frontal positions with changes in the SWWB and the ACC is not straightforward,

relying on assumptions regarding the definition of fronts and their relationship with

wind forcing. Much of the discussion in this chapter has applied the assumption that

the position of the ACC is directly dependent on the position of the SWWB, and is in-

timately connected with Southern Ocean fronts, however this assumption may break

down under certain conditions.

For example, in several regions of the Southern Ocean the position of ACC jets are

tightly constrained by the topography of the sea-floor (Graham et al., 2012). One way

to untangle the influence of shifting SWWB on the ACC is to compare records from

different regions. For example, in contrast to the Agulhas Plateau, flow speed in the

Drake Passage region generally decreased during glacial intervals (though results are

not unanimous, and it is dependent on where sites are positioned relative to major

flow paths; McCave et al., 2013). The ACC is constrained by the South American

continent in the Drake Passage, and an equatorward shift in the SWWB and the SAF

would disconnect the ACC from the ocean surface in this region (Lamy et al., 2015).

This is supported by records tracking the SWWB position over South America (Her-

man and Brandon, 2015), and (indirectly) the south-east Pacific Ocean (Mohtadi and

Hebbeln, 2004; Ho et al., 2012). Furthermore, SS from a site in the south-east In-

dian Ocean also reveals lower glacial flow-speeds (Figure 6.12; Williams et al., 2021).

The ACC here is highly constrained by bathymetry (notably the Kerguelen - Ile St

Paul Passage) and so a similar response in the Drake Passage might be expected. Re-

cent micropaleontological work from this region suggests that the PF was positioned

north of the Kerguelen Plateau during the last glacial maximum (Figure 6.12; Civel-

Mazens et al., 2021). This might suggest that the SAF ACC jets were displaced north

of the Ile St Paul plateau. Further work is required to elucidate circulation changes in

this region.
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Figure 6.12: Circum-Antarctic view of glacial ACC and frontal positions. (a) from top to
bottom: SS time series from the APcomp (this chapter), MD02-2589 (Molyneux et al., 2007),
PS97-093 (Wu et al., 2021), TT1811-34GGC (Williams et al., 2021), JR244-GC528 (Roberts
et al., 2017), ODP Site 1123 (Hall et al., 2001). SS is converted to ∆U by subtracting the mean
and applying the slope of McCave et al. (2017). (b-c) Schematic showing modern (b) and
proposed Last Glacial Maximum (c) position of SAF (red) and PF (blue). Modern position is
from Park et al. (2019) and LGM position is predicted from the references given in the key
(question marks and dashed lines represent particularly uncertain predictions). Bathymetry
is from the ETOPO2 dataset; shading is <2000m.
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The ACC, Deep Upwelling, and the Southern Ocean Chemocline: A case not closed?

The heterogeneous results from the Drake Passage, Agulhas region, and south-east

Indian Ocean emphasize the spatially non-uniform behaviour of the ACC (Figure

6.12a). Figure 6.12c synthesizes the available reconstructions of the ACC frontal po-

sitions during the Last Glacial Maximum. It shows that the PF and SAF migrate to

varying degrees in different Southern Ocean sectors. For example, both fronts may

have shifted by several degrees in the south-west Indian Ocean, whilst around the

Campbell Plateau there was minimal change in the SAF but possibly an equatorward

migration of the PF. What are the implications of this glacial ACC configuration in

terms of the deep ocean? Firstly, if it reflects an equatorward migration of the SWWB,

the work of Toggweiler et al. (2006) suggests a corresponding decrease in the up-

welling of deep (>2500m) in the Southern Ocean. Furthermore, the results presented

here for the most-part support an ACC - deep ventilation coupling, which developed

after ∼1.6 Ma and was coincident with the intensification of the glacial chemocline

(Lisiecki, 2014; Hodell and Venz-Curtis, 2006). Major climate transitions manifest

clearly in near-bottom flow speed at the Agulhas Plateau, suggesting an ACC which

is highly responsive to particularly warm (MIS 31, MIS 11) periods as well as state

changes in global glacial conditions (the ‘900 ka Event’). Supporting previous work

(Chapter 4), an early response for Southern Ocean conditions relative to the deep

ocean and global climate is observed; this might reflect the importance of feedbacks

in the Southern Ocean such as the ‘southern escape’ of meltwater during glacials or

the poleward ACC contraction during warm interglacials. However, it is not clear

whether Southern Ocean upwelling and overturning circulation are driven primar-

ily by SWWB forcing; Such a forcing has been questioned by some models (Hallberg

and Gnanadesikan, 2006) and a combination of wind and buoyancy forcing is likely

required to explain past changes in this system (Anderson et al., 2009).
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7 | Synthesis: The Evolution of Glacial Cycles

as viewed from the Agulhas Plateau and

Proposed Future Work

7.1 Introduction

In the previous chapters, new and existing sediment core records from the Agul-

has Plateau have been used to build a picture of of surface and deep paleoceanogra-

phy over the past 2 million years (myr). These records cover a range of time-scales,

from glacial-interglacial cycles to transitions and long-term trends which pervade the

Pleistocene climate system. By comparing and contrasting each record, an opportu-

nity arises to understand how different components of the climate system evolved

with respect to each other across cycles and transitions. The availability of multi-

ple co-registered proxy records from a single sediment core site (here, the Agulhas

Plateau Composite; APcomp) provides insights into the coupling between different

environmental processes free from uncertainties which arise from comparing across

different stratigraphic sequences.

Located at the junction between the Indian, Atlantic and Southern Ocean, the Ag-

ulhas Plateau is situated in a complex and globally-significant oceanographic region

(e.g. Lutjeharms and Ansorge, 2001). At the Agulhas Retroflection to the north-west

of the Agulhas Plateau, inter-basin exchange of warm, saline Indian Ocean waters

into the Atlantic via the ‘Agulhas Leakage’ represents a key component in the return

of shallow waters to the North Atlantic. This exchange balances the export of NADW

from the Atlantic basin into the Indian and Southern Oceans, an important pathway



7.2 The Agulhas Plateau Sediment Record 160

in the spread of North Atlantic Deep Water (NADW) across the globe (Bower et al.,

2019). This deep-water export is intimately linked to the sedimentary environment

on the Agulhas Plateau (Uenzelmann-Neben, 2002). Furthermore, multiple hydro-

graphic fronts are present in the region, as cool and relatively fresh Southern Ocean

surface waters meet the warmer, more saline subtropical Indian and Atlantic waters.

This results in complex biogeochemical dynamics in the region. Stark gradients ex-

ist in the distributions of nutrients, phytoplankton, and primary productivity (Read

et al., 2000), and further complexities are introduced by the influence of mesoscale

eddies in the region (Gordon et al., 1987). Finally, the location of the southern-most

Agulhas Plateau at the extreme equator-ward reach of far-travelled Antarctic icebergs

(Chapter 4; Starr et al., 2021) makes it a useful location for studying iceberg drift

across the Southern Ocean in the past.

In this chapter, I briefly review the results from previous chapters, considering how

they build on previous work from the region, before synthesising the new records

and discussing their evolution through the Pleistocene. Finally, I propose directions

for future work which would build upon the results presented in this thesis, towards

the goal of better understanding the role that surface-deep ocean coupling plays in

the climate system.

7.2 The Agulhas Plateau Sediment Record

The combination of complex and globally significant surface dynamics (i.e. Agul-

has Leakage; Beal et al., 2011), and a deep water column which is highly sensitive

to changes in the Atlantic and Southern Ocean overturning circulation cells, makes

the Agulhas Region* a prime target for paleoceanographic reconstructions. Sediment

core records produced over the past decades have revealed a number of valuable in-

sights into the Agulhas Region’s role in the climate system, regionally and globally

(e.g. Martínez-Méndez et al., 2010; Ziegler et al., 2013; Simon et al., 2013; Peeters

et al., 2004; Bard and Rickaby, 2009; Franzese et al., 2009; Caley et al., 2012, 2018;

*‘Agulhas Region’ here refers to the area between the southern African continent and the Southern
Ocean, under the influence of the Agulhas Current and it’s successors.
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Figure 7.1: The distribution of selected sediment core locations in the Greater Agulhas Re-
gion. Red crosses represent ‘short’ gravity or piston core sites generally spanning the Late
Pleistocene interval. Green circles are core sites drilled during IODP Expedition 361 (Hall
et al., 2017b), pink triangles are sites drilled during ODP Leg 175 (Wefer et al., 1998) and
blue squares are sites drilled during ODP Leg 177 (Hodell, 1999). The sea-floor shallower
than 3000m is shaded (data from ETOPO1 1 Arc-Minute Global Relief Model, Geophysical
Data Center, 2009))

Flores et al., 1999; Taylor et al., 2021; Cartagena-Sierra et al., 2021). Figure 7.1 shows

the distribution of selected sediment core locations in the region, including ‘short’

piston and gravity cores (red crosses) as well as longer archives recovered during

Ocean Drilling Program (ODP) Leg 175 (Wefer et al., 1998) and Leg 177 (Hodell,

1999) and International Ocean Discovery Program (IODP) Expedition 361 (Hall et al.,

2017b).

7.2.1 Agulhas Leakage

An important aim for paleoceanographic studies in the region has been understand-

ing how Agulhas Leakage has changed in the past. Faunal assemblage studies have re-

vealed a dynamic history for the Agulhas Leakage, seemingly reduced during glacial

intervals with abrupt peaks in inter-ocean exchange during deglaciations (Peeters

et al., 2004; Caley et al., 2014). This pattern extends back through much of the Mid- to
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Proxy Range Reference

δ18Obenthic 0-3200 0-350 Ziegler13; 350-3200*
δ13Cbenthic 0-3200 0-350 Ziegler13; 350-3200*
δ13CG.trunc.. 0-1550 0-350 Ziegler13; 350-1550*

δ18OG.trunc. 0-1550 0-350 Ziegler13; 350-1550*
IRDMAR 0-1700 0-350 Simon13, Marino13; 350-1700*
SS 0-1950 0-150 Charidemou18; 150-1950*
UK′

37 0-1450 0-350 Romero15; 350-1450 Cartagena21
Alkenone AR 0-1450 0-350 Romero15; 350-1450 Cartagena21

Table 7.1: Records used in this chapter. Range is given in ka, and references are given after the
interval across which the proxy record was published. References refer to: Ziegler13 = Ziegler
et al. (2013), Simon13 = Simon et al. (2013), Marino13 = Marino et al. (2013), Charidemou18
= Charidemou (2018), Romero15 = Romero et al. (2015), Cartagena21 = Cartagena-Sierra
et al. (2021). * refers to new data presented in this thesis.

Late-Pleistocene (Caley et al., 2012), and has been causally linked to the resumption

of a strong AMOC mode during deglaciations (Knorr and Lohmann, 2003; Peeters

et al., 2004; Chiessi et al., 2008; Dyez et al., 2014). Records of surface conditions

suggest that during glacial intervals, diminished Agulhas Leakage coincided with an

equatorward shift in the Subtropical Frontal Zone (STFZ) (Peeters et al., 2004; Flores

et al., 1999; Bard and Rickaby, 2009; Caley et al., 2012; Marino et al., 2013). Mod-

elling studies have investigated this connection, however the dominant control on

Agulhas Leakage remains unresolved. Candidates for this mechanism include the

latitude of zero wind-stress curl (Biastoch et al., 2009), the strength of the South-

ern Hemisphere westerly wind belt (Durgadoo et al., 2013), or other factors such as

the strength of the upstream Agulhas Current (van Sebille et al., 2009). Times in

the past during which Agulhas Leakage was weaker or stronger than today therefore

provide natural experiments from which paleoclimate studies might gain a better

understanding of these potential drivers.

Agulhas Leakage impacts overturning circulation and hence global climate in a num-

ber of ways, most notably by altering the thermohaline conditions and thus deep-

water formation in the Atlantic Ocean (Knorr and Lohmann, 2003; Biastoch et al.,

2008). Essentially, an increase in the exchange of positive density anomalies from

the Indian Ocean leads to a more saline Atlantic, and subsequently a stronger and

more stable AMOC (Beal et al., 2011). Whilst the magnitude of Agulhas Leakage can
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therefore modify the density field in the Atlantic Ocean, it follows that so too could

changes in the ‘upstream’ properties of Agulhas waters (Simon et al., 2013). Recon-

structions of surface temperature and salinity in the region have shown that salin-

ity changes in the Southeast Atlantic over the Late Pleistocene (Kasper et al., 2014;

Marino et al., 2013; Dickson et al., 2010) might be linked to changes in the salinity of

the Agulhas Current (Simon et al., 2013), influenced by the cross-frontal incursion of

relatively fresh Southern Ocean surface waters into the Southwest Indian Ocean gyre

(Marino et al., 2013; Simon et al., 2013, 2020).

7.2.2 The Southern Escape of buoyancy forcing

In Chapter 4, this concept was developed further by extending the existing 350 kyr-

long record of IRDMAR from the APcomp back to 1.65 Ma. This record (Figure 7.2c)

revealed the quasi-periodic presence of Antarctic icebergs at the Agulhas Plateau

since at least the latter part of the Early Pleistocene, superimposed over long-term

trends linked to the Mid-Pleistocene Transiton (MPT). Furthermore, the co-registered

δ13Cbenthic record allowed a direct analysis of the phasing between surface conditions

(IRDMAR) and deep water-mass dynamics (δ13Cbenthic). A combination of statistical

approaches testing the phasing between IRDMAR and δ13Cbenthic revealed a persis-

tent 1-2 kyr lead for changes in iceberg presence over changes in deep ventilation

during glacial intervals. By comparing the IRDMAR proxy record to iceberg trajectory

model experiments, it was shown that a glacial shift in iceberg trajectories and hence

meltwater across the Atlantic-Indian Southern Ocean could result in a substantial

redistribution of freshwater, with positive buoyancy anomalies moving further from

regions of AABW formation and towards the subtropical AMOC return limb.

Simon et al. (2013) proposed that changes in cross-frontal exchange altered the ther-

mohaline properties transmitted into the Atlantic by Agulhas Leakage. The results in

Chapter 4 took this further, suggesting that an equator-ward shift in Antarctic iceberg

melt-water would amplify this effect, facilitating the ‘escape’ of buoyancy anoma-

lies from the Southern Ocean, freshening the Indian Ocean gyre and hence Agulhas

Leakage, as well as plausibly entering the South Atlantic by cross-frontal exchange
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Figure 7.2: A compilation of new and published records spanning the Middle to Late Pleis-
tocene from the APcomp. (a) δ18Obenthic, (b) δ13Cbenthic, (c) Ice-Rafted Debris (IRD) Mass
Accumulation Rate (MAR), (d) Sortable Silt mean grain size (standardized to mean = 0 and
standard deviation = 1), (e) The carbon isotope gradient between G. truncatulinoides (s) and C.
wuellerstorfi, (f) UK′

37 sea surface temperature from Romero et al. (2015) and Cartagena-Sierra
et al. (2021), (g) alkenone accumulation rate from Romero et al. (2015) and Cartagena-Sierra
et al. (2021). A secondary x-axis is given showing the APcomp depth scale. The pink shading
indicates the MPT interval and the grey bars at the top indicate glacial Marine Isotope Stages
following Lisiecki and Raymo (2005).



7.2 The Agulhas Plateau Sediment Record 165

to the west of the Agulhas Plateau. This mechanism was then linked to an inter-

hemispheric teleconnection, operating between the ‘Southern Escape’ of freshwater

and the changes in NADW formation.

7.2.3 Biogeochemistry and the deep chemical divide in the Agulhas Re-

gion

Moreover, reconstructions of surface conditions around the Agulhas Plateau have

provided insights into nutrient dynamics, primary productivity, and carbon export in

the past (e.g. Romero et al., 2015; Tangunan et al., 2021; Cartagena-Sierra et al., 2021;

Diz et al., 2007). The proximity of the Agulhas Plateau to steep hydrographic fronts

and highly dynamic surface circulation means that biological processes in the upper

water column varied considerably in the Pleistocene. For example, distinct glacial-

interglacial variations in primary productivity (Romero et al., 2015; Tangunan et al.,

2021; Cartagena-Sierra et al., 2021), coccolithophore (Tangunan et al., 2021), diatom

(Romero et al., 2015), and benthic foraminifera community structure (Diz et al., 2007)

likely reflect frontal migrations and the injection of nutrients from Southern Ocean

waters and deep mixing at the fronts (Read et al., 2000). Superimposed on these

glacial-interglacial cycles are more complex ecological responses to additional drivers

such as local insolation cycles (Tangunan et al., 2021; Romero et al., 2015). Records of

biomarker accumulation over the past 1.4 myr (Figure 7.2g; Cartagena-Sierra et al.,

2021) highlight the complexity of regional biogeochemistry.

While records of surface biogeochemistry from the Agulhas Plateau provide infor-

mation regarding regional dynamics in fronts and insolation forcing, the sub-surface

water column in the region is composed of mode and intermediate waters integrat-

ing biogeochemical signals over a much wider area. Ziegler et al. (2013) showed that

the carbon isotope gradient between Subantarctic Mode Water (SAMW) and Circum-

polar Deep Waters (CDW) reconstructed at the Agulhas Plateau from sub-surface

and bottom dwelling foraminifera was closely tied to changes in Southern Ocean

productivity and dust fluxes, as well as atmospheric CO2 levels during glacial and

millennial-scale cold periods of the past 350 kyr. The development of a chemical
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gradient between intermediate and deep waters is an established phenomenon in the

glacial ocean (Hodell et al., 2003; Charles et al., 2010; Ninnemann and Charles, 1997),

reflecting the export of isotopically-light carbon from the surface to the deep ocean

likely due to some combination of high surface productivity and reduced deep water

ventilation.

In Chapter 5, new and previously published stable isotope records of the deep-dwelling

planktic foraminifer G. truncatulinoides (s) (0-350 kyr published in Ziegler et al.,

2013) and the benthic C. wuellerstorfi (0-350 kyr published in Ziegler et al., 2013)

were combined to extend the record of ∆δ13C(SAMW−CDW) back to the Early Pleis-

tocene. This new data provides an insight into how the vertical fractionation of car-

bon between ocean layers evolved across longer intervals, for example spanning the

MPT (Figure 7.2e). Two key insights were gained from this dataset: 1) the magnitude

of glacial ∆δ13C(SAMW−CDW) does not change across the MPT, suggesting that either

export productivity in the Subantarctic Zone did not evolve substantially (c.f. Chalk

et al., 2017), or that additional factors operate on these longer timescales which may

mask the export productivity signal identified by Ziegler et al. (2013). 2) There are

clear long-term fluctuations in ∆δ13C(SAMW−CDW), which seemingly align with 400-

kyr cycles in Earth’s orbital eccentricity. This low frequency variance is expressed

most clearly in the modulation of glacial values and might therefore provide insights

into similar (though not identical) secular variations in other records of the marine

carbon cycle (Rickaby et al., 2007; Barker et al., 2006; Wang et al., 2010). Furthermore

the modulation of glacial ∆δ13C(SAMW−CDW) is linked to a decoupling from records of

atmospheric CO2, apparently at odds with findings from the Late Pleistocene (Ziegler

et al., 2013).

In Chapter 5, a mechanism is put forward connecting this 400 kyr periodicity to

changes in the formation of SAMW (ventilation of the sub-surface water column),

driven by changes in meridional atmospheric circulation patterns and the meridional

insolation gradient. Evidence for such a link can be found in the 400-kyr periodicity

of several records of African hydroclimate (e.g. Caley et al., 2018), however further

work is required to provide more direct evidence supporting this mechanism. Fur-

thermore the implications of this mechanism in the context of the oceanic carbon
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cycle remain unresolved; does the 400-kyr carbon isotope gradient cycle relate to ∼500-

kyr cycles which pervade other records of ocean productivity, carbonate dissolution, and

Southeast Asian monsoon proxies?

7.2.4 Pleistocene deep hydrography at the Agulhas Plateau

The deep water column over the modern Agulhas Plateau is characterised by the com-

peting presence of NADW and deep/bottom waters of Southern Ocean origin (Arhan

et al., 2003), representing a junction between the upper (NADW) and lower (South-

ern Ocean waters) overturning circulation cells (Talley, 2013). Deep hydrography at

the Agulhas Plateau is therefore highly sensitive to shifts in the presence of NADW

(Molyneux et al., 2007), making it an ideal location to test hypotheses regarding the

strength, depth and export of NADW from the Atlantic basin in the past, thought to

exert an important influence on global climate (e.g. Sikes et al., 2017).

Furthermore, near-bottom flow speeds in the region are closely linked to regional

and circum-Antarctic circulation dynamics. Records of ‘Sortable Silt’ mean grain

size proxy (SS; see Chapter 2) reveal relatively vigorous bottom-currents at 2500m –

3000m water depths during glacial intervals (Martínez-Méndez et al., 2008; Molyneux

et al., 2007), reflecting the strengthening and/or equator-ward migration of deep-

reaching Antarctic Circumpolar Current (ACC) jets. Generally, flow-speed changes

mirror NSW presence, as indicated by nutrient and water-mass provenance proxies

such as Ca/Cd (Martínez-Méndez et al., 2008), δ13Cbenthic (Molyneux et al., 2007)

and εNd (Rutberg et al., 2000), however intervals of decoupling between flow vigour

and chemical ventilation have been identified (e.g. the MIS 6/5 transition; Molyneux

et al., 2007).

In Chapter 6, a 1.9 myr-long record of SS is presented from the APcomp, providing

one of the longest continuous near-bottom flow speed records in the Southern Hemi-

sphere. This record shows that high near-bottom flow speeds prevailed consistently

during glacial intervals of the Middle and Late Pleistocene, mirroring reduced chemi-

cal ventilation (low δ13Cbenthic) and high IRDMAR deposition. Some exceptions to this

pattern are evident during MIS 28 and MIS 22, where SS remained at interglacial
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Figure 7.3: Phase wheels showing the phase of APcomp proxy records relative to δ18Obenthic;
All records are limited to 0 to 1400 ka for a more direct comparison. SST is sea surface
temperature, ∆δ13C is ∆δ13CSAMW−CDW, IRD is IRDMAR, alk is Alkenone accumulation rate,
δ13C is δ13Cbenthic. (a) 1/23 kyr band, (b) 1/41 kyr band, (c) 1/100 kyr band. SST and
alkenone accumulation rate data are from Romero et al. (2015) and Cartagena-Sierra et al.
(2021)

levels. In Chapter 6, at least 4 transitions are identified in the SS record, marking

changes in either the variance, mean, or trend in the data (and identified using an

array of ‘change-point detection’ algorithms). Two of these transitions correspond to

distinct maxima and minima between 1.1 Ma and 0.9 Ma, coinciding with an acme

of global changes linked to the MPT (Clark et al., 2006), and signifying the transition

from shorter, lower amplitude pre-MPT SS cycles, into longer, higher amplitude cy-

cles after the MPT. As previously hypothesised, the MPT is characterised by dramatic

fluctuations in Southern Ocean conditions (Martínez-Garcia et al., 2011; Rodríguez-

Sanz et al., 2012), possibly relating to the migration of oceanic fronts (Kemp et al.,

2010) or swings in the Southern Hemisphere westerly wind belt. This hypothesis

finds support in the APcomp flow speed record, which in particular highlights the

significance of interglacial and well as glacial intervals through the transition. For

example, exceptionally low flow speed anomalies during the warm MIS 31 imply an

anomalous weakening or poleward shift in the ACC. What are the implications of this

for circulation and the upwelling of carbon-rich deep waters in the Southern Ocean during

this interval?
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7.3 Synthesis: Phasing and the glacial sequence of events

Figure 7.3 shows a synthesis of the relative phasing of Pleistocene APcomp records

(Table 7.1). Expanding on analysis from the previous chapters, these ‘phase wheels’

provide a summary of the timing of peaks and troughs at different periodicities, rela-

tive to the APcomp δ18Obenthic record. Only data collected from the APcomp is included

in this analysis, to avoid the potential for spurious lead-lag relationships introduce by

tuning across records. For example, Skinner and Shackleton (2005) show that offsets

on the order of 4 kyr are present between deep Pacific and Atlantic Ocean δ18Obenthic

records across the last glacial termination.

7.3.1 1/23 kyr band

Figure 7.3a shows the phase in the 1/23 kyr ‘precession’ band. All records apart from

SST and δ13Cbenthic lead relative to maximum δ18Obenthic at this frequency. As demon-

strated in Chapter 4, IRDMAR leads relative to δ13Cbenthic (possibly an indication of

the ‘Southern Escape’ mechanism), and interestingly so too do alkenone accumula-

tion rate and ∆δ13CSAMW−CDW. This suggests that there may be a common mecha-

nism linking productivity, mode water formation and IRD deposition at the Agulhas

Plateau in this frequency-band, such as meridional shifts in Southern Ocean fronts

or the intensity/position of the Southern Hemisphere westerly wind belt (SWWB).

Interestingly, SST is in-phase with δ18Obenthic, suggesting that global, rather than re-

gional controls dominate the SST signal at this frequency (in other words, the coldest

temperatures occur at maximum ice volume and vice versa). A similar in-phase re-

lationship between SST and ice volume has been shown in the South Indian Ocean

(Howard and Prell, 1994) and the equatorial Atlantic (Villanueva et al., 1998), how-

ever it contrasts the substantial lag for SST found in the North Atlantic at this fre-

quency (Lisiecki et al., 2008; Ruddiman and McIntyre, 1981). The North Atlantic

lag has been attributed to a moisture feedback imposing a time constant on North

Atlantic temperatures or a tight link between SST and the ‘upper’ overturning cir-

culation cell (Lisiecki et al., 2008; Lisiecki, 2014; Ruddiman and McIntyre, 1981).
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Interestingly, SS and δ18Obenthic are not significantly coherent at this band, due to the

absence of precession-band power in the SS auto-spectrum (Chapter 6).

7.3.2 1/41 kyr band

Figure 7.3b shows the same as panel 7.3a, but for the 1/41 kyr ‘obliquity’ band. Simi-

larly to the precession band, all but δ13Cbenthic lead δ18Obenthic at this frequency. SST

and IRDMAR both lead δ18Obenthic by a similar magnitude, and a larger lead is seen

for SS, ∆δ13CSAMW−CDW, and alkenone accumulation. Once again the lead for sur-

face conditions over global ice volume and δ13Cbenthic imply an ‘early’ response to

glacial cycles in the Southern Ocean, perhaps reminiscent of the ‘early-LGM’ which

characterises Southern Hemisphere mid-latitude terrestrial records and glacial ex-

tent (Vandergoes et al., 2005; Newnham et al., 2007) and has been theorised to result

from obliquity forcing of the SWWB and storm tracks (Fogwill et al., 2015; Rother

et al., 2014; Timmermann et al., 2014). One plausible explanation for the ∼40±12o

lead for ∆δ13CSAMW−CDW and SS over δ18Obenthic would be through a strengthening

or equatorward shift in the SWWB (and hence ACC) early in the glacial sequence

of events, paced by the enhancement of meridional heat transport at times of low

obliquity (Timmermann et al., 2014). In this framework, changes in ∆δ13CSAMW−CDW

might be intimately linked to SS on obliquity time-scales through the invigoration

of mode-water formation (i.e. intensified deep winter convection in the mid-latitude

Southern Ocean), as outlined in Chapter 5.

7.3.3 1/100 kyr band

Figure 7.3c shows the results in the 1/100 kyr ‘eccentricity’ band. Phasing at this

frequency with respect to orbital forcing is perhaps the most difficult to interpret

due to the near-absence of direct 1/100-kyr forcing of insolation cycles. With the

exception of δ13Cbenthic which is roughly in-phase, all the records lead δ18Obenthic at

this frequency. This is coherent with the findings of Shackleton (2000), who shows

that the ∼1/100 kyr cyclicity in global ice volume appears to originate from changes

in the global carbon cycle, rather than ice-sheet dynamics as per earlier theories (e.g.
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Imbrie et al., 1984). It is important to note here that Shackleton (2000) questions

the fidelity of the phase of δ18Obenthic as a proxy for the phase of global ice volume

due to the ‘contamination’ by deep ocean temperature changes. The confounding

impacts of temperature versus ice volume changes in δ18Obenthic records has been

shown to manifest as a rapid deep ocean cooling during the more gradual built up of

ice (Bintanja et al., 2005; Elderfield et al., 2012). This means that the observed lag of

δ18Obenthic in Figure 7.3 may make for conservative estimates of ice volume lag when

isolated from temperature.

Across all three frequency bands a common pattern prevails: changes in SST, IRD

deposition, productivity, intermediate-deep chemical gradient and near-bottom flow

vigour all generally lead relative to δ18Obenthic. If δ18Obenthic is taken as an approxi-

mation of global ice volume, this suggests that the response of surface and subsurface

conditions at the Agulhas Plateau to Pleistocene climate cycles is an early one, coher-

ent with the idea of asynchronous glacial dynamics between the Northern and South-

ern Hemispheres. The consistent lag for δ13Cbenthic over the other records carries

interesting implications for the sequence of events which characterise glacial cycles.

For example, the Imbrie et al. (1992) and Imbrie et al. (1993) model of glacial cy-

cles proposes that Northern Hemisphere summer insolation forcing triggers a ‘train

of responses’ with cooling transmitted from the Arctic/Nordic Seas to the Southern

Ocean via NADW. By cooling the surface Southern Ocean and triggering changes in

Antarctic sea-ice, for example, the response is globalised by lowering atmospheric

CO2 levels. In this model, one might expect a relatively early signal in δ13Cbenthic

due to the potential role of Antarctic sea ice and Southern Ocean surface conditions

in setting AABW formation and glacial water-mass geometry (Ferrari et al., 2014).

However, the delayed response of δ13Cbenthic at the APcomp might instead implicate

a ‘northern pull’ mechanism where changes in the depth and/or export of NADW at

the Agulhas Plateau are driven by changes in the North Atlantic, for example through

feedbacks such as the ‘southern escape’ of meltwater outlined in Chapter 4 or the

‘train of responses’ returning to the North Atlantic through to Southern Ocean-driven

atmospheric CO2 forcing. Govin et al. (2009) showed that the expansion of AABW

(inferred from δ13Cbenthic at deep Southern Ocean sites, >3400m) during the MIS

5e/5d transition preceded changes in δ13Cbenthic at the shallower Agulhas Plateau
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core site MD02-2589 (2660m; Molyneux et al., 2007) by several kyr, suggesting a

decoupling between Southern Ocean bottom water formation and NADW presence

in the mid-depth Southern Ocean. This is fitting with the proposed effect of early

Southern Ocean cooling and/or sea ice expansion on timing of AABW changes and

a delayed response of NADW formation tied to the subsequent response of Northern

Hemisphere ice sheets (à la Imbrie et al., 1992).

7.4 Synthesis: Manifestations of the MPT in APcomp records

In addition to investigating the phasing between proxy records from the APcomp, it is

also possible to identify the emergence of low-frequency (∼1/100 kyr) power associ-

ated with the MPT (Clark et al., 2006). In this respect, changes in IRDMAR, SST, and

alkenone MAR can provide insights into surface hydrography evolution. Changes in

the carbon isotope composition of G. truncatulinoides and, to an extent (see Chapter

5), ∆δ13CSAMW−CDW reflects the evolution of the subsurface water column. Benthic

stable isotopes and near-bottom flow speed (SS) on the other hand predominantly

reflect changes in deep hydrography. Comparing the frequency-domain evolution of

the available APcomp records (Figure 7.2) offers an insight into the time-transgressive

nature of the MPT in different climate system components (i.e. proxies for differ-

ent properties), all presented on the same stratigraphic framework. Figure 7.4 shows

Continuous Wavelet Transforms for each record (Table 7.1), with statistically signif-

icant (at 95%) power highlighted by black contours. Each record shows a transition

from predominantly ∼1/41 kyr power towards ∼1/100 kyr power over the past 1.4

myr, however the timing and nature of these transitions is highly variable.

The three surface proxies all in some way reflect the position of the STFZ relative

to the APcomp, however they will each also represent unique responses to additional

factors. For example, the survivability of icebergs and hence deposition of IRD at

the APcomp is influenced by the position of the STFZ (as the boundary between cool,

iceberg-laden Subantarctic waters and warm Subtropical waters), however it is also

sensitive to the affect of Southern Ocean surface currents and the SWWB on iceberg

drift across the Southern Ocean. Organic biomarker proxies such as the UK′
37 paleo-
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thermometer and the mass accumulation of alkenones are similarly complex to in-

terpret. For example, changes in the population of alkenone-producing haptophyte

plankton might be driven by changes in nutrient dynamics (e.g. Read et al., 2000) and

insolation cycles (e.g. Tangunan et al., 2017). Moreover, the deposition and preserva-

tion of organic biomarkers may introduce signals independent of changes in surface

productivity (e.g. Sachs et al., 2000).

The longest of the three surface records, IRDMAR, provides perhaps the best insight

into the emergence of ∼1/100-kyr power in surface conditions at the Agulhas Plateau.

Figure 7.4c shows that statistically significant spectral power at a frequency lower

than 1/41-kyr first appears around 1.3 Ma. Interestingly, this variance is centred at

∼1/80-kyr, and significant power in the 1/95 to 1/110 kyr bands does not emergence

until much later at around 700 ka. Another notable observation, made also in Chapter

4, is the re-emergence of significant obliquity-band variance in the Late Pleistocene.

The wavelet results show that no significant 100-kyr variance is present after 250 ka,

with obliquity and precession-band power dominating.

The emergence of lower-than-obliquity frequency power at around 1.2 Ma is mir-

rored in the SST spectra (Figure 7.4f). Similarly to IRDMAR, the transition towards

lower-frequency power is a gradual one, and statistically significant 1/100-kyr power

does not appear until around 1 Ma. This transition is reflected also in a decrease of

obliquity-band power around 1.2 Ma, however as with IRDMAR this power returns

in the Late Pleistocene. The records differ, however, in the continued dominance of

∼1/100-kyr power in SST throughout the Late Pleistocene which may reflect a more

global surface temperature signal associated with Late Pleistocene glacial cycles (Sny-

der, 2016). In this respect, the SST spectra follows the δ18Obenthic, δ13Cbenthic, and

Alkenone MAR records.

McClymont et al. (2013) analysed several globally-distributed records of sea surface

temperature, finding that ∼1/100-kyr spectral power emerged amid a background

trend of long-term cooling beginning in the Early Pleistocene. This long-term cooling

trend is clearly visible in the APcomp SST record (Figure 7.2f; Cartagena-Sierra et al.,

2021; Romero et al., 2015), and is also reflected in a long-term increase in glacial-

time IRDMAR (Figure 7.2c. Whilst the SST record is not long enough to assess when
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Figure 7.4: Continuous Wavelet Transform of APcomp records across the MPT. (a) δ18Obenthic,
(b) δ13Cbenthic, (c) IRDMAR, (d) SS, (e) ∆δ13CSAMW−CDW, (f) SST from Romero et al. (2015)
and Cartagena-Sierra et al. (2021), (g) alkenone accumulation from Romero et al. (2015) and
Cartagena-Sierra et al. (2021). Data are standardized, interpolated to a 5 kyr time step and
de-de-trended before Continuous Wavelet Transform using a Morlet mother wavelet. The red
dashed lines represent (from top to bottom) 1/400 kyr, 1/100 kyr, and 1/41 kyr frequencies.
Colour-bars are given in units of relative power (darker blue = higher power at that frequency)
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this trend began, glacial IRDMAR increases in a step-wise fashion first at around 1.2

Ma, and again at 1 Ma. A long-term trend is less clear in the alkenone accumulation

record (Figure 7.2g), however intervals of high accumulation between 1.2 and 0.9

Ma do coincide with increasingly high IRDMAR. This may reflect a common driver

such as progressive expansions of the Subantarctic Zone bringing nutrient-rich and

iceberg-laden surface waters from the Southern Ocean over the Agulhas Plateau. A

decoupling between the MPT trend in SS and alkenone accumulation might relate to

the varying degrees to which both proxies are influenced by regional/local conditions,

as well as the influence of the STFZ versus the Subantarctic Front on each record

(Cartagena-Sierra et al., 2021). The onset of statistically-significant 1/100-kyr power

is relatively late in the APcomp alkenone MAR record (∼500 ka) likely relating to the

subdued glacial-interglacial variability between ∼900 and ∼500 ka.

Emergence of statistically significant ∼1/100 kyr power in the records for subsurface

(∆δ13CSAMW−CDW) and deep (SS, δ13Cbenthic, δ18Obenthic) conditions across the MPT

generally occurs later than in the surface. With the exception of a brief appearance

of ∼1/100 kyr power around 2 Ma, δ18Obenthic remains dominated by obliquity-band

power until around 1.2 Ma, where the prevailing power transitions towards the ec-

centricity band.

Mudelsee and Schulz (1997) proposed that the increase in 1/100 kyr variance in

global ice volume cycles lagged a substantial build-up of ice during the MPT by

around 280 kyr. In this view, the ‘100-kyr World’ became fully established only after

around 650 ka, much later than is observed, for example, in records of tropical SST

(Liu et al., 2008) and in all but the alkenone accumulation wavelet spectra presented

here (Figure 7.4g). Further analysis of global δ18Obenthic records (notably the LR04

Stack (Lisiecki and Raymo, 2005)) demonstrated that a substantial increase in ∼1/100

kyr power occurred around 1.2 Ma (Lisiecki, 2010; Clark et al., 2006). Analysis of sea-

level reconstructions (i.e. independent on the temperature component in δ18Obenthic)

suggests a slightly later emergence of ∼1/100-kyr power at around 900 ka (Elderfield

et al., 2012; Maslin and Brierley, 2015), coinciding with a step-wise increase in (likely

Antarctic) ice volume (Elderfield et al., 2012) and a major perturbation to overturning

circulation (Pena and Goldstein, 2014).
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The so-called ‘900 ka event’ manifests at the Agulhas Plateau in the step-wise in-

crease in IRD accumulation (Figure 7.2c) and a minimum in δ13Cbenthic (Figure 7.2b).

Interestingly, when viewed with the SS record, ‘the 900 ka event’ appears to represent

the terminal event in a series of distinct swings in the position or intensity of deep

ACC jets between glacial and interglacial conditions beginning at MIS 31. This same

interval is characterised by prolonged high productivity (Figure 7.2d) and long-term

minima in ∆δ13CSAMW−CDW. For example, during MIS 31, near-bottom flow is at it’s

lowest, suggesting a marked poleward contraction or weakening of the ACC, coin-

ciding with a nearly complete breakdown of the intermediate-deep carbon isotope

gradient. The nature of the ‘100-kyr World’ continues to stimulate debate, partic-

ularly around whether the ∼1/100 climate cycles are a response to the ∼1/100 kyr

eccentricity cycles (Lisiecki, 2010; Ridgwell et al., 1999), a harmonic of the ∼400 kyr

eccentricity cycle (Rial et al., 2013), or not 100 kyr cycles at all (Maslin and Brierley,

2015; Ruddiman, 2003; Huybers and Wunsch, 2005).

7.5 Future Work

7.5.1 Inter-hemispheric Coupling and the Pliocene

The work presented in this thesis provides a view of surface and deep hydrographic

change across Pleistocene glacial cycles. This approach is valuable in that the con-

trols on surface conditions are predominantly ‘Southern Ocean’ processes, whilst the

drivers of deep chemical ventilation and near-bottom flow speed are additionally in-

fluenced by the export of NADW from the Atlantic basin. In a way, these records

provide inter-hemispheric insights into climate evolution under different boundary

conditions. Whilst this approach is independent of cross-site stratigraphic corre-

lation, and the associated caveats, it is also limited because deep-water conditions

are not purely a Northern Hemisphere signal. For example, a negative excursion

in δ13Cbenthic might reflect an expansion of Southern Ocean deep waters driven by

changes in Southern Ocean conditions, a contraction of NADW driven by North At-

lantic conditions, or some combination. As discussed in Chapter 4, lead-lag relation-
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ships between surface and deep hydrography at the Agulhas Plateau can not simply

be interpreted as purely a Northern - Southern Hemisphere phasing.

One way to better test inter-hemispheric linkages at the Agulhas Plateau would be

through comparisons to sediment cores from other regions, such as the North At-

lantic. The major obstacle here would be developing a robust stratigraphic frame-

work tying the APcomp to the chosen comparison site, for example by tuning to a

common orbital/insolation cycle.That being said, a candidate tuning target might be

orbital precession, as cyclic variations in the sediment colour of sites recovered by

IODP Expedition 361, including Site U1475, have been noted as containing a strong

precession component (personal communication from Christopher C. Charles; Kout-

sodendris et al., 2021). Interestingly, sediment cores from the Northeast Atlantic

continental margin also show a strong precession response (Hodell et al., 2013b,a),

and a robust precession-tuned chronology has been shown to be viable at least dur-

ing the Middle to Late Pleistocene (Hodell et al., 2015). Furthermore, the sensitivity

of this region to Northern Hemisphere (manifesting in the surface hydrography) and

Southern Hemisphere (manifesting in the deep hydrography) climates on sub-orbital

timescales means a comparison between the two regions would allow further exami-

nation of processes identified in this thesis, such as the coupling between near-bottom

flow speed and deep chemical ventilation and the ‘Southern Escape’ of buoyancy forc-

ing.

Finally, a preliminary age model for the Middle to Late Pliocene section of the APcomp

(Figure 7.5) suggests that that sedimentation rates are relatively high between ∼2.8

and ∼3.7 Ma (averaging 6 cm/kyr, up to 7.5 cm/kyr in places). High sedimenta-

tion rates during the Pliocene (9.6 cm/kyr from 3.9 to 5.3 Ma) are also implied by

the shipboard age model (Hall et al., 2017a). Pliocene sections of the APcomp there-

fore present an exciting opportunity to examine inter-hemispheric connections dur-

ing warmer-than present periods in the Pliocene, wherein many questions regarding

orbital forcing, deep ocean circulation and ocean carbon cycling remain unresolved.

Furthermore, the possibility of developing a precession-tuned age model would allow

direct comparisons to be made to existing and future sediment core records from the

Northeast Atlantic Ocean, ultimately providing insights into the evolution of North-
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Figure 7.5: Preliminary age-depth model for the Mid-Pliocene APcomp, obtained by tuning
the APcomp δ18Obenthic record (<3.2 Ma; top) and a stack of physical properties (L*, RGB Blue,
RGB Red, bulk K%; second row) and blue reflectance (RGB Blue; third row) to the δ18Obenthic
stack of Ahn et al. (2017) (dark grey; top three rows). The second from bottom row shows the
APcomp physical properties stack and the δ18Obenthic stack with an obliquity-band (1/41-kyr)
bandpass filter. The bottom panel shows linear sediment rate implied for this preliminary age
model. Physical properties data were obtained from the International Ocean Discovery Program
data repository ‘LIMS’

ern and Southern Hemisphere climates at timescales not previously possible.
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7.5.2 Elucidating the Southern Escape

Moreover, a key finding from the work presented in this thesis is the mechanism

connecting Southern Ocean iceberg melt to overturning circulation patterns. This

connection might be central in triggering a chain of feedbacks ultimately effecting

the sequestration or release of vast quantities of carbon and heat through changes

in the density and geometry of key water masses. Such a previously unrecognised

feedback between the spatial distribution of Antarctic iceberg melt and the forma-

tion of NADW may have helped to facilitate the periodic development of global

glacial conditions over the past 1.5 myr. Whilst this study highlighted how sensi-

tive global ocean circulation is to Antarctic iceberg melt-water, the behaviour of this

mechanism during times of abrupt climate change, for example the rapid temper-

ature swings associated with Dansgaard-Oeschger cycles over the last glacial cycle,

remains unresolved. To this end, future work might focus on reconstructing South-

ern Ocean iceberg drift and deep circulation at higher temporal resolutions, from

high-accumulation sediment core locations in the South Atlantic, South Indian and

South Pacific Oceans.

By following the approach of measuring multiple proxies on single sediment cores,

and by attempting to develop robust, consistent chronologies across the Southern

Ocean (e.g. Waelbroeck et al., 2019), exciting opportunities arise to explore the tim-

ing and nature of how abrupt climate changes manifest in the Southern Ocean and

Antarctic region. Moreover, a systematic study of the provenance of IRD deposited in

the Subantarctic Region using a suite of petrological/geochemical techniques such as

U/Pb, 40Ar/39Ar, and K/Ar dating (see review of techniques by Licht and Hemming,

2017), Pb, Sr and Nd isotope analysis (Cook et al., 2013) or determining minor and

trace element compositions (Nielsen et al., 2007a), holds the potential to further our

understanding of the Antarctic Ice Sheet under different boundary conditions.

In addition, an array of consistently-dated sediment cores across North and South

Atlantic might allow one to track buoyancy anomalies related to the ‘southern es-

cape’ of Antarctic meltwater or pulses in Agulhas Leakage as they propagate across

the Atlantic. Multi-proxy studies combining surface hydrography (for example us-



7.5 Future Work 180

ing Mg/Ca and δ18O of planktic foraminifera to isolate surface salinity) and deep

circulation (for example δ13Cbenthic, εNd and SS) would provide a framework to fur-

ther test and constrain the timing and nature of buoyancy-driven inter-hemispheric

tele-connections.

7.5.3 Summary

To summarize, I propose two complimentary directions for future work. Firstly, ex-

tending the study of inter-hemispheric and surface-deep ocean coupling beyond the

Pleistocene, and secondly ‘zooming in’ on shorter time-scales at higher temporal reso-

lution. Both of these objectives would require comparing sediment core records from

multiple locations, and a heavy emphasis must be put on establishing robust and pre-

cise chronologies. Understanding how different components of the ocean-climate sys-

tem force and respond to each other during times of abrupt climate change (such as

sub-orbital cycles during the Late Pleistocene) and under boundary conditions more

similar to those of today (such as warm intervals in the Middle and Early Pliocene)

may ultimately shed light on the complexities of the climate system with relevance to

ongoing and future change.
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8.3 Appendix Code 1: Chapter 3 Matlab Files

1 %--- Master script for Starr et al. 2021 ---%

2 %

3 %- Corresponding Author*: Aidan Starr, StarrA1@Cardiff.ac.uk / aidan.m.

starr@gmail.com

4 %

5 %- Dependencies: nexcf.m; ar1sur.m;

6 %- Calls: analysis_1.m; analysis_2.m; analysis_3.m; analysis_4.m;

7 % load_data.m; create_analyseries_files.m

8 %

9 % Note: each part of the analysis is designed as a function, figures are

then

10 % generated seperately at the end of the script. Caution is advised when

11 % running some section as Monte Carlo simulations may be CPU intensive, to

12 % save some power, pre-run simulation .mat files are available on my github

13

14 %%%%--------- Preamble ---------%%%%%

15 % load the data available from pangaea.de (DOI xxx)

16 %path = ’https://github.com/AidanStarr/Southern_Ocean_Lead/raw’;

17 data = readtable(’raw/starr_et_al_2020_data.csv’,’header’,1);

18 bd13c = data.C_WuellerstorfiD13C_vs_PDB_;

19 bd18o = data.C_WuellerstorfiD18O_vs_PDB_;

20 irdmar = data.IRDApparentMAR_grains_cm2_kyr_;

21 [age,n] = unique(data.MedianAge_kyr_);

22 irdmar = irdmar(n);

23 bd13c = bd13c(n);

24 bd18o = bd18o(n);

25

26 dt = 1.5; % set dt for linearly rescaled data (used later)

27 lt = [0 : dt : 1645]; % create linear time scale in kyrs

28

29 %%%%--------- Analysis 1: Cross-Correlation ---------%%%%%

30 [Cxy1, lag, Q1] = analysis_1(age,bd13c,log10(irdmar+1)); % --> analysis_1(

time vector, variable 1, variable 2)

31 [Cxy2, ~, ~] = analysis_1(age,bd18o,log10(irdmar+1)); % --> analysis_1(time

vector, variable 1, variable 2)

32

33 %%%%--------- Analysis 2: Frequency Analysis ---------%%%%%
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34 % Get lags from Blackman-Tukey calculated in Analyseries

35 [ob_lag, ec_lag, pr_lag] = analysis_2(’irdmar’,’bd13c’); % --> analysis_2(’

variable 1’,’variable 2’);

36

37 %%%%--------- Analysis 3: Peak-Lag Algorithm ---------%%%%%

38 % USAGE: analysis_3(linear timescale, spacing, original time scale,

variable 1, variable 2)

39 filtype = 1; % 1 means use Moving Average filter, 2 means use Savitsky-

Golay Filter

40 filtdeg = 6; % if 1, this is moving average degree in dt

41 dif = 1; % use first difference?

42 max_dist = 10;

43 [bd13c_lags, Q, q] = analysis_3(lt,dt, age,log10(irdmar+1),-bd13c,filtype,

filtdeg,dif,max_dist);

44

45

46 % Test sensitivity to filter degree

47 filtype = 1; % 1 means use Moving Average filter, 2 means use Savitsky-

Golay Filter

48 for i = 1 : 11

49 filtdeg = i; % if 1, this is moving average in kyrs, if 2, this is

SGolay Degrees

50 dif = 1; % Use First Difference of x1 and x2? 1 for yes, 0 for no

51 temp = analysis_3(lt,dt, age,log10(irdmar+1),-bd13c,filtype,filtdeg,dif

,max_dist);

52 b_lag(i)=nanmean(temp);

53 end

54

55

56 %%%%--------- Analysis 3b: Red-Noise Peak-Lag Algorithm ---------%%%%%

57 % Create red-noise surrogates and run them through the peak-lag algorithm

58 NoSur=1000; % number of surrogates for MC analysis. For most reliable

results, set to 1000.

59 XSur=ar1sur(age(~isnan(bd13c)),bd13c(~isnan(bd13c)),NoSur); % create AR1

Surrogates for bd13c

60 filtype = 1; % 1 means use Moving Average filter, 2 means use Savitsky-

Golay Filter

61 filtdeg = 6; % if 1, this is moving average degree in dt

62 dif = 1; % use first difference?

63 for k=1:NoSur-1
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64 temp = analysis_3(lt,dt,age(~isnan(bd13c)),XSur(:,1),XSur(:,k+1),

filtype,filtdeg,dif,max_dist);

65 red_lags{k}=temp;

66 clear temp

67 end

68 for i = 1 : size(red_lags ,2)

69 red_lag(i) = nanmean(red_lags{i});

70 end

71 % use a 2-sided t test to determine whether the ird vs 13C data are

72 % significantly different to the ’random’ red noise surrogates

73 [h,p,ci] = ttest2(bd13c_lags,red_lag);

74

75 %%%%--------- Analysis 4: Glacial Accumulation ---------%%%%%

76 plt = 0; % plot the process? 1 for yes, 0 for no

77 [d18o_cum, ird_cum, time_cum, time_cum_norm, f3s, tl] = analysis_4(lt,dt,

age,bd18o,irdmar,plt); % Divide d18O into glacials and intergrate under

curve

78 % split into intervals

79 enwx = 1:1:100’;

80 for i = 1:23

81 newird_cum(:,i) = interp1(time_cum_norm{i},ird_cum{i},enwx,’linear’);

82 end

83

84 for i = 1:23

85 newtime_cum(:,i) = interp1(time_cum_norm{i},time_cum_norm{i},enwx,’

linear’);

86 end

87

88 for i = 1:23

89 newd18o_cum(:,i) = interp1(time_cum_norm{i},d18o_cum{i},enwx,’linear’);

90 end

91 % mean accumulation for IRD

92 A = newird_cum(:,1:12);

93 B = newird_cum(:,13:18);

94 C = newird_cum(:,19:23);

95 pre_mpt = mean(A,2);

96 mpt = mean(B,2);

97 post_mpt = mean(C,2);

98 % calculate confidence intervals for IRD

99 SEM_A = std(A,1,2)/sqrt(40); % get standard error of the mean
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100 SEM_B = std(B,1,2)/sqrt(40);

101 SEM_C = std(C,1,2)/sqrt(40);

102 CI95_A = bsxfun(@plus, mean(A,2), bsxfun(@times, [-1 1]*1.96, SEM_A)); %

95% Bootstrap Confidence Intervals

103 CI95_B = bsxfun(@plus, mean(B,2), bsxfun(@times, [-1 1]*1.96, SEM_B));

104 CI95_C = bsxfun(@plus, mean(C,2), bsxfun(@times, [-1 1]*1.96, SEM_C)); %

95% Confidence Intervals

105 % mean accumulation for d18O

106 A2 = newd18o_cum(:,1:11);

107 B2 = newd18o_cum(:,2:18);

108 C2 = newd18o_cum(:,19:23);

109 pre_mptd = mean(A2,2);

110 mptd = mean(B2,2);

111 post_mptd = mean(C2,2);

112

113 % calculate confidence intervals for d18O

114 SEM_A2 = std(newd18o_cum(:,1:11),1,2)/sqrt(40);

115 SEM_B2 = std(newd18o_cum(:,12:18),1,2)/sqrt(40);

116 SEM_C2 = std(newd18o_cum(:,19:23),1,2)/sqrt(40);

117 CI95_A2 = bsxfun(@plus, mean(A2,2), bsxfun(@times, [-1 1]*1.96, SEM_A2));

% 95% Confidence Intervals

118 CI95_B2 = bsxfun(@plus, mean(B2,2), bsxfun(@times, [-1 1]*1.96, SEM_B2));

% 95% Confidence Intervals

119 CI95_C2 = bsxfun(@plus, mean(C2,2), bsxfun(@times, [-1 1]*1.96, SEM_C2));

% 95% Confidence Intervals

120

121 % analysis_4 OUTPUT

122 output_cumtrap(:,1) = pre_mpt;

123 output_cumtrap(:,2) = mpt;

124 output_cumtrap(:,3) = post_mpt;

125

126 output_cumtrap(:,4) = CI95_A(:,1);

127 output_cumtrap(:,5) = CI95_A(:,2);

128 output_cumtrap(:,6) = CI95_B(:,1);

129 output_cumtrap(:,7) = CI95_B(:,2);

130 output_cumtrap(:,8) = CI95_C(:,1);

131 output_cumtrap(:,9) = CI95_C(:,2);

132

133 output_cumtrap(:,10) = pre_mptd;

134 output_cumtrap(:,11) = mptd;
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135 output_cumtrap(:,12) = post_mptd;

136

137 output_cumtrap(:,13) = CI95_A2(:,1);

138 output_cumtrap(:,14) = CI95_A2(:,2);

139 output_cumtrap(:,15) = CI95_B2(:,1);

140 output_cumtrap(:,16) = CI95_B2(:,2);

141 output_cumtrap(:,17) = CI95_C2(:,1);

142 output_cumtrap(:,18) = CI95_C2(:,2);

143

144 output_cumtrap(:,19) = enwx’;

145 output_4 = array2table(output_cumtrap,’variablenames ’,{’IRD_mean_pre’,’

IRD_mean_mpt’,’IRD_mean_post’,’IRDu_pre’,’IRDl_pre’,’IRDu_mpt’,’IRDl_mpt

’,’IRDu_post’,’IRDl_post’,’d18o_mean_pre’,’d18o_mean_mpt’,’

d18o_mean_post’,’d18ou_pre’,’d18ol_pre’,’d18ou_mpt’,’d18ol_mpt’,’

d18ou_post’,’d18ol_post’,’time’});

146 writetable(output_4,’outputs/cumulative_glacials.csv’)

147

148 %%%%--------- Output Table ---------%%%%

149 % column 1 is the peak-lag algorithm result

150 output{1,1} = nanmean(bd13c_lags); % mean

151 output{2,1} = ci(1); % upper confidence

152 output{3,1} = ci(2); % lower confidence

153 % columns 2,3,4 are the blackman-tukey phase estimates

154 output{1,2} = -1*pr_lag(1);

155 output{2,2} = -1*pr_lag(3);

156 output{3,2} = -1*pr_lag(2);

157 output{1,3} = -1*ob_lag(1);

158 output{2,3} = -1*ob_lag(3);

159 output{3,3} = -1*ob_lag(2);

160 output{1,4} = -1*ec_lag(1);

161 output{2,4} = -1*ec_lag(3);

162 output{3,4} = -1*ec_lag(2);

163 %column 5 is the cross-correlaion estimate

164 output{1,5} = lag(Cxy1==min(Cxy1));

165 output{2,5} = lag(Cxy1==min(Cxy1))-mean(diff(lag));

166 output{3,5} = lag(Cxy1==min(Cxy1))+mean(diff(lag));

167

168 output_table = cell2table(output,’variablenames ’,{’peak_lag’,’precession_BT

’,’obliquity_BT’,’eccentricity_BT’,’cross_correlation ’});

169 writetable(output_table,’outputs/lag_results.csv’)
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170

171

172 function [Cxy, lag, Q1] = analysis_1(t,x1,x2);

173 % Cross-correlation

174 % This follows the work of Kira Rehfeld (2014). It utilises their NESTool

175 %toolbox http://tocsy.pik-potsdam.de/nest.php

176

177 tx = t(~isnan(x1)); % tx is age with only points sampled for d13C

178 x = x1(~isnan(x1)); %x is d13C without gaps

179 ty = t(~isnan(x2)); %ty is age with only points sampled for IRD_MAR

180 y = x2(~isnan(x2)); %y is IRD_MAR without gaps

181

182 h = 0.5; %this sets the kernel width in units of dt (Rehfeld 2011)

183 lag = [-50 : 1 : 50]; %this sets the lags at which we want to measure

correlation

184 [Cxy] = nexcf(tx,x,ty,y,lag,h); %the NEXCF function uses gaussian kernel

approach

185

186 % Monte Carlo routine on surrogate red noise data, this is time consuming

187 if ~exist(’CSur1000.mat’) % check to see if there is already a datafile for

the surrogate

188 NoSur=1000; % number of surrogates for MC analysis. For most reliable

results, set to 1000.

189 XSur=ar1sur(tx,x,NoSur); % create AR1 Surrogates for X/Y

190 YSur=ar1sur(ty,y,NoSur);

191

192 wa=waitbar(0,’Surrogate tests’);

193 for k=1:NoSur

194 waitbar(k/NoSur)

195 %gXCF

196 [temp1] = nexcf(tx,XSur(:,k),ty,YSur(:,k),lag,h);

197 CSur1000(k,:,:)=temp1;

198 clear temp1 temp2

199 end

200 save(’CSur1000.mat’)

201 delete(wa)

202 else

203 load(’CSur1000.mat’); %load a pre-run Monte Carlo series

204 end

205 % - quantiles for each point from Csur to obtain critical values



8.3 Appendix Code 1: Chapter 3 Matlab Files 274

206 Q1=quantile(CSur1000 ,[.05 .95],1); %find the 5th and 95th percentile

207

208 end

209

210 function [x2lags, Q, q] = analysis_3(t,dt,age,x1,x2,filtype,filtdeg,dif,

max_dist);

211

212 %---- preamble ----%

213 max_distance = max_dist; % maximum distance to search between x1 and x2

peaks

214 pdist1 = 15; pdist2 = 15;% set minimum peak distance for x1 (1) and x2 (2)

215 pheight1 = 0.075; pheight2 = 0.01; % set min peak height for x1 and x2:

reccomended 0.075 for irdmar and 0.01 for bd13c

216

217 %---- Step 1: linear interpolation ----%

218 tl = fliplr(t.*-1)’;

219 age1 = age(~isnan(x1));

220 x1 = x1(~isnan(x1));

221 xl1 = interp1(-age1,x1,tl,’linear’,’extrap’);

222 age2 = age(~isnan(x2));

223 x2 = x2(~isnan(x2));

224 xl2 = interp1(-age2,x2,tl,’linear’,’extrap’);

225

226 xl1 = normalize(xl1); % zscore normalization

227 xl2 = normalize(xl2); % zscore normalization

228

229 %---- Step 2: Filter ----%

230 if filtype == 1

231 SM = filtdeg;

232 f1s = filtfilt (ones(1,round(SM/dt))/round(SM/dt),1,xl1); % Moving-

average

233 f2s = filtfilt (ones(1,round(SM/dt))/round(SM/dt),1,xl2); % Moving

average

234 end

235 if filtype == 2

236 sgolay_degree = filtdeg;

237 sgolay_len = 31; % Savitsky-Golay Filter Length

238 f1s = sgolayfilt(xl1,sgolay_degree,sgolay_len); % Savitsky-Golay method

239 f2s = sgolayfilt(xl2,sgolay_degree,sgolay_len); % Savitsky-Golay method

240 end
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241 %---- Step 3: First Difference ----%

242 if dif == 1

243 tDiff = tl(1:length(tl)-1,:) + diff(tl)/2; % generic timescale for 1st

differential

244 for i = 1 : length(tl)-1

245 x1diff(i) = (f1s(i+1) - f1s(i))./(tl(i+1)-tl(i));

246 x2diff(i) = (f2s(i+1) - f2s(i))./(tl(i+1)-tl(i));

247 end

248 end

249

250 %---- Step 4: findpeaks ----%

251 [pks1,lcs1]=findpeaks(x1diff,tDiff,’minpeakdistance’,pdist1,’minpeakheight

’,pheight1); % find x1 peaks

252 [pks2,lcs2]=findpeaks(x2diff,tDiff,’minpeakdistance’,pdist2,’minpeakheight

’,pheight2); % find x2 peaks

253

254 for i = 1:length(pks2)

255 l = lcs2(i);

256 l2 = find(lcs1 >= l-max_distance & lcs1 < l+max_distance ,1,’first’);

257 if isempty(l2)

258 bin1(i) = NaN; % this means there is not ird peak within the max

distance of the 13c peak

259 else

260 bin1(i)=lcs2(i)-lcs1(l2);

261 end

262 end

263

264 %---- Step 5: checl with event synchronization (Rehfeld 2013) ----%

265 for i = 0:5

266 [Q(i+1),q(i+1)] = eventsynchro(tDiff,x1diff,tDiff,x2diff,i,0.9);

267 end

268

269 display([’Events Found: ’,num2str(length(bin1))])

270 display([’Average Lag: ’,num2str(nanmean(-bin1))])

271

272 x2lags = -bin1;

273 end

274

275

276 function [d18o_cum, ird_cum, time_cum, time_cum_norm, f3s, tl] = analysis_4
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(t,dt,age,d18o,x1,plt);

277

278 %---- Step 1: linear interpolation of bd18O ----%

279 tl = fliplr(t.*-1)’;

280 age1 = age(~isnan(d18o));

281 x3 = d18o(~isnan(d18o));

282 x3l = interp1(-age1,x3,tl,’linear’,’extrap’);

283 age2 = age(~isnan(x1));

284 x1 = x1(~isnan(x1));

285 x1l = interp1(-age2,x1,tl,’linear’,’extrap’);

286

287 %---- Step 2: Filter bd18O ----%

288 SM = 10; % moving average filter degree

289 f3s = filtfilt (ones(1,round(SM/dt))/round(SM/dt),1,x3l); % Moving average

290

291 %---- Step 3: Divide d18O into Glacials ----%

292 % lcs = load(’glac_load.mat’);

293 % pk = lcs.glac_load;

294 [~,pk] = findpeaks(-f3s,tl,’minpeakheight ’,-3.37,’minpeakdistance ’,25);

295 pk = [pk; -496; -76];

296 pk=sort(pk);

297 pk = pk(2:end)

298 clear(’cp’,’ircp’,’d18c’,’tp’)

299 %---- Step 4: Integrate under d18O curve for each glacial ----%

300 for i = 1 : length(pk)

301 n1 = find(tl>=pk(i),1,’first’);

302 if i == length(pk)

303 n2 = find((tl<=0) & (f3s>=(3.75-0.43)),1,’last’); % run between

peak interglacial and the next time 18O crosses a threshold

304 else

305 n2 = find((tl<=pk(i+1)) & (f3s>=(3.75-0.43)),1,’last’); % run between

peak interglacial and the next time 18O crosses a threshold

306 end

307 if isempty(n1)

308 cp{i} = [];

309 ircp{i} = [];

310 d18c{i} = [];

311 end

312 if isempty(n2)

313 cp{i} = [];
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314 ircp{i} = [];

315 d18c{i} = [];

316 end

317 if (~isempty(n1)) && (~isempty(n2))

318 xx = normalize(x3l(n1:n2),’range’,[0 1]);

319 cp{i} = cumtrapz(tl(n1:n2),xx); %cumtrapz integrates and records

the results in cp

320 ircp{i} = cumtrapz(tl(n1:n2),x1l(n1:n2));

321 d18c{i} = x3l(n1:n2);

322 end

323 tp{i} = tl(n1:n2);

324 end

325

326 %---- Step 5: ’normalise’ the results to percentages of total accumulation

----%

327 clear(’cpp’,’ircpp’,’tpp’)

328 for i = 1:length(cp)

329 cpp{i} = (cp{i}./(max(cp{i}))).*100;

330 ircpp{i} = (ircp{i}./(max(ircp{i}))).*100;

331 end

332 % do the same for time

333 for i = 1:length(tp)

334 tpp{i} = (tp{i}-min(tp{i}));

335 tpp{i} = (tpp{i}./(max(tpp{i}))).*100;

336 end

337

338 %---- Step 6: Prepare outputs ----%

339 d18o_cum = cpp;

340 ird_cum = ircpp;

341 time_cum = tp;

342 time_cum_norm = tpp;

343

344 end



Appendix Code 2: Chapter 5 Data Processing

Overview

This notebook is split into 3 parts:

1. loading the single-specimen isotope data and calculating confidence intervals for G. truncatulinoides
2. applying confidence intervals to downcore data
3. cleaning and smoothing downcore data by various aproaches

Input 
data/raw/U1475_gtrunc_IFA.csv  <- raw Individual Foram. Analysis data of G. truncatulinoides (sin) in

4 samples from Site U1475 
data/raw/U1475_MPT_trunc.csv  <- the raw U1475 proxy data (partially published by Starr et al., 2021

and Ziegler et al., 2013) 
data/raw/starr_et_al_2020_age_model.csv  <- Starr 2021 LR04 Age Model 
data/raw/U1475_Pmag_U1476_age_model.csv  <- U1476 pMag Age Model (Barker et al., 2021) 

 
Output 
/data/interim/u1475_starr_CI.csv  <- the raw U1475 proxy data with 95% Confidence Intervals

added for G. truncat. d13C and d18O 
/data/interim/u1475_smoothed_series.csv  <- the smoothed series (using PCHIP and LOWESS,

detailed below)  
/data/interim/u1475_binned.csv  <- the binned series (detailed below)

In [2]:

# PREAMBLE - import dependencies (all depencies are available in the virtual enviro

import numpy as np

import matplotlib as mpl

import pandas as pd

import pyleoclim as pyl

import matplotlib.gridspec as gridspec

from matplotlib import pyplot as plt

from matplotlib.ticker import (MultipleLocator, AutoMinorLocator)

from scipy.interpolate import interp1d

from scipy.interpolate import PchipInterpolator

from scipy.stats import sem

from statsmodels.nonparametric.smoothers_lowess import lowess as  sm_lowess
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In [3]:

3 - Applying C.I for downcore data
taking the sigma estimated from IFA in section 1aand using the standard error of the mean
possibly more sophisticated ways of doing this, especially as the IFA for d18O is not normal (fails Shapiro-
Wilks test)

where  is the standard deviation of multiple individually-measured foram specimens from an individual
sample.

=𝜎�̄�
𝜎

𝑛
⎯⎯

√

𝜎

In [10]:

### ---- Useful Functions to be called throughout --- ###

def age_model(depth_in,tie_points):

    """ Takes a depth scale and converts it to age using the tie_points specified""

    y = tie_points.iloc[:,1] # AGE POINTS in position 1; sample every 5

    y[0] = 0 # froce minimum age of 0

    x = tie_points.iloc[:,0] # DEPTH POINTS in position 0; sample every 5

    x[0] = 0 # force minimum depth of 0

    f = interp1d(x,y,fill_value="extrapolate") 

    age_out = f(depth_in) # interpolate depth in onto age model defined by tie_poin

    return age_out

n = (u1475_starr['trunc specimens']<=2) # all samples with n smaller than or equal 

u1475_starr['d18Otrunca'].loc[n] = np.nan # set to nan (i.e. remove)

u1475_starr['d13Ctrunc'].loc[n] = np.nan

# sem = sigma / sqrt(n)

sem_13 = u1475_starr.apply(lambda x : (0.308/np.sqrt(x['trunc specimens']) if x['tr

u1475_starr['d13C_trunc_upper95'] = u1475_starr['d13Ctrunc'] + (1.96*sem_13)

u1475_starr['d13C_trunc_lower95'] = u1475_starr['d13Ctrunc'] - (1.96*sem_13)

sem_18 = u1475_starr.apply(lambda x : (0.404/np.sqrt(x['trunc specimens']) if x['tr

u1475_starr['d18O_trunc_upper95'] = u1475_starr['d18Otrunca'] + (1.96*sem_18)

u1475_starr['d18O_trunc_lower95'] = u1475_starr['d18Otrunca'] - (1.96*sem_18)



In [11]:

x = u1475_starr['Median Age (kyr)']

bin_size = 8 # 8-kyr bins

d18O_bin = bin_AS(x, u1475_starr['d18Otrunca'], bin_size=bin_size,start=0,stop=1540

d13C_bin = bin_AS(x, u1475_starr['d13Ctrunc'], bin_size=bin_size,start=0,stop=1540,

n_bin = bin_AS(x, u1475_starr['trunc specimens'], bin_size=bin_size,start=0,stop=15

u1475_binned = pd.DataFrame()

u1475_binned['Age_mid (kyr)'] = d18O_bin['age']

u1475_binned['d18O_ G. trunc'] = d18O_bin['values']

u1475_binned['d13C_ G. trunc'] = d13C_bin['values']

u1475_binned['n_bins'] = d18O_bin['n']

u1475_binned['n_samples'] = n_bin['values']

u1475_binned['d18O_stat_error'] = d18O_bin['stat_error']

u1475_binned['d13C_stat_error'] = d13C_bin['stat_error']

# apply error to the newly binned data (with sum(n) from samples in each bin)

u1475_binned['d18O_sys_error'] = (0.404/np.sqrt(u1475_binned['n_samples']))

u1475_binned['d13C_sys_error'] = (0.308/np.sqrt(u1475_binned['n_samples']))

# combine systematic and statistical error

u1475_binned['d18O_total_error'] = 1.96*(np.sqrt(u1475_binned['d18O_stat_error']**2

u1475_binned['d13C_total_error'] = 1.96*(np.sqrt(u1475_binned['d13C_stat_error']**2

# remove samples where n is still lower than 3

n = (u1475_binned['n_samples']<=2) # all samples with n smaller than 3

u1475_binned['d18O_ G. trunc'].loc[n] = np.nan

u1475_binned['d13C_ G. trunc'].loc[n] = np.nan

u1475_binned['d18O_total_error'].loc[n] = np.nan

u1475_binned['d13C_total_error'].loc[n] = np.nan

u1475_binned['n_samples'].loc[n] = np.nan

u1475_binned['n_bins'].loc[n] = np.nan

##### do benthics

u1475_starr.rename(columns={'Median Age (kyr)':'Age_mid (kyr)','C. wuellerstorfi d1

u1475_starr['Cwuel_d18O (+0.64)'] = u1475_starr['Cwuel_d18O']+0.64

u1475_starr['Dd18O'] = u1475_starr['d18Otrunca']-u1475_starr['Cwuel_d18O (+0.64)']

u1475_starr['Dd13C'] = u1475_starr['d13Ctrunc']-u1475_starr['Cwuel_d13C']

d18O_bin = pyl.utils.tsutils.bin(u1475_starr['Age_mid (kyr)'], u1475_starr['Cwuel_d

d13C_bin = pyl.utils.tsutils.bin(u1475_starr['Age_mid (kyr)'], u1475_starr['Cwuel_d

# Combine

u1475_binned['Cwuel_d18O'] = pd.Series(d18O_bin['binned_values'])

u1475_binned['Cwuel_d13C'] = pd.Series(d13C_bin['binned_values'])

u1475_binned['Dd13C'] = u1475_binned['d13C_ G. trunc']-u1475_binned['Cwuel_d13C']

u1475_binned['Dd18O'] = u1475_binned['d18O_ G. trunc']-u1475_binned['Cwuel_d18O']

u1475_binned['Dd13C_upper'] = (u1475_binned['d13C_ G. trunc']+u1475_binned['d13C_to

u1475_binned['Dd13C_lower'] = (u1475_binned['d13C_ G. trunc']-u1475_binned['d13C_to

u1475_binned['Dd18O_upper'] = (u1475_binned['d18O_ G. trunc']+u1475_binned['d18O_to

u1475_binned['Dd18O_lower'] = (u1475_binned['d18O_ G. trunc']-u1475_binned['d18O_to

#



In [16]:

# intialize empty dataframe with a linearly-spaced age scale from 1-1550 kyrs and a

x_new = np.arange(1,1550,5)

smoothed = pd.DataFrame()

smoothed['Age [linear]'] = x_new

K = 100000 # number of bootstrap iterations

def pre_process(x,y,yerr):

    x=x[y.notnull()]

    yerr=yerr[y.notnull()]

    y=y[y.notnull()]

    y=y[x.notnull()]

    yerr=yerr[x.notnull()]

    x=x[x.notnull()]

    y=y.drop([858])

    x=x.drop([858])

    yerr=yerr.drop([858])

    

    y = y[yerr.notnull()]

    x = x[yerr.notnull()]

    yerr=yerr[yerr.notnull()]

    

    if np.max(yerr)!=0:

        yerr=(yerr-y)/1.96 # convert into standard error of mean

    return x,y,yerr

def pchip_(x,y,x_new,yerr):

    

    # BOOTSTRAP ROUTINE

    x = x.reset_index(drop=True)

    y = y.reset_index(drop=True)

    if np.max(yerr)!=0:

        y = np.random.normal(y,yerr)

    samples = np.random.choice(len(x), round(len(x)*0.95), replace=True) # take 90%

    n = np.unique(samples)

    x_s = x[n]

    y_s = y[n]

    f = PchipInterpolator(x_s,y_s) # interpolate the subsample using the PCHIP appr

    ynew = f(x_new) # apply the interpolator to the new age scale

    return ynew

   

### PCHIP d18O

x,y,yerr = pre_process(u1475_starr['Age_mid (kyr)'],u1475_starr['d18Otrunca'],u1475

stk = np.stack([pchip_(x, y, x_new,yerr) for k in range(K)]).T

mean = np.nanmean(stk, axis=1)

c5 = np.nanpercentile(stk, 5, axis=1) # 5 percent

c95 = np.nanpercentile(stk, 95, axis=1) # 95 percent

# a 95% confidence interval

smoothed['d18O_PCHIP'] = mean

smoothed['d18O_95'] = c95

smoothed['d18O_5'] = c5

### PCHIP d13C

x,y,yerr = pre_process(u1475_starr['Age_mid (kyr)'],u1475_starr['d13Ctrunc'],u1475_

stk = np.stack([pchip_(x, y, x_new,yerr) for k in range(K)]).T

mean = np.nanmean(stk, axis=1)

c5 = np.nanpercentile(stk, 2.5, axis=1) #2.5 percent

c95 = np.nanpercentile(stk, 95, axis=1) # 95 percent

# a 95% confidence interval



smoothed['d13C_PCHIP'] = mean

smoothed['d13C_95'] = c95

smoothed['d13C_5'] = c5

###### DO BENTHICS AS WELL

### PCHIP d18O

yerr = pd.Series(np.zeros(len(u1475_starr['Age_mid (kyr)'])))

x,y,yerr = pre_process(u1475_starr['Age_mid (kyr)'],u1475_starr['Cwuel_d18O'],yerr)

stk = np.stack([pchip_(x, y, x_new,yerr) for k in range(K)]).T

mean = np.nanmean(stk, axis=1)

c5 = np.nanpercentile(stk, 2.5, axis=1) #2.5 percent

c95 = np.nanpercentile(stk, 95, axis=1) # 95 percent

# a 95% confidence interval

smoothed['c18O_PCHIP'] = mean

smoothed['c18O_95'] = c95

smoothed['c18O_5'] = c5

### PCHIP d13C

yerr = pd.Series(np.zeros(len(u1475_starr['Age_mid (kyr)'])))

x,y,yerr = pre_process(u1475_starr['Age_mid (kyr)'],u1475_starr['Cwuel_d13C'],yerr)

stk = np.stack([pchip_(x, y, x_new,yerr) for k in range(K)]).T

mean = np.nanmean(stk, axis=1)

c5 = np.nanpercentile(stk, 2.5, axis=1) #2.5 percent

c95 = np.nanpercentile(stk, 95, axis=1) # 95 percent

# a 95% confidence interval

smoothed['c13C_PCHIP'] = mean

smoothed['c13C_95'] = c95

smoothed['c13C_5'] = c5

## gradients

smoothed['Dd13C_PCHIP'] = smoothed['d13C_PCHIP'] - smoothed['c13C_PCHIP']

smoothed['Dd13C_5'] = smoothed['d13C_5'] - smoothed['c13C_PCHIP']

smoothed['Dd13C_95'] = smoothed['d13C_95'] - smoothed['c13C_PCHIP']

smoothed['Dd18O_PCHIP'] = smoothed['d18O_PCHIP'] - smoothed['c18O_PCHIP']

smoothed['Dd18O_5'] = smoothed['d18O_5'] - smoothed['c18O_PCHIP']

smoothed['Dd18O_95'] = smoothed['d18O_95'] - smoothed['c18O_PCHIP']



Appendix Code 3: Carbon Isotope Compilation
In [1]:

In [2]:

In [3]:

/home/aidan/Insync/StarrA1@cardiff.ac.uk/OneDrive Biz/Files/Projects/

U1475/subproject_repos/Gtrunc_paper 

cd '/home/aidan/Insync/StarrA1@cardiff.ac.uk/OneDrive Biz/Files/Projects/U1475/subp

# PREAMBLE

import numpy as np

import matplotlib as mpl

import pandas as pd

import pyleoclim as pyl

import matplotlib.gridspec as gridspec

import statsmodels.api as sm

from matplotlib import pyplot as plt

from matplotlib.ticker import (MultipleLocator, AutoMinorLocator)

from scipy.interpolate import interp1d

from scipy.ndimage import gaussian_filter1d

from scipy.stats import shapiro

import scipy.stats as stats

from sklearn.linear_model import LinearRegression

import seaborn as sns

import io

import requests

import xarray as xr

import cartopy.crs as ccrs

import os

from scipy.interpolate import PchipInterpolator

import warnings

warnings.filterwarnings("ignore")

# plotting style

pyl.utils.plotting.set_style(style={'matplotlib','_spines','_nogrid'})

mpl.rcParams.update({

    'font.family':'sans-serif',

    'font.size':12,

    'font.sans-serif':['Liberation Sans'],

    'lines.linewidth':1.2

    })

# Load LR04

url = 'http://www.lorraine-lisiecki.com/LR04stack.txt'

s=requests.get(url).content

c = pd.read_csv(io.StringIO(s.decode('utf-8')),header=3,sep='\t',nrows=1100)

LR04 = c.rename(columns={'Time (ka)':'Age [ka BP]','Benthic d18O (per mil)':'d18O'}

%matplotlib inline

8.5 Appendix Code 3 283

8.5 Appendix Code 3



In [4]:

Part 1: Get Data

In [23]:

### ---- Useful Functions to be called throughout --- ###

def age_model(depth_in,tie_points):

    """ Takes a depth scale and converts it to age using the tie_points specified""

    y = tie_points.iloc[::5,1] # AGE POINTS in position 1; sample every 5

    y[0] = 0 # froce minimum age of 0

    x = tie_points.iloc[::5,0] # DEPTH POINTS in position 0; sample every 5

    x[0] = 0 # force minimum depth of 0

    f = interp1d(x,y,fill_value="extrapolate") 

    age_out = f(depth_in) # interpolate depth in onto age model defined by tie_poin

    return age_out

def load_site(site):

    s=requests.get(site['url']).content

    c = pd.read_csv(io.StringIO(s.decode('utf-8')),header=site['header'],sep='\t')

    return c

sites = ['U1475','U1476','U1308','MD06_3018','ODP1143','ODP1090','ODP1088','ODP925'



In [24]:

ODP980 = {}

ODP980['url'] = 'http://moraymo.us/wp-content/uploads/2014/04/s980-981ageSBP90isoci

ODP980['header'] = 0

ODP980['chron'] = 'LR04'

ODP980['data'] = pd.read_table('data/isotope_compilation_raw/ODP980_981.csv',sep=",

ODP980['meta'] = {'lat':55.485,

                  'lon':-14.701667,

                  'depth':2172,

                  'ref':"Oppo1998; Flower2000; McManus1999",

                 'offset':'none',

                 'basin':'Atl'}

ODP982 = {}

ODP982['url'] = 'http://moraymo.us/wp-content/uploads/2014/04/s982ageSBP90isocib.tx

ODP982['header'] = 0

ODP982['chron'] = 'S95'

ODP982['data'] = load_site(ODP982)

ODP982['data'].rename(columns={'depth (mcd)':'Depth [m]','982 O18':'d18O','982 C13'

ODP982['meta'] = {'lat':57.516667,

                  'lon':-15.866667,

                  'depth':1134,

                  'ref':"Venz1999; Venz2002",

                 'offset':'none',

                 'basin':'Atl'}

ODP983 = {}

ODP983['url'] = 'http://moraymo.us/wp-content/uploads/2014/04/s983ageSBP90isocib.tx

ODP983['header'] = 0

ODP983['chron'] = 'SBP90'

ODP983['data'] = load_site(ODP983)

ODP983['data'].rename(columns={'depth (mcd)':'Depth [m]','O18-983':'d18O','C13-983'

ODP983['meta'] = {'lat':60.4033333333333,

                  'lon':-23.6406666666667,

                  'depth':1983,

                 'ref':'Klieven2003; Raymo1998',

                 'offset':'none',

                 'basin':'Atl'}

ODP984 = {}

ODP984['url'] = 'http://moraymo.us/wp-content/uploads/2014/04/s984ageSBP90isocib.tx

ODP984['header'] = 0

ODP984['chron'] = 'SBP90'

ODP984['data'] = load_site(ODP984)

ODP984['data'].rename(columns={'depth (mcd)':'Depth [m]','984 O18 ':'d18O','984 C13

ODP984['meta'] = {'lat':61.4251166666667,

                  'lon':-24.0825,

                  'depth':1649,

                 'ref':'Raymo2004',

                 'offset':'none',

                 'basin':'Atl'}

DSDP552 = {}

DSDP552['url'] = 'http://moraymo.us/wp-content/uploads/2014/04/552iso_ageLR04_0-1.3

DSDP552['header'] = 0

DSDP552['chron'] = 'LR04'

DSDP552['data'] = load_site(DSDP552)

DSDP552['data'].rename(columns={'LR04 age (ka)':'Age [ka BP]','Depth (m)':'Depth [m

DSDP552['meta'] = {'lat':56.0427,

                  'lon':-23.2313,

                  'depth':2301,



                  'ref':'Shackleton1984',

                  'offset':'d18O+0.64',

                  'basin':'Atl'}

DSDP607 = {}

DSDP607['url'] = 'http://moraymo.us/wp-content/uploads/2014/04/607iso_ageLR04_0-1.3

DSDP607['header'] = 0

DSDP607['chron'] = 'LR04'

DSDP607['data'] = load_site(DSDP607)

DSDP607['data'].rename(columns={'LR04age(ka)':'Age [ka BP]','Depth':'Depth [m]'},in

DSDP607['data']['d18O'].values[DSDP607['data']['d18O']>4] = np.nan

DSDP607['data']['d13C'].values[DSDP607['data']['d13C']>4] = np.nan

DSDP607['meta'] = {'lat':41,

                 'lon':-32.2313,

                 'depth':3427,

                 'ref':"Ruddiman1989; Raymo1989",

                 'offset':'d18O+0.64',

                  'basin':'Atl'}

ODP846 = {}

ODP846['url'] = 'http://moraymo.us/wp-content/uploads/2014/04/s846ageSBP90isocib.tx

ODP846['header'] = 0

ODP846['chron'] = 'SBP90'

ODP846['data'] = load_site(ODP846)

ODP846['data'].rename(columns={'RMCDepth (m)':'Depth [m]','846 O18':'d18O','846 C13

ODP846['meta'] = {'lat':-3.09493333333333,

                  'lon':-90.8179666666667,

                  'depth':3296,

                 'ref':'Mix1995',

                 'offset':'none',

                 'basin':'Pac'}

ODP664 = {}

ODP664['url'] = 'http://moraymo.us/wp-content/uploads/2014/04/664iso_ageLR04_0-1.3m

ODP664['header'] = 0

ODP664['chron'] = 'LR04'

ODP664['data'] = load_site(ODP664)

ODP664['data'].rename(columns={'LR04 age (ka)':'Age [ka BP]','Comp. Depth':'Depth [

ODP664['meta'] = {'lat':0.1073,

                  'lon':-23.2275,

                  'depth':3806,

                 'ref':'Raymo1997',

                 'offset':'d18O+0.64',

                 'basin':'Atl'}

ODP677 = {}

ODP677['url'] = 'http://moraymo.us/wp-content/uploads/2014/04/677iso_ageLR04_0-1.3m

ODP677['header'] = 0

ODP677['chron'] = 'LR04'

ODP677['data'] = load_site(ODP677)

ODP677['data'].rename(columns={'LR04 age (ka)':'Age [ka BP]','Depth':'Depth [m]'},i

ODP677['meta'] = {'lat':1.2023,

                 'lon':-83.737,

                 'depth':3472}

DSDP502 = {}

DSDP502['url'] = 'https://doi.pangaea.de/10.1594/PANGAEA.52481?format=textfile'

DSDP502['header'] = 17

DSDP502['chron'] = 'TP607'

DSDP502['data'] = load_site(DSDP502)

DSDP502['data'].rename(columns={'C. wuellerstorfi δ18O [‰ PDB]':'d18O','C. wuellers

DSDP502['meta'] = {'lat': 11.491,



               'lon':-79.3797,

               'depth':3051,

               'sill':1800,

                   'ref':'deMenocal1992',

                  'offset':'d18O+0.64',

                  'basin':'Atl'}

ODP659 = {}

ODP659['url'] = 'https://doi.pangaea.de/10.1594/PANGAEA.746218?format=textfile'

ODP659['header'] = 18

ODP659['chron'] = 'nul'

ODP659['data'] = load_site(ODP659)

ODP659['data'].rename(columns={'C. wuellerstorfi δ18O [‰ PDB]':'d18O','C. wuellerst

ODP659['meta'] = {'lat':18.0772,

                 'lon':-21.0262,

                 'depth':3071,

                 'ref':'Sarnthein1989',

                 'offset':'none',

                 'basin':'Atl'}

ODP849={}

ODP849['url'] = 'https://doi.pangaea.de/10.1594/PANGAEA.60255?format=textfile'

ODP849['header']=22

ODP849['chron'] = 'SPB90'

ODP849['data'] = load_site(ODP849)

ODP849['data'].rename(columns={'Depth [m]':'old Depth','Depth cr [rmcd]':'Depth [m]

ODP849['data'].sort_values(by='Depth [m]',axis=0,inplace=True)

ODP849['meta'] = {'lat':0.1823,

                 'lon':-110.5197,

                 'depth':3839,

                 'ref':'Mix1995',

                 'offset':'none',

                 'basin':'Pac'}

ODP925 = {}

ODP925['url'] = 'https://doi.pangaea.de/10.1594/PANGAEA.871107?format=textfile'

ODP925['header'] = 36

ODP925['chron'] = 'Wil17'

ODP925['data'] = load_site(ODP925)

df = ODP925['data']

ODP925['data'] = df[(df['Foram bent']=='CWUE')]

ODP925['data'].rename(columns={'Depth [m]':'old Depth','Depth comp [mcd]':'Depth [m

ODP925['meta'] = {'lat':4.20415,

                 'lon':-43.4889,

                 'depth':3041,

                 'ref':'Wilkens2017',

                 'offset':'none',

                 'basin':'Atl'}

ODP1088 = {}

ODP1088['url'] = 'https://doi.pangaea.de/10.1594/PANGAEA.218111?format=textfile'

ODP1088['chron'] = 'Mix95'

ODP1088['header'] = 19

ODP1088['data'] = load_site(ODP1088)

ODP1088['data'].rename(columns={'Cibicidoides spp. δ18O [‰ PDB]':'d18O','Cibicidoid

ODP1088['meta'] = {'lat':-41.1361,

                 'lon':13.563,

                 'depth':2082,

                  'ref':'Hodell2003',

                  'offset':'none',

                  'basin':'Atl'}



ODP1090 = {}

ODP1090['url'] = 'https://doi.pangaea.de/10.1594/PANGAEA.218131?format=textfile'

ODP1090['header'] = 20

ODP1090['chron'] = 'Mix95'

ODP1090['data'] = load_site(ODP1090)

ODP1090['data'].rename(columns={'C. wuellerstorfi δ18O [‰ PDB]':'d18O','C. wuellers

ODP1090['meta'] = {'lat':-42.9137,

                 'lon':8.8997,

                 'depth':3700,

                  'ref':'Hodell2003',

                  'offset':'none',

                  'basin':'Atl'}

ODP1123 = {}

ODP1123['url'] = 'https://doi.pangaea.de/10.1594/PANGAEA.700860?format=textfile'

ODP1123['header'] = 39

ODP1123['data'] = load_site(ODP1123)

ODP1123['chron'] = 'nul'

ODP1123['data'] = ODP1123['data'].rename(columns={'Depth [m]':'old Depth','Depth cr

ODP1123['meta'] = {'lat':-41.786,

                 'lon':-171.499,

                 'depth':3290,

                   'ref':'Harris2002',

                  'offset':'d18O+0.64',

                  'basin':'Pac'}

ODP1143 = {}

ODP1143['url'] = 'https://doi.pangaea.de/10.1594/PANGAEA.784149?format=textfile'

ODP1143['header'] = 29

ODP1143['chron'] = 'TWC02'

ODP1143['data'] = load_site(ODP1143)

ODP1143['data'].rename(columns={'Depth [m]':'old depth','Depth comp [mcd]':'Depth [

ODP1143['data'].sort_values(by='Depth [m]',inplace=True)

ODP1143['meta'] = {'lat':9.35,

                 'lon':113.28,

                 'depth':2772,

                  'ref':'Cheng2004',

                  'offset':'none',

                  'basin':'Pac'}

GeoB3388 = {}

GeoB3388['url'] = 'https://doi.pangaea.de/10.1594/PANGAEA.686213?format=textfile'

GeoB3388['chron'] = 'SBP90'

GeoB3388['header'] = 16

GeoB3388['data'] = load_site(GeoB3388)

GeoB3388['data'].rename(columns={'C. wuellerstorfi δ13C [‰ PDB]':'d13C','C. wueller

GeoB3388['meta'] = {'lat':-25.22,

                 'lon':-75.525,

                 'depth':3558,

                   'ref':'Mohtadi2006',

                   'offset':'none',

                   'basin':'Pac'}

MD06_3018 = {}

MD06_3018['url'] = 'ftp://ftp.ncdc.noaa.gov/pub/data/paleo/contributions_by_author/

MD06_3018['header'] = 0

MD06_3018['chron'] = 'LR04'

MD06_3018['data'] = pd.read_csv('data/isotope_compilation_raw/russon2009.txt',delim

MD06_3018['data'].rename(columns={'Age(ka)':'Age [ka BP]'},inplace=True)

MD06_3018['meta'] = {'lat':-23,

                 'lon':166.15,

                 'depth':2470,



                    'ref':'Russon2009',

                    'offset':'d18O+0.64',

                     'basin':'Pac'}

ODP1063 = {}

ODP1063['url'] = 'https://www1.ncdc.noaa.gov/pub/data/paleo/contributions_by_author

ODP1063['header'] = 65

ODP1063['chron'] = 'LR04'

ODP1063['data'] = pd.read_csv('data/isotope_compilation_raw/poirier2014-1063comp.cs

ODP1063['data']['d18O'].values[ODP1063['data']['d18O']<-10] = np.nan

ODP1063['data']['d13C'].values[ODP1063['data']['d13C']<-10] = np.nan

ODP1063['meta'] = {'lat':33.6833,

                 'lon':-57.6167,

                 'depth':4583,

                    'ref':'Poirier2014',

                    'offset':'d18O+0.64',

                     'basin':'Atl'}

U1308 = {}

U1308['url'] = 'https://doi.pangaea.de/10.1594/PANGAEA.871936?format=textfile'

U1308['header'] = 26

U1308['chron'] = 'LR04'

U1308['data'] = load_site(U1308)

U1308['data'].rename(columns={'Cibicidoides sp. δ18O [‰ PDB]':'d18O','Cibicidoides 

U1308['meta'] = {'lat':49.88,

                 'lon':-24.24,

                 'depth':3883,

                'ref':'Hodell2016',

                'offset':'none',

                 'basin':'Atl'}

U1476 = {}

U1476['chron'] = 'LR04'

U1476['data'] = pd.read_csv('data/isotope_compilation_raw/U1476_cib.csv')

U1476['meta'] = {'lat':-15.81,

                 'lon':41.76667,

                 'depth':2166,

                'ref':'vanderLubbe2021; BArker2021',

                'offset':'none',

                 'basin':'Ind'}

ODP1264 = {}

ODP1264['chron'] = 'LR04'

ODP1264['data'] = pd.read_csv('data/isotope_compilation_raw/bell2014-1264.txt',head

ODP1264['meta'] = {'lat':-28.53,

                  'lon':2.85,

                  'depth':2504,

                  'ref':'Bell2014',

                  'offset':'d18O+64',

                  'basin':'Atl'}

ODP1264['data'].rename(columns={'age_calkaBP':'Age [ka BP]','d13Cc.wuell':'d13C','d

ODP1267 = {}

ODP1267['chron'] = 'LR04'

ODP1267['data'] = pd.read_csv('data/isotope_compilation_raw/bell2014-1267.txt',head

ODP1267['meta'] = {'lat':-28.1,

                  'lon':1.71,

                  'depth':4355,

                  'ref':'Bell2014',



Apply LR04 Age Models where nessecary
many of the cores are already on the LR04 scale, however where they are not, they are mostly included in
the LR04 stack
use files from Lisiecki's website which contain a depth column and an LR04 age column

                  'offset':'d18O+64',

                  'basin':'Atl'}

ODP1267['data'].rename(columns={'age_calkaBP':'Age [ka BP]','d13Cc.wuell':'d13C','d

U1475 = {}

U1475['chron'] = 'LR04'

U1475['data'] = pd.read_csv('/home/aidan/Insync/StarrA1@cardiff.ac.uk/OneDrive Biz/

U1475['meta']  = {'lat':-41,

                  'lon':25,

                  'depth':3000,

                  'ref':'Starr2021',

                  'basin':'Ind'}

U1475['data'].rename(columns={'Cwu d13C (VPDB)':'d13C','Cwu d18O (VPDB)':'d18O','LR



In [25]:

Out[25]:

lat lon depth ref offset basin site chron

4 57.516667 -15.866667 1134 Venz1999;
Venz2002 none Atl ODP982 S95

6 61.425117 -24.0825 1649 Raymo2004 none Atl ODP984 SBP90

5 60.403333 -23.640667 1983 Klieven2003;
Raymo1998 none Atl ODP983 SBP90

14 -41.1361 13.563 2082 Hodell2003 none Atl ODP1088 Mix95

19 -15.81 41.76667 2166 vanderLubbe2021;
BArker2021 none Ind U1476 LR04

3 55.485 -14.701667 2172
Oppo1998;

Flower2000;
McManus1999

none Atl ODP980 LR04

7 56.0427 -23.2313 2301 Shackleton1984 d18O+0.64 Atl DSDP552 LR04

17 -23 166.15 2470 Russon2009 d18O+0.64 Pac MD06_3018 LR04

1 -28.53 2.85 2504 Bell2014 d18O+64 Atl ODP1264 LR04

16 9.35 113.28 2772 Cheng2004 none Pac ODP1143 TWC02

20 -41 25 3000 Starr2021 NaN Ind U1475 LR04

13 4.20415 -43.4889 3041 Wilkens2017 none Atl ODP925 Wil17

11 11.491 -79.3797 3051 deMenocal1992 d18O+0.64 Atl DSDP502 TP607

9 -3.094933 -90.817967 3296 Mix1995 none Pac ODP846 SBP90

8 41 -32.2313 3427 Ruddiman1989;
Raymo1989 d18O+0.64 Atl DSDP607 LR04

15 -42.9137 8.8997 3700 Hodell2003 none Atl ODP1090 Mix95

lr04s = 'data/isotope_compilation_raw/LR04cores_spec_corr/'

filz = os.listdir(lr04s)

sitz=[]

for site in sites:

    if eval(site)['chron'] != 'LR04':

        if os.path.isfile(lr04s+site+'.txt'):

            sitz.append(site)

            filee = pd.read_csv(lr04s+site+'.txt',delim_whitespace=True,header=None

            dataa = eval(site)['data']

            eval(site)['data']['Age [ka BP]'] = age_model(dataa['Depth [m]'], filee

dd = pd.DataFrame(columns=['site','lat','lon','depth'])

for site in sites:

    d = pd.DataFrame([eval(site)['meta']])

    d['site'] = site

    d['chron'] = eval(site)['chron']

    d['t_min'] = eval(site)['data']['Age [ka BP]'].min()

    d['t_max'] = eval(site)['data']['Age [ka BP]'].max()

    d['dt'] = eval(site)['data']['Age [ka BP]'].diff().mean()

    dd = pd.concat([d,dd])

    

#dd.to_latex(buf='fig/table1.tex',index=False,float_format="%.1f",columns=['site','

dd=dd.reset_index(drop=True)

dd.sort_values(by='depth')



Now interpolate and smooth
interpolate onto a common timescale
smooth using LOESS (same as for U1475)

In [ ]:

lat lon depth ref offset basin site chron

10 0.1073 -23.2275 3806 Raymo1997 d18O+0.64 Atl ODP664 LR04

12 0.1823 -110.5197 3839 Mix1995 none Pac ODP849 SPB90

18 49.88 -24.24 3883 Hodell2016 none Atl U1308 LR04

0 -28.1 1.71 4355 Bell2014 d18O+64 Atl ODP1267 LR04

2 33.6833 -57.6167 4583 Poirier2014 d18O+0.64 Atl ODP1063 LR04

from src.clean_TS import bin_AS

def interpolate_records(site):

    

    x = eval(site)['data']['Age [ka BP]']

    y = eval(site)['data']['d18O']

    d18O_bin = bin_AS(x,y, bin_size=5,start=1,stop=3500,evenly_spaced=False,func='M

    result = pd.DataFrame()

    result['Age [ka BP]'] = d18O_bin['age']

    result[site+'_d18O'] = d18O_bin['values']

    result[site+'_d18O_error'] = d18O_bin['stat_error']

    

    y = eval(site)['data']['d13C']

    d13C_bin = bin_AS(x,y, bin_size=5,start=1,stop=3500,evenly_spaced=False,func='M

    result['Age [ka BP]'] = d13C_bin['age']

    result[site+'_d13C'] = d13C_bin['values']

    result[site+'_d13C_error'] = d13C_bin['stat_error']

    

    return result

binned = interpolate_records(sites[0])

for site in sites[1:]:

    result = interpolate_records(site)

    binned = binned.merge(result,on='Age [ka BP]')



In [34]:

In [21]:

##### Clean and export

binned_d18O = pd.DataFrame()

binned_d13C = pd.DataFrame()

for site in sites:

    binned_d18O[site] = binned[site+'_d18O']

    binned_d13C[site] = binned[site+'_d13C']

binned_d18O['Age [ka BP]'] = binned['Age [ka BP]']

binned_d18O.set_index('Age [ka BP]',inplace=True)

binned_d13C['Age [ka BP]'] = binned['Age [ka BP]']

binned_d13C.set_index('Age [ka BP]',inplace=True)

binned_d18O.to_csv('data/interim/d18O_benthic_compilation.csv')

binned_d13C.to_csv('data/interim/d13C_benthic_compilation.csv')

binned.to_csv('data/interim/full_compilation_benthic.csv')

dd.to_csv('data/interim/isotope_comp_meta.csv')
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