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Abstract: The evolution of early life is intimately related to environmental changes on Earth, and 14 

in particular, the accumulation of oxygen in the atmosphere and oceans. However, the record of 15 

environmental O2 abundance in the middle to late Proterozoic Eon, during which many new 16 

eukaryotic lineages emerged, is sparse and controversial. Here we present a uranium (U) isotope 17 

record from late Proterozoic shales from northwestern Canada, Arctic Canada (Baffin Island), 18 

Svalbard, and Greenland, coupled with a novel approach for inferring authigenic U isotope values 19 

(δ238Uauthigenic). A compilation comprising our new data and available literature data (854 20 

δ238Uauthigenic values) through geologic time indicates a consistent rise in δ238Uauthigenic values 21 

following the Great Oxidation Event. This gradual increase in δ238U can be interpreted as an 22 

increase in the frequency of transient oxygenation events and also as a variation of U isotope 23 

fractionation factors between authigenic uptake and seawater (Δ238U) associated with different 24 

redox conditions occurring over the Earth’s history. In conjunction with the U isotopic signature, 25 

we used previously published Fe speciation data from our samples to infer local controls on U 26 

incorporation and isotopic fractionation. The results suggest that late Proterozoic oceans were 27 

dominantly ferruginous, punctuated by periods of transient oxygenation. During these transient 28 

oxic conditions, high U isotope fractionation resulted in Δ238U values as high as ~1.2 ‰ relative 29 

to the δ238Ucrust. However, under ferruginous conditions, smaller isotopic fractionation led to Δ238U 30 

values <0.6 ‰. Integrating conclusions from our study with other geochemical studies suggests 31 

the occurrence of several spatially localized oxygenation events across the globe during the late 32 

Proterozoic. These conclusions help to better integrate geochemical and fossil records in the 33 

context of early evolution of complex life. 34 

Keywords: U isotopes; Proterozoic; black shale; oxygenation; paleo-redox  35 
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1. Introduction 36 

Geochemical evidence suggests that the Earth’s atmosphere remained largely oxygen-free until 37 

the Great Oxidation Event (GOE) ca. 2.4 Ga, when O2 levels first exceeded ~0.001% of present 38 

atmospheric levels (PAL, Lyons et al., 2014; Gumsley et al., 2017). The GOE dramatically 39 

impacted biogeochemical processes and the evolutionary trajectory of early life (Butterfield, 2009; 40 

Lyons et al., 2014; Smit and Mezger, 2017). There is growing consensus that atmospheric oxygen 41 

levels rose dramatically in the early Paleoproterozoic Era, perhaps approaching modern levels, and 42 

subsequently crashed ca. 2.0 Ga following the ca. 2.3–2.1 Ga Lomagundi-Jatuli positive carbon 43 

isotope excursion (Hodgskiss et al., 2019; Mänd et al., 2020). Multiple independent redox-44 

sensitive proxies suggest oxygen levels then remained low through the following billion years 45 

during the middle Proterozoic Eon, although these levels are both poorly constrained and 46 

contentious (Partin et al., 2013; Planavsky et al., 2014; Crockford et al., 2018).   47 

A second, late Proterozoic oxygenation event has long been inferred, in part based on the 48 

appearance of Metazoa (Planavsky et al., 2014; Cole et al., 2020a). Although also controversial, 49 

this Neoproterozoic oxygenation event (NOE) is supported by diverse datasets, notably Cr, Mo 50 

and S isotopes in organic-rich shale records (e.g., Kendall et al., 2015; Cole et al., 2016; Kunzmann 51 

et al., 2017a). However, other datasets suggest that oxygenation was more protracted and even 52 

largely delayed until the early (Sperling et al., 2015) or even middle Paleozoic Era (Dahl et al., 53 

2010; Wallace et al., 2017; Krause et al., 2018). Furthermore, spatial and temporal patterns of the 54 

NOE remain nebulous at best (Kunzmann et al., 2017b), plagued by poorly age-calibrated and 55 

often discontinuous records, along with the intrinsically limited quantitative information provided 56 

by most geochemical redox proxies. Discrepancies between geochemical data, the metazoan fossil 57 

record, and molecular clock estimates further complicate this history (Erwin et al., 2011; Cole et 58 

al., 2016; Sahoo et al., 2016; Cheng et al., 2018). The argument that late Neoproterozoic to early 59 

Paleozoic oxygenation was a consequence rather than prerequisite of the early animal evolution 60 

has gained traction (Butterfield, 2009; Lenton et al., 2014). The redox dynamics of the late 61 

Proterozoic oceans also remain controversial. There is strong evidence for both regionally anoxic 62 

conditions until at least the Ediacaran Period (Sperling et al., 2015; Cheng et al., 2018) and also 63 

discrete oxygenation events (Sahoo et al., 2016). Thus, the presence of stable anoxic conditions at 64 
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this time is unlikely, and instability may have contributed to metazoan radiation through 65 

morphological evolution and novelty (Wood and Erwin, 2018; Cole et al., 2020a).  66 

Constraining when oxygen concentrations were sufficiently high to facilitate the energy-expensive 67 

and O2-demanding lifestyles of complex animals (e.g., motility and predation) is critical for 68 

disentangling the causal relationship between global oxygenation and metazoan evolution 69 

(Narbonne, 2004; Xiao and Laflamme, 2009; Sperling et al., 2013; Mills et al., 2014; Sahoo et al., 70 

2016). Mills et al. (2014) demonstrated that simple metazoans can survive in as little as 4% PAL 71 

pO2 (Mills et al., 2014). Other recent studies have demonstrated U isotope fractionation in 72 

Mesoarchean shallow marine and continental shale (3.07-2.0 Ga) associated with biological 73 

production (Wang et al., 2020). This finding suggests a mildly oxidative weathering regime at 74 

Earth’s surface by 3.0 Ga. Trace elements and Mo isotopes in ca 2.2 Ga Mn oxide deposits imply 75 

extensive deposition of oxides under oxidizing marine conditions with O2 concentration above 10 76 

µM (Goto et al., 2021). Other trace metal, biomarker and Cr isotope datasets suggest that pO2 of 77 

at least >1% PAL were achieved, at least transiently, between 1.4 Ga and 1.1 Ga (Gilleaudeau et 78 

al., 2016; Zhang et al., 2016; Canfield et al., 2018). At ca. 1.4 Ga, pO2 was estimated to be at least 79 

1% and possibly as high as 9% PAL (Canfield et al., 2018; Liu et al., 2020; Wei et al., 2021). 80 

However, several lines of evidence, including Cr isotope ratios in marine shale, imply extremely 81 

low pO2 (<0.1% PAL) until ca. 0.8 Ga (Planavsky et al., 2014; Cole et al., 2016). These seemingly 82 

incompatible results raise the possibility that the history of late Proterozoic oxygenation was not 83 

one of simple monotonic rise, but rather fluctuations superimposed upon a longer, protracted 84 

increase through time. Therefore, a better understanding of the oxygenation history of the late 85 

Proterozoic will help to integrate geochemical and fossil records in the context of animal evolution. 86 

In this light, we investigated a collection of marine shales spanning the Neoproterozoic Era during 87 

which the Earth’s ancient landscape underwent important redox, climatic, and biological 88 

transitions. The shale samples span from ca. 1.05 to 0.63 Ga and are derived from northwestern 89 

Canada (0.95-0.62 Ga), Baffin Island (ca. 1.05 Ga), Greenland (0.66-0.655 Ga), and Svalbard 90 

(0.80-0.63 Ga) (Fig. S1). Here, we report the concentrations of redox-sensitive elements (U, Mo) 91 

and U isotope data (see section 2.1) to constrain the redox conditions of the depositional 92 

environments. In order to isolate the authigenic U signature in these shales (see section 2.2), we 93 
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developed a sample leaching protocol. This procedure is essential for these samples because 94 

siliciclastic samples can have a high proportion of detrital U relative to their authigenic component. 95 

In conjunction with the U isotopic signature of these samples, we used previously published Fe 96 

speciation data (Kunzmann et al., 2017b; Gibson et al., 2020; Hodgskiss et al., 2020) to infer local 97 

controls on U incorporation and isotopic fractionation in these shale.   98 

2. Background 99 

2.1.The U isotope paleo-redox proxy 100 

Uranium, a redox-sensitive element (RSE), and its isotopes have emerged as useful tools for ocean 101 

paleo-redox reconstructions. Although the two most common U isotopes (238U and 235U) are 102 

radioactive, their half-lives are relatively long (~4.5 and 0.7 Ga, respectively; Jaffey et al., 1971). 103 

Thus, U isotope fractionations that involve non-radioactive processes leading to U isotope 104 

exchange are recorded as variations in 238U/235U ratios (Andersen et al., 2017), which are widely 105 

reported in δ-notation (i.e., δ238U, Eq. 1).  106 

𝛿238𝑈 (‰) =

[
 
 
 
 (

𝑈238

𝑈235 )
𝑠𝑎𝑚𝑝𝑙𝑒

(
𝑈238

𝑈235 )
𝐼𝑅𝑀𝑀−184

− 1

]
 
 
 
 

× 103     (𝐸𝑞. 1) 113 

Specifically, the application of U isotope systematics as a paleo-redox proxy primarily relies on 107 

significant isotope fractionation during U reduction (Stirling et al., 2007; Weyer et al., 2008). The 108 

U isotopic shifts are associated with the nuclear field shift effect arising from the variations of 109 

nuclear volume and electron density distributions between isotopes. This effect is particularly 110 

significant for elements with heavy masses with large nuclei like uranium (Stirling et al., 2015 and 111 

references therein).  112 

Uranium has two primary oxidation states: soluble UVI and insoluble UIV; the latter is responsible 114 

for U removal from seawater in reducing environments (Barnes and Cochran, 1990). Laboratory 115 

studies have shown that the reductive accumulation of UIV induces U isotopic fractionation (∆238U 116 

= δ238Ured – δ238Uox) up to 1.2 ‰ (Stylo et al., 2015; Dang et al., 2016). Therefore, heavy 238U is 117 

preferentially removed from the water column during reductive accumulation in sediment, driving 118 

the remaining reservoir isotopically lighter (Stylo et al., 2015; Dang et al., 2016). However, major 119 
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challenges in interpreting Earth’s redox history using U isotopes persist, including differentiating 120 

between local and global signals (Lyons et al., 2009) and estimating U isotope fractionation in 121 

different redox environments. 122 

In modern oceans which are predominantly oxic, significant U isotope fractionation occurs in 123 

sediment that underlies reducing bottom waters (e.g., Stirling et al., 2007; Weyer et al., 2008; 124 

Andersen et al., 2017). These reduced environments represent the largest oceanic U sink (Dunk et 125 

al., 2002) and therefore function as the main lever controlling the global marine U isotope mass 126 

balance. Therefore, although the U isotope composition is variable in reduced environments 127 

(Andersen et al., 2017), it is on the whole enriched in 238U relative to seawater, which itself is 128 

reciprocally depleted relative to average upper continental crust (i.e., δ238U = -0.31±0.14 ‰; 129 

Kendall et al., 2013). Extrapolating this understanding of the mechanisms leading to U enrichment 130 

and isotope fractionation systematics allows U isotopes in ancient sediment to be used as a paleo-131 

redox proxy that can track the redox evolution of ancient environments (Kendall et al., 2015; Lau 132 

et al., 2017; Yang et al., 2017). However, recent studies have questioned the applicability of 133 

modern U isotope systematics to paleo-environments due to the variable U isotope fractionation 134 

experienced under different depositional conditions (Cole et al., 2020b), as well as variable U 135 

ocean residence and ocean mixing times over Earth’s history (Chen et al., 2021). 136 

Black shale and carbonate rocks are the two most targeted geological archives for measuring U 137 

isotopes as they are the two major oceanic sinks for U (Andersen et al., 2016). In most modern 138 

oxygenated environments, the U isotopic composition in carbonate approximates seawater because 139 

the structural incorporation of UO2(CO3)3
4- results in limited isotope fractionation (∆238Ucarb <0.2 140 

‰; Andersen et al., 2017). However, it remains unclear how syn- and post-depositional diagenetic 141 

processes alters the primary U isotopic signal in carbonate (Romaniello et al., 2013; Zhang et al., 142 

2020). Therefore, the interpretation of seawater U isotopic composition from carbonate rocks 143 

requires complementary indicators for diagenetic processes (e.g., stable isotopes, Mn/Sr, Mg/Ca 144 

ratios) and consideration of carbonate mineralogy to exclude post-depositional alteration (Lau et 145 

al., 2017). On the other hand, although U isotopes are fractionated at variable degrees during 146 

incorporation into organic-rich shale (∆238U ~ 0.3 to 1.0 ‰; Andersen et al., 2017), this archive 147 
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still records the changing oxidation state of seawater and is intrinsically less susceptible to 148 

alteration by fluid flow than in carbonate.  149 

In modern environments, the high ∆238U expressed during U incorporation into organic-rich muds 150 

is a consequence of the partial UVI-to-UIV reduction under anoxic conditions. As such, high δ238U 151 

in organic-rich shale could be an indicator of increasing atmospheric and oceanic O2 levels and 152 

UVI mobilization and transport to the ocean due to oxidative weathering, at least at a localized scale 153 

(Andersen et al., 2017). However, a major caveat is that organic-rich muds deposited under 154 

differing redox conditions fractionate U isotope values to different extents, which requires further 155 

scrutiny (Andersen et al., 2020). Irrespectively, within such a framework, high δ238U, relative to 156 

the continental crust (-0.3 ‰), in ancient organic-rich shale from the Mesoarchean (Wang et al., 157 

2018) and at 2.5 Ga, 1.98 Ga, 1.36 Ga, 0.66 Ga, and 0.56 Ga, have been interpreted as a record of 158 

discrete oceanic oxygenation events (Kendall et al., 2013; Kendall et al., 2015; Yang et al., 2017; 159 

Mänd et al., 2020). However, more recent studies have demonstrated that U isotopes in both shale 160 

and carbonate facies deposited under ferruginous conditions were highly variable, but with a muted 161 

U isotope fractionation on average (~ + 0.1 ‰, which is similar to oxic sinks) (Cole et al., 2020b; 162 

Chen et al., 2021).  163 

Another important consideration in interpreting U concentrations and isotopic data in ancient 164 

depositional settings is the reservoir they are tracking (e.g., local, regional, or global water masses). 165 

The conservative behavior of the dominant UVI seawater species, the uranyl carbonate ion 166 

(Henderson and Anderson, 2003), leads to long oceanic residence times of U in modern 167 

oxygenated oceans (ca. 400-500 kyr, Henderson and Anderson, 2003) which are well-mixed, 168 

resulting in a globally uniform U isotopic signal (δ 238U ~ -0.39 ‰, Andersen et al., 2017). 169 

Therefore, it has been suggested that U isotopes can be used as a global redox proxy (Weyer et al., 170 

2008). However, the oceanic residence time of U in the anoxic Archean ocean may have been 171 

orders of magnitude shorter due to the dominance of particle reactive UIV (Partin et al., 2013) and 172 

a larger marine U sink from increased anoxic coverage of the seafloor area (Chen et al., 2021). 173 

The fact that U ocean residence time may have been close to the ocean mixing timescale (0.1 to 174 

10 kyr) in the Precambrian makes U isotope systematics likely to reflect local/regional redox 175 

conditions rather than global oceanic conditions (Partin et al., 2013; Chen et al., 2021).  176 
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2.2.Authigenic uranium isotope compositions and redox reconstruction  177 

The widespread use of trace elements (notably the RSEs) in marine shale as a redox proxy in paleo-178 

environmental studies requires an accurate differentiation between detrital (transported or 179 

particulate) and authigenic fractions (precipitated from seawater). It is often assumed that the 180 

authigenic fraction of an element in a solid sample can be approximated by the difference between 181 

bulk concentration (whole-rock digestion) and the detrital fraction (i.e., [Uauthigenic]=[Ubulk]- 182 

[Udetrital]) (Xu et al., 2012; Wang et al., 2020). The latter is often calculated from a fixed detrital 183 

RSE/Al ratio (i.e., [Udetrital]=[Al] ×U/Aldetrital). Traditionally, a single crustal average is used to 184 

represent the detrital input, e.g., U/Al ratio of 0.33 (ppm/wt%), but these values can be significantly 185 

offset from the continental weathering source (0.58±1.1 ppm/wt% in top soils from 4,850 186 

localities; Cole et al., 2017). Via isotopic mass balance, the δ238Uauthigenic values can be, therefore, 187 

calculated from the difference between the U concentration and isotope composition in the whole-188 

rock digestion (bulk, measured) and detrital (computed): 189 

𝛿238𝑈𝑎𝑢𝑡ℎ𝑖𝑔𝑒𝑛𝑖𝑐 = 
[𝑈𝑏𝑢𝑙𝑘] × 𝛿238𝑈𝑏𝑢𝑙𝑘 − [𝑈𝑑𝑒𝑡𝑟𝑖𝑡𝑎𝑙] × 𝛿238𝑈𝑑𝑒𝑡𝑟𝑖𝑡𝑎𝑙

[𝑈𝑎𝑢𝑡ℎ𝑖𝑔𝑒𝑛𝑖𝑐]
 (𝐸𝑞. 2) 204 

In reality, the heterogeneity in the nature of particulate materials which ultimately make up detrital 190 

sediment, and effects of physical and chemical weathering on these particles, requires either a 191 

precise reevaluation of the traditional detrital elemental ratio and U isotope composition (i.e., 192 

U/Aldetrital or U/Th) (Cole et al., 2017), or an alternative method for assessing the detrital fraction, 193 

such as a selective digestion method. One selective leaching approach that has been previously 194 

applied to Triassic and Permian black shale from Svalbard, Svalis Dome, the Norwegian shelf and 195 

East Greenland uses aqua regia to assess the authigenic contribution in marine shale (Xu et al., 196 

2012). Another study uses concentrated nitric acid (15 M) to leach shale powder to dissolve the 197 

authigenic component (Wang et al., 2020). The aqua regia or concentrated acid leach primarily 198 

releases trace metals reflecting the hydrogenous “seawater” component, e.g., those bound to 199 

organic matter, sulfide and carbonate minerals, while the detrital fraction composed mainly of 200 

silicate minerals remains largely unaffected (Xu et al., 2012). Therefore, U concentrations and 201 

isotope compositions analyzed in such leachates could be directly attributed to the authigenic 202 

fractions. In this case, the detrital δ238U can be calculated from the difference between the U 203 
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concentration and isotope composition in the whole-rock digestion (bulk) and leachates 205 

(authigenic) (Eq. 3). The most important advantage of this approach is that all variables are 206 

measured instead of being computed based on a theoretical assumption, which minimizes 207 

uncertainty of the U isotope composition. 208 

𝛿238𝑈𝑑𝑒𝑡𝑟𝑖𝑡𝑎𝑙 =  
[𝑈𝑏𝑢𝑙𝑘] × 𝛿238𝑈𝑏𝑢𝑙𝑘 − [𝑈𝑎𝑢𝑡ℎ𝑖𝑔𝑒𝑛𝑖𝑐] × 𝛿238𝑈𝑎𝑢𝑡ℎ𝑖𝑔𝑒𝑛𝑖𝑐

[𝑈𝑑𝑒𝑡𝑟𝑖𝑡𝑎𝑙]
 (𝐸𝑞. 3) 209 

To summarize, the reliable extraction of authigenic signatures requires careful scrutiny for 210 

obtaining environmental redox information. This is particularly true for the shale records because 211 

of a mixture of detrital and authigenic fractions. For ancient samples where authigenic U and RSE 212 

enrichment may be low (Yang et al., 2017), the bulk δ238U may be dominated by the detrital 213 

fraction, which is expected to approximate bulk upper continental crustal compositions. Thus, for 214 

samples with low authigenic U, it is essential to reliably separate the authigenic from the detrital 215 

signatures. The former is necessary to better constrain U isotope ocean mass balance and the 216 

mechanisms of U isotope fractionation under various specific redox conditions relevant to ancient 217 

marine environments (e.g., oxic, ferruginous, sulfidic). Although shale δ238U data exist for discrete 218 

intervals throughout the Proterozoic Eon (Kendall et al., 2013; Kendall et al., 2015; Lau et al., 219 

2017; Yang et al., 2017), data coverage from the critical interval 1.05–0.66 Ga, during which 220 

eukaryotes diversified (Knoll, 2014), is sparse. 221 

3. Materials and Methods 222 

3.1.Geological and geochemical settings 223 

Dark grey to black shale assessed in this study were collected from northwestern Canada (n = 50), 224 

Baffin Island (n = 34), Greenland (n = 7) and Svalbard (n = 43). Many of these samples were used 225 

and described in prior studies (Kunzmann et al., 2017a, b; Gibson et al., 2020; Hodgskiss et al., 226 

2020). A summary of the stratigraphic units, including their age, comprising the sampled sections 227 

is given in Table S1, together with references that provide detailed geological descriptions.  228 

Northwestern Canada: Six sections (M103, M106, G23, G0233, T1515, T1527) come from early 229 

Tonian (ca. 920-800 Ma) and early Ediacaran (ca. 630-620 Ma) stratigraphic units in Yukon and 230 

Northwest Territories. Most of these shale are characterized by low FeHR/FeT (<0.38) and a lack 231 
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of enrichment in RSEs (Sperling et al., 2013; Kunzmann et al., 2017b; Gibson et al. 2020), 232 

indicating oxygenated surface layers likely overlying deeper anoxic waters. Samples from sections 233 

T1515 and T1527 are from Aok Formation (ca. 900 Ma) and Mikkelson Islands Formation (ca. 234 

950 Ma), of the Shaler Supergroup in the Brock Inlier (Van Acken et al., 2013). Further description 235 

of other samples is provided elsewhere (Kunzmann et al., 2017b). 236 

Baffin Island: Four sections (T1510, T1413, T1412, G1431) were sampled from different 237 

formations of the late Mesoproterozoic Bylot Supergroup, which overlies basalts thought to 238 

correspond to the 1.27 Ga Mackenzie large igneous province. Section T1413 is from the Arctic 239 

Bay Formation, T1412 is from the Iqqittuq Formation, and G1431 is from the Victor Bay 240 

Formation. These units are ca. 1.050 Ga based on Re-Os dates on the upper Arctic Bay and lower 241 

Victor Bay formations ((Gibson et al., 2018). Section T1510 is from the Sinasiuvik Formation, at 242 

the top of the Bylot Supergroup, which is likely ca. 1.0 Ga (Gibson et al., 2019). This succession 243 

also preserves the fossil Bangiomorpha pubescens, widely regarded as the oldest crown group 244 

(red) alga (Butterfield, 2000). Also, it is important to note that depositional environments within 245 

the Borden Basin fluctuated between marine and either lacustrine or restricted marine. Further 246 

details are provided by Gibson et al. (2018, 2019) and Hodgskiss et al. (2020).  247 

Greenland: The section GR12 constitutes the lower part of the Cryogenian interglacial Arena 248 

Formation. This section is equivalent to the Macdonaldryggen Member in Svalbard, with ages of 249 

ca. 660-655 Ma (Halverson et al., 2018). FeHR/FeT ratios in this section span from 0.2 to 0.8, but 250 

most of the data fall in a range that does not allow clear distinction between oxic and anoxic 251 

conditions. Further descriptions are provided by Kunzmann et al. (2017b).  252 

Svalbard: The Neoproterozoic succession in Svalbard is one of the most complete records of the 253 

Tonian and Cryogenian periods, recording both the Sturtian and Marinoan glaciations. A full 254 

geological description is provided elsewhere (Kunzmann et al., 2015; Kunzmann et al., 2017b), 255 

but, briefly, the succession consists of three groups with ages spanning from ca. 950 Ma to 590 256 

Ma. The basal Veteranen Group records an initial rift-phase of basin development, while the 257 

overlying Akademikerbreen and Polarisbreen groups were deposited on a stable, thermally 258 

subsiding continental shelf (Halverson et al., 2018). FeHR/FeT ratios primarily imply anoxia with a 259 

few samples having values indicative of oxic conditions. RSE concentrations are relatively low 260 
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and do not correlate with total organic carbon concentration (Kunzmann et al., 2015). Therefore, 261 

these sediments were not deposited under suboxic to anoxic-ferruginous conditions.  262 

3.2.Sample preparation 263 

Shale samples were collected over the course of multiple field seasons and were previously 264 

described in detail (Sperling et al., 2015; Gibson et al., 2018; Kunzmann et al., 2017b; Gibson et 265 

al., 2020; Hodgskiss et al., 2020). Briefly, fresh samples were selected, cut and cleaned thoroughly 266 

to remove weathered surface material before crushing and grinding.  267 

For aqua regia leaching, aliquots of 250 to 500 mg rock powder were weighed in Teflon digestion 268 

vessels before a mixture of HCl/HNO3 (double-distilled Trace Metal Grade, 2/6 v/v) was added. 269 

The mixture was kept at ca. 120 ºC overnight on a hot plate, after which the supernatant was filtered 270 

(0.2 μm, Nylon filter, Sartorius). Around 5 % of the total set of samples were leached in duplicate 271 

to assess variability (Supplementary Data S1). 272 

For whole-rock digestion, aliquots of rock powder were mixed with a four-acid mixture 273 

(HNO3/HF/HCl/HClO4, 6/3/2/2, v/v/v/v) and kept at ca. 120 ºC overnight on a hot plate. Clear 274 

solutions were dried at 95 ºC before samples were redissolved in 4 mL HCl. The solutions were 275 

dried again and a second 4 mL of HCl were added. These steps were designed to dissolve any 276 

fluoride precipitate. If needed (brown-colored solutions), 0.5 to 2 mL of H2O2 was added in HCl 277 

acid media to oxidize any residual organic content. These solutions were dried again before a final 278 

8 mL of 1.5 M HNO3 solution was added. The vessels were tightly closed and kept at 75 ºC 279 

overnight. For each digestion batch, USGS standards BCR-2 and BHVO-2 were also analyzed to 280 

verify the analytical procedure. 281 

3.3.Elemental analysis 282 

Elemental concentrations were measured using an 8800 Triple Quadrupole ICP-MS (Agilent 283 

Technologies) at the Water Quality Center (Trent University, Canada). Further technical details 284 

are provided in Dang et al. (2018b). Briefly, elemental compositions were analyzed in single 285 

quadrupole and MS/MS mode with In (20 µg L-1) as an internal standard. Reference materials (ES-286 

L1, EnviroMat) were analyzed every 8-to-10 samples to check recovery and stability. C02A 287 

reference standard (CALA, The Canadian Association for Laboratory Accreditation Inc.) was also 288 
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used to double check the analytical accuracy. Recovery was determined using solution (analytical 289 

recovery, Table S2) and rock certified reference materials (Table S3). 290 

3.4.Uranium isotope analysis 291 

The method for U isotope analysis has been described in Dang et al. (2018b, 2018a, 2016). Briefly, 292 

U was purified from sample matrices using TRU resin (100-150 μm, Eichrom). A double spike 293 

technique using 233U/236U (IRMM-3636b) was used for internal correction of instrumental mass 294 

fractionation and any potential isotope fractionation during column purification chemistry. Two 295 

double-spiked standards (IRMM-184, prepared in the same matrix as the samples, i.e., 1.5-M 296 

HNO3) were included routinely with each batch of column chemistry (i.e., every 18 samples) to 297 

verify the absence of artificial U isotope fractionation during the process (Dang et al., 2018b). 298 

Uranium isotope ratios were measured on a MC-ICP-MS (Thermo Scientific Neptune) at the Trent 299 

Water Quality Center. Technical details have been described previously (Dang et al., 2018b; Dang 300 

et al., 2018a). Each sample was bracketed by two double-spiked standards (prepared in HCl/HF 301 

0.1M/0.3M solution); the U concentrations were 33 μg L-1 in both samples and standards, yielding 302 

a signal of ca. 12 V for 238U and 0.1 V for 235U. We also analyzed several procedural blanks; their 303 

signals were (5±1)×10-3 V for 238U and (5±1)×10-5 V for 235U (n=16), which remained a factor of 304 

2,000 lower than the samples and standards. Uranium isotope variation in the sample (δ238U, Eq. 305 

1) was calculated relative to the IRMM-184 standard then converted so that it is reported relative 306 

to CRM-145, a more widely used standard for comparison with previously reported data in the 307 

literature (see Dang et al., (2018b) for the conversion). The long-term monitoring of U isotope 308 

measurement accuracy was performed using the IRMM-184 (double-spiked standard bracket), an 309 

in-house reference material (UTS-1, Natural Resources Canada) and USGS standards (BCR-2 and 310 

AGV-2). More details are provided in Table S4. External precision of our dataset is usually better 311 

than 0.09 ‰ (±2 SD) based on duplicate analyses of reference materials and samples (here and 312 

those previously published (Dang et al., 2016; Dang et al., 2018b; Dang et al., 2018a).  313 

4. Results and discussion 314 

4.1.Estimation of the detrital and authigenic U fractions in black shale. 315 
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Accurate quantification of the detrital and authigenic fractions of RSEs is a prerequisite for paleo-316 

environmental reconstruction (see section 2.2.). In this study, we applied two techniques to assess 317 

the U concentration and the U isotope composition of the authigenic and detrital fractions: (i) a 318 

selective leaching method using aqua regia (Xu et al., 2012) and (ii) an empirical approach based 319 

on a fixed detrital U/Al and U/Th ratios (Andersen et al., 2014). For the second technique, we first 320 

compared average detrital U/Al ratios for two common bulk elemental reference compositions: 321 

upper continental crust (UC), with U/AlUC = 34.8×10-6 (i.e., 34.8 µg g-1, McLennan, 2001) and 322 

Post-Archean Australian Shale (PAAS), with U/AlPAAS = 10.8×10-6 (i.e., 10.8 µg g-1, Taylor and 323 

McLennan, 1985). The PAAS composite is less enriched in U (e.g., [U] = 0.9 µg g-1, Taylor and 324 

McLennan, 1985; Tribovillard et al., 2006) than average Phanerozoic or late Proterozoic shale 325 

summarized by the North American Shale Composite (NASC) with [U] = 2.7 µg g-1 (Gromet et 326 

al., 1984) and the average upper continental crust (UCC), [U] = 2.8 µg g-1 (Tribovillard et al., 327 

2006). Application of the higher U/AlUC ratios for the detrital fraction from NASC has resulted in 328 

overestimation of the Precambrian detrital U fraction (i.e., exceeding total U concentration for 329 

many samples; data not shown). Consequently, we used U/AlPAAS to calculate the authigenic U 330 

concentration and isotopic compositions (using a detrital δ238U of -0.30 ‰, Kendall et al., 2013; 331 

Andersen et al., 2017), applying methods and error magnifications as previously reported 332 

(Andersen et al., 2014). Similarly, a detrital correction was performed using thorium as the 333 

refractory element instead of Al, given the similarities in atomic sizes and elemental behavior of 334 

these two actinides (i.e., U and Th); using an average modern detrital U/Th ratio of 0.28 (Cole et 335 

al., 2017). Ultimately, because of potentially large uncertainty associated with these empirical 336 

calculations for δ238Uauthigenic, we filtered out all values that showed anomalously high δ238Uauthigenic 337 

(i.e., > +1.2 ‰) and those having uncertainties larger than ±0.5 ‰ (104 samples out of 818). All 338 

data are reported in Supplementary Data 2. 339 

It is also important to note that the aqua regia leaching method can also dissolve the carbonate 340 

fraction, which may have high U concentrations and contribute to the bulk U in sediments 341 

(Andersen et al., 2017). We estimated the percentage of U in the carbonate fraction assuming a 342 

U/Ca ratio of 3.25 ×10-6 and the measured Ca concentrations (Andersen et al., 2014), which 343 
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averaged 0.02% (n=51). Therefore, we consider that the carbonate U pool is negligible in the shale 344 

samples and thus assigned the leached U to solely the authigenic U fraction. 345 

The calculated U isotope composition in the detrital fraction using the measured δ238U for the 346 

leached as δ238Uauthigenic (using Eq. 3) in the Northwestern Canada and Svalbard sample sets (n=24) 347 

matches the isotopic signature of the upper crust, with a detrital fraction (fdetrital) from 40 to 80% 348 

(Fig. S2). Also, the calculated δ238Uauthigenic from fixed U/Al or U/Th detrital ratios displays 349 

significantly larger errors than the leaching method, in particular for samples with low authigenic 350 

U enrichment (Fig. 1A). In samples with larger U enrichment, δ238Uauthigenic values determined 351 

using the empirical approaches (both U/Al and U/Th) were very similar to those obtained by 352 

selective leaching (Fig. 1, B and C). These results support the applicability and accuracy of the 353 

selective aqua regia extraction approach and demonstrate that these leachates yield robust 354 

estimates of the isotopic composition of the authigenic U fraction, even in samples with low 355 

authigenic U. 356 

4.2.U isotope signatures of shale through time.  357 

Most of the examined shale samples (90 out of 163, bulk and leachates included) have δ238U values 358 

higher than UCC (-0.31±0.14 ‰, Fig. 2, C and D). Those values are observed in samples deposited 359 

at ca. 1.05, 0.92, 0.82, 0.74, 0.66, 0.65 and 0.63 Ga (Fig. S3) and are consistent with previously 360 

reported shale-hosted U isotope records of different Precambrian ages (Fig. 2 C, e.g., 2.5 Ga 361 

(Kendall et al., 2013), 1.98 Ga (Mänd et al., 2020), 1.36 Ga (Yang et al., 2017) and 0.56 Ga 362 

(Kendall et al., 2015)). A literature compilation of shale over Earth’s History (818 samples 363 

including new data from this study, see Supplementary Data S2) shows that the δ238Uauthigenic values 364 

are generally higher following the GOE compared to the Archaean and earliest Paleoproterozoic, 365 

which display muted δ238U values close to UCC (Fig. 2 C and D). These changes in the U isotope 366 

composition over time are not evident from the bulk δ238U measurements alone (Fig. 2C). For 367 

example, most of the Neoproterozoic samples show δ238Ubulk signatures close to UCC (green 368 

circles in Fig. 2C) due to their relatively large detrital U fraction (>40%; e.g., Fig. S2B).  369 

The observed high δ238Uauthigenic (up to 0.9 ‰, Fig. 2D) compositions following the late Proterozoic 370 

are interpreted to record deposition within a partially oxygenated ocean for two reasons. First, 371 

large U isotope fractionations are mainly associated with partial reduction of UVI to UIV (Wang et 372 
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al., 2020), while under more extreme anoxic conditions, near-quantitative U removal yields no net 373 

isotope fractionation, i.e., muted fractionation (Andersen et al., 2014). Second, relatively high 374 

δ238Uauthigenic compositions are more likely associated with a smaller U reservoir resulting from 375 

limited connectivity to the open ocean (Lau et al., 2020). This phenomenon is observed today in 376 

the Black Sea and Lake Rogoznica (Andersen et al., 2017; Rolison et al., 2017; Bura-Nakić et al., 377 

2018; Lau et al., 2020).  378 

To further evaluate the temporal shifts of δ238U in the shale record, both the bulk and authigenic 379 

δ238U fractions were time-binned in frequency histograms (Fig. S4). Five bin ranges were selected: 380 

(i) Pre-GOE (>2.46 Ga, Gumsley et al., (2017)), (ii) Early-Middle Proterozoic (2.46-1.1 Ga), (iii) 381 

Late Proterozoic (1.1-0.55 Ga), (iv) Phanerozoic pre-Holocene and (v) Holocene (Table 1). 382 

Although it is recognized that large fluctuations in atmospheric oxygen levels likely occurred 383 

during the Paleoproterozoic Era, available data are insufficient to subdivide the early and middle 384 

Proterozoic. Also, the Holocene bin was separated from the Phanerozoic because those samples 385 

constitute a dataset (n = 352) acquired from well-characterized, modern depositional environments 386 

that include oxic, suboxic and euxinic basins.  387 

To test whether there is a significant distinction in δ238U values between the temporal bins, we 388 

generated bootstrap resampled mean values for δ238U (Table 1) for both the authigenic (Fig. 3) 389 

and bulk fractions (Fig. S5). The δ238Uauthigenic values were calculated using the empirical approach 390 

and published data when Al concentrations were available, whereas both the aqua regia-leached 391 

data (n=134) and empirical approaches (n= 28) were used for samples in this study.  392 

Table 1: Bootstrap resampled mean of bulk and authigenic δ238U over the geologic time 393 

intervals. 394 

Temporal bins Age Bulk δ238U (n) Authigenic δ238U (n) 

Pre-GOE 3.5 to 2.46 Ga -0.27±0.01 ‰ (190) -0.27±0.01 ‰ (151) 

Post-GOE 2.46 to 1.1 Ga -0.04±0.03 ‰ (98) -0.06±0.03 ‰ (80) 

Late Proterozoic 1.1 to 0.55 Ga +0.04±0.04 ‰ (75) -0.02±0.02 ‰ (202*) 

Phanerozoic (pre-Holocene) 0.55 to 0.01 Ga +0.11±0.02 ‰ (100) +0.12±0.02 ‰ (96) 

Holocene 0.01 Ga to present -0.06±0.01 ‰ (352) -0.05±0.01 ‰ (325) 
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* includes (i) the empirically-calculated data from the literature (n=40), (ii) the empirically-395 

calculated data from this study (n=28), and (iii) results of the aqua regia leach (n=134). 396 

The mean δ238Uauthigenic value for pre-GOE samples is -0.27±0.01 ‰ (Fig. 3), similar to that of the 397 

upper continental crust (-0.31±0.14 ‰, Kendall et al., 2013). This convergence is presumably the 398 

result of limited oxidative weathering, a small oceanic U reservoir, and a largely anoxic ocean 399 

characterized by near-quantitative U removal. All other bins show progressively more positive 400 

δ238U values, suggesting enhanced oxidative weathering of UIV-bearing minerals, a larger UIV 401 

oceanic reservoir and U isotope fractionation during removal into the sediment compared to the 402 

pre-GOE period (Wang et al., 2018). Indeed, the δ238Uauthigenic bootstrapped mean for Early-Middle 403 

Proterozoic data increases to -0.06±0.03 ‰ (Table 1). This trend towards higher δ238Uauthigenic 404 

mean values continues into the late Proterozoic and Phanerozoic pre-Holocene bins (-0.2±0.03 ‰ 405 

and +0.12±0.03 ‰, respectively), consistent with broadly increasing oxygen abundances through 406 

time (Wang et al., 2018). Paradoxically, the δ238U mean value for the Holocene (δ238Uauthigenic = -407 

0.05±0.01 ‰) is lower than the Phanerozoic pre-Holocene and Neoproterozoic. One potential 408 

explanation for the difference may be that it is an artifact of sampling bias between the modern 409 

and ancient shale samples. Specifically, the modern shale record is dominated by samples from 410 

semi-restricted anoxic basins (e.g., Cariaco Basin, Black Sea). Here, the rate of U drawdown 411 

outcompetes the U influx into the basin, resulting in significantly lower local U residence times 412 

and muted 238U relative to the open-ocean δ238U composition. Also, the diversity in depositional 413 

environments (e.g., oxic, hypoxic, anoxic/euxinic, Andersen et al., 2017) for the modern samples 414 

is likely not matched by the Phanerozoic pre-Holocene and Neoproterozoic samples, which were 415 

collected dominantly from shale deposited in ferruginous environments (Guilbaud et al., 2015). 416 

Clearly, the isotope fractionation of U uptake into shale depends on the specific local environment 417 

and may be large in certain circumstances. Also, the oceanic residence time of U likely changed 418 

drastically over Earth’s history as a result of changes in magnitude of oxidative sources and 419 

reductive sinks (Chen et al., 2021). Therefore, the high δ238U observed in the Neoproterozoic shale 420 

and Phanerozoic pre-Holocene samples (Fig. 3) may be related to a specific environmental setting 421 

that favored large U isotope fractionation.  422 



17 

 

 

In summary, our late Proterozoic δ238U data show a clear transition in the U isotope systematics 423 

toward the Phanerozoic pre-Holocene (Fig. 3). The increased δ238Uauthigenic from 1.05 to 0.63 Ga 424 

of this dataset (Fig. 2D) and the time-binned evolution of the shale-hosted U isotopes over time 425 

(Fig. 3), in conjunction with other previously published paleo-redox proxy data (e.g., carbonate Cr 426 

isotopes, RSEs, biomarkers, see section 1) suggest several transient periods of ocean oxygenation 427 

during this interval of the late Proterozoic. Yet, the interpretation of oceanic oxygenation events 428 

based on authigenic U isotope compositions in organic-rich shale requires full consideration of the 429 

reservoir it tracks (i.e., local rather than a global reservoir), as well as how specific biogeochemical 430 

marine environments impact U isotope systematics at the basin scale. 431 

4.3.U isotope systematics and late Proterozoic oxygenation history at the basin scale.  432 

To understand how specific redox states influence the U isotope composition of shale, it is first 433 

necessary to determine the local redox conditions in the samples and at the basin scale. Iron 434 

speciation chemistry is a well-established paleo-redox proxy that tracks the local redox state of the 435 

water column (Sperling et al., 2015; Raiswell et al., 2018). This proxy distinguishes the water 436 

column chemistry as being either oxic (with dissolved O2), ferruginous (anoxic with free ferrous 437 

iron) or euxinic (anoxic with dissolved hydrogen sulfide) (Poulton and Canfeld, 2011; Cole et al., 438 

2020a).  439 

Iron speciation data for samples from northwestern Canada and Greenland indicate low 440 

abundances of highly reactive iron (FeHR) and pyrite (FePy) (Fig. 4, A and B; Kunzmann et al., 441 

2017b; Gibson et al., 2020) in samples that show significant U isotope fractionation (δ238Uauthigenic 442 

up to +1 ‰, Fig. 4, C and D). In addition, these samples also record very low authigenic U (<2 443 

ppm) and Mo (< 5 ppm) with Mo/U ratios well below 1 relative to the modern seawater 444 

composition (Fig. 4, E and F). These Mo/U ratios also eliminate the possibility of euxinic 445 

conditions, which would favor the authigenic Mo fluxes to the sediment over U (Algeo and 446 

Tribovillard, 2009). Collectively, these data imply dominantly suboxic (trace amounts of dissolved 447 

O2) to oxic conditions (20 out of 26 samples) rather than ferruginous conditions (six out of 26 448 

samples). Under these conditions, U is not quantitatively removed from seawater, allowing large 449 

U isotope fractionation to be expressed (Andersen et al., 2014; Lau et al., 2020).  450 
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In contrast, Fe speciation data for samples from Baffin Island (Hodgskiss et al., 2020) and Svalbard 451 

(Kunzmann et al., 2017) indicate dominantly ferruginous conditions with only a few samples (7 452 

out of 63) suggesting oxic conditions (Fig. 5, A and B). These samples record higher authigenic 453 

U (up to 5 ppm) and Mo (up to 35 ppm) enrichments with Mo/U ratios up to three times higher 454 

than the modern seawater Mo/U ratios (Fig. 5, E and F). This situation could be interpreted either 455 

as sulfidic conditions or the existence of particulate shuttle linked to Mn-Fe redox cycling within 456 

the water column (Algeo and Tribovillard, 2009). Given the Fe speciation data (Fig. 5, A and B), 457 

the latter hypothesis is more likely correct. Correspondingly, δ238U in these samples is lower (i.e., 458 

δ238U up to 0.5 ‰, Fig. 5, C and D) compared to samples from Northwestern Canada and 459 

Greenland.  460 

Ferruginous conditions are considered to have been widespread through the majority of Earth’s 461 

history (Planavsky et al., 2011; Sperling et al., 2015). It is therefore crucial to assess the extent of 462 

U isotope fractionation under such specific conditions. Cole et al. (2020b) assessed U isotope 463 

fractionation in sediment from two modern stratified lakes with permanent anoxic bottom waters, 464 

the Peru Margin Oxygen Minimum Zone, and Silurian-Devonian shale to constrain U isotope 465 

fractionation in anoxic and iron-rich aquatic systems. The authors reported highly variable U 466 

isotope fractionations in these environments (δ238Uauthigenic from -0.8‰ to +0.64 ‰), which overlap 467 

and become indistinguishable from oxic settings.  468 

First, the calculated δ238Uauthigenic values from Cole et al. (2020b) have significantly large 469 

uncertainties associated with the empirical calculations. Variations in the δ238Ubulk are indeed 470 

narrower for the two modern anoxic lakes (-0.32 to +0.36 ‰ and -0.53 to +0.01‰, respectively). 471 

These ranges corresponded to a maximum U isotope fractionation (∆𝑏𝑢𝑙𝑘
𝑎𝑛𝑜𝑥𝑖𝑐/𝑓𝑒𝑟𝑟𝑢𝑔𝑖𝑛𝑜𝑢𝑠

) of ~0.6 472 

‰, which is similar to the range observed in the samples from Baffin Island and Svalbard (Fig. 5). 473 

Second, Cole et al. (2020b) also reported very low δ238Uauthigenic values (i.e., -0.81 to -0.4 ‰) from 474 

the modern sediments of Lake Pavin and Brownie Lake, below the δ238Ucrust (-0.31±0.14 ‰; 475 

Kendall et al., 2013). Such low δ238U data were also reported in anoxic sediments and are likely to 476 

be related to U sorption onto ferromanganese oxides or U deposition with organic matter (Hinojosa 477 

et al., 2016; Abshire et al., 2020; Andersen et al., 2020). The former is accompanied by a -0.2 ‰ 478 

fractionation (Brennecka et al., 2011; Dang et al., 2016) while the latter was demonstrated both in 479 
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lab experiments and natural samples (plankton tow and sediment traps) to have δ238U between -480 

0.5 and -1.24 ‰ (Holmden et al., 2015; Chen et al., 2020). Another study investigated both bulk 481 

and porewater δ238U in two different lakes: Bentley Lake, a meromictic lake with permanent anoxic 482 

bottom water and Bow Lake, which experiences annual turn-overs (Wang et al., 2019). This study 483 

reported a positive U isotope fractionation in subsurface sediment of Bow Lake but negative Δ238U 484 

in Bentley Lake. This likely indicates distinct biogeochemical reactions in the top sediment layer 485 

of anoxic and oxic modern lakes. Third, modern anoxic aquatic systems record significant spatial 486 

heterogeneity. In Bow Lake, U isotope fractionation ranges from 0.1 to 0.5 ‰ in sediments below 487 

the thermocline across the lake, and the extent of Δ238U is controlled by bacterial diversity 488 

(Geobacteraceae and sulphate-reducing bacteria) and the quality of bioavailable organic matter 489 

(Dang et al., 2018b). In summary, there are various environmental factors (e.g., presence of 490 

ferromanganese oxides at the sediment-water inferace, deposition of U bound to fresh organic 491 

matter and sedimentary bacterial activities) and methodological approaches (e.g., to extract the 492 

authigenic U isotope signature) that could lead to the large variability of Δ238Uanoxic in modern 493 

depositional settings as reported by Cole et al. (2020b). Also, it is important to note the challenges 494 

associated with the extrapolation of understanding from modern anoxic aquatic systems into 495 

ancient oceans, as extensively discussed by Chen et al. (2021). However, our data suggest that the 496 

extent of U isotope fractionation under anoxic (ferruginous) conditions, in both modern (Dang et 497 

al., 2018b) and ancient samples (Baffin Island and Svalbard), would be between 0.1 and 0.6 ‰, 498 

although more studies are required to refine this range.  499 

4.4.Implication for integrating the late Proterozoic geochemical record and biological 500 

evolution 501 

The occurrence of dominantly ferruginous and oxic conditions in all the examined shale of this 502 

study is consistent with limited marine euxinia between 1.05 to 0.66 Ga (Sperling et al., 2015; 503 

Gilleaudeau et al., 2019), and also with independent evidence for a broad transition from more 504 

euxinic to more ferruginous deep-water conditions in the early Neoproterozoic (Guilbaud et al., 505 

2015). Iron isotope data on late Tonian shale also indicates dominantly ferruginous conditions 506 

prior to the onset of Cryogenian glaciations (Kunzmann et al., 2017b), and widespread occurrence 507 

of iron formation in Sturtian (0.717 to 0.66 Ga) glacial successions indicate that iron-rich deep 508 

waters persisted into at least the early Cryogenian Period (Cox et al., 2013). A significant shift in 509 
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the iron isotope composition of shale following the Sturtian glaciation suggests the partial 510 

oxidation of the ferrous seawater reservoir although other data sets, including U isotope signatures 511 

in carbonate, have been used to argue for at least transient oxygenation at this time (Lau et al., 512 

2017).  513 

Thus, local paleo-redox proxies suggest that late Proterozoic oceans were largely ferruginous with 514 

limited euxinic environments that were most likely confined to productive continental margins 515 

(Guilbaud et al., 2015). Ferruginous conditions may be important for oceanic U cycling because 516 

of the high abundance of highly reactive ferrous ions, such as iron (II/III) (oxyhyr)oxide mineral 517 

phases (Kunzmann et al., 2017b). In fact, UVI, if present, may interact with mixed valence iron 518 

phases (e.g., magnetite and green rust) such that increased FeII/FeIII ratios result in more U being 519 

precipitated as UIV (Roberts et al., 2017). However, the impact of ferruginous conditions (i.e., with 520 

abundant reactive ferrous iron species) on U isotope systematics must be considered in the context 521 

of mass balance and the specific fractionation factors for U removal by this pathway. For instance, 522 

it is inferred that the U isotope fractionation factor for water column U(IV) removal may be 523 

significantly larger than from U reduction from pore-waters within sediment, where this reaction 524 

is more likely to be limited by availability of electron donors and diffusion (Andersen et al., 2014; 525 

Dang et al., 2018a). However, if U removal is largely quantitative, the expressed U isotope 526 

fractionation would be muted. Thus, a better quantification of the U sink in a ferruginous ocean 527 

would help constrain ocean oxygenation levels. 528 

In this light, it was previously suggested that the Ediacaran ocean was characterized by anoxia but 529 

marked by episodic transient oxygenation events (Sahoo et al., 2016). Our data suggests that such 530 

events may have commenced earlier in the Neoproterozoic or even the Mesoproterozoic Era. In 531 

other words, late Proterozoic oceans were unlikely characterized by monotonous anoxic 532 

conditions, but may have been rather redox dynamic, and sensitive to relatively small changes in 533 

oxygen sinks or sources (Cole et al., 2020a). Wood and Erwin (2018) suggested that dynamic-534 

redox environments favored morphological novelty, which can promote subsequent radiation and 535 

diversification. In the late Proterozoic, the protracted oceanic oxygenation recorded in U isotope 536 

systematics in this study and data compiled from the literature correspond to (i) the appearance of 537 

eukaryotic photosynthetic crown-groups (Fig. 2B) and (ii) eukaryotic diversification with major 538 
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evolutionary innovations (e.g., eukaryovory, biomineralization, cyanobacterial heterocysts (0.82 539 

to 0.54 Ga) (Xiao and Tang, 2018). Therefore, the U isotope record provides support for favorable 540 

environmental conditions for adaptation and diversification of early eukaryotic clades in the late 541 

Mesoproterozoic to Neoproterozoic eras. 542 

5. Conclusion.  543 

Shale samples are composed of both detrital and authigenic fractions of the elements and their 544 

isotopes. We assessed and compared the applicability of an aqua regia leaching process on ancient 545 

samples, where authigenic U concentrations are low and thus overwhelmed by detrital U, to the 546 

empirical calculation based on fixed U/Al or U/Th ratios. The former seems to be robust and carries 547 

less uncertainty than the empirical approach. In cases where the authigenic U fraction is 548 

overwhelmed by the detrital U fraction in ancient samples (Wang et al., 2020), the leaching 549 

approach could provide valuable information on the application of RSEs and their isotopes as 550 

paleo-redox proxies. 551 

Our shale-hosted δ238Uauthigenic record provides a wide-ranging archive of changes in the 552 

oxygenation history across several late Proterozoic sedimentary records. The U isotope data 553 

presented herein, in conjunction with existing Fe speciation data, provide a nuanced perspective 554 

of the redox conditions from four late Proterozoic sedimentary basins.  Samples from Baffin Island 555 

and Svalbard were deposited in environments that were dominantly ferruginous, with muted RSE 556 

enrichment and δ238Uauthigenic compositions indicating moderate U isotope fractionation (Δ238U up 557 

to +0.6 ‰). However, samples from Greenland and NW Canada reflect deposition in more oxic 558 

conditions where RSEs were not highly enriched but δ238Uauthigenic compositions suggest U isotope 559 

fractionation was more pronounced (Δ238U up to 1.2 ‰). 560 

Finally, the earliest increase of U isotope compositions of our dataset at ca. 1.05 Ga roughly 561 

corresponds with estimates for the origin of eukaryotic photosynthesis (Gibson et al., 2018). 562 

Together with other paleo-redox proxies (Fe speciation and isotopes), these data suggest changes 563 

in the basin’s redox status with possible transient oxygenation, at least locally, superimposed on a 564 

background of ferruginous conditions in the late Proterozoic deep ocean. The degree of 565 

oxygenation may have not been sufficient to drastically change the ocean redox state as much as 566 
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in the early Phanerozoic but may have been sufficient to promote oxidative cycling of Fe, U and 567 

other RSEs.  568 
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848 

Fig. 1: (A) Comparison of authigenic δ238U in aqua regia extraction methods (white symbols) and 849 

determined by the empirical approach using a fixed detrital U/Al ratio (10.8, diamonds) and U/Th 850 

ratio (0.28, triangles) in samples of this study. (B) and (C) panels show biplots of calculated 851 

authigenic δ238U using the U/Al ratio and U/Th ratios, respectively, vs. measured authigenic δ238U 852 

in aqua regia leaching method. For all panels, the symbol sizes are proportional to total or 853 

extracted U concentrations. This and following figures, measurement errors are not shown to 854 

enhance readability, but the errors are provided in Supplementary Data 1 and 2. 855 
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 856 

Fig. 2: Summary of shale-hosted U isotope data relative to the evolution of atmospheric O2 and 857 

events in biological evolution. (A) Evolution of atmospheric O2 through time with a classical two-858 
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step (dark green lines) vs. an emerging model (green areas), figure adapted from Lyons et al. ( 859 

2014). Arrows mark potential Archean “oxygen oases”. (B) Summary of major events in biological 860 

evolution. Figure adapted from Planavsky et al. (2014) with approximate dates for the first 861 

appearance of main eukaryotic groups, obtained using body fossil (red circles), molecular fossil 862 

(blue circle) or molecular clock techniques (black circles). (C) Summary of bulk U isotope data in 863 

whole rock digestion from published literature on shale samples (circles, red: Archean, yellow: 864 

Paleoproterozoic, dark green: late Neoproterozoic, blue: Phanerozoic; see data and references in 865 

Supplementary Data 2) and this study (green circles). (D) Authigenic U isotope calculated from 866 

the literature (squares using same color code as in C) and this study calculated using a fixed detrital 867 

U/Al ratio (green squares) or in aqua regia leachates (white squares). Data used for the figure with 868 

references are available in Supplementary Data S2. The grey horizontal dashed zone indicates U 869 

isotope composition in the average upper crust (-0.31±0.14 ‰; Kendall et al., 2013). The blue area 870 

shows the timing of Great Oxidation Event (GOE; Bekker et al., 2004) and the divergence of major 871 

eukaryotic clades prior to the Cambrian explosion (Erwin et al., 2011). Error bars on U isotope 872 

composition of whole-rocks are not shown to enhance readability; only errors associated with 873 

empirical calculations of authigenic δ238U are shown in panel D. Abbreviations: Paleo.: 874 

Paleoproterozoic, Meso.: Mesoproterozoic, Neo.: Neoproterozoic, Phane.: Phanerozoic, LOEMs: 875 

Large ornamented Ediacaran microfossils. VSMs: Vased-shaped microfossils. 876 
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 877 

Fig. 3: Bootstrapped means and standard deviations of means generated from 854 authigenic U 878 

isotope data (empirically calculated or in aqua regia leachates). The bulk U isotope composition 879 

of the average upper crust is indicated by the grey circle. 880 



34 

 

 

 881 

Fig. 4: Geochemical data of the samples from northwestern Canada and Greenland. Data in aqua 882 

regia leach (open squares) and whole-rock digestion (green squares) of marine shales are shown. 883 

(A, B) Iron speciation data (Kunzmann et al., 2017b; Gibson et al., 2020), which distinguishes 884 

between oxic, ferruginous and euxinic conditions. (C, D) Biplots of U isotope compositions vs. U 885 

concentration. The U isotope composition of the average upper crust is indicated by the grey 886 

dashed zone. (E, F) Biplot of Mo vs. U in the aqua regia selective extraction. The diagonal dashed 887 

lines represent the modern seawater (SW) Mo/U weight ratio (3.1) and fractions thereof, according 888 

to Algeo and Tribovillard, (2009b). 889 
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 890 

Fig. 5: Geochemical data of the samples from Baffin Island and Svalbard. Data in aqua regia leach 891 

(open squares) and whole-rock digestion (green squares) of marine shales are shown. (A, B) Iron 892 

speciation (Hodgskiss et al., 2020) enabling distinction between oxic, ferruginous and euxinic 893 

conditions. (C, D) Biplots of U isotope compositions vs. U concentration. The U isotope 894 

composition of the average upper crust is indicated by the grey dashed zone. (E, F) Biplot of Mo 895 

vs. U in the aqua regia selective extraction. The diagonal dashed lines represent the modern 896 

seawater (SW) Mo/U sweight ratio (3.1) and fractions thereof, according to Algeo and 897 

Tribovillard, (2009a). 898 
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