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Abstract 28 

Brown amphibole is a minor but common mineral component in lower oceanic crust. It is 29 

generally interpreted as products of migrating SiO2 and H2O-rich fluids or melts, which can be 30 

either residual melts from advanced magmatic differentiation of Mid-Ocean Ridge Basalt 31 

(MORB), or hydrothermal fluids including a seawater component. Within the lower oceanic 32 

crust exhumed at the Atlantis Bank Oceanic Core Complex (OCC), along the ultraslow 33 

Southwest Indian Ridge, brown amphibole is ubiquitous in all lithologies from olivine- to 34 

oxide-gabbros and diorites, including both undeformed and plastically deformed varieties. We 35 

here show the results of a systematic petrological study conceived to unravel the nature of the 36 

H2O-rich component recorded in brown amphiboles and document: (i) the evolution of 37 

migrating melts during the magmatic stage and (ii) different extents of melt-bearing 38 

deformation events recorded throughout the entire crustal transect. The low Cl contents and the 39 

light over heavy Rare Earth Elements (LREE/HREE) ratios and high Ti contents in brown 40 

amphiboles, indicate they crystallized from melts with a magmatic hydrous component. 41 

Consistently, their δ18O values are in equilibrium with MORB composition, except for diorite 42 

amphiboles that possibly record the local assimilation of altered minerals. In undeformed 43 

olivine gabbros, interstitial pargasite crystallized at hypersolidus conditions (~1000°C) from 44 

the melt residual after late stages of MORB differentiation. We speculate that before the olivine 45 

gabbro crystal mush reached fully solid state, some aliquots of residual melts were extracted 46 

and accumulated within discrete intervals. There, ferrobasaltic melts differentiated through the 47 

early crystallization of Fe-Ti oxides and clinopyroxene as liquidus phases, ultimately forming 48 

the oxide gabbros. This process promoted rapid Si enrichment and depletion in Fe, Ti, V in the 49 

residual melt, later extracted to form the crosscutting diorite veins. The mylonitic olivine 50 

gabbros record high-temperature plastic deformation (~900°C ± 50°C), initiated at hypersolidus 51 

conditions involving melts residual from previous crystallization of the gabbroic rock. Further 52 

solid-state plastic deformation led to substantial grain-size reduction and, consequently, to an 53 

increase in porosity. This created pathways for subsequent melt focussing, which likely 54 

represent late-stage differentiated melts migrating throughout the lower crustal section. This 55 

study shows that brown amphibole in the Atlantis Bank lower oceanic crust is the crystallization 56 

product of melts residual from advanced magmatic differentiation, which are also locally 57 

involved in the plastic deformation events during crustal accretion. 58 
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INTRODUCTION 62 

Calcic brown amphibole, mostly of pargasitic or edenitic compositions (classification by 63 

Leak et al., 1997), is a minor but ubiquitously distributed mineral phase in sections of oceanic 64 

crustal sequences (e.g., Coogan et al., 2001; Gillis & Meyer, 2001; Niu et al., 2002; Miranda & 65 

John, 2010; Tamura et al., 2016; Nguyen et al., 2018; Gardner et al., 2020) and ophiolite 66 

analogues (e.g., Tribuzio et al., 1995, 1999, 2000, 2020; Cortesogno et al., 2000). It is the main 67 

hydrous mineral precipitating at high temperature conditions (>600°C) in MOR settings. This 68 

peculiarity makes it fundamental marker of processes shaping the lower oceanic crust and a 69 

unique tracer of geochemical exchanges between the Earth interior and the hydrosphere. 70 

In mid-ocean ridge (MOR) environments, because primitive MORB are overall nearly dry 71 

(on average H2O <0.2 wt%; Sobolev & Chaussidon, 1996), the stability of hydrous phases can 72 

be achieved either by advanced fractionation of anhydrous phases (i.e., magmatic 73 

differentiation of MORBs; see Koepke et al., 2018) or by addition of seawater-derived fluids 74 

(see Koepke et al., 2004). Various amphibole textural occurrences were documented in MOR 75 

settings; they may appear as interstitial phase in undeformed gabbroic rocks, as coronas 76 

partially replacing clinopyroxene crystals, or as subhedral crystals in crosscutting amphibole 77 

veins, as well as in association with neoblastic assemblage within mylonitic intervals. These 78 

multiple textural occurrences and the extremely variable chemical compositions that brown 79 

amphibole can assume are commonly interpreted as resulting from solidification of late-stage 80 

differentiated melts (e.g., Coogan et al., 2001; Gillis & Meyer, 2001; Niu et al., 2002), or 81 

metasomatism by Si- and water-rich fluids (e.g., Tribuzio et al., 1995; Coogan et al., 2001; 82 

Gillis & Meyer, 2001; Miranda & John, 2010; Nicollet et al., 2022). Discriminating between 83 

the magmatic or hydrothermal origin of the brown amphibole remains widely debated and is, 84 

however, not straightforward (see Coogan et al., 2001; Gillis & Meyer, 2001). The complexity 85 

in interpreting their formation is tangled by the stability of brown amphibole over a wide range 86 

of temperatures and by the fact that it may crystallize during (melt-assisted) plastic deformation 87 

under granulite-facies (800°C-950°C) to amphibolite-facies (590°C-800°C) conditions (e.g., 88 

Miranda & John, 2010; Gardner et al., 2020). If we can unravel the origin of brown amphibole, 89 

we can gain crucial understanding of the evolution of magmatic systems beneath MOR and 90 

untangle the tectonic processes involved in the exhumation of lower oceanic crustal sequences. 91 

At ~57°E along the Southwest Indian Ridge (SWIR), a long-lived detachment fault has 92 

exhumed a >1500 m-thick section of lower oceanic crust, now forming the domal structure of 93 



the Atlantis Bank Oceanic Core Complex. The Atlantis Bank plutonic section formed through 94 

protracted accretion of intermittent intrusions (Dick et al., 2019a; Boulanger et al., 2020) and 95 

subsequent upward melt migration (Dick et al., 2000; Natland and Dick, 2001; Sanfilippo et al., 96 

2020; Zhang et al., 2020; Boulanger et al., 2021; Ferrando et al., 2021a,b) in a complex dynamic 97 

environment during ongoing seafloor extension. Continuous exhumation and cooling of the 98 

lower crustal section led to progressive deformation mechanisms under decreasing temperature 99 

conditions (Miranda & John, 2010; Gardner et al., 2020; Taufner et al., 2021). Within this lower 100 

oceanic crustal sequence, brown amphibole has been identified in nearly all lithologies and in 101 

both undeformed and deformed intervals (Dick et al., 2000; MacLeod et al., 2017; Zhang et al., 102 

2020). Most studies focused on the origin of these amphiboles occurring in such different 103 

lithologies (e.g., Coogan et al., 2000; Gillis & Meyer, 2001), but little attention has been paid 104 

to their implications for magmatic and high-temperature deformation history of the Atlantis 105 

Bank OCC. 106 

In the present study, we conduct a petrological and geochemical investigation of brown 107 

amphibole in undeformed and deformed gabbroic rocks. Undeformed samples span all 108 

lithologies recovered, from most primitive olivine gabbros to more evolved oxide gabbros and 109 

diorites, whereas plastically deformed samples are mylonitic olivine gabbros. Textural 110 

relationships and mineral chemistry, together with their δ18O compositions indicate that brown 111 

amphiboles from undeformed and mylonitic olivine gabbros are of magmatic origin. The 112 

amphibole chemical compositions allow us to reconstruct the magmatic evolution of late-stage 113 

differentiated melts residual from olivine gabbro crystallization. We show how partial 114 

extraction of these residual melts lead to oxide gabbro formation and subsequent emplacement 115 

of diorite veins. The evident involvement of interstitial trapped melts in plastically deformed 116 

olivine gabbros is in line with initiation of detachment faulting at hypersolidus conditions. On 117 

the other hand, we show that infiltration of external melts also occurred within previously 118 

deformed intervals, with no evidence of further strain localization.  119 

 120 

THE ATLANTIS BANK OCEANIC CORE COMPLEX 121 

Geological setting 122 

The ultraslow SWIR spreads approximately at a full rate of 14 mm/yr and trends SW-NE, 123 

oblique to its N-S spreading direction. At 57° E, the Atlantis II Transform offsets the ridge axis 124 



of ~200 km. Along the transverse ridge east of the transform valley, the Atlantis Bank is the 125 

shallowest and northernmost domal structure (Fig. 1a). This dome is a large Oceanic Core 126 

Complex (OCC) that exposes lower oceanic crustal rocks and lithospheric mantle on the 127 

seafloor, exhumed by an 11–13 Myr old long-lived oceanic detachment fault (e.g., Dick et al., 128 

1991; Dick et al., 2000). The Atlantis Bank plutonic section formed by successive magma 129 

emplacement for ~3 Myr (Dick et al., 1991; John et al., 2004; Schwartz et al., 2005; Rioux et 130 

al., 2016). Initially uplifted at the ridge-transform intersection, a 10° counterclockwise change 131 

in regional spreading direction put the transform into transtension resulting in additional uplift 132 

of the Atlantis Bank OCC and formation of a tectonic island capped by a carbonate platform 133 

(Dick et al., 1991; Baines et al., 2007; Baines et al., 2008) at ~7 Ma (Palmiotto et al., 2013, 134 

2017), which is now mostly eroded. The highly asymmetric spreading of 9.8 mm/yr to the south 135 

and 4.9 mm/yr to the north transposed the Atlantis Bank to its actual position ~80 km south of 136 

the ridge (Baines et al., 2008; Fig. 1a).  137 

Several site surveys and sampling expeditions investigated the Atlantis Bank structure in the 138 

past 30 years. Previous Ocean Drilling Program (ODP) operations drilled the 1508m-deep Hole 139 

735B and the 150m-deep Hole 1105A (Dick et al., 1991; Dick et al., 2000; Pettigrew et al., 140 

1999), and more recent International Ocean Discovery Program (IODP) Expedition 360 drilled 141 

the 800m-deep Hole U1473A (MacLeod et al., 2017). ROV and submersible dives and dredging 142 

(Dick et al., 2019a) also sampled rocks that compose the dome, revealing a heterogeneous 143 

vertical and lateral structure. Serpentinized mantle peridotites were found along the east of the 144 

transform wall, whereas no evidence of mantle screens was found in the plutonic sector of the 145 

Atlantis Bank OCC (Dick et al., 2019a).  Based on lithologies recovered in the deepest Hole 146 

735B, the core of the massif appears to be mostly composed of olivine gabbro to gabbro, with 147 

minor chemically primitive (e.g., troctolites) and more evolved lithologies (e.g., oxide gabbros) 148 

(Fig. 1b). Upwardly differentiated olivine gabbro chemistry within discrete intervals 149 

demonstrates that the lower oceanic crust was built by successive and intermittent magmatic 150 

intrusions (Dick et al., 2000; Dick et al., 2019a). Porous flow and magmatic crystallization 151 

within the lower oceanic crust led to progressively evolved intercumulus melts, which migrated 152 

and were expulsed from the inner to the outer portions of the Atlantis Bank (Dick et al., 2000; 153 

Natland and Dick, 2001; Sanfilippo et al., 2020; Zhang et al., 2020), as testified by the upward 154 

and lateral increase in modal abundance of oxide gabbros (oxide cap; Dick et al., 2019a; 155 

Boulanger et al., 2020; Fig. 1b).  156 



Melt migration persisted under hypersolidus conditions, once the gabbros nearly reached a 157 

solid state. Deformation related to the continuous oceanic crustal exhumation by detachment 158 

faulting (Miranda & John, 2010; MacLeod et al., 2017) localized Fe‐Ti rich intercumulus melts 159 

into mylonitic shear zones (e.g., Natland & Dick, 2001; Zhang et al., 2020; Gardner et al., 160 

2020), as evidenced by the common occurrence of oxide-rich material within highly strained 161 

zones in the upper ~500 mbsf. The involvement of melt into deformed horizons demonstrate 162 

that initiation of the detachment fault started at depth in partially molten gabbro (Dick et al. 163 

1991a; Dick et al. 2000). Mylonites also record a sequence of deformation mechanism from 164 

high-temperature (800°C-950°C) to lower temperature (590°C-800°C) conditions (Miranda & 165 

John, 2010), attesting that the tectonic evolution continued under decreasing temperature 166 

conditions. Although some amounts of amphibole are typically present in most mylonitic 167 

samples, calculated temperatures indicate that ongoing plastic deformation developed under 168 

granulite-facies, marked by the plagioclase + pyroxene neoblastic assemblage ± brown 169 

amphibole, to amphibolite-facies conditions mainly consisting of brown amphibole + 170 

plagioclase. Here, following the Shipboard records (see MacLeod et al., 2017) we use the same 171 

facies classification. 172 

 173 

The lower gabbroic crust in Hole U1473A 174 

IODP Hole U1473A was drilled into the flat summit of Atlantis Bank OCC during IODP 175 

Expedition 360 (MacLeod et al., 2017) and further deepened during IODP Expedition 362T to 176 

a current total depth of 809.4 m below seafloor (mbsf; Blum et al., 2017). The recovered section 177 

of lower oceanic crust (Fig. 2) is mainly composed of olivine gabbros (76.5% of recovery) 178 

interspersed at different depths with evolved gabbro sensu stricto (5% of recovery) and oxide-179 

bearing gabbroic rocks (17% of recovery). The gabbroic lithologies are crosscut by felsic veins 180 

and rare diabase dykes (total of 1.5% of recovery). Downhole bulk-rock chemical compositions 181 

determined onboard the R/V JOIDES Resolution outline two major trends of upward decrease 182 

in Mg# (Fig. 2), Ca#, and Cr and Ni concentrations coupled with increase in Ti and Y contents 183 

(Dick et al., 2019b), defining two main chemical units bounded by two geochemical 184 

discontinuities (at ∼60–90 mbsf and ∼350 mbsf). These chemical units in Hole U1473A were 185 

interpreted as upward-differentiated magmatic intrusive units. 186 

Although static hydrothermal alteration occurred pervasively throughout Hole U1473A, it 187 

slight decreases within the deepest portion of the section (Fig. 2). Alteration mineral abundance 188 



is on average <30%; however, widespread intervals of <3% alteration occur, in which the 189 

original magmatic fabrics and textures are well preserved (MacLeod et al., 2017; Fig. 2). 190 

Gabbros are commonly isotropic or display weak plagioclase shape preferred orientations, thus 191 

lacking well-developed magmatic fabrics (MacLeod et al., 2017; Fig. 3a). Grain-size variations, 192 

from fine-grained granular domains to coarse-grained subophitic intervals, are a ubiquitous 193 

textural feature of gabbros throughout the hole. The most widespread ‘patchy’ grain size 194 

variations have been interpreted as the result of compaction-aided melt extraction from the 195 

coarse-grained intervals and concomitant melt accumulation in discrete domains where fine-196 

grained gabbros rapidly formed (Ferrando et al., 2021a,b). At about 150 and 600 mbsf, the 197 

grain-size heterogeneities define decimeter-scale igneous layering that was interpreted as 198 

results of interfingered intrusive events of distinct magmas (Boulanger et al., 2021; Pieterek et 199 

al., 2022).  200 

In coarse-grained intervals of olivine gabbros, subophitic clinopyroxene commonly embay 201 

elongated and partially corroded plagioclase crystals, attesting that chemical disequilibrium 202 

triggered partial dissolution of plagioclase and crystallization of clinopyroxene (Sanfilippo et 203 

al., 2020). Mineral chemical compositions reveal that magma emplacement, melt extraction and 204 

accumulation processes are accompanied by melt reactive percolation (see also Zhang et al., 205 

2020; Boulanger et al., 2021; Ferrando et al., 2021a). Clinopyroxene crystals, mostly coarse- 206 

and medium-grained, display core-to-rim selective enrichments in highly incompatible trace 207 

elements relative to less incompatible trace elements (i.e., Ce to Y; Zr to Nd), similar to trace 208 

element zoning patterns documented in clinopyroxenes from gabbroic lithologies recovered in 209 

the adjacent Hole 735B (Gao et al., 2007; Lissenberg and MacLeod et al., 2016; Boulanger et 210 

al., 2020; Zhang et al., 2021). These grain-scale observations were interpreted as resulting from 211 

dissolution–reprecipitation reactions between migrating melts and a primitive crystal mush.  212 

Oxide-bearing gabbroic rocks (sensu lato; >1% Fe-Ti oxide phases) are widespread in the 213 

entire lower crustal section in Hole U1473A, contrasting with oxide-rich layer concentrated in 214 

the shallowest 600 m of Hole 735B. Oxide gabbros often occur in centimeter‐scale intervals in 215 

crosscutting relationships with the olivine gabbros throughout Hole U1473A (Dick et al., 216 

2019b). They are mostly undeformed in the deepest part of Hole U1473A, whereas they tend 217 

to be plastically deformed throughout the hole being localized in variably thick shear zones.  218 

Felsic veins, including diorite, quartz diorite, leucodiorite, tonalite, and trondhjemite, are 219 

often associated with reaction halos into the host gabbroic rocks, as evidenced by the formation 220 



of brown amphibole around clinopyroxene and the change in plagioclase chemistry to a more 221 

sodic composition (MacLeod et al., 2017). Contacts between felsic material and host gabbro 222 

range from diffuse to sharp. The origin of the different generations of felsic veins appears to be 223 

correlated with lower crustal exhumation during emplacement of the OCC. Felsic veins with 224 

generally diffuse boundaries, high magnetite/ilmenite ratios and low amphibole Cl/F ratio were 225 

interpreted to have formed by fractional crystallization under high-temperature conditions 226 

(Nguyen et al., 2018; Ma et al., 2020). Conversely, felsic veins with sharp boundaries and high 227 

amphibole Cl/F ratios formed by hydrous melting (anatexis) as a consequence of melt intrusion 228 

in hydrothermally altered gabbros (Ma et al., 2020). 229 

Extensive, irregularly spaced and locally pervasive crystal-plastic deformation (Fig. 3b) 230 

affected the lower crustal section in Hole U1473A within the first 600 meters (e.g., MacLeod 231 

et al., 2017; Fig. 2). Overall, the intensity of crystal-plastic fabrics decreases downhole, where 232 

primary magmatic features are best preserved, although local variably thick shear zones still 233 

occur. Variably distributed crystal plastic fabrics have been previously described in the nearby 234 

735B drilled hole (14% of the upper 500 m and 7% of the lower 1000 m are foliated; Dick et 235 

al., 1999), thus depicting a heterogeneous distribution of subsolidus deformation intensity 236 

across the Atlantis Bank lower oceanic crust. Mylonitic shear zones are copious (crystal plastic 237 

fabric intensity of 4 out of 5; Fig. 2), locally grading into ultramylonite horizons (crystal plastic 238 

fabric intensity of 5; see Fig. 2, 3a; MacLeod et al., 2017). Crystal plastic fabrics are defined 239 

by lens-shaped plagioclase, clinopyroxene and minor olivine porphyroclasts mantled by 240 

granulite-facies neoblast assemblages of olivine, plagioclase, clinopyroxene, ilmenite (Fe-Ti 241 

oxide phases) and subordinate orthopyroxene; neoblasts also locally include brown amphibole 242 

(MacLeod et al, 2017). Many granulite-facies mylonites display Fe-Ti oxide segregations 243 

elongated parallel to the foliation plane, which were interpreted as tracer of evolved melts 244 

migrating within the mylonitic horizon (MacLeod et al., 2017; Taufner et al., 2021).  245 

Less commonly, some neoblast assemblages are composed of plagioclase and brown-green 246 

amphibole (i.e. hornblende) formed under lower-amphibolite-facies conditions. This finding of 247 

amphibole-facies shear zones down to deep levels in Hole U1473A (down to 670 mbsf) 248 

suggests that shear zones may have acted as preferential pathways for hydrothermal fluids 249 

(MacLeod et al., 2017). Other possible fluid pathways are the amphibole veins, mostly localized 250 

within the first ~250 mbsf of the hole.  251 

 252 



SAMPLING AND ANALYTICAL METHODS 253 

Sample overview 254 

Undeformed and deformed gabbros of diverse compositions were selected for petrographic 255 

investigations and chemical analyses. These samples display minor moderate- to low-256 

temperature alteration products, mainly localized in olivine with common mesh textures filled 257 

with talc, serpentine, and magnetite. In the oxide gabbros, pale-green amphibole locally 258 

replaces brown amphibole at the crystal rim, although the core still preserves dark- to light-259 

brown pleochroism. In this study, we exclusively investigate textural and compositional 260 

characteristics of brown amphibole.    261 

We selected eight undeformed samples preserving magmatic microstructural characteristics: 262 

three olivine gabbros (U1473A-89R-1W, 14-20cm, depth: 779.3 mbsf; U1473A-89R-1W, 86-263 

93cm, depth: 779.4 mbsf; U1473A-89R-6W, 4-9cm, depth: 785.9) and three oxide gabbros 264 

(U1473A-81R-3W, 77-82cm, depth: 715.8 mbsf; U1473A-83R-1W, 13-20cm, depth: 730.8 265 

mbsf; U1473A-85R-3W, 38-41cm, depth: 753.6 mbsf) within the deepest portion of IODP Hole 266 

U1473A; two diorites from both deep and shallow portions of the hole (U1473A-39R-4W, 3-267 

8cm, depth: 356 mbsf; U1473A-89R-3W, 108-110cm, depth: 783 mbsf). Olivine gabbros 268 

display typical subophitic textures characterized by poikilitic clinopyroxene embaying 269 

subhedral to partially corroded plagioclase and rarely anhedral olivine (Fig. 4a). Oxide gabbros 270 

show hypidiomorphic textures with large subhedral pyroxenes and plagioclase, >10 vol% of 271 

anhedral to skeletal Fe-Ti oxides and interstitial amphibole crystals (Fig. 4e). One sample of 272 

oxide gabbro displays large interstitial amphibole associated with large euhedral apatite crystals 273 

(U1473A-83R-1W, 13-20cm; Fig. 4f). Diorites are decimetre-thick veins crosscutting gabbros 274 

with sharp but undulating boundaries (Fig. 5a). Diorites are composed of euhedral plagioclase, 275 

poikilitic amphibole, Fe-Ti oxides and minor small euhedral apatite crystals, and do not contain 276 

clinopyroxene (Fig. 5b,c). Along the diorite-host gabbro contact, amphibole rims clinopyroxene 277 

from the host gabbro (Fig. 5a). The host gabbro displays poikilitic textures and incipient re-278 

crystallization of plagioclase and clinopyroxene along the grain boundaries. 279 

Two mylonitic olivine gabbros were also selected. Samples show porphyroclastic textures 280 

with well-developed crystal-plastic foliation. The first mylonite is from 378.8 mbsf (U1473A- 281 

41R-6W, 23-29 cm) and includes thin levels composed of a fine-grained association of Fe-Ti 282 

oxides, apatite, and amphibole undeformed crystals (Fig. 6). Deeper in the hole, the second 283 

mylonite was sampled at 624.8 mbsf (U1473A-69R-1W, 23-28cm) and displays a ~7 mm-thick 284 



oxide gabbronoritic band crosscutting the porphyroclastic foliation at a low angle (~6°) (Fig. 285 

7). 286 

 287 

Chemical maps and in situ analyses 288 

Chemical maps of whole thin sections were acquired for two samples of olivine gabbros and 289 

the two mylonitic gabbros. We used the Zeiss Sigma HD field emission gun equipped with dual 290 

150mm2 Oxford Instruments X-MaxN energy dispersive silicon drift detectors installed at 291 

Cardiff University. This machine enables high count rates (>1,000,000 cps) and rapid 292 

acquisition of both qualitative and quantitative element maps of all phases, here at 30 µm step 293 

(“pixel”) size. The data were background-corrected using Oxford Instruments AZtec software 294 

prior to the processing of element maps and statistical analysis by using the python-based tool 295 

‘Quantitative Assessment of Compositional Distribution (QACD)’, which quantifies element 296 

ratios as An in plagioclase and Mg# in olivine, pyroxenes and amphibole (Loocke, 2016). 297 

Amphibole, clinopyroxene and plagioclase from all samples were analysed in situ for Si, Ti, 298 

Al, Cr, Fe, Mn, Ni, Mg, Ca, Na and K (Supplementary Data Table S1) by electron microprobe 299 

(JEOL 8200 Super Probe) operating at Dipartimento di Scienze della Terra, University of 300 

Milano, in wavelength dispersive spectrometry mode. We also analysed Cl in amphibole from 301 

all samples. The analyses were performed with 30s counting time on the peak (10s on the 302 

backgrounds) and 1µm spot size, at 15 kV accelerating potential and 15 nA beam current. 303 

Natural minerals and synthetic oxides were used as standards. The Mg-values of amphibole and 304 

clinopyroxene was calculated as Mg# = Mg/(Mg + Fe2+
tot)x100 and the anorthite contents in 305 

plagioclase as An = Ca/(Ca+Na+K)x100. 306 

In situ trace elements contents in amphibole, clinopyroxene and plagioclase were obtained 307 

using Laser Ablation Inductively Coupled Plasma Mass Spectrometry (LA-ICP-MS) at C.N.R., 308 

Istituto di Geoscienze e Georisorse (Unità di Pavia; Supplementary Data Table S2). We 309 

measured Sc, Ti, V, Cr, Co, Ni, Zn, Rb, Sr, Y, Zr, Nb, Ba, La, Ce, Pr, Nd, Sm, Eu, Gd, Tb, Dy, 310 

Ho, Er, Tm, Yb, Lu, Hf, Ta, Pb, Th, U. Clinopyroxene and plagioclase were analysed using a 311 

Q-switched Nd:YAG laser, model Quantel (Brilliant) with 213 nm wavelength and a fluence of 312 ∼9.5 J/cm2. The laser was operated at 10 Hz frequency, with a pulse energy of 35 mJ and spot 313 

diameter typically of 50-75 µm for clinopyroxene and 100-120 µm for plagioclase. Amphibole 314 

grains were ablated using an ArF excimer laser microprobe at 193 nm (Geolas200Q-Microlas) 315 



with a spot size of 35-50 μm. The ablated material was analysed by using a PerkinElmer SCIEX 316 

ELAN DRC-e quadrupole mass spectrometer using Helium as carrier gas mixed with Ar 317 

downstream of the ablation cell. Data reduction was performed using the GLITTER software 318 

(Van Achterbergh et al., 2001), using the linear fit to ratio method. Concentrations were 319 

calibrated against the NIST SRM 612 rhyolitic synthetic glass using the values given in Pearce 320 

et al. (1997). 43Ca was used for internal standardization relative to EPMA data. Precision and 321 

accuracy were assessed from repeated analyses of the BCR-2g reference material and resulted 322 

usually better than 10%. 323 

Oxygen isotopes in amphibole crystals were measured in-situ for undeformed olivine 324 

gabbros, diorites and the mylonitic olivine gabbros (Supplementary Data Table S3) using the 325 

Cameca IMS-1270 E7 ion microprobe at the ‘Centre de Recherches Pétrographiques et 326 

Géochimiques’ (CRPG-CNRS) in Nancy (France). A focused primary beam of Cs+ was used 327 

with an intensity of 2.5 nA, and a spot size of ~15 μm. Each analysis consists of 30 cycles. The 328 

analysed surface was cleaned by few seconds of pre-sputtering to prevent surface 329 

contamination. Two amphiboles of different compositions, one from the Ilímaussaq Complex 330 

(Mg# = 0 and δ18O = -2.1 ± 0.19‰ VSMOW) and another from the Kipawa Syenite Complex 331 

(Mg# = 66 and δ18O = 7.9 ± 0.08‰ VSMOW) were used as standard to correct for instrumental 332 

mass fractionation. Five individual standard measurements were performed at the beginning 333 

and at the end of every data acquisition blocks usually composed of about 30-35 individual 334 

unknown measurements. The overall error calculated for the entire analytical session was less 335 

than ±0.25‰ (2σ). To check for possible intra-grain oxygen isotope heterogeneity, as well as 336 

to minimize the error of δ18O determination for each amphibole crystal, at least three spots (and 337 

up to 5) in different areas of each selected individual grain were analysed. All points were 338 

checked using SEM imaging after analyses to ensure that only amphiboles were analysed. 339 

 340 

BROWN AMPHIBOLE TEXTURAL OCCURRENCES AND MINERAL 341 

CHEMISTRY 342 

Brown amphibole in Hole U1473A occurs in undeformed (Fig. 4, Fig. 5) and deformed (Fig. 343 

6, Fig. 7) gabbroic rocks, ranging from olivine gabbro (Fig. 4a-d) to more evolved oxide gabbro 344 

(Fig. 4e-f) and diorites (Fig. 5). The modal abundance of brown amphibole ranges from <0.1 345 

vol% in olivine-rich gabbro (olivine >10 vol%) to ≤0.5 vol% in olivine gabbro, up to 5 vol% in 346 

oxide gabbros, and ~10 vol% in diorites. In mylonites, brown amphibole is overall ≤2 vol%. 347 



All analysed brown amphiboles display low Cl contents (<0.03 wt%; Supplementary Data 348 

Table S1). 349 

 350 

Undeformed olivine gabbros  351 

Brown amphiboles in undeformed olivine gabbros are pargasites (Si a.p.f.u. = 6.3-6.5; 352 

calculated following Ridolfi et al., 2018; Fig. 8) according to the classification of Leake et al. 353 

(1997). Pargasite typically occurs as isolated films (≤50µm thick) interstitial to plagioclase, 354 

clinopyroxene and olivine (Fig. 4a-b). Their well-defined grain boundaries appear either planar 355 

or smoothly curved depending on the shape of adjacent crystals (Fig. 4b). Commonly, pargasite 356 

occurs in association with Fe-Ti oxides and/or sulfides (Fig. 4b-c) and locally with µm-size 357 

crystals of apatite. Pargasite also forms ‘blebs’ or lamellae in large clinopyroxene crystals, 358 

commonly aligned parallel to the cleavage planes (Fig. 4d). These bleb-shaped amphiboles have 359 

planar or irregular but well-defined grain boundaries.  360 

Pargasite in the olivine gabbros display the highest Mg# among all of the studied samples, 361 

with values ranging between 66 and 75. It has high CaO (11-12 wt%), Al2O3 (10-13 wt%) and 362 

TiO2 (2.3-4.1 wt%), and low MnO (0.1-0.2 wt%), whereas K2O and Na2O range in the intervals 363 

0.07-0.3 wt% and 2.2-2.9 wt%, respectively (Fig. 9). Interstitial and bleb-shaped pargasite have 364 

comparable compositions, except for K2O and Na2O that are slightly higher in bleb-shaped 365 

pargasite (Fig. 9). However, bleb-shaped pargasite displays overall slightly higher TiO2 366 

contents at lower Mg# compared to the interstitial crystals. No additional correlation was 367 

observed between the pargasite textural occurrence and their significantly variable TiO2 368 

contents, which show a negative correlation with pargasite Mg#.  369 

The interstitial pargasite is commonly associated with rims of plagioclase showing low An 370 

contents and Fe-rich rims of clinopyroxene. The development of bleb-shaped pargasite in 371 

clinopyroxene is locally associated with ~200 µm-thickness rim of orthopyroxene (Fig. 4d). 372 

Prismatic euhedral to subhedral plagioclase and poikilitic clinopyroxene are always zoned. An 373 

contents in plagioclase range between 51 and 63 mol% and their K2O contents are <0.1 wt% 374 

(Fig. 10a-b), with the highest An contents recorded in the crystal cores (Fig. 11a). 375 

Clinopyroxene cores display high Mg# (~80-85) that decrease towards the crystal rims (down 376 

to Mg# ~75; Fig. 10c, Fig. 11b, Supplementary Figure S1).  377 

 378 



Undeformed oxide gabbros and diorites 379 

Oxide gabbros contain pargasitic to edenitic amphibole (Si a.p.f.u. = 6.3-6.9; Fig. 8). 380 

Pargasites commonly form 50 to 200 µm-thick films with well-defined grain boundaries 381 

between large clinopyroxene and plagioclase crystals, and are often associated with ilmenite 382 

and/or magnetite (Fig. 4e). They also occur within large pyroxenes as isolated <50µm-size blebs 383 

with random orientations and associated with Fe-Ti oxides. Edenites are typically larger 384 

anhedral to subhedral grains (up to ~2 mm) associated with orthopyroxene, ilmenite and 385 

magnetite. Euhedral grains of apatite are associated with these edenites (Fig. 4f).  386 

Pargasite and edenite from oxide gabbros display lower Mg# (56.8-65.2), CaO (10.3-11 387 

wt%) and Al2O3 (7-11 wt%), higher MnO (0.16-0.35 wt%) and K2O (0.2-0.4 wt%), and similar 388 

Na2O (2-2.7 wt%) and TiO2 (2-3.4 wt%) contents compared to pargasite from olivine gabbros 389 

(Fig. 9). Edenite has higher Mg# (62.8-65.2) and lower Al2O3 (6.9-8.9 wt%), TiO2 (2-2.3 wt%) 390 

and Na2O (2.1-2.36 wt%) compared to its pargasitic counterpart (Supplementary Data Table 391 

S1). No chemical distinction can be made between interstitial and bleb-shaped pargasites (Fig. 392 

9). 393 

Brown amphiboles in oxide gabbros are associated with sodic plagioclase rims (An = 34-394 

43), whereas the plagioclase cores typically display slightly higher An contents (An = 40-44). 395 

Clinopyroxene is unzoned with Mg# ranging from 67 to 70 (Supplementary Figure S1; 396 

Supplementary Data Table S1). 397 

The internal portion of diorite veins is characterized by large (up to 4 mm in size) subhedral 398 

to poikilitic crystals of edenitic amphibole (except for two grains showing slight lower Na and 399 

plotting within the horneblende field; Si a.p.f.u. = 6.4-7.1; Fig. 8), which are associated with 400 

ilmenite and magnetite. Poikilitic edenites typically enclose euhedral plagioclase, apatite and 401 

zircon (Fig. 5c). Plagioclase also occurs as nearly centimetric subhedral grains.   402 

Compared with brown amphibole from the oxide gabbros, edenite from diorites display 403 

similar Mg# and Na2O contents, whereas Al2O3, TiO2 and K2O tend to slightly lower contents 404 

and MnO is remarkably higher (Fig. 9). The diorite amphiboles have compositions comparable 405 

to those of brown amphibole found in various felsic material from Hole U1473A reported in 406 

literature (Fig. 9). Plagioclase is zoned with average An ~36 and K2O contents in the range 407 

0.14-0.18 wt% in crystal cores, and An <30 and K2O contents overall >0.2 wt% in crystal rims. 408 

(Fig. 10a). 409 



The sharp diorite-host gabbro contact is marked by coronas of edenitic amphibole on rims 410 

of clinopyroxene from the host gabbro. The grain boundary of the coronitic edenite against 411 

clinopyroxene is typically irregular and indented (Fig. 5a-b), indicating that amphibole was 412 

overgrown on clinopyroxene. The coronitic edenite include abundant euhedral crystals of Fe-413 

Ti oxide phases (Fig. 5b), which is a common phase all along the diorite-host gabbro contact. 414 

Within 1 mm from the contact, the primary mineral phases in the host gabbro display strong 415 

chemical differentiation. The rim of the clinopyroxene overgrown by the diorite amphibole is 416 

remarkably Fe-rich compared with the crystal core (Supplementary Figure S1), and plagioclase 417 

displays a core-to-rim enrichment in albitic component. Such enrichments at the plagioclase 418 

rim reach compositions similar to those of plagioclase rim in the diorite vein core (Fig. 10a; 419 

Supplementary Data Table S1).  420 

 421 

Granulite-facies mylonites  422 

Mylonitic olivine gabbro 423 

Nearly equant fine grains (50-100 µm) of pargasite (Si a.p.f.u. = 6.2-6.5; Fig. 8) with no 424 

visible plastic deformation form aggregates in mylonitic olivine gabbros (Fig. 6a-b). The 425 

pargasite grains are associated with Fe-Ti oxides and micron-scale equigranular neoblasts of 426 

clinopyroxene and minor orthopyroxene, which have polygonal morphology with ~120° grain 427 

triple junctions (Fig. 6c-d). (Clino)pyroxene neoblasts comprise ~70 vol% of the neoblastic 428 

assemblage, whereas pargasite+Fe-Ti oxide cover up to 30 vol% (Fig. 6b). The pyroxenes + 429 

pargasite + Fe-Ti oxides neoblastic aggregates are elongated parallel to the crystal-plastic fabric 430 

forming tails departing from the clinopyroxene porphyroclasts (Fig. 6c-d). Bands of neoblastic 431 

plagioclase displaying equilibrated textures (e.g., triple junctions) parallelly alternate with the 432 

mafic bands defining the foliation and mantling the porphyroclasts mainly of clinopyroxene 433 

and olivine (Fig. 6a-b). The large porphyroclastic grains display undulose extinction and are 434 

internally deformed (Fig. 6d), whereas crystal grains in the neoblastic assemblage are internally 435 

undeformed. Apatite crystals of ~200 µm-size associated with mm-size orthopyroxene occur in 436 

pressure shadows at the edge of some clinopyroxene porphyroclasts (Fig. 6c-d). The 437 

plagioclase-pyroxene ± amphibole neoblastic association documents recrystallization under 438 

granulite-facies conditions (following MacLeod et al., 2017). 439 

Elongated aggregates of pargasite also occur in ~200µm-thick isolated bands in association 440 

with ilmenite and apatite and are intercalated with thicker bands of plagioclase neoblasts (Fig. 441 



6a,b,e). Along these thin bands, 500 µm-stretched anhedral pargasite crystals occur at the 442 

contact with clinopyroxene porphyroclasts (Fig. 6e).  443 

Pargasite in the mylonitic olivine gabbro has compositions comparable with those of 444 

undeformed olivine gabbros (sample 41-6 in Fig. 9), with Mg# ranging between 66 and 72 and 445 

TiO2 in the interval 1.8-3.6 wt%. The plagioclase and clinopyroxene neoblasts in association 446 

with pargasite have An contents ranging from 42 to 59 (K2O<0.1 wt%; Fig. 10a-b) and Mg# of 447 

77-80 (Fig. 10c, Supplementary Figure S1), respectively. The plagioclase porphyroclasts tend 448 

to be slightly more enriched in An compared to the plagioclase neoblasts (Fig. 11c). The 449 

alternating compositional bands of neoblastic plagioclase fall in the compositional range of 450 

zoned plagioclase from undeformed olivine gabbro (Fig. 10b), which suggests that this 451 

chemical variability was inherited from the magmatic zoning (Fig. 11a,c). Similar to 452 

plagioclase, the porphyroclastic clinopyroxenes preserve a primary chemical zonation marked 453 

by rims with higher Fe contents (Fig. 11d). 454 

 455 

Mylonitic olivine gabbro with oxide gabbronoritic band 456 

Sample U1473A-69R-1W, 23-28cm displays a well-foliated mylonitic olivine gabbro 457 

crosscut by a ~7 mm-thick band composed of abundant orthopyroxene (~15 vol%) and 458 

neoblastic to anhedral clinopyroxene (~37 vol% in total; see later the distinction in 459 

clinopyroxene generations), neoblastic plagioclase (~30 vol%), an assemblage of Fe-Ti oxides 460 

+ apatite (~15 vol%), and minor pargasite (<3 vol%). Based on its mineralogy, hereafter this 461 

band is referred to as ‘oxide gabbronoritic band’ (Fig. 7a-b). Its host mylonite (Fig. 7a) has 462 

typical porphyroclastic textures defined by plagioclase, clinopyroxene and olivine 463 

porphyroclasts mantled by pyroxenes + pargasite + Fe-Ti oxides neoblastic aggregates. It is 464 

characterized by chemical compositions similar to those of the other granulite-facies mylonitic 465 

sample from this study (Fig. 9, Fig. 10, Supplementary Figure S1). Despite such evident 466 

similarities, the neoblastic grains within the host mylonite are overall finer (rarely ~100 µm and 467 

commonly <50 µm) than those in the other mylonitic olivine gabbro. 468 

From the mylonitic olivine gabbro to the oxide gabbronoritic band, pargasite/orthopyroxene 469 

ratio drastically decreases, and modal contents of apatite and ilmenite significantly increase 470 

(Fig. 7a-b). The band shows parallel alternations of thin layers of pyroxene + pargasite + 471 

plagioclase and pyroxene + plagioclase + Fe-Ti oxide phases + apatite (Fig. 7b). Equigranular 472 

and polygonal neoblasts of µm- size pyroxene + pargasite + plagioclase are concentrated along 473 



the contact with the host mylonitic olivine gabbro. There, this neoblastic assemblage is 474 

characterized by the presence of a mm-long grain of euhedral titanite with well-defined grain 475 

boundaries (Fig. 7a-b). Pargasites occur as interstitial to nearly equant grains at pyroxene 476 

neoblasts triple junctions (Fig. 7c). The core of the oxide gabbronoritic band is characterized 477 

by mm-size euhedral crystals of orthopyroxene mantled by euhedral tens of µm-size grains of 478 

apatite associated with Fe-Ti oxides (Fig. 7a-c). There, plagioclase shows subhedral and 479 

granular to nearly interstitial habit, whereas clinopyroxene porphyroclasts are overgrown by 480 

coronas of secondary clinopyroxene, which have lobate and tortuous grain boundaries with the 481 

large clinopyroxene crystals (Fig. 7d). Although these clinopyroxene microstructures are 482 

mostly evident within the core of the oxide gabbronorite, they also occur locally along the 483 

contact with the host mylonite where secondary clinopyroxene partially overgrew elongated 484 

porphyroclastic clinopyroxene (Fig. 7b). The large and granular orthopyroxenes, plagioclases 485 

and secondary clinopyroxenes within the oxide gabbronoritic band retain magmatic textures. 486 

Pargasites in the oxide gabbronoritic band have intermediate compositions between 487 

amphibole in the undeformed olivine gabbro and those in the oxide gabbros (Fig. 9). Their Mg# 488 

and CaO, TiO2 and Na2O contents are slightly lower compared with pargasites in the host 489 

mylonitic olivine gabbro. The associated plagioclase and clinopyroxene neoblasts overall 490 

display, respectively, more albitic compositions (An = 39-46 and K2O = 0.11-0.13 wt%; Fig. 491 

10a-b, Fig. 11e, Supplementary Data Table S1) and lower Mg# (~70; Supplementary Data 492 

Table S1) compared to plagioclase and clinopyroxene in the host mylonite (Fig. 10, 493 

Supplementary Figure S1). The clinopyroxene porphyroclasts display a progressive outward 494 

Mg# decrease, from Mg# ~79 at their cores to ~71 in the secondary clinopyroxene (Fig. 10c, 495 

Fig. 11f, Supplementary Figure S1). Notably, an overall enrichment in Si, Fe and Na is recorded 496 

from the host mylonite to the oxide gabbronoritic band (Fig. 11e-f). 497 

 498 

MINERALS TRACE ELEMENT COMPOSITIONS AND AMPHIBOLE 499 

OXYGEN ISOTOPES 500 

Undeformed olivine gabbros  501 

Pargasites in undeformed olivine gabbros contain the highest concentrations in compatible 502 

trace elements (on average Cr = 870 ppm and V = 1140 ppm; Supplementary Data Table S2) 503 

among all amphiboles analysed in this study. They display MORB-type geochemical signature 504 

marked by depleted Light Rare Earth Elements (LREE) with respect to Middle REE (MREE) 505 



(LaN/SmN = 0.25-0.35; N = C1-chondrite normalized values, after Sun & McDonough, 1989), 506 

and nearly flat C1-normalized MREE–Heavy REE (HREE) patterns (Fig. 12a). They show the 507 

lowest REE contents (YbN = 48 on average) among brown amphiboles from this study (Fig. 508 

12). Overall, pargasite exhibit low Rb and Ba contents, slightly positive Zr-Hf and Nb-Ta 509 

anomalies (on average ZrN/NdN = 1.4 and NbN/LaN = 1.7) and negative Sr and Eu anomaly 510 

(Eu/Eu*[EuN/√(SmN ∗ GdN)] = 0.6) (Fig. 12b). One sample contains interstitial pargasite with 511 

the lowest REE contents (YbN = 22), which is comparable to brown amphiboles in other olivine 512 

gabbros from Hole U1473A (Fig. 12a). Notably, this pargasite has slightly negative Zr-Hf 513 

anomaly (ZrN/NdN = 0.6) and nearly absent Eu anomaly (Eu/Eu* = 0.8) (Fig. 12b). 514 

Associated clinopyroxene and plagioclase have compositions comparable with the data 515 

compilation of olivine gabbros from Hole U1473A from other studies (Sanfilippo et al., 2020; 516 

Zhang et al., 2020; Boulanger et al., 2021; Ferrando et al., 2021a), showing typical core-rim 517 

zonation. Clinopyroxene displays subparallel REE pattern (LaN/SmN = 0.08-0.21) compared to 518 

those of pargasites at lower concentration levels and exhibits a core-to-rim increase in Y-REE 519 

abundances, associated with steepening of Ti, Eu and Sr negative anomalies and flattening of 520 

the Zr-Hf anomaly (Fig. 12a-b). Plagioclase overall displays a slight core-to-rim increase in 521 

incompatible trace elements, associated with a remarkable LREE enrichment, and a marked 522 

positive Ti anomaly (Supplementary Figure S2a-b). 523 

Two samples of undeformed olivine gabbros were selected for oxygen isotope analyses (Fig. 524 

13a; Supplementary Data Table S3). Pargasite from sample 89R-1W, 86-93cm has δ18O ranging 525 

from +4.3‰ to +5.8‰ with an average value of +5.1 ± 0.7‰ (3 grains analysed), whereas 526 

pargasite in sample 89R-6W, 4-9cm has δ18O ranging from +4.7 to +5.5‰ with an average 527 

value of +5.0 ± 0.4‰ (4 grains analysed).  528 

 529 

Undeformed oxide gabbros and diorites 530 

Pargasitic and edenitic amphiboles in oxide gabbros and diorites have lower compatible trace 531 

elements contents compared to those in olivine gabbros (Cr = 6-138 ppm and V = 62-784 ppm; 532 

Supplementary Data Table S2). They exhibit trace element patterns subparallel to amphiboles 533 

in the olivine gabbros but at higher concentration levels, with edenites being systematically 534 

distinct in having the highest REE and Nb-Ta contents (YbN = 144-191 in oxide gabbros and 535 

YbN = 406-590 in diorites; Fig. 12c-d). Strong negative Eu anomalies characterize their 536 



Chondrite-normalized REE patterns (Eu/Eu* = 0.5-0.7 in oxide gabbros and Eu/Eu* = 0.3-0.8 537 

in diorites; Fig. 12c). The extended incompatible trace element patterns exhibit low Rb and Ba 538 

contents, prominent negative Sr and Ti anomalies and remarkable Zr-Hf negative anomalies 539 

(ZrN/NdN = 0.2-0.4 in oxide gabbro and ZrN/NdN = 0.03-0.6 in diorites; Fig. 12d). Amphiboles 540 

from oxide gabbros have the strongest depletion in Nb-Ta (NbN/LaN = 0.15 on average), 541 

whereas those from diorites show variable but minor Nb-Ta depletion (NbN/LaN = 0.91 on 542 

average; Fig. 12d). Edenites from diorites display the most marked depletions in LREE relative 543 

to MREE (LaN/SmN = 0.2-0.3; Fig. 12c) and U-Th (Fig. 12d). 544 

Clinopyroxenes in oxide gabbros are unzoned and exhibit subparallel REE patterns 545 

(LaN/SmN = 0.16-0.28; Fig. 12c) at higher contents compared to rims of clinopyroxenes from 546 

the olivine gabbros. The incompatible element patterns of oxide gabbro clinopyroxenes are 547 

markedly depleted in Ti, Zr, Hf and Sr compared to adjacent REE (Fig. 12d). Clinopyroxene in 548 

the host gabbro of diorites has trace element compositions comparable with those of 549 

clinopyroxene from olivine gabbros, whereas the incompatible element signature of the 550 

clinopyroxene rims along the gabbro-diorite contact is similar to that of clinopyroxene from 551 

oxide gabbros (Fig. 12c-d). 552 

Plagioclases are unzoned and exhibit subparallel Y-REE patterns at higher contents 553 

compared to rims of plagioclase from the olivine gabbros, with plagioclase from diorites having 554 

the highest contents (Supplementary Figure S2c). Plagioclase from oxide gabbros has nearly 555 

absent Ti anomaly, whereas plagioclase from diorites displays negative Ti anomaly 556 

(Supplementary Figure S2d). 557 

The two samples of undeformed diorites, as representative of the most evolved lithology, 558 

were selected for oxygen isotope analyses (Fig. 13a; Supplementary Data Table S3). Edenite 559 

from sample 39R-4W, 3-8cm have δ18O ranging from +4.0‰ to +5.2‰ with an average value 560 

of +4.6 ±0.6‰ (3 grains analysed), whereas pargasite in sample 89R-3W, 108-110cm have 561 

δ18O ranging from +4.3 to +4.5‰ with an average value of +4.4 ± 0.1‰ (3 grains analysed). 562 

 563 

Granulite-facies mylonites 564 

Trace element contents in pargasites from mylonitic olivine gabbros fall in the compositional 565 

range defined by pargasites in olivine gabbros (YbN = 31-62 and LaN/SmN = 0.20-0.35; Fig. 566 

12e-f), although they display compatible trace element contents between those of olivine 567 



gabbros and oxide gabbros (Cr = 118-726 ppm and V = 520-1020 ppm; Supplementary Data 568 

Table S2). They show absent or slightly negative Eu anomaly (Eu/Eu* = 0.5-0.9) and no to 569 

slightly positive Zr-Hf anomaly (ZrN/NdN = 0.9-1.5), whereas the relatively high Nb-Ta 570 

contents form a slight positive anomaly (NbN/LaN = 0.9-1.8) (Fig. 12f).  571 

Pargasites from the oxide gabbronoritic band display among the lowest contents in 572 

compatible trace elements (Cr = 28 ppm and V = 562 ppm; Supplementary Data Table S2). 573 

They have higher Y-REE contents (YbN = 180 on average) than pargasite in the mylonitic 574 

matrix, and slight negative Eu and Zr-Hf anomaly (on average Eu/Eu* = 0.6 and ZrN/NdN = 575 

0.45), as similarly documented for amphibole from oxide gabbros. The incompatible trace 576 

element pattern of this REE-rich pargasite exhibits prominent negative Ti and Sr anomalies and 577 

lower Nb-Ta contents compared to LREE (NbN/LaN = 0.5) (Fig. 12f). 578 

Clinopyroxene and plagioclase porphyroclasts and neoblasts in the mylonitic olivine gabbros 579 

have similar compositions, which are comparable with those from the olivine gabbros 580 

(clinopyroxene LaN/SmN = 0.15-0.25; Fig. 12a-b,e-f; Supplementary Figure S2e-f). 581 

Clinopyroxene neoblasts are distinct with negative Ti and Eu anomalies, whereas plagioclase 582 

displays no Ti anomaly. In the oxide gabbronoritic band, clinopyroxene porphyroclast have 583 

trace element patterns subparallel to those of porphyroclasts in the mylonitic olivine gabbro, 584 

but at higher concentration levels, and display prominent negative Ti, Zr-Hf and Sr anomalies 585 

(Fig. 12f). Secondary clinopyroxene exhibits trace element patterns subparallel to those of the 586 

clinopyroxene porphyroclast, with overall higher concentrations and stronger negative Eu and 587 

Ti anomalies (Fig. 12f). Neoblastic plagioclase in the oxide gabbronorite overall displays higher 588 

trace element contents (Supplementary Figure S2f). 589 

Pargasites from the two mylonitic olivine gabbros have δ18O ranging from +5.4 to +6.5‰ 590 

(10 grains analysed) in sample 41R-6W, 23-29cm and from +4.7 to +6.1‰ (3 grains analysed) 591 

in sample 69R-1W, 23-28cm (the mylonite host was exclusively measured), for an absolute 592 

average value of +6.0 ± 0.5‰ (Fig. 13a; Supplementary Data Table S3).  593 

 594 

GEOTHERMOMETRIC ESTIMATES 595 

Temperatures of amphibole equilibration in undeformed and deformed rock samples were 596 

estimated using amphibole-based geothermometers. We used the amphibole–plagioclase 597 

geothermometer (Holland & Blundy, 1994) and the single-amphibole geothermometer (Ti-Fe-598 



Si-Na in amphibole; Putirka, 2016) assuming a confining pressure of 0.1 GPa. To strengthen 599 

our temperature estimates we also applied the recalibration of the Ernst & Liu (1998) Ti-in 600 

amphibole geothermometer performed by the Hannover group (Institut für Mineralogie; 601 

Leibniz Universität Hannover), which is based on the equation: −22.1 × [TiO2 (wt%)]2 + 220.74 602 

× [TiO2 (wt %)] + 480.7. This recalibration has been tested experimentally (France et al., 2010; 603 

Koepke et al., 2003) and has been used in several studies (France et al., 2013, 2021; Koepke et 604 

al., 2011). The plagioclase-amphibole geothermometer was applied to adjacent amphibole-605 

plagioclase rim pairs in undeformed lithologies, whereas we selected neoblastic amphibole-606 

plagioclase aggregates for temperature estimates of the ductile deformation in mylonites. The 607 

single-amphibole geothermometers yield overall comparable equilibrium temperature values 608 

(Fig. 13b), providing rather broad temperature ranges that reflect the wide Ti variations in the 609 

analysed amphiboles (see Fig. 9), whereas the amphibole–plagioclase geothermometer yield 610 

slightly lower equilibrium temperatures. 611 

For comparison, clinopyroxene-plagioclase equilibrium temperatures were determined for 612 

adjacent crystal rim couples identified in undeformed olivine gabbros and oxide gabbros and 613 

displaying equilibrium magmatic textures. We applied the geothermometer from Sun et al. 614 

(2017) based on partitioning of REE between the two minerals, estimating 1070-1100°C for 615 

olivine gabbros and 970-990°C for oxide gabbros. Considering the ~50°C intrinsic error of the 616 

clinopyroxene-plagioclase geothermometer, the results are slightly higher, but comparable with 617 

the temperature estimates obtained from amphiboles and amphibole-plagioclase pairs 618 

compositions. It should be noted that clinopyroxene-plagioclase temperature estimates obtained 619 

from olivine gabbros are ~100°C higher compared with temperature values from amphiboles. 620 

Probably, due to the large laser ablation spot-size (see Chemical maps and in situ analyses), the 621 

trace elements measurements of clinopyroxene were not exclusively performed at the outermost 622 

crystal rim in equilibrium with amphibole, but instead could represent a mixed analysis with a 623 

component of a slightly more internal and less chemically evolved area of the clinopyroxene 624 

crystal. 625 

The highest temperature estimates obtained from all four geothermometers (i.e., using 626 

amphibole, plagioclase and clinopyroxene compositions) are recorded by the olivine gabbros, 627 

with averages of ~890°C for amphibole-plagioclase pairs, averages ranging from 925 to 940°C 628 

for single-amphiboles (all data fall within the interval 850-1010°C), and ~1100°C for 629 

clinopyroxene-plagioclase pairs (Fig. 13b). Oxide gabbros record slightly lower crystallization 630 

temperatures ranging from 825 to 870°C (averages) for amphibole-plagioclase pairs, between 631 



850 and 940°C (averages; all data fall in the interval 805-990°C) for single-amphiboles, and 632 

~980°C on average for clinopyroxene-plagioclase pairs. Diorites yielded the lowest 633 

temperatures estimates with averages of ~810°C for amphibole-plagioclase pairs and 780-634 

925°C for single-amphiboles (Fig. 13b). 635 

Temperature estimates for the dynamic recrystallization event under granulite-facies 636 

conditions fall within the interval of temperatures obtained for undeformed olivine gabbro, with 637 

averages of ~870°C for amphibole-plagioclase pairs and ranging within the interval 870-955°C 638 

for single-amphiboles (Fig. 13b). In particular, the amphiboles from the oxide gabbronoritic 639 

band show on average slightly lower, although partly overlapping, equilibrium temperatures 640 

compared with the granulite-facies mylonite (amphibole-plagioclase pair Taverage = 840°C; 641 

single-amphiboles Taverage = 865-900°C). 642 

 643 

DISCUSSION 644 

Magmatic formation of brown amphiboles 645 

Throughout the lower oceanic crust recovered at Hole U1473A, brown amphibole appears 646 

in chemically distinct gabbroic rocks and in various textural occurrences. In undeformed 647 

samples, pargasites form interstitial films locally mantling the grain boundaries of primary 648 

mineral phases in primitive olivine gabbros (Fig. 4b) and, locally, in oxide gabbros (Fig. 4e), 649 

whereas edenites are larger interstitial grains in the most evolved oxide gabbros (Fig. 4f) and 650 

subhedral to poikilitic crystals in diorites (Fig. 5a). Pargasitic amphibole in mylonites forms 651 

fine-grained assemblages with polygonal morphology (Fig. 6c) or occurs as anhedral single 652 

crystals at grain boundaries of porphyroclastic clinopyroxene (Fig. 6e). The textures of all 653 

brown amphiboles from this study attest to their textural equilibrium with the primary mineral 654 

phases (i.e., olivine, plagioclase and clinopyroxene) or with the neoblastic mineral assemblage. 655 

These textural relationships contrast with the characteristics of hydrothermal brown amphiboles 656 

commonly described as coronas with irregular grain boundaries around or completely replacing 657 

primary clinopyroxene, and in crosscutting monomineralic amphibole veins (e.g., Coogan et 658 

al., 2001; Gillis & Meyer, 2001; Miranda & John, 2010; Gaggero & Cortesogno, 1997; 659 

MacLeod et l., 2017).  660 

The high-Ti contents yielding high equilibrium temperatures of the studied amphiboles (up 661 

to ~1000°C in olivine gabbros) are comparable with magmatic amphiboles from other oceanic 662 



crustal sections, and contrast with the low-Ti content of the hydrothermal amphiboles (Fig. 663 

14a). Such high equilibrium temperatures, together with equilibrium textures point to 664 

crystallization of brown amphiboles from hydrous melts (e.g., Coogan et al., 2001). The 665 

association of pargasites and edenites with Fe-Ti oxide phases and with other late-stage 666 

cumulus phases (i.e., apatite and zircon) strongly supports the magmatic nature of brown 667 

amphiboles in all studied samples. Furthermore, Ti, Al, Y-REEs, Zr-Hf and Nb contents in 668 

amphiboles are systematically higher than associated clinopyroxene (Figs. 12, 14a), all showing 669 

trace element subparallel patterns and comparable LREE/HREE ratios (Fig. 14b). These 670 

geochemical characteristics thereby point to a common parental melt of clinopyroxene and 671 

adjacent amphibole in further agreement with a magmatic origin. 672 

In addition, bleb-shaped amphiboles occur within cores of large cumulus clinopyroxene 673 

crystals in U1473A undeformed olivine gabbros and oxide gabbros. Similar amphibole textural 674 

occurrences have been observed in samples from other oceanic spreading centres (e.g., MARK 675 

area and Atlantis Bank OCC [Coogan et al., 2001; Lissenberg & MacLeod, 2016] and Parece 676 

Vela Basin [Harigane et al., 2019]) and were interpreted as resulting from melt-mineral 677 

interaction triggered by ingress of hydrous evolved magmatic fluids into the clinopyroxene 678 

crystal (e.g., Lissenberg & MacLeod, 2016). Likewise, the elongated shape of the studied bleb 679 

amphiboles oriented parallel to the clinopyroxene cleavage planes is consistent with the 680 

mechanism of melt infiltration into the cumulus crystal along its crystalline weak planes 681 

(intracrystalline melt migration, e.g., Basch et al., 2021), thereby corroborating the magmatic 682 

origin of the brown amphiboles. 683 

 684 

Origin of the hydrous component  685 

Seawater components contain high Cl and LREE compared to tholeitic melts thereby causing 686 

the precipitation of brown amphiboles typically with Cl >0.15 wt% and LaN/SmN > 0.4, and 687 

low abundances of fluid-immobile elements as Nb (e.g., Cortesogno et al., 2000; Coogan et al., 688 

2001; Gillis & Meyer, 2001; Harigane et al., 2019). The remarkably low Cl contents and rather 689 

low LREE/HREE (LaN/SmN < 0.5; Fig. 14b), the slightly positive Nb anomalies (Fig. 12b,d,f) 690 

and the depletion in fluid mobile elements such as Rb and Ba (e.g., Klinkhammer et al., 1994) 691 

in amphiboles from this study point to a negligible seawater component in their parental melts.  692 



The δ18O values are one of the most powerful tracers of seawater in hydrous melts, which 693 

typically lead to 18O-depletion during high temperature hydrothermal alteration and strong 18O-694 

enrichments during low temperature alteration processes and weathering (e.g., Gregory & 695 

Taylor, 1981; Stakes, 1991; Alt & Bach, 2006). The δ18O values of amphiboles from this study 696 

are much higher than the δ18O of hydrothermal hornblendes in the Atlantis Bank crustal section 697 

(δ18O < +2.0‰; Stakes, 1991; Alt & Bach, 2006; Fig. 13a). Despite this, our data reveal a 698 

certain extent of variability in δ18O that ranges from +4.4‰ in diorite veins to +6.1‰ in 699 

mylonites (averages; Fig. 13a). This variability can be attributed to fractionation of oxygen 700 

isotopes due to differential uptake of 16O and 18O between minerals and melts, as governed by 701 

a fractionation factor (Δmineral-melt). To account for differences in Δmineral-melt of each crystallized 702 

mineral (see Fig. 15), we calculated melts in equilibrium with amphiboles (this study), olivine 703 

and clinopyroxene from the Atlantis Bank lower oceanic crust (Gao et al., 2006; Pietranik et 704 

al., 2017; Fig. 15). Remarkably, the oxygen isotopic compositions of melts in equilibrium with 705 

pargasites (both undeformed and mylonitic gabbros), olivine, clinopyroxene and plagioclase 706 

fall within the same compositional field, having δ18O ranging between +5.0‰ and +6.5‰. This 707 

δ18O interval encompasses the δ18O values of erupted MORB, in further agreement with the 708 

magmatic character of the hydrous component in the amphibole parental melt. We note that the 709 

mylonitic olivine gabbros contain pargasites slightly 18O-enriched respect to pargasites in 710 

undeformed samples (Fig. 13a); this possibly suggests the involvement of a more differentiated 711 

melt during the deformation event, given that fractionation generally causes uptake of 16O in 712 

early crystallized minerals (i.e., olivine and clinopyroxene). Indeed, fractional crystallization 713 

models of tholeiitic melts (Bucholz et al., 2017) predict progressive 18O enrichments of the 714 

differentiating melt, caused by the crystallization of a mineral assemblage dominated by olivine, 715 

clinopyroxene and plagioclase.  716 

Although δ18O values of melts in equilibrium with olivine, plagioclase, clinopyroxene and 717 

zircon comply with a fractional crystallization trend (Fig. 15), we note a remarkable decrease 718 

in δ18O (down to +4.4‰, sample average value; Fig. 13a) in brown amphibole from the most 719 

chemically evolved diorites that is inconsistent with simple magmatic differentiation. Similar 720 

18O-depleted compositions have been reported for amphiboles in felsic dikes and amphibole-721 

rich gabbros from the Ligurian Ophiolites (Tribuzio et al., 2014). Based on the oxygen isotope 722 

compositions of coexisting zircons and clinopyroxene, these felsic veins were interpreted of 723 

magmatic origin and the unexpectedly low δ18O values could reflect oxygen isotope exchange 724 

during slow cooling (Tribuzio et al., 2014). In the case U1473A diorite veins, the abundant 725 



plagioclase (~40 vol%) could have acted as host of 18O, resulting in a progressive decrease of 726 

δ18O in magmatic edenites. However, equilibrium temperatures estimated from Ti contents in 727 

these amphiboles are consistent with magmatic crystallization of a differentiated melt and do 728 

not strictly point to cooling. Alternatively, 18O depletion in diorite amphiboles can possibly be 729 

the effect of assimilation of a hydrothermally altered rock during magmatic crystallization. We 730 

ran a model of assimilation-fractional crystallization process (AFC; DePaolo et al., 1981) 731 

assuming as assimilation of a hydrthermally altered oceanic crust (δ18O = 3; from Stakes, 1991; 732 

Alt & Bach, 2006) and as starting composition a melt in isotopic equilibrium with average δ18O 733 

values of pargasites in undeformed olivine gabbros. We tested different ratios of 734 

crystallized/assimilated masses, ranging from 1.5 to 2.5; the δ18O values of edenites in diorite 735 

veins are best reproduced by the crystallized/assimilated ratio of 2 (see Fig. 15 for details on 736 

the model parameters). Despite no clear evidence of seawater-derived features in major and 737 

trace element compositions of amphiboles, the high susceptibility of oxygen isotopes makes 738 

them unique tracers of seawater components. Thus, the δ18O values of edenites reveal that 739 

diorites emplaced after the ingress of hydrothermal fluids in the gabbros.  740 

To summarize, oxygen isotopes and mineral chemistry of undeformed and mylonitic olivine 741 

gabbros indicate that the hydrous component in the parental melts is not seawater related but of 742 

magmatic origin. On the other hand, the oxygen isotopic composition of amphibole in diorite 743 

veins suggests possible assimilation of seawater altered crust during the progressive magmatic 744 

crystallization of the differentiated melts. 745 

 746 

Evolution of late-stage melts 747 

Calculated REEAmp/REECpx ratios between brown amphibole and adjacent clinopyroxene 748 

crystal rim or between adjacent neoblasts produce nearly flat REE patterns in undeformed and 749 

mylonitic olivine gabbros and oxide gabbros (Supplementary Figure S3; exception of diorite 750 

veins is treated in ‘Diorites as frozen late-stage melts that locally hybridized the host gabbro’). 751 

These clinopyroxene-amphibole correlations suggest that the brown amphibole and 752 

clinopyroxene rims crystallized from a common melt, which was chemically distinct in each 753 

lithology.  754 

Clinopyroxene and amphibole fall along the same TiO2-Al2O3 trend (Fig. 14a), displaying a 755 

progressive decrease in Mg#, Al2O3 and CaO (Figs. 9, S1) and concomitant increase in Y-REE 756 

(Fig. 12a,c) from the olivine gabbros to the oxide gabbros, with mylonites showing similar 757 



compositions to olivine gabbros. Because decreasing Ca and Mg and increasing REEs in the 758 

melt typically result from magmatic crystallization (e.g., Grove et al., 1992), the chemical 759 

compositions of the mineral phases are directly representative of the differentiation stage of the 760 

parental melt. The chemically evolved signature of edenites in oxide gabbros and diorites, and 761 

their association with apatite and minor zircons, suggest that their parental melts experienced 762 

higher extents of magmatic differentiation compared with the primitive parental melts of olivine 763 

gabbros. Surprisingly, in each lithology, the significant variations in amphibole TiO2 defining 764 

parallel Ti-Mg# negative correlations (Fig. 9) seem inconsistent with a typical magmatic 765 

crystallization trend of primitive MORB (e.g., Villiger et al., 2007; Husen et al., 2016). In oxide 766 

gabbros, the edenitic (lower Ti) amphibole shows the highest Mg# compared to the pargasitic 767 

(higher Ti) counterpart. This is consistent with crystallization of Fe-Ti oxide phases that deplete 768 

the melt preferentially in FeO and TiO2, concomitantly with the precipitation of Fe-depleted 769 

edenites. This process occurred during the closure of the system permeability within each 770 

lithological group. In the following, we reconstruct the magmatic formation of brown 771 

amphibole throughout the crustal section sampled in Hole U1473A at the Atlantis Bank OCC. 772 

To unravel the evolution of melts crystallizing brown amphiboles throughout the Atlantis 773 

Bank lower oceanic crust, we calculated the major and trace element compositions of melts in 774 

equilibrium with both amphiboles and adjacent clinopyroxene rims. Melt silica contents were 775 

determined from amphibole compositions applying the equation (10) in Putirka (2016), whereas 776 

Ti and Fe-Mg concentrations were calculated using partition coefficients (Kd) from Nandedkar 777 

et al. (2016) and Tiepolo et al. (2007) for amphiboles and from Villiger et al. (2007) for 778 

clinopyroxenes (see details in Fig. 16a-b). Concentrations of REEs in equilibrium melts were 779 

determined using REE Kds calculated from LA-ICP-MS measurements of amphiboles and 780 

clinopyroxene rims applying the ‘mineral-based model’ by Shimizu et al. (2017) and the lattice 781 

strain model by Sun & Liang (2011), respectively. Amp/meltKd and Cpx/meltKd were calibrated at 782 

the temperatures estimated with amphibole and clinopyroxene-plagioclase geothermometers 783 

(see section ‘Geothermometric estimates’).  784 

 785 

Origin of pargasite in olivine gabbros 786 

Comparing the compositions of primary minerals from the Atlantis Bank gabbros (Dick et 787 

al., 2002) with the experimentally reproduced chemical evolution of MORB-type melts (Feig 788 

et al., 2006, 2010), Feig et al. (2010) indicates that the gabbroic rocks from the SWIR 789 



crystallized from MORBs having low water contents and under reducing conditions. 790 

Nevertheless, hydrous conditions are a fundamental prerequisite for amphibole crystallization 791 

(e.g., Johnson et al., 1994; Merzbacher & Eggler, 1984). Assuming water contents in pargasite 792 

~1.1 wt% (the lowest H2O contents measured in chemically comparable magmatic amphibole 793 

from Tribuzio et al., 2000; see Fig. 14a) and if Amp/meltKd of H2O is 0.3 (Tiepolo, 1999; Hauri et 794 

al., 2006), the water content of interstitial melts should have reached ~3.7wt% at the time of 795 

amphibole crystallization in the studied olivine gabbros.  796 

At low melt fractions, the water content in MORB increases rapidly as advanced melt 797 

differentiation proceeds, due to crystallization of anhydrous crystals (i.e., olivine, plagioclase 798 

and clinopyroxene; Koepke et al., 2018). Within the lower oceanic crust at the Atlantis Bank 799 

OCC, saturation of interstitial brown amphibole in olivine gabbros has been estimated after 800 

~90-95% of melt crystallization (Gillis & Meyer, 2001). We modelled fractional crystallization 801 

of a primitive N-MORB from the study area (Mg#∼62; Coogan et al., 2004), using MELTS 802 

(Ghiorso & Sack, 1995) at ~0.1-0.2 GPa pressure conditions, and estimate that such advanced 803 

melt fractionation can be reached at ~980°C (5% remaining melt fraction). Notably, these 804 

temperatures approximate the ~1000°C equilibrium temperatures estimated for crystallization 805 

of pargasite and rims of cumulus minerals (average between all geothermometers; Fig. 13b) in 806 

the U1473A olivine gabbros, hence agreeing with a process of extreme crystallization of 807 

MORB-type melts. In other words, interstitial pargasite in undeformed olivine gabbros likely 808 

crystallized from a melt trapped in the crystal matrix during the latest stages of melt 809 

differentiation (see also Gillis & Meyer, 2001). We infer that the stability of hydrous conditions 810 

was achieved after crystallization of more than 95 vol% of the melt mass, consistent with the 811 

occurrence of Fe-Ti oxides in textural equilibrium with the pargasite (Fig. 4b) and MELTS 812 

computations. 813 

Amphibole crystallization from trapped late-stage melts is also consistent with major and 814 

trace element compositions of melts in equilibrium with the interstitial pargasites and 815 

clinopyroxene rims. Major element compositions of such equilibrium melts lay within the 816 

experimentally determined liquid line of descent of a MORB-type melt at low pressure 817 

conditions (0.1 GPa; Husen et al., 2016; Fig. 16a). Taking into account the ~4 wt% intrinsic 818 

error of the Putirka (2016) equation, the computed average ~64 wt% of SiO2 content in the 819 

equilibrium melts is comparable with the experimentally acquired melts coexisting with olivine 820 

+ plagioclase + clinopyroxene (i.e., typical paragenesis of olivine gabbros) + amphibole + Fe-821 

Ti oxides (SiO2 ~59 wt% from Feig et al., 2006). Yet, the estimated REE concentrations in the 822 



equilibrium melt of pargasite (Supplementary Figure S4a,b) and clinopyroxene rims 823 

(Supplementary Figure S4c,d) fall in the REE compositional field of MORBs (Supplementary 824 

Figure S4e), although slight enrichments in the most incompatible LREE characterize 825 

characterize all REE patterns of the calculated equilibrium melts (Supplementary Figure S4e). 826 

Enrichments in the most incompatible elements (Zr, Hf, LREE) compared to less incompatible 827 

elements (M-HREE, Y) at the rims of clinopyroxene and plagioclase crystals have been 828 

documented in olivine gabbros from the Atlantis Bank OCC (Boulanger et al., 2020, 2021; Gao 829 

et al., 2007; Lissenberg & MacLeod, 2016; Sanfilippo et al., 2020; Zhang et al., 2020; Ferrando 830 

et al., 2021a), and are commonly interpreted as resulting from reactive melt percolation or 831 

subsolidus diffusion (Coogan & O’Hara, 2015). In the first scenario, this melt migration might 832 

have occurred within a high-porosity crystal mush (>50% of melt fraction; Ferrando et al., 833 

2021a,b) and triggered assimilation of the pre-existing gabbroic minerals, and concomitant 834 

crystallization of new phases. The cores of cumulus phases preserved their primary 835 

compositions, whereas crystal rims record the composition of the migrating melt (see Sanfilippo 836 

et al., 2020; Ferrando et al., 2021a). In the second scenario, fractional crystallization of 837 

interstitial melt caused the increase in incompatible trace elements, later followed by subsolidus 838 

diffusion between coexisting plagioclase and clinopyroxene (Coogan & O’Hara, 2015). We do 839 

not want to discuss the origin of the chemical zoning here. However, we note that the chemical 840 

equilibrium between clinopyroxene rims and associated interstitial pargasites (Supplementary 841 

Figure S3) indicate that both mineral phases precipitated from a melt having inherent 842 

enrichments in highly incompatible trace elements. This leads us to preferably interpret the 843 

incompatible trace element compositions of the amphibole and co-existing clinopyroxene rims 844 

as record of late-stage hydrous melt. 845 

In summary, pargasite in undeformed olivine gabbros crystallized from late-stage chemically 846 

evolved melts residual after crystal mush-melt interactions. The equilibrium textures of brown 847 

amphiboles indicate that the reactive process stopped prior to pargasite precipitation. 848 

Crystallization of interstitial pargasite proceeded in chemical equilibrium with the 849 

clinopyroxene rims (Supplementary Figure S3). The wide variations in single-amphibole 850 

equilibrium temperatures suggest that amphibole crystallization occurred at decreasing 851 

temperature during the closure of the system, as also evidenced by their interstitial textural 852 

occurrence. Additionally, the magmatic late-stage origin of interstitial pargasites is supported 853 

by their local association with Fe-Ti oxide phases, interstitial orthopyroxene and apatite, a 854 



mineral assemblage that experimentally stabilizes in the latest stages of MORBs magmatic 855 

crystallization processes (T<1050°C; Berndt et al., 2005; Feig et al., 2006). 856 

 857 

Origin of the oxide gabbros 858 

Oxide gabbros from the Atlantis Bank lower oceanic crust are considered to represent 859 

cumulates or mixtures of cumulates and frozen melts, based on their low SiO2 content compared 860 

to true residual melts (Robinson et al., 1991; Natland et al., 1991; Dick et al., 1999, 2000). 861 

Accordingly, they are characterized by the lowest An contents of plagioclase and the lowest 862 

Mg# of clinopyroxene among the gabbroic rocks (Figs. 10, S1) and record lower equilibrium 863 

temperature compared to olivine gabbros (Fig. 13b). The lack of core-rim zonation in 864 

clinopyroxene and plagioclase crystals (Figs. 10a and 12c-d) suggests that during the late-stage 865 

magmatic evolution forming the oxide gabbros no melt-rock interactions were likely involved, 866 

as the latter commonly produce enrichments in the most incompatible elements at the crystal 867 

rims (see Lissenberg & MacLeod, 2016) 868 

During magmatic differentiation at low pressure conditions, a MORB-type melt typically 869 

displays an early increase in Ti and Fe (‘primitive stage’ in Fig. 16a), ultimately leading to 870 

saturation of Fe-Ti oxide phases (e.g., Toplis & Carroll, 1995; Berndt et al., 2005; Botcharnikov 871 

et al., 2008). In turn, the subsequent crystallization of Fe-Ti oxides during late-stage magmatic 872 

crystallization causes progressive loss of Ti and Fe (‘late-stage evolution’ in Fig. 16a), along 873 

with other strongly compatible, as Cr and V (e.g., Irving, 1978; Righter et al., 2006), and HFSE 874 

(i.e., Zr, Hf, Nb, and Ta; e.g., Klemme et al., 2006), coupled with increase in strongly 875 

incompatible trace elements U, Th and Y-REE (e.g., Klemme et al., 2006) in the residual melt. 876 

Consistently, amphiboles in the studied oxide gabbros display lower V and HFSE and higher 877 

Y-REE contents at nearly constant Sc (moderately compatible in Fe-Ti oxides; e.g., Klemme et 878 

al., 2006) compared to the olivine gabbros (Fig. 12a,c, Fig.16c). Hence, the synchronous 879 

crystallization of Ti-Fe oxides and plagioclase, delineate the oxide-bearing lithologies in the 880 

V/Sc, Sr/Nd and V/Y spaces (Fig. 17). In particular, the accumulation of up to 5 vol% Fe-Ti 881 

oxides within the oxide gabbros (Fig. 4e-f) causes lower V/Sc, Sr/Nd and V/Y but higher Y 882 

compared to the olivine gabbros, where the accumulation of less than 0.5 vol% of Fe-Ti oxides 883 

has an extremely local effect on the residual melt composition.  884 



The iron contents of computed melts in equilibrium with amphibole and clinopyroxene from 885 

the U1473A oxide gabbros are comparable with typical compositions of ferrobasalts (e.g., le 886 

Roex et al., 1982; Das et al., 2012; Fig. 16b), as well as their HREE contents (see comparison 887 

with oceanic ferrobasalts in Fig. 16c). The ferrobasaltic affinity of the equilibrium melts is, 888 

however, in contrast with their substantially low TiO2 concentrations (Fig. 16b). This 889 

discrepancy could derive from crystallization of Fe-Ti oxide phases, the major host of Ti, prior 890 

to amphibole precipitation. This is in line with the interstitial habit of amphiboles occurring 891 

between euhedral to subhedral crystals of plagioclase, clinopyroxene and Fe-Ti oxides, and is 892 

also consistent with laboratory experiments that predict crystallization of clinopyroxene + Fe-893 

Ti oxides as liquidus assemblage of a ferrobasaltic melt (melt composition: SiO2 = 49.5 wt%, 894 

TiO2 = 3.7 wt%, FeO = 17.9 wt%; Koepke et al., 2018; Fig. 16b). Koepke et al. (2018), 895 

simulating a late-stage MORB system, demonstrated that the mineral assemblage composed of 896 

Fe-Ti oxides + clinopyroxene + plagioclase forms between 1000°C and 900°C, with apatite 897 

appearing on the liquidus at ~950°C and amphibole at temperatures of <900°C. Our temperature 898 

estimates of clinopyroxene-plagioclase (~980°C on average) and amphibole (~900°C on 899 

average) crystallization in U1473A oxide gabbros approximately agree with these experimental 900 

relationships. Moreover, the occurrence of late-stage highly differentiated phases (e.g., the large 901 

euhedral apatite crystals in association with edenites in an oxide gabbro) point to apatite 902 

saturation prior to precipitation of edenites, as predicted by the crystallization experiments (Fig. 903 

16b). Hence, the mineral textural relationships in U1473A oxide gabbros and the compositions 904 

of their equilibrium melts are compatible with a process of extreme melt chemical evolution.  905 

 906 

Diorites as frozen melts that locally hybridized the host gabbro 907 

Diorite veins, together with quartz-diorites, tonalites and trondhjemites (collectively termed 908 

“oceanic plagiogranites”, see Koepke et al. 2007) are ubiquitous features in sections of slow-909 

spreading lower oceanic crust (e.g., Coleman & Donato, 1979; Blackman et al., 2006; MacLeod 910 

et al., 2017). Despite the consensus that oceanic plagiogranites formed by crystallization of 911 

SiO2-enriched melts carrying high concentrations of incompatible elements, the origin of such 912 

highly differentiated melts is strongly debated. These felsic melts are interpreted either as 913 

products of gabbro partial melting triggered by ingress of seawater-rich fluids (e.g., Dick, et al., 914 

1991; Koepke et al., 2004, 2007) or as late‐stage differentiates of MORB-type melts (e.g., Niu 915 

et al., 2002; Berndt et al., 2005; Feig et al., 2006; Nguyen et al., 2018; Chen et al., 2019; Ma et 916 



al., 2020). In the case of edenites from the studied diorite veins, their chemical compositions, 917 

including trace element contents, are comparable with amphiboles in other felsic veins from the 918 

Atlantis Bank lower oceanic crust (Figs. 9, 14a) mostly interpreted as products of 85% to 90% 919 

fractionation of a primitive MORB (Niu et al., 2002; Nguyen et al., 2018; Type I in Ma et al., 920 

2020). In detail, the marked Zr-Hf negative anomalies (Fig. 12d) and the extremely low V/Sc 921 

(Fig. 17a) and Sr/Nd ratios (Fig. 17b) at high incompatible trace element contents in diorite 922 

edenites is consistent with a process of advanced crystallization of a MORB-type melt (e.g., 923 

Coleman & Donato, 1979; Floyd et al. 1998; Beccaluva et al. 1999; Niu et al. 2002), thereby 924 

resulting in a SiO2 enrichment in the residual melt. The high SiO2 contents in the calculated 925 

melts in equilibrium with the edenites (SiO2 on average ~74 ±4 wt%) are also in agreement 926 

with the hypothesis that highly differentiated MORB formed some of the U1473A diorite veins 927 

(Fig. 16c, S4). The evolved nature of the melt promoted the crystallization of chemically zoned 928 

Na-rich plagioclase, from core (An ~35) to rim progressively more enriched in the albitic 929 

component (An <20).  930 

Edenites from the studied diorite veins and their calculated equilibrium melts (Fig. 16c, S4) 931 

have the most evolved chemical compositions, having REE patterns parallel to those of 932 

pargasites in olivine gabbros and oxide gabbros, and locally overlapping the edenites from the 933 

oxide gabbros (Figs. 9, 12a-d, 14c). The chemical relationships among studied edenites suggest 934 

that the parental melts of diorite veins and that of brown amphibole in the oxide gabbros might 935 

have been genetically related. In the previous section, we have documented that Si-rich melts 936 

residual from crystallization of the olivine gabbros could have been extracted to form the oxide 937 

gabbros. The lower TiO2 Al2O3 and Zr-Hf of the diorite indicate that precipitation of Fe-Ti 938 

oxide phases occurred before the formation of these felsic veins, likely accumulated in the 939 

discrete levels of oxide gabbros. The melt residual from the formation of the oxide-gabbros 940 

could have been partially extracted to ultimately form the diorite veins. It should be noted that 941 

immiscibility may have also played a role in the genesis of Fe-rich melts, possibly forming the 942 

oxide gabbros, and Si-rich melts crystallizing the diorites (e.g., Brunelli et al., 2020). However, 943 

no textural relationships between the two evolved lithologies were observed throughout the hole 944 

thus hampering any estimation on the role of immiscibility during late-stage magmatic 945 

evolution (see Charlier et al., 2013). Moreover, the lack of remarkable Si enrichments in diorite 946 

amphibole and the overlapping FeO/MgO ratios and Ti contents of melts in equilibrium with 947 

amphiboles from diorites and oxide gabbros rule against the process of immiscibility melts 948 

separation.   949 



The sharp contacts (Fig. 5a) between the diorite veins and the host gabbro, the crosscutting 950 

relationship and the low 18O isotopes in the dioritic amphibole concur that felsic vein 951 

emplacement occurred during the cooling of the lower crustal section, and likely followed the 952 

high temperature hydrothermal alteration of the sequence. Indeed, the computed equilibrium 953 

temperatures of edenites in diorites range from values as low as ~750°C, in agreement with 954 

estimated solidus temperatures of a late-stage MORB under water‐saturated conditions 955 

(~800°C; Koepke et al., 2018), to slightly higher values than temperature estimates for brown 956 

amphibole crystallization in oxide gabbros (T ~900-950°C; Fig. 13b). Hence, the diorite veins 957 

do not exclusively represent crystallized and frozen in-situ residual late-stage MORB-type 958 

melts.  959 

The oxygen isotopic composition of brown amphibole seems to record minor seawater 960 

component in the parental melt, possibly related to partial assimilation of hydrothermal 961 

minerals (Fig. 15). Such hydrothermal minerals may be present in a local crosscutting vein, or 962 

within gabbros encountered by the melt during its migration throughout the crust prior to diorite 963 

vein formation. Moreover, at the diorite-host gabbro contact, the coronitic edenite on rims of 964 

clinopyroxene from the host gabbro (Fig. 5b) attest disequilibrium between the two lithologies. 965 

The host rock shows strong Fe and Y-REE enrichments at the clinopyroxene rims (Fig. S1, Fig. 966 

12c,d) and progressively Na-rich plagioclases (comparable with plagioclase in the diorite vein 967 

core; Fig. 10a), approaching the felsic vein, hence indicating a diffuse chemical contact. The 968 

clinopyroxene rim and coronitic edenites are in chemical disequilibrium (Supplementary Figure 969 

S3). These chemical and textural features suggest that the melt crystallizing the felsic material 970 

reacted with the host gabbro, which was locally hybridized along the contact (see also Basch et 971 

al., 2020). During the reaction and final local re-equilibration of the host gabbro with the felsic 972 

material, compatible elements were buffered by the host rock leading to unexpectedly high Mg 973 

contents in the newly formed melt (Fig. 16b).  974 

 975 

Crystal plastic deformation in presence of melt: interstitial or externally 976 

derived melts? 977 

Plastic deformation of the Atlantis Bank lower oceanic crust is widespread and occurs 978 

predominantly in the uppermost part of the massif (first 500–600 m) before being more 979 

heterogeneous and localized down section (Dick et al., 2019a). Strain localization in shear zones 980 

developed during the progressive crustal exhumation and formation of the Oceanic Core 981 



Complex (e.g., Miranda & John, 2010). Initiation of detachment faulting was proposed to be 982 

coeval with magma crystallization under hypersolidus conditions based on the presence of 983 

magmatic fabrics overprinted by subparallel granulite-facies crystal plastic fabrics (e.g., 984 

Cannat, 1991; Cannat et al., 1991; Dick et al., 1991; Dick et al., 2000). The local occurrence of 985 

oxide-rich lithologies in shear zones further suggests the onset of deformation in the presence 986 

of melt (e.g., Bloomer et al., 1991; Dick et al., 2000; Natland & Dick, 2001), favouring transport 987 

of late-stage differentiated melts (e.g., Zhang et al., 2020). The common occurrence of thick 988 

granulite-facies shear zones in olivine gabbros with no obvious involvement of a melt phase 989 

(i.e., lack of oxide-rich intervals) was interpreted to attest the development of high-temperature 990 

plastic deformation under solid-state conditions (Miranda & John, 2010). However, the local 991 

presence of amphiboles and late-stage differentiated mineral phases in a fine-grained 992 

recrystallized matrix suggests melt infiltration also in solid mylonites. Continuous dynamic 993 

recrystallization and grain-size reduction created higher porosity pathways for melt percolation 994 

(Mehl & Hirth, 2008; Taufner et al., 2020), in turn leading to significant local rheological 995 

weakening associated with enhanced melt ingress along grain boundaries. The presence of melt 996 

would then favour strain localization (Sanfilippo et al., 2019; Gardner et al., 2020; Casini et al., 997 

2021). 998 

The widely documented microstructural evidence of both syn-magmatic deformation (e.g., 999 

Bloomer et al., 1991; Dick et al., 2000; Natland & Dick, 2001) and solid-state deformation 1000 

coupled with the positive feedback between rheological weakening and melt percolation (e.g., 1001 

Mehl & Hirth, 2008; Miranda & John, 2010; Gardner et al., 2020) imply distinct melt sources. 1002 

The former involves late-stage differentiated melts residual from magmatic crystallization of 1003 

the gabbroic sequence, whereas the latter assumes migration of melts in chemical 1004 

disequilibrium with the host gabbro. The distinct microstructural and chemical characteristics 1005 

of the granulite-facies mylonites selected for this study document these different stages of 1006 

plastic deformation, elucidating the main differences between deformation in a closed system 1007 

and melt-assisted deformation in an open system. 1008 

 1009 

Deformation of a melt-bearing olivine gabbro 1010 

The foliation of the mylonitic olivine gabbro 41R-6W, 23-29 (hereafter referred to as 41-6) 1011 

is defined by elongated porphyroclastic olivine and clinopyroxene crystals, and minor relicts of 1012 

plagioclase, mantled by the neoblastic assemblage of pyroxenes + pargasite + Fe-Ti oxide 1013 



phases + apatite alternating with bands of neoblastic plagioclase (Fig. 6). Chemical composition 1014 

of porphyroclastic and neoblastic clinopyroxenes and plagioclases overlap with compositions 1015 

of clinopyroxene and plagioclase crystals in undeformed olivine gabbros, covering the whole 1016 

compositional range from more primitive crystal cores to more evolved crystal rims (Fig. 10, 1017 

Fig. 11, Fig. 12, Supplementary Figure S1). The close chemical relationship between plastically 1018 

deformed and undeformed olivine gabbros suggest that no metasomatic agent was involved 1019 

during high-temperature crystal-plastic deformation. Dislocation creep dominated 1020 

concomitantly with dynamic recrystallization that resulted in the formation of neoblastic grains 1021 

with little internal deformation (e.g., Mehl & Hirth, 2008; Miranda & John, 2010). 1022 

Pargasitic amphiboles occurring between neoblastic clinopyroxene (Fig. 6a-b) have 1023 

compositions that also coincide with those of interstitial pargasite in undeformed olivine 1024 

gabbros (Figs. 9, 12). Notably, neoblastic clinopyroxene associated with pargasite is Fe-rich, 1025 

similar to clinopyroxene rims in the undeformed rock. In addition, pargasite forms few tens of 1026 

µm-thick bands in association with Fe-Ti oxide and apatite, a mineral assemblage typically 1027 

observed along grain boundaries of the primary minerals in undeformed olivine gabbro (Fig. 1028 

4b). We argued that precipitation of interstitial pargasite in undeformed olivine gabbro is the 1029 

result of late-stage crystallization of the residual differentiated MORB-type melt entrapped 1030 

within the crystal matrix (see ‘Origin of pargasite in olivine gabbros’). Similarly, the high TiO2 1031 

contents and the low Cl and LILE contents together with low LREE/HREE ratios in pargasites 1032 

from mylonitic olivine gabbros are consistent with precipitation of brown amphibole from 1033 

residual melts after advanced magmatic differentiation, trapped interstitially within the olivine 1034 

gabbro. 1035 

However, mineral chemistry alone does not allow to unravel the timing of pargasite 1036 

precipitation within the mylonitic olivine gabbro; pargasite could either have precipitated 1037 

previously from the melt and recrystallized during the plastic deformation event, or crystallized 1038 

from the trapped melt during deformation. If pargasite in the studied mylonite formed by high-1039 

temperature recrystallization of a solid olivine gabbro containing interstitial brown amphibole, 1040 

then pargasite should exclusively occur as equigranular polygonal grains. Despite the local 1041 

occurrence of such neoblastic textures, pargasite commonly also appears as 500 µm-stretched 1042 

anhedral grains at the contact with clinopyroxene porphyroclasts (Fig. 6e). This suggests that 1043 

melt was still present interstitially in the olivine gabbro during the initiation of the plastic 1044 

deformation event. Hence, we attribute the pargasite in the mylonitic olivine gabbro to 1045 

precipitation of interstitial melts, residual from prior crystallization of the olivine gabbro 1046 



mineral assemblage, during deformation. In this scenario, plastic deformation initiated in a 1047 

melt-bearing olivine gabbro, consistent with the high equilibrium temperatures computed from 1048 

the pargasitic amphiboles chemistry (870-955°C; Fig. 13b) and in line with the hypothesis that 1049 

detachment faulting is rooted into partially molten crystal mushes (e.g., Bloomer et al., 1991; 1050 

Dick et al., 2000; Natland & Dick, 2001). 1051 

 1052 

Melt flow in a deformed olivine gabbro 1053 

The mylonitic olivine gabbro in sample 69R-1W, 23-28cm (hereafter referred to as 69-1) 1054 

shares similar textural and mineral chemical features with the other mylonite from this study. 1055 

The neoblastic assemblage of pyroxenes + pargasite + Fe-Ti oxide phases + apatite mantles 1056 

elongated porphyroclastic olivine, clinopyroxene and plagioclase crystals, and alternates with 1057 

bands of neoblastic plagioclase (Fig. 7). Additionally, the mineral compositions of the mylonite 1058 

overlap with those of the other mylonitic sample and the undeformed olivine gabbros (Fig. 9, 1059 

Fig. 10, Fig. 12), suggesting that plastic deformation likely initially developed in a melt-bearing 1060 

olivine gabbro (see previous section). Yet, sample 69-1 is characterized by remarkably stronger 1061 

grain size heterogeneity than that in the mylonitic sample 41-6 (Fig. 7 vs Fig. 6, respectively), 1062 

with alternating bands of large preserved porphyroclasts and bands of parallelly oriented fully 1063 

recrystallized fine (~100 µm) to very fine (~50µm) neoblastic assemblage. Notably, the 1064 

computed equilibrium temperatures (Fig. 13b) from pargasite in mylonite 69-1 are on average 1065 

~40°C lower than in the mylonite 41-6. Thus, this possibly suggests that strain was further 1066 

localized in the very fine-grained recrystallized bands at decreasing temperatures (e.g., 1067 

Etheridge & Wilkie, 1979; Jaroslow et al., 1996). 1068 

The crosscutting oxide gabbronoritic band slightly deflects the crystal-plastic fabric of the 1069 

69-1 mylonitic olivine gabbro shows unambiguous magmatic textures that contrast with the 1070 

mylonitic recrystallization of the host rock. Within the core of this band, secondary 1071 

clinopyroxene overgrown on pre-existing porphyroclastic clinopyroxene displays strong Fe 1072 

enrichment (Supplementary Figure S1) and has overall high incompatible trace element 1073 

contents (Fig. 12e,f). Secondary clinopyroxene is associated with euhedral mm-size 1074 

orthopyroxene, abundant undeformed apatite and Fe-Ti oxide phases (Fig. 7b), and chemically 1075 

evolved Na-rich plagioclase (Fig. 10, Supplementary Figure S2) forming subhedral to locally 1076 

interstitial grains of few hundred-µm size (Fig. 7d). Pargasite is mostly concentrated along the 1077 

contact with the host rock in association with neoblasts of pyroxenes and plagioclase, and 1078 



displays lower Mg# and CaO (Fig. 9) and overall higher incompatible trace elements (Fig. 1079 

12e,f) respect to pargasite in the host mylonite. In addition, within the pargasite-rich level, a 1080 

euhedral mm-size titanite is characterized by well-developed grain boundaries (Fig. 7a,b); its 1081 

size and shape, together with the lack of obvious textures of metamorphic substitution, suggest 1082 

a magmatic origin of the titanite crystal (see Kohn, 2017 and references therein). Strikingly, the 1083 

development of pargasite + titanite phase association occurs away from the Fe-Ti oxide-rich 1084 

level in the core of the oxide gabbronoritic band where pargasite is absent. This points to titanite 1085 

formation from a chemically evolved melt under high water activity conditions at the expense 1086 

of ilmenite (e.g., Xirouchakis et al., 2001), likely as the result of a simultaneous increase in 1087 

oxygen fugacity (e.g., Frost et al., 2000; Kohn, 2017). The absence of a strong negative Nb-Ta 1088 

anomaly in pargasite from the oxide gabbronoritic band (Fig. 12f) agrees with the minor Fe-Ti 1089 

oxide phases precipitation along the contact. 1090 

The textural phase relationships therefore point to formation of the oxide gabbronoritic band 1091 

by crystallization of an infiltrating melt. The extremely chemically evolved compositions of the 1092 

mineral phases overlap with those of undeformed oxide gabbros, sharing similar Mg#, Al2O3, 1093 

Ti and Y-REE contents in pargasite (Figs. 9, 12), Mg# in clinopyroxene (Supplementary Figure 1094 

S1) and An component in plagioclase (Fig. 10a). Hence, the infiltrated melt was an late-stage 1095 

differentiated MORB likely migrating from an olivine gabbro that crystallized deeper in the 1096 

crustal sequence. It is worth noting the presence of euhedral orthopyroxene in the oxide 1097 

gabbronoritic band. This finding contrasts with the typical occurrence of orthopyroxene as late-1098 

stage interstitial and vermicular crystals (e.g., Natland et al., 1991; Ozawa et al., 1991; Feig et 1099 

al., 2006; Botcharnikov et al., 2008; Koepke et al., 2018) and with a MORB magmatic 1100 

crystallization process predicted by laboratory experiments (e.g., Grove et al., 1992). Instead, 1101 

it indicates early orthopyroxene saturation in the gabbronorite-forming melt. Gardner et al. 1102 

(2020) and Zhang et al. (2020) also documented the occurrence of substantial amounts of 1103 

neoblastic orthopyroxene (up to 20 vol%) in deformed olivine gabbros from the Atlantis Bank 1104 

OCC lower crustal section. They interpreted the unexpected modal compositions as resulting 1105 

from reactions between an oxide-saturated melt and a primitive gabbroic crystal mush. This 1106 

reactive process was successfully reproduced by thermodynamic modelling of reactive 1107 

fractional crystallization by Basch et al. (submitted). Based on the structural and textural 1108 

relationships between the host mylonite and the oxide gabbronoritic band, we propose that the 1109 

band crystallized from a melt that infiltrated the host deformed olivine gabbro. 1110 



Contrasting degrees of deformation are observed between the oxide gabbronoritic band and 1111 

the host mylonite. Larger grains in the former show undulose extinction and suggest that the 1112 

band underwent deformation at high temperature conditions mainly accommodated by 1113 

dislocation creep, but also indicate that no further strain was localized in that zone. In contrast, 1114 

the remarkable grain-size reduction governed by dynamic recrystallization in the mylonitic 1115 

olivine gabbro indicate that the host rock record greater extents of deformation in comparison 1116 

to the oxide gabbronoritic band (e.g., Miranda & John, 2010; Gardner et al., 2020). Specifically, 1117 

their crosscutting relationship implies that the host mylonitic gabbro underwent deformation 1118 

prior to infiltration of the differentiated melt. The grain size reduction in the host mylonite led 1119 

to an increase in grain boundaries and pore volume that facilitated melt infiltration along grain 1120 

boundaries, thereby creating pathways for open system porous melt flow (e.g., Daczko et al., 1121 

2016; Meek et al., 2019; Stuart et al., 2018a; Stuart et al., 2018b; Gardner et al., 2020). At 1122 

increasing melt mass, these pathways generated local channelized melt flow (e.g., Lee et al., 1123 

2018; Meek et al., 2019) that ultimately crystallized to form the oxide gabbronoritic band.  1124 

 1125 

SUMMARY AND CONCLUSIONS 1126 

Although present in extremely variable modal abundances, brown amphibole is a common 1127 

mineral phase in undeformed and plastically deformed gabbroic rocks from the lower oceanic 1128 

crustal section at the Atlantis Bank OCC. The well-defined grain boundaries of the studied 1129 

brown amphiboles, together with their low Cl contents and LREE/HREE ratios, overall high Ti 1130 

contents and MORB-like δ18O values, indicate that they crystallized from a hydrous melt with 1131 

no involvement of seawater components. Brown amphibole thus represents a key mineral phase 1132 

recording the various magmatic stages of lower crustal evolution and tracing the involvement 1133 

of melt during deformation events driven by crustal exhumation.  1134 

In the undeformed gabbroic rocks, the major and trace element compositions of pargasites 1135 

and then edenites, which evolve chemically from olivine gabbros to oxide gabbros and diorites, 1136 

reflect the various extents of MORB magmatic differentiation experienced by the parental 1137 

melts. In the most primitive olivine gabbros, the hydrous conditions necessary for amphibole 1138 

saturation were achieved after >90% melt fractionation and crystallization of most anhydrous 1139 

phases (i.e., olivine, plagioclase and clinopyroxene). There, the SiO2-rich and H2O-rich melts 1140 

remained trapped interstitially between the primary minerals, leading to precipitation of 1141 

interstitial pargasite. The latter occurred at decreasing temperature, from ~1000°C to ~900°C, 1142 



marking the closure of the system and attainment of completely solid conditions. Prior to this 1143 

stage of olivine gabbro solidification, the crystal mush experienced various events of melt 1144 

migration and extraction testified by clinopyroxene and plagioclase compositions, ultimately 1145 

leading to the formation of the grain-size variations that characterize Hole U1473A. 1146 

Clinopyroxene in fine-grained olivine gabbros and those from the studied oxide gabbros share 1147 

similar absolute concentrations of incompatible trace elements and show overall comparable 1148 

LREE/HREE ratios, indicating that they crystallized from melts having similar compositions. 1149 

This suggests that aliquots of melts which accumulated to form the fine-grained olivine gabbros 1150 

escaped, possibly driven by further compaction, and migrated through the lower oceanic crust. 1151 

These late-stage differentiated MORB-type melts accumulated in discrete intervals where 1152 

advanced crystallization triggered extreme melt chemical evolution, thereby promoting a rapid 1153 

Si-enrichment in the residual melt. The closed-system crystallization of these late-stage 1154 

differentiated MORB led to the local formation of the oxide gabbros, whereas the extremely 1155 

differentiated melts extracted from such discrete intervals ultimately formed the diorite veins.  1156 

In mylonitic intervals, mineral compositions overlap with those of the undeformed olivine 1157 

gabbros; the pargasites are nearly identical. Within the crystal plastic fabric, the occurrence of 1158 

stretched anhedral grains of pargasite suggests that melt was still present interstitially in the 1159 

olivine gabbro during the initiation of the plastic deformation event. Thus, plastic deformation 1160 

initiated in a melt-bearing olivine gabbro, consistently with the high equilibrium temperatures 1161 

computed from the pargasitic amphiboles chemistry. Continuous deformation and related grain-1162 

size reduction led to a progressive increase in porosity, in turn promoting infiltration of late-1163 

stage differentiated MORBs migrating through the lower oceanic crust. 1164 
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FIGURES with CAPTIONS 1633 

 1634 

Figure 1 – Geological setting of the Atlantis Bank OCC along the Southwest Indian Ridge. (a) 1635 

Location of the Atlantis Bank OCC. (b) East-west schematic profile of Atlantis Bank vertical 1636 

structure and composition modified after Dick et al. (2019a) and locations of Holes 735B and 1637 

U143A. 1638 

 1639 

 1640 

Figure 2 – Downhole characteristics of Hole U1473A. (From left to right) Downhole 1641 

lithostratigraphic variations (relative abundances of rocks are averaged over 20 m); bulk-rock 1642 

Mg# (Mg# = 100 × cationic (Mg/(Mg + Fe), with all Fe as Fe2+) of the recovered samples (dot 1643 

colours represent the lithology as reported in the first column ‘Hole U143A Lithology’); 1644 

downhole intensity of crystal plastic fabrics (CPF); 10 m running average of alteration intensity 1645 

(grey line) and amphibole veins frequency (in blue) averaged over 10 m. CPF and alteration 1646 

intensities values are from MacLeod et al., 2017. 1647 



 1648 

Figure 3 – Half core images of (a) coarse-grained poikilitic olivine gabbro overall 1649 

undeformed to slightly deformed with isotropic magmatic fabrics (yellow box locate the close 1650 

up in the top right corner of the figure), showing a local mylonitic to ultramylonitic shear 1651 

zone, (b) pervasive crystal-plastic deformation in an olivine gabbro. Images from onboard 1652 

core scans (MacLeod et al., 2017). 1653 

 1654 



 1655 

Figure 4 – Representative textures of undeformed olivine gabbro (samples (a-b) 360-U1473A-1656 

89R-6W, 4-9 cm and (c-d) 360-U1473A-89R-1W, 14-20 cm) and undeformed oxide gabbro 1657 

(samples (e) 360-U1473A-81R-3W, 77-82 cm and (f) 360-U1473A-83R-1W, 13-20 cm). (a) 1658 

Thin section scan of olivine gabbro under parallel-polarized light; the red box indicates the 1659 

microphotograph in (b). (b) Close-up image from (a) showing films of interstitial brown 1660 

amphibole (Amp), locally associated with small ilmenite (Ilm) crystals, along the grain 1661 

boundaries of cumulous phases (Ol – olivine, Pl – plagioclase, Cpx – clinopyroxene). (c) 1662 

Interstitial amphibole associated with larger grains of ilmenite. (d) ‘Bleb-shaped’ amphibole in 1663 

large clinopyroxene crystal rimmed by anhedral orthopyroxene (Opx). (e) Interstitial and ‘bleb-1664 

shaped’ amphibole associated with ilmenite and magnetite (Mt). (f) Large anhedral amphibole 1665 

grains associated with ilmenite, magnetite, orthopyroxene and large euhedral crystals of apatite 1666 

(Ap). 1667 

 1668 

 1669 



 1670 

Figure 5 – Representative textures of dioritic intervals. (a) Contact between gabbro and diorite 1671 

(yellow dotted line) marked by amphibole overgrowth on clinopyroxene of the host gabbro 1672 

(sample 360-U1473A-39R-4W, 3-8 cm). The red box indicates the microphotograph in (c) and 1673 

the yellow arrow points the top left corner in (c). (b) Corona of amphibole associated with 1674 

ilmenite and magnetite partially enclosing and replacing clinopyroxene from the host gabbro at 1675 

the contact with a dioritic interval in sample 360-U1473A-89R-3W, 108-110 cm. (c) Close-up 1676 

image from (a) showing poikilitic amphibole in the core of the diorite; the amphibole encloses 1677 

euhedral plagioclase, ilmenite, magnetite, apatite and zircon.  1678 

 1679 



 1680 

Figure 6 – Representative textures of granulite-facies mylonites. (a) Thin section scan (sample 1681 

360-U1473A- 41R-6W, 23-29 cm) under parallel-polarized light; the red boxes indicate the 1682 

microphotograph in (c) and (e). (b) Composite Fe, Ti, Ca, P, Al compositional map of the thin 1683 

section in (a); color coding as reported in the image. Note that high Ti contents highlight the 1684 

occurrence of brown amphibole. (c-d) Close-up images (c-parallel-polarized light, d-cross-1685 

polarized light) from (a) showing deformed clinopyroxene porphyroclast (Cpx P.) mantled by 1686 

the clinopyroxene (Cpx N.) + amphibole neoblastic assemblage. Orthopyroxene and apatite 1687 

occur in pressure shadows at the edge of the clinopyroxene porphyroclast. Plagioclase mostly 1688 

occur as neoblasts (Pl N.) and only few porphyroclasts are preserved (Pl P.). (e) Close-up image 1689 

from (a) showing amphibole + apatite + ilmenite thin isolated band, and the occurrence of 1690 

elongated anhedral amphibole crystals in contact with a clinopyroxene porphyroclast. 1691 

 1692 



 1693 

Figure 7 – Representative textures of mylonitic olivine gabbro (sample 360-U1473A-69R-1W, 1694 

23-28cm) crosscut by an oxide gabbronoritic band. (a) Thin section scan of the sample under 1695 



parallel-polarized light; the full-line red box delineates the zone reported in (b), whereas the 1696 

dashed red boxes indicate the microphotograph in (c) and (d). Note the euhedral crystal of 1697 

titanite within the oxide gabbronoritic band. (b) Composite Fe, Ti, Ca, P, Al compositional map 1698 

of zone highlighted in (a); colour coding as reported in the image. Note that high Ti contents 1699 

highlight the occurrence of brown amphibole, whereas combined Ti and Fe (pink colour) and 1700 

P and Al (whitish colour) mark the occurrence of ilmenite and apatite, respectively. 1701 

Porphyroclastic clinopyroxene from the host mylonite (Cpx PM) and in the band (Cpx PB) are 1702 

overgrown by secondary clinopyroxene (Cpx S). (c) Close-up image showing neoblastic 1703 

plagioclase (Pl N) + ilmenite + apatite and brown amphibole + orthopyroxene levels. (d) Close-1704 

up image showing clinopyroxene porphyroclast (Cpx P) mantled by anhedral secondary 1705 

clinopyroxene (Cpx S; white dashed line marks the contact). At top left corner, an aggregate of 1706 

neoblastic orthopyroxene + amphibole is also present.  1707 

 1708 

 1709 

Figure 8 – Si a.p.f.u. (atom per formula unit) versus [Na + K] a.p.f.u. in brown amphibole from 1710 

olivine gabbros, oxide gabbros, diorites and granulite-facies mylonites in IODP Hole U1473A. 1711 

Amphibole classification after Leake et al. (1997). Structural formulae of amphibole were 1712 

determined by applying the AMFORM mass-based model (Ridolfi et al., 2018). 1713 

 1714 



 1715 

Figure 9 – Major element compositions of brown amphiboles. Amphiboles are subdivided 1716 

according to lithology and textures as reported in the legend. The composition of amphiboles 1717 

in felsic veins from IODP Hole U1473A (Nguyen et al., 2018) is also reported for comparison. 1718 

In granulite-facies mylonites, we distinguished amphibole in the apatite-ilmenite rich band (69-1719 

1; from sample U1473A-69R-1W, 23-28cm) from amphibole in the rest of the mylonitic 1720 

intervals (41-6; mainly from sample U1473A- 41R-6W, 23-29 cm). 1721 

 1722 



 1723 

Figure 10 – (a) An versus K2O (wt%) contents in plagioclase from olivine gabbros, oxide 1724 

gabbros, diorites and granulite-facies mylonites in IODP Hole U1473A. Plagioclase core and 1725 

plagioclase rim refer to euhedral/subhedral plagioclase in gabbros and plagioclase 1726 

porphyroclasts in mylonites. The composition of plagioclase in felsic veins from IODP Hole 1727 

U1473A (Nguyen et al., 2018) is also reported for comparison. (b) and (c) Histograms of 1728 

distribution of An contents in plagioclase (b) and Mg# in clinopyroxene (c) obtained after 1729 

statistical analysis (QACD tool) on chemical maps. Blue colours refer to olivine gabbros, 1730 

whereas yellow colours refer to mylonitic olivine gabbros. 1731 

 1732 



 1733 

Figure 11 – Anorthite (An) map in plagioclase (a-c-e) and maps of Mg# in olivine, pyroxenes 1734 

and amphibole (b-d-f). (a) and (b) sample 360-U1473A-89R-6W, 4-9 cm reported in Figure 4. 1735 

(c) and (d) sample 360-U1473A- 41R-6W, 23-29 cm reported in Figure 6. (e) and (f) sample 1736 

360-U1473A-69R-1W, 23-28cm reported in Figure 7. 1737 

 1738 



 1739 

Figure 12 – Chondrite-normalized Rare Earth Element (REE) concentrations (a,c,e) and 1740 

extended trace element spider diagrams (b,d,f) of brown amphibole and coexisting 1741 

clinopyroxene in undeformed olivine gabbros (a,b), oxide gabbros and diorites (c,d) and 1742 

mylonitic olivine gabbros (e,f) from Hole U1473A. Compositional fields of brown amphiboles 1743 

in other olivine gabbros and felsic veins from the same hole (Nguyen et al., 2018) are also 1744 

reported for comparison. Normalizing values are after Sun and McDonough (1989). 1745 

 1746 



 1747 

Figure 13 – (a) Average values (per sample with 2σ error bar) of in situ δ18O values of brown 1748 

amphiboles in undeformed olivine gabbros (light blue) and diorites (pink) and in mylonites 1749 

(yellow). The δ18O compositions of magmatic clinopyroxene (Cpx, black box) and olivine (Ol, 1750 

dark grey box) in olivine gabbros (Gao et al., 2006) and hydrothermal hornblende in veins (Alt 1751 

& Bach, 2006; dark grey arrow on the right) from the adjacent Hole 735B are reported. For 1752 

comparison, we report the δ18O values of amphibole in felsic dikes and amphibole-rich gabbros 1753 

from the Ligurian ophiolites (Tribuzio et al., 2014; light grey field). (b) Equilibrium temperature 1754 

estimates for crystallization of brown amphibole in olivine gabbros, oxide gabbros and diorites, 1755 

and for ductile deformation and development of granulite-facies mylonitic intervals in IODP 1756 

Hole U1473A. Amphiboles from the granulite-facies mylonites were subdivided as reported in 1757 

Figure 9, and temperature estimates were determined for neoblastic grains exclusively. 1758 

Amphibole-plagioclase geothermometer (Holland & Blundy, 1994 [H&B1994]) and two 1759 

single-amphibole geothermometer (Ti-Fe-Si-Na in amphibole (Amp) by Putirka, 2016 [P2016] 1760 

and Ti-in amphibole by Hannover group [E&L1998*]; see text for further details) were used. 1761 

Equilibrium temperatures between clinopyroxene and plagioclase rims (CpxR and PlR) 1762 

determined using the geothermometer from Sun et al. (2017) for olivine gabbros (blue box) and 1763 

oxide gabbros (red box) are also reported for comparison. Each column corresponds to a single 1764 

sample. 1765 

 1766 



 1767 

Figure 14 – Major and trace element covariations in coexisting brown amphibole and 1768 

clinopyroxene from undeformed olivine gabbros, oxide gabbros and diorites and mylonitic 1769 

olivine gabbros sampled in Hole U1473A. (a) TiO2 (wt%) versus Al2O3 (wt%) contents and (b) 1770 

CeN/YN versus LaN/SmN (where N = Chondrite normalized values) are compared with 1771 

compositions of amphibole in felsic veins from the same hole (felsic veins of magmatic origin 1772 

from Nguyen et al. (2018) and Ma et al. (2020) (Type I); felsic veins as products of hydrous 1773 

partial melting are Type II of Ma et al.(2020))  and magmatic amphiboles and hydrothermal 1774 

amphiboles from oceanic spreading centers (Coogan et al., 2001; Gillis & Meyer, 2001; 1775 

Miranda & John, 2010; Sanfilippo et al., 2019; Harigane et al., 2019) and ophiolitic analogues 1776 

(Tribuzio et al., 1995, 1999, 2000). The dotted line in (b) defines the compositional field of the 1777 

studied clinopyroxene, which are reported in the bottom-right inset. In the inset we also plot the 1778 

compositions of clinopyroxene from fine-grained intervals of olivine gabbros sampled in the 1779 

same Hole U1473A. 1780 

 1781 



 1782 

Figure 15 – δ18O values of computed melts in equilibrium with brown amphibole from olivine 1783 

gabbros (undeformed and mylonitic) and diorites in Hole U1473A (this study; symbols and 1784 

colour codes as in Fig. 14) compared with melts in equilibrium with clinopyroxene (Cpx), 1785 

olivine (Ol) and plagioclase (Pl) from gabbros (blue histogram; Gao et al., 2006) and with 1786 

zircons from oxide gabbros (diamond symbol; Pietranik et al., 2017) and felsic veins (pink 1787 

histogram; Grimes et al., 2010; Pietranik et al., 2017) in Hole 735B at the Atlantis Bank OCC. 1788 

Histograms show the number of analyses of a determined mineral phase (Cpx, Ol, Pl and zircon) 1789 

recording a given δ18O value of the equilibrium melt (i.e., frequency of a given δ18O); the blue 1790 

histogram shows cumulative analyses of Cpx, Ol and Pl. The field of MORB (d18O = 5.6 ± 0.2) 1791 

is from Eiler (2001). The δ18O values of calculated equilibrium melts are compared with 1792 

fractional crystallization (FC) and assimilation-fractional crystallization (AFC; see DePaolo, 1793 

1981) models. The composition of the starting melt for both models is the computed melt in 1794 

equilibrium with average δ18O values of pargasites in the studied undeformed olivine gabbros. 1795 

Two steps of F=50% were modelled following the approach in France et al. (2016); Step1 1796 

reproduces melt composition after crystallization of Ol+Pl+Cpx and Step2 after crystallization 1797 

of Pl+Cpx+Ox+Amp (mineral modes are reported in the legend) with predicted SiO2 contents 1798 

of 54 and 66wt%, respectively, which are comparable with hypothetic compositions of oxide 1799 

gabbros and diorites parental melts. The assimilated material is set as oceanic crust altered at 1800 

high temperature conditions and thus with low δ18O signatures (~3‰; Stakes, 1991; Alt & Bach, 1801 

2006); the ratio crystallized/assimilated masses is 2. Used fractionation factors (Δmineral-melt) are 1802 

reported in the legend; because they are dependent on temperature, the Δmineral-melt were derived 1803 

at suitable conditions for each lithological group (from Muehlenbachs & Byerly, 1982; Zhao & 1804 

Zheng, 2003; Bindeman, 2008; France et al., 2016). Δzircon-melt is derived from Lackey et al. 1805 

(2008) with Δzircon-melt = 0.75 ‰ for oxide gabbros, and Δzircon-melt = 1.5 ‰ for diorites and felsic 1806 

veins. 1807 

 1808 



 1809 

Figure 16 – Computed melts in equilibrium with amphiboles and clinopyroxene from all 1810 

undeformed lithologies. (a-b) TiO2 (wt%) contents versus FeO/MgO ratios;  note that using 1811 

partition coefficients from Nandedkar et al. (2016) (KdN) and Tiepolo et al. (2007) (KdT) to 1812 

calculate melts in equilibrium with amphibole yield similar results. In (a), melts in equilibrium 1813 

with olivine gabbros are compared with the database of MORBs from Gale et al. (2013) and 1814 

the experimentally reproduced liquid line of descent of a primitive anhydrous MORB (Husen 1815 

et al., 2016). The chemical evolution from low to high TiO2 and FeO/MgO is attributed to the 1816 

stage of magmatic crystallization of a primitive MORB-type melt (‘Primitive stage’). In (b), 1817 

data from this study are compared with the magmatic crystallization experiments of a 1818 

ferrobasaltic melt (Koepke et al., 2018), for which we report temperature and mineral 1819 

assemblage at each crystallization step (Mt = magnetite, Ilm = ilmenite, Cpx = clinopyroxene, 1820 

Pl = plagioclase, Ap = apatite, Amp = amphibole); we also report the compositional field of 1821 

ferrobasalts sampled at Mid-Ocean-Ridges (MOR; Das et al., 2012; Gale et al., 2013). . (c) 1822 

Atlantis Bank MORB-normalized (average MORB composition from Coogan et al., 2004) REE 1823 

contents in melts in equilibrium with amphiboles from the three undeformed lithologies and 1824 

clinopyroxene from olivine gabbros; the melts in equilibrium with clinopyroxene from the 1825 

oxide gabbros have not been calculated because of the uncertainty in the choice of the 1826 

clinopyroxene/melt partition coefficients in chemically evolved systems. The dotted lines mark 1827 

the minimum (Min.) and maximum (Max.) REE concentrations in ferrobasalts from the Indian 1828 

Ridge (Das et al., 2012). CpxIN = analyses performed at ~50m form the clinopyroxene rim 1829 

(CpxR). 1830 

 1831 



 1832 

Figure 17 – (a) V/Sc vs Chondrite-normalized Y and (b) Sr/Nd vs V/Y covariations in 1833 

clinopyroxene and amphibole from the undeformed and deformed lithologies selected for this 1834 

study.  1835 
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