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Summary 

 

Sanukitoid magmatism is a unique feature of the late Archean-early Proterozoic 

transition (~3.0 ï 2.0 billion years ago) that marks a major shift in continental crust 

composition and is thought to be linked to a geodynamic change. Sanukitoids are 

distinctively enriched in both mantle-compatible and incompatible elements, showing 

they formed by interaction between the mantle and a recycled crust-derived 

component. However, many aspects of sanukitoid parental magma formation, as well 

as their magmatic differentiation and temporal evolution, are poorly constrained, 

leading to multiple interpretations of their link to geodynamics. This thesis uses novel 

stable isotope systems, specifically titanium (ŭ49Ti) and uranium (ŭ238U) isotopes, to 

provide new insights into the formation and evolution of sanukitoids. Primitive 

sanukitoids have significantly heavier ŭ49Ti than the mantle and modern arc basalts 

which requires a hydrous metabasite melt component. This metabasite melt likely 

formed via fluid-fluxed eclogite melting, suggesting the sanukitoid mantle source was 

generated by a subduction-like process in the late Archean. Sanukitoid Ti isotope 

systematics demonstrate that their parental magmas were as water-rich and oxidised 

as modern arc magmas, however their U isotope systematics imply that they were 

oxidised via a different mechanism to them. Sanukitoids display a small ŭ49Ti increase 

during differentiation due to fractional crystallisation of abundant hornblende alongside 

Fe-Ti oxides. High-Sr ñhigh pressureò TTGs (tonalites-trondhjemites-granodiorites) 

constitute the evolved end of the sanukitoid ŭ49Ti differentiation trend in the Yilgarn 

Craton, supporting their formation by sanukitoid fractional crystallisation instead of by 

high pressure (Ó 2 GPa) metabasite melting. High-Sr ñhigh pressureò TTGs are 

temporally and spatially associated with sanukitoids on many Archean cratons, 

suggesting this petrogenetic process was widespread in the late Archean. Turning to 

U isotopes, variations in sanukitoid and TTG ŭ238U are primarily driven by apatite 

fractional crystallisation. While samples not affected by this process are limited in 

number, they hint at potential variations in sanukitoid, granitoid and oxidised magma 

U isotope compositions through time. 
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1. Introduction 

 

1.1. The late Archean-early Proterozoic 

transition 

In the late Archean to early Proterozoic, approximately 3.0 to 2.0 billion years ago 

(Ga), the Earth underwent a transformation. The composition of continental crust-

forming granitoids, which are the focus of this thesis, permanently changed from sodic 

Archean tonalite-trondhjemite-granodiorite (TTG) suites to potassic granites (e.g. 

Condie, 1993; Moyen and Laurent, 2018; Taylor and McLennan, 1995). Ultramafic 

komatiite lavas almost completely vanished from the rock record (e.g. Condie, 1993; 

Nesbitt et al., 1982) and global changes in basalt geochemical compositions are 

reported (e.g. Condie et al., 2022; Keller and Schoene, 2018, 2012; Zhang et al., 

2025). The sedimentary rock record was transformed, with lithologies such as banded 

iron formations (BIFs) and detrital uraninite and pyrite deposits disappearing (e.g. 

Cuney, 2010; James, 1983; Pufahl and Hiatt, 2012), while others such as mature 

sandstones, red beds and phosphorites appeared (e.g. Cosgrove et al., 2024; Pufahl 

and Hiatt, 2012; Veizer and Mackenzie, 2014). Paired metamorphic belts and low T/P 

(temperature/pressure gradient) metamorphism began emerging and instances of 

high T/P metamorphism increased (e.g. Brown and Johnson, 2019; Cerri et al., 2024; 

Holder et al., 2019), while the appearance of features like major sedimentary basins 

and regional dyke swarms indicate increasing lithospheric rigidity at this time (e.g. 

Cawood et al., 2018; Hawkesworth et al., 2024). Numerous chemical proxies record 

rising atmospheric O2 levels in the early Paleoproterozoic (~2.45 ï 2.05 Ga) (e.g. 

Bekker et al., 2004; Gumsley et al., 2017; Luo et al., 2016; Poulton et al., 2021) and 

eukaryotic life is thought to have emerged during this time (e.g. Butterfield, 2015; 

Westall and Xiao, 2024). Figure 1.1 summarises the approximate timings of these key 

changes.  Overall, the late Archean-early Proterozoic transition significantly evolved 

the Earth towards its present state. 
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Figure 1.1: Simplified summary of the key changes to the igneous, metamorphic and 
sedimentary rock records, structural features and atmospheric composition across the late 
Archean-early Proterozoic transition (~3.0 to 2.0 Ga). Solid lines show abundant occurrences, 
while dashed lines show infrequent or rare occurrences. The occurrence of sanukitoids almost 
exclusively during this period is highlighted in green, and their temporal distribution is from my 
own compilation of reported sanukitoid occurrences in published literature. Other temporal 
distributions are based on Brown and Johnson (2019), Bucholz and Spencer (2019), Condie 
and Stern (2023), Cosgrove et al. (2024), Hawkesworth et al. (2024), Holder et al. (2019), 
Moyen and Laurent (2018), Pufahl and Hiatt (2012) and Veizer and Mackenzie (2014). 

 

Many of the changes described above are proposed to be linked to secular cooling of 

the Earth, and in particular to its influence on terrestrial geodynamics (e.g. Brown et 

al., 2020; Hawkesworth et al., 2024; Keller and Schoene, 2012; Moyen and Laurent, 

2018). The geodynamic regime of the modern Earth is plate tectonics, where rigid 

lithospheric plates separated by continuous boundaries move laterally across the 

planetôs surface as an expression of mantle convection, generating new crust where 
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they diverge at mid-ocean ridges, and recycling old crust into the mantle where they 

converge at subduction zones. There is a consensus that modern-style plate tectonics 

would not have operated on a hotter, younger Earth (e.g. Gunawardana et al., 2024; 

Sizova et al., 2010; van Hunen and Moyen, 2012; van Hunen and van den Berg, 2008), 

raising the questions of what geodynamic regime preceded modern-style plate 

tectonics, when the transition to modern-style plate tectonics was, and how this 

transition occurred. Studying the late Archean-early Proterozoic transition is therefore 

crucial for improving our understanding of geodynamics and the impact of its evolution 

on biogeochemical cycles. This topic is of particular importance as the Earth is the 

only known planet with active plate tectonics and felsic continental crust, as well as 

the only one to host life. Constraining the Earthôs geodynamic evolution may therefore 

have implications for understanding our planetôs habitability and the development of 

life. 

 

The granitoids that make up the continental crust provide one of the best-preserved, 

albeit incomplete, records of the late Archean-early Proterozoic transition, and are the 

geological archive that I utilise in this thesis. These granitoids are preserved globally 

in cratons, which are ancient, stable blocks of continental lithosphere. In the following 

section I review the compositional evolution of continental crust-forming granitoids 

across the late Archean-early Proterozoic transition. I then discuss current constraints 

and theories on mantle temperature and potential geodynamic changes during this 

time, as well as briefly describing the evolution of atmospheric oxygenation across this 

transition. 

 

1.1.1. Evolution of continental crust composition 

Preserved early Archean (4.0 ï 3.0 Ga) continental crust is dominated by TTG suites 

which are the lithological association of three sodic plutonic rocks called tonalites, 

trondhjemites and granodiorites (e.g. Jahn et al., 1981; Moyen, 2011; Moyen and 

Martin, 2012). These rocks are characterised by low proportions of alkali feldspar ï 10 

ï 35% of total feldspars in granodiorites and Җ 10% in tonalites and trondhjemites (fig. 

1.2a). Their remaining mineralogy consists of plagioclase, quartz and biotite with 

lesser amphibole (hornblende) (Moyen and Martin, 2012), and in trondhjemites the  
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Figure 1.2: Comparison of Archean TTG compositions (blue) to modern granites and upper 
continental crust (pink). a) QAP ternary diagram comparing the mineralogy of TTG lithologies 
and granite. Q = quartz, A = alkali feldspar, P = plagioclase feldspar. b) Molar K-Na-Ca ternary 
diagram comparing TTGs to the modern calc-alkaline magma series differentiation trend, after 
figure 4b from Moyen and Martin (2012). c) CI chondrite-normalised REE patterns for the 
average TTG composition from Moyen and Martin (2012) and the average modern upper 
continental crust composition from Rudnick and Gao (2014). REE concentrations are 
normalised to the CI chondrite values from OôNeill (2016). 

 

plagioclase is mostly oligoclase (10 ï 30% anorthite). They are geochemically 

distinguished from modern upper continental crust by being sodic (K2O/Na2O < 0.6 

(Moyen and Martin, 2012) compared to K2O/Na2O å 0.9 for modern upper continental 

crust (Rudnick and Gao, 2014)), by having highly fractionated CI chondrite-normalised 

rare earth element (REE) patterns due to elevated light rare earth element (LREE) but 

low heavy rare earth element (HREE) concentrations, and by lacking any europium 
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(Eu) (fig. 1.2) or strontium (Sr) anomalies (e.g. Condie, 1993; Moyen and Martin, 

2012). These geochemical features are thought to reflect their petrogenesis by partial 

melting of hydrated, likely incompatible element-enriched, metabasites in the garnet 

stability field without significant residual plagioclase, which was constrained by 

geochemical modelling (e.g. Arth and Hanson, 1972; Condie and Hunter, 1976; 

Johnson et al., 2017; OôNions and Pankhurst, 1974; Palin et al., 2016; Smithies et al., 

2009) and partial melting experiments (e.g. Moyen and Stevens, 2006; Rapp et al., 

1991; Sen and Dunn, 1994; Winther, 1996; Zhang et al., 2013). TTGs display 

systematic variations in their trace element compositions, particularly their HREE 

concentrations, that are traditionally interpreted to reflect metabasite partial melting 

over a range of pressures (~1 ï >2 GPa; e.g. Halla et al., 2009; Moyen, 2011; Moyen 

and Stevens, 2006). They were consequently categorised into three geochemical 

groups ï ñlow pressureò (high HREE) TTGs that formed at ~1 ï 1.2 GPa, ñhigh 

pressureò (low HREE) TTGs that formed at Ó 2 GPa, and ñmedium pressureò TTGs 

that formed at intermediate pressures (Halla et al., 2009; Moyen, 2011). Recent 

studies propose that mineral fractional crystallisation and/or accumulation (Ding et al., 

2024; Kendrick et al., 2021; Laurent et al., 2020; Liou and Guo, 2019; Mathieu, 2022; 

Rollinson, 2021; Smithies et al., 2019), fluid-fluxed melting (Pourteau et al., 2020), 

silicification of the metabasite protolith (Andr® et al., 2022, 2019; Murphy et al., 2024), 

and hybridisation of multiple melt fractions (Hern§ndez-Montenegro et al., 2021) may 

also have been important for generating TTGs and their observed geochemical 

variability. 

 

In contrast to the early Archean, the late Archean (3.0 ï 2.5 Ga) saw a significant 

diversification in granitoid magmas (e.g. Laurent et al., 2014a; Moyen, 2020). 

Classification and nomenclature of these late Archean granitoids have been 

developed by multiple studies, in particular Champion and Sheraton (1997), Moyen et 

al. (2003), Laurent et al. (2014a) and Moyen (2020). The key petrological and 

geochemical characteristics and proposed petrogenesis of the main types of Archean 

granitoid are summarised in table 1.1. TTGs continued to be emplaced until the end 

of the Archean (2.5 Ga), and in some places into the early Paleoproterozoic (e.g. 

Bruno et al., 2020; Wang and Long, 2024), but were now joined by a variety of other 

granitoids. Sanukitoids are igneous rocks enriched in both compatible and  
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Table 1.1: Summary of the key petrological and geochemical characteristics and proposed petrogenesis of the main types of late Archean granitoids. 
Characteristics taken from Laurent et al. (2014a), Martin et al. (2009), Moyen (2020), Moyen et al. (2003) and Moyen and Martin (2012).  Mineral abbreviations: 
Pl = plagioclase, Qz = quartz, Bt = biotite, Hbl = hornblende, Ep = epidote, Kfs = K-feldspar, Px = pyroxene, Ms = muscovite, Grt = garnet. aA/CNK = molar Al2O3 
/ (CaO + Na2O + K2O). 

bFeOT = total iron expressed as FeO. 

  TTGs Sanukitoids Biotite Granites Two-Mica Granites 

Lithologies 

 Tonalite, trondhjemite, 

granodiorite 

Diorite, quartz diorite, 

monzodiorite, granodiorite, 

rare granite 

Granite, granodiorite Granite, leucogranite 

Mineralogy 
 Pl + Qz + Bt Ñ Hbl Ñ Ep 

with scare Kfs 

Pl + Qz + Hbl + Bt + Kfs Ñ Px 

Ñ Ep 

Pl + Ksf + Qz + Bt Pl + Kfs + Qz + Bt + Ms 

Ñ Grt 

Geochemistry 

K2O/Na2O < 0.6 

Sodic 

Variable but on average å 0.7  

Moderately potassic 

> 0.6 

Potassic 

> 0.6 

Potassic 

Aluminium saturation 

(A/CNKa) 

å 0.9 ï 1.1 

Slightly metaluminous to 

slightly peraluminous 

å 0.7 ï 1.0 

Metaluminous 

Ó 1.0 

Peraluminous 

Ó 1.3 

Strongly peraluminous 

Ferromagnesian major 

oxides (FeOTb + MgO + 

MnO + TiO2) 

Ò 5 wt% 5 ï 25 wt% Ò 4 wt% Ò 4 wt% 

CI chondrite-normalised 

REE patterns 

Steeply fractionated 

Limited Eu anomaly 

Steeply fractionated 

Limited to slightly negative 

Eu anomaly 

Variably fractionated 

Strong negative Eu 

anomaly 

Variably fractionated 

Strong negative Eu 

anomaly 

Other distinguishing 

characteristics 

 High Mg# 

Enriched in both compatible 

(Ni, Cr) and incompatible (Ba, 

Sr, LREE) trace elements 

Relatively enriched in 

highly incompatible 

trace elements (e.g. 

Rb, Th) 

Enriched in highly 

incompatible trace 

elements (e.g. Rb, Th) 

Proposed 

petrogenesis 

 Mainly partial melting of 

hydrous metabasite in the 

garnet stability field 

Interaction between mantle 

peridotite and a component 

derived from recycled crustal 

material 

Mainly partial melting 

of pre-existing TTG 

crust 

Partial melting of 

metasediments 
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incompatible elements whose formation requires recycling of crustal material into the 

mantle (e.g. Martin et al., 2009; Shirey and Hanson, 1984). Sanukitoids are a minor 

but distinctive component of late Archean-early Proterozoic terranes (e.g. Heilimo et 

al., 2010; Laurent et al., 2014a; Martin et al., 2009) and, as they are the main focus of 

this thesis, they are discussed in detail in section 1.2. Potassic granitoids, primarily 

biotite and two-mica granites, also started to become a significant component of 

continental crust. Biotite granites are the second most abundant granitoids in Archean 

terranes after TTGs (e.g. Laurent et al., 2014a; Moyen et al., 2003), and are generally 

thought to have formed by intracrustal melting of pre-existing TTG crust (e.g. Dey et 

al., 2012; Frost et al., 2006; Moyen et al., 2003; Skjerlie and Johnston, 1993; Watkins 

et al., 2007; Whalen et al., 2004), although a couple of recent studies propose that 

some biotite granites formed by partial melting of metabasites enriched in potassium 

by low-temperature hydrothermal alteration (Andr® et al., 2022; Li et al., 2021). 

Strongly peraluminous two-mica (biotite-muscovite) granites are less common than 

biotite granites. They show many similarities to modern S-type granites and formed by 

intracrustal melting of a variety of metasediments (e.g. Breaks and Moore, 1992; Feng 

and Kerrich, 1992; Li et al., 2020), and they possibly tapped increasingly diverse 

sedimentary sources across the late Archean-early Proterozoic transition (Bucholz 

and Spencer, 2019; Moyen and Laurent, 2018). Syenites and alkaline granites also 

make rare appearances in late Archean terranes (e.g. Bourne and LôHeureux, 1991; 

Champion and Sheraton, 1997; Moyen, 2020), and hybrid granitoids were generated 

by interaction between the various granitoid magmas described above (e.g. Almeida 

et al., 2010; Laurent et al., 2014a; Moyen, 2020). Globally, the diversification of 

granitoid magmatism was a diachronous change, occurring as early as ~3.3 Ga in the 

Singhbhum Craton (e.g. Chaudhuri et al., 2022) and as late as ~2.1 Ga in the S«o 

Francisco Craton (e.g. Bruno et al., 2020). For individual cratons, this wide range of 

granitoids was emplaced over a relatively short period of ~20 ï 50 million years (myr), 

in comparison to the longer period of TTG generation that preceded it (~200 ï 500 

myr) (Laurent et al., 2014a). 

 

The evolution of granitoid magmatism described above significantly impacted the 

chemical composition of continental crust across the late Archean-early Proterozoic 

transition. The upper continental crust became more potassic (e.g. Condie, 1993; 

Keller and Schoene, 2012) and was enriched in heat-producing elements (e.g. U, Th, 
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K), which may have been crucial for the thermochemical stabilisation of cratons (e.g. 

Reimink and Smye, 2024; Schoene et al., 2008). Concentrations of incompatible trace 

elements, including REE, large ion lithophile elements (LILE, e.g. Ba, Rb) and high 

field strength elements (HFSE e.g. Hf, Nb, Ta), increased at ~2.5 ï 2.0 Ga, while trace 

element ratios like Sr/Y and La/Yb decreased and Eu anomalies became more 

strongly negative (e.g. Condie, 1993; Condie et al., 2023; Gaschnig et al., 2016). The 

upper continental crust may also have become more felsic during this transition (Chen 

et al., 2020; Dhuime et al., 2015; Large et al., 2018; Tang et al., 2016; Tian et al., 

2023), although the magnitude of this change, and even the existence of a significant 

change in upper crustal SiO2 at this time, are debated (Gar­on, 2021; Greber et al., 

2017; Greber and Dauphas, 2019; Keller and Harrison, 2020; Pt§ļek et al., 2020; Saji 

et al., 2023). In addition, TTG geochemistry evolved across this period, with increasing 

LILE contents (Sr, Ba, Sr/Y) and compatible element concentrations (Ni, Cr, Mg# [= 

100*Mg / (Mg + Fe2+)]) observed (T. E. Johnson et al., 2019; Martin and Moyen, 2002; 

Moyen and Laurent, 2018). These changes in part reflect the increased abundance of 

ñhigh pressureò TTGs in the late Archean (Moyen, 2020; Moyen and Laurent, 2018). 

Additionally, shifts in the stable isotopic compositions of TTGs and of the bulk upper 

continental crust are seen during the late Archean-early Proterozoic transition. 

Increases in oxygen isotope compositions (ŭ18O) are reported at both craton (e.g. Mole 

et al., 2021; Smithies et al., 2021) and global (e.g. Bindeman et al., 2024; Gaschnig et 

al., 2016; Valley et al., 2005) scales. For silicon isotopes, the ŭ30Si values of TTGs 

appear to decrease from the Neoarchean to the early Paleoproterozoic (Zhou et al., 

2024). 

 

The compositions of igneous rocks primarily depend on the composition of their source 

and the conditions (pressure, temperature, H2O) of melting, and are also influenced 

by any subsequent differentiation (e.g. mineral fractionation/accumulation, 

assimilation) of these primary magmas (e.g. Moyen and Laurent, 2018; Rollinson and 

Pease, 2021). The changes observed in granitoids across the late Archean-early 

Proterozoic transition must therefore reflect changes in these variables. The increased 

diversity of granitoids, particularly regarding their major element compositions, 

indicates that a greater variety of source compositions were involved in forming 

granitoid magmas in the late Archean than in the early Archean. In addition to partial 

melting of metabasites to form TTGs, the mantle, metasediments and TTGs 
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themselves started being involved in granitoid magma genesis, forming sanukitoids, 

two-mica granites and biotite granites respectively (e.g. Laurent et al., 2014a; Moyen, 

2020; Moyen and Laurent, 2018). This range of sources in part records increased 

crustal reworking at this time, which gradually concentrated incompatible trace 

elements, including heat-producing elements, in the upper continental crust (e.g. 

Moyen and Laurent, 2018; Reimink and Smye, 2024). Continental emergence above 

sea level likely contributed to this diversity as abundant sediments started being 

produced by weathering of this emerged crust (e.g. Arndt, 2023; Bucholz and Spencer, 

2019; Reimink and Smye, 2024). The increases in ŭ18O indicate that source materials 

that had interacted with the shallow hydrosphere became more involved in granitoid 

petrogenesis (e.g. Bindeman et al., 2024; Smithies et al., 2021). Changes in the 

compositions of TTGs appear to record an increase in high pressure melting towards 

the end of the Archean, while higher compatible element concentrations may suggest 

greater extents of interaction between TTG melts and the mantle (T. E. Johnson et al., 

2019; Martin and Moyen, 2002; Moyen and Laurent, 2018). In contrast, changes in the 

trace element composition of the bulk upper continental crust, such as lower Sr/Y and 

La/Yb, document a shift to shallower depths of melting (e.g. Condie, 1993; Condie et 

al., 2023; Keller and Schoene, 2012). These conclusions drawn from changes in 

granitoid composition can help constrain late Archean-early Proterozoic geodynamics. 

  

1.1.2. Late Archean-early Proterozoic geodynamics 

The geochemical compositions of igneous rocks, including of granitoids, are an 

important line of evidence used to constrain Precambrian geodynamics. However, the 

link between a magmaôs geochemistry and its geodynamic setting of formation is not 

straightforward, and it is unlikely to have a unique solution (e.g. Moyen and Laurent, 

2018; Rollinson and Pease, 2021). This problem, as well as uncertainty about how 

much hotter than present Archean mantle temperatures were (e.g. Ganne and Feng, 

2017; Herzberg et al., 2010), significantly contribute to the debate about the nature of 

early Earth geodynamics and when plate tectonics began. In this section I first provide 

an overview of constraints on mantle temperature at this time, before discussing 

current theories about geodynamics during the late Archean-early Proterozoic 

transition. 
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Figure 1.3: Proposed evolution of ambient mantle potential temperature (Tp) over the Earthôs 
history. Tp estimates from non-arc basalts are from Dash et al. (2024), Ganne and Feng (2017) 
(values calculated using Fe2+/Fetotal = 0.9), Herzberg et al. (2010) and Keller and Schoene 
(2018). Tp estimates from thermal modelling are from Davies (2009) and Korenaga (2008). 
Modelled Tp for three different Urey ratio (the ratio of the Earthôs internal heat production to its 
surface heat flux) values (0.08, 0.23, 0.38) from Korenaga (2008) are shown. In contrast, the 
Tp model from Davies (2009) uses a higher Urey ratio of 0.8. 

 

The temperature of the Earthôs mantle is the primary control on its geodynamic regime 

(e.g. Brown et al., 2020; Lenardic, 2018; S. Liu et al., 2022) and it has changed over 

the planetôs history. Both geochemical constraints, primarily from non-arc basalts (e.g. 

Dash et al., 2024; Ganne and Feng, 2017; Herzberg et al., 2010; Keller and Schoene, 

2018), and thermal modelling (e.g. Davies, 2009; Korenaga, 2008) have been used to 

reconstruct mantle potential temperature (Tp) through time (fig. 1.3). Some studies 

(e.g. Dash et al., 2024; Herzberg et al., 2010; Korenaga, 2008) favour Tp increasing 

through the early Archean to reach peak temperatures in the mid-late Archean, before 

cooling towards the present day Tp of ~1350ϲC. Estimates of this peak temperature 

are ~200 ï 300ϲC hotter than present. The other school of thought is that mantle 

temperatures were more moderate in the mid-late Archean (~50 ï 150ϲC hotter than 
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present) and have been steadily cooling since the start of the Archean (e.g. Davies, 

2009; Ganne and Feng, 2017; Keller and Schoene, 2018). 

 

Hotter mantle temperatures would have reduced mantle viscosity and generated mafic 

crust that was thicker, and possibly weaker, than present day oceanic crust (e.g. 

Sizova et al., 2010; van Hunen and Moyen, 2012; van Hunen and van den Berg, 2008). 

There is debate about whether this oceanic lithosphere was more positively buoyant 

(e.g. Davies, 1992; van Hunen and Moyen, 2012) or had greater negative buoyancy 

(e.g. Weller et al., 2019) than present. These changes alter the forces that drive plate 

tectonics (e.g. slab pull, mantle convection), and hence affect the dynamics, and 

possibly the viability, of subduction and modern-style plate tectonics. 

Thermomechanical modelling is used to investigate the effect of hotter mantle 

temperatures on geodynamics. Some studies have determined that subduction was 

unable to operate until temperatures fell to < ~200 ï 250ϲC higher than present (e.g. 

Gunawardana et al., 2024; Sizova et al., 2010), while others find that it was still feasible 

at these conditions (e.g. Hynes, 2014; van Hunen and van den Berg, 2008; Weller et 

al., 2019). Non-plate tectonic regimes proposed for the hotter early Earth are mostly 

ñsluggishò or ñsquishy lidò modes with some degree of lateral movement but no defined 

plate boundaries (e.g. Louren­o et al., 2020; Rozel et al., 2017). Vertical crustal motion 

may have dominated over the lateral motion characteristic of modern-style plate 

tectonics, with features like crustal drips (also referred to as ñsagductionò) and lower 

crustal delamination (e.g. Capitanio et al., 2019; Johnson et al., 2014; Nebel et al., 

2018; Rozel et al., 2017; Sizova et al., 2015). Alternatively, numerous studies find that 

some form of subduction may have operated on a hotter Earth, but that the style 

differed from modern ñBenioff-styleò subduction. Many models suggest that Archean 

subduction was intermittent and short-lived, with frequent slab break-off (e.g. 

Gunawardana et al., 2024; Moyen and van Hunen, 2012; OôNeill et al., 2007; Perchuk 

et al., 2019; van Hunen and van den Berg, 2008). The lower plate might have been 

subducted at a shallower angle, creating a situation akin to underthrusting (e.g. 

Perchuk et al., 2025; Sizova et al., 2010). Some studies support faster subduction on 

a hotter Earth (e.g. OôNeill et al., 2007; Perchuk et al., 2019), while others propose 

that it was more sluggish than present (e.g. Foley, 2024, 2018). Overall, geodynamic 

models support the onset and stabilisation of deep, sustained subduction and modern-
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style plate tectonics as mantle temperatures cooled (e.g. Gunawardana et al., 2024; 

Perchuk et al., 2025; Sizova et al., 2010).  

 

Given the diversity of geodynamic scenarios proposed for the early Earth, it is no 

surprise that there are multiple different interpretations of how geodynamics may have 

changed during the late Archean-early Proterozoic transition. From analysis of the 

literature, the dominant viewpoint emerging appears to be that, while some form of 

subduction may have occurred in the early Archean, it was a short-lived and relatively 

uncommon phenomenon until the late Archean-early Proterozoic when it became 

more stable and widespread (e.g. Gunawardana et al., 2024; Hawkesworth et al., 

2024; Moyen and Laurent, 2018; Nebel et al., 2024; Sizova et al., 2010). This change 

may signal the beginning of modern-style plate tectonics at this time, initiating 

subduction-collision (Wilson) cycles on a global scale (e.g. Laurent et al., 2014a), 

although discerning when subduction changed from a localised event to being 

representative of a global network of plate boundaries (i.e. modern-style plate 

tectonics) is difficult to tell (e.g. Hawkesworth et al., 2024; Nebel et al., 2024). A 

somewhat related theory is that the geodynamic regime of the Earth changed during 

this transition from a ñsluggish lidò or vertical tectonic mode to one more similar to plate 

tectonics, with the onset of subduction occurring at this time (e.g. Ackerman et al., 

2022; Brown et al., 2020; Smithies and Champion, 2000). This model is supported by 

geochemical evidence that deep recycling of supracrustal materials began at this time 

(e.g. Cui et al., 2022; Mole et al., 2021). The variables controlling the onset and stability 

of subduction (e.g. lithospheric thickness, radiogenic heat production, lithospheric 

mantle-asthenospheric mantle density contrast) were likely not homogeneous across 

the whole planet, which could explain the diachronous nature of this transition (e.g. 

Huang et al., 2022; Martin et al., 2009). 

 

Another common opinion is that many magmatic changes during the late Archean-

early Proterozoic transition reflect secular cooling of the mantle altering the style and 

thermal structure of subduction zones. This cooling may have caused subduction 

angles to steepen (e.g. Perchuk et al., 2025; Sizova et al., 2010) or subduction to 

become faster (e.g. Foley, 2024, 2018), and these changes, in combination with 

overall colder mantle and slab temperatures, resulted in lower geothermal gradients 

during subduction. The locus of slab melting was consequently moved to greater 
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depths, making ascending melts interact with a greater thickness of mantle wedge 

(e.g. Martin and Moyen, 2002; Moyen and Laurent, 2018), and may also have shifted 

it from melting metabasites to melting sediments (e.g. Laurent et al., 2011). Cooler 

geotherms would result in lower degrees of slab melting, and hence these melts 

interacted more extensively with the mantle and might have been completely 

consumed by metasomatic reactions (e.g. Martin et al., 2009; Moyen et al., 2003). The 

subducting slab may even have become too cold to melt, with slab dehydration 

becoming the dominant process instead (Laurie et al., 2013; Martin, 1986). 

Consequently, it is often proposed that subduction geometry and processes began to 

resemble modern subduction more closely by the end of the late Archean-early 

Proterozoic transition. 

 

A few studies advocate for a geodynamic transition unrelated to plate tectonics and 

subduction. These authors invoke the evolution of long-lived crustal drips, which 

gradually descended into the mantle and may have become asymmetric due to 

lithospheric flow, resembling a subduction zone geometry (e.g. Nebel et al., 2018; 

Smithies et al., 2021). Stalling of hot, mantle-derived sanukitoid magmas at the base 

of the crust may have provided heat to melt the overlying crust (Nebel et al., 2018). An 

alternative opinion is that the late Archean-early Proterozoic transition does not require 

a geodynamic change at all. While decreasing mantle and crustal temperatures are 

still significant factors influencing this transition, other processes, such as the 

emergence of continental crust above sea level and changing surface conditions, may 

be more important than geodynamics for explaining the changes in igneous rock, and 

particularly granitoid, compositions at this time (e.g. Arndt, 2023; B®dard, 2024; 

Reimink and Smye, 2024). 

 

In summary, there are multiple theories about how geodynamic changes may have 

been involved in the late Archean-early Proterozoic transition. This period might mark 

the onset of subduction (e.g. Brown et al., 2020; Smithies and Champion, 2000), the 

stabilisation of global, modern-style plate tectonics (e.g. Hawkesworth et al., 2024; 

Laurent et al., 2014a) or a change in the style of subduction (e.g. Martin et al., 2009; 

Moyen and Laurent, 2018). Alternatively, it represents a transition not related to 

subduction and plate tectonics (e.g. Nebel et al., 2018; Smithies et al., 2021), or 

possibly there was no geodynamic change at all (e.g. Arndt, 2023). New constraints 
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are therefore needed to elucidate the causes of the late Archean-early Proterozoic 

transition. 

 

1.1.3. Changes in atmospheric oxygenation 

 

Figure 1.4: The blue curve shows the evolution of atmospheric partial pressure of O2 (pO2), 
relative to the present atmospheric level, over the Earthôs history. Based on figure 1 from Lyons 
et al. (2014). The dashed sections indicate that the detailed structures of the Great Oxidation 
Event (GOE) and Neoproterozoic Oxygenation Event (NOE) need to be further constrained. 
The dashed arrows indicate possible ñwhiffsò of O2 before the GOE. The grey region shows 
the late Archean-early Proterozoic transition from ~3.0 to 2.0 Ga. 

 

At a similar time to the changes in granitoid magmatism and potential geodynamic 

transition, the composition of the Earthôs atmosphere was significantly altered. 

Between ca. 2.45 and 2.05 Ga (e.g. Bekker et al., 2004; Gumsley et al., 2017; Poulton 

et al., 2021) global atmospheric molecular oxygen (O2) levels rose for the first time 

from neglibile amounts (<0.001% of the modern level; Pavlov and Kasting, 2002) to 

up to ~10% of the modern level (e.g. Holland, 2006; Kanzaki and Murakami, 2016) in 

what has been labelled the ñGreat Oxidation Eventò or ñGOEò (Holland, 2002) (fig. 1.4). 

The timing, tempo and magnitude of the O2 increase at the GOE are primarily 

constrained by geochemical signatures in sedimentary rocks, particularly by the 

disappearance of mass-independent sulfur isotope fractionation (e.g. Bekker et al., 
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2004; Farquhar et al., 2000; Luo et al., 2016; Poulton et al., 2021). There is some 

disagreement about the exact timing of the GOE (e.g. Bekker et al., 2004; Poulton et 

al., 2021) and whether the rise in O2 was a single event (e.g. Luo et al., 2016) or 

happened stepwise (e.g. Gumsley et al., 2017), but there is a consensus that O2 levels 

had finished increasing by ~2.05 Ga. 

 

The rise in atmospheric O2 at the GOE is primarily attributed to the emergence of 

cyanobacteria, which produce O2 via photosynthesis (e.g. Kasting, 2013; Olejarz et 

al., 2021). However, evidence supports the existence of photosynthesising 

cyanobacteria in the Archean (e.g. Brocks et al., 1999; Farquhar et al., 2011; 

Schirrmeister et al., 2015), meaning photosynthesis likely evolved several hundred 

million years before the GOE. There are numerous proposals that changes in crustal 

composition and geodynamics during the late Archean-early Proterozoic transition 

may have also influenced the accumulation of O2 in the atmosphere. The shift towards 

more felsic crustal compositions and decrease in ultramafic komatiite abundance 

would have reduced rates of H2 production via serpentinisation (e.g. Leong et al., 

2021; Smit and Mezger, 2017) and decreased the abundance of crustal reductants 

(e.g. Fe2+, S2-) (e.g. Lee et al., 2016), diminishing the magnitude of these O2 sinks. 

This shift in crustal composition might have also affected nutrient fluxes, for example 

by reducing the availability of nickel which is an important nutrient for some 

methanogens (e.g. Konhauser et al., 2009). Endogenic oxidation of TTG magmas by 

retention of Fe2+ over Fe3+ in residual garnet may have generated oxidised continental 

crust and helped shift the redox balance of the Earthôs surface (Tang et al., 2024). 

Establishing subduction and plate tectonics globally would lead to increased 

subduction rates of oxidised material, such as mid ocean ridge-altered oceanic crust 

and carbon- and sulfur-rich sediments, causing a gradual increase in the oxidation 

state of volcanic gases (e.g. Holland, 2009, 2002; Nebel et al., 2024). Coupling this 

process with loss of reduced H2 gas to space might have helped cause net oxidation 

of the Earthôs surface and crust (e.g. Catling et al., 2001; Claire et al., 2006). The 

composition of volcanic gases may have also changed due to the emergence of 

continents above sea level. This caused a shift from submarine volcanism to subaerial 

volcanism, for which degassing occurs at lower pressures and releases more oxidised 

sulfur (e.g. Gaillard et al., 2011; Kump and Barley, 2007). Continental emergence 

would have also generated increased weathering fluxes of important nutrients (e.g. 
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phosphorous, molybdenum) to the oceans, enhancing biological productivity (e.g. Hao 

et al., 2020; Scott et al., 2011). The evolution of the solid Earth and the atmosphere 

were hence likely closely linked during the late Archean-early Proterozoic transition. 

 

The GOE hugely affected chemical processes on the Earth as widespread oxidation 

could now occur, which significantly altered the biogeochemical cycling of redox-

sensitive elements such as sulfur (e.g. Lyons and Gill, 2010), iron (e.g. Watanabe et 

al., 2023), arsenic (e.g. Chi Fru et al., 2019) and uranium (e.g. Cuney, 2010). 

Consequently, the chemical and isotopic compositions of near-surface materials 

(seafloor-altered oceanic crust, sediments) being recycled into the mantle changed, 

meaning the GOE impacted not only the Earthôs surface but also its interior. As these 

recycled materials can end up in the mantle source regions of igneous rocks, 

increasing atmospheric O2 may have affected magma compositions. Several recent 

studies report differences in the chemical and isotopic compositions of igneous rocks 

that are interpreted as recording secular changes in the compositions of recycled 

materials due to increasing atmospheric oxygenation (Ahmad et al., 2023, 2022; 

Andersen et al., 2015; Liu et al., 2019; Moreira et al., 2023; Stolper and Bucholz, 

2019). The igneous rock record therefore provides an opportunity to investigate how 

the GOE impacted the deeper parts of biogeochemical cycles and potentially 

influenced magmatism during the late Archean-early Proterozoic transition. 

 

1.2.  Sanukitoids 

Sanukitoid magmatism is a distinctive feature of the late Archean-early Proterozoic 

transition (fig. 1.1). Sanukitoids are a type of igneous rock characterised by enrichment 

in both compatible (e.g. Mg, Ni, Cr) and incompatible (e.g. Ba, Sr, LREE) elements, 

reflecting the involvement of both mantle and recycled crustal components in their 

formation (e.g. Heilimo et al., 2010; Martin et al., 2009; Shirey and Hanson, 1984; 

Stern et al., 1989). The geochemical composition of sanukitoids is regarded as being 

transitional between those of Archean TTG suites and post-Archean granites (e.g. 

Martin et al., 2009). They display highly fractionated CI chondrite-normalised REE 

patterns similar to those of TTGs (fig. 1.5a, c) (e.g. Smithies and Champion, 2000;  

 



17 
 

Figure 1.5: Comparison of Archean-Paleoproterozoic sanukitoids (green) to Archean TTGs 
(blue) and post-Archean granites and upper continental crust (pink). a) (La/Yb)N vs K2O/Na2O  
where REE concentrations are normalised to the CI chondrite values from OôNeill (2016). After 
figure 2.8 from Laurent (2012). The geochemical compositions of rocks described as 
ñsanukitoidò in published literature are taken from my own compilation of published sanukitoid 
geochemical data. Following Martin et al. (2009), this dataset was filtered for samples with Ò 
62 wt% SiO2 to exclude samples with geochemical compositions significantly affected by 
differentiation. b) Molar K-Na-Ca ternary diagram comparing sanukitoids to TTGs and the 
modern calc-alkaline differentiation trend. After figure 4 from Martin et al. (2009). c) CI 
chondrite-normalised REE patterns for average sanukitoids with Ò 62 wt% SiO2 from Martin et 
al. (2009), the average TTG composition from Moyen and Martin (2012) and the average 
modern upper continental crust composition from Rudnick and Gao (2014). REE 
concentrations are normalised to the CI chondrite values from OôNeill (2016). 

 

Stern et al., 1989), but follow a calc-alkaline-like differentiation trend similar to post-

Archean granites (fig. 1.5b) (e.g. de Oliveira et al., 2009; Martin et al., 2009). In 
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general, sanukitoids are moderately potassic (average K2O/Na2O å 0.7; Moyen, 2020), 

making them intermediate between the sodic TTGs and potassic granites (fig. 1.5a). 

Constraints from mineral chemistry suggest that sanukitoid parental magmas were 

water-rich and oxidised, with > 7 wt% H2O and oxygen fugacity (fO2) of NNO +0.3 to 

NNO +2.5 (log units relative to the nickel-nickel oxide buffer) comparable to modern 

arc magmas (de Oliveira et al., 2010; do Nascimento et al., 2023, 2021).  As a result 

of their temporally and geochemically transitional nature, sanukitoids are interpreted 

to reflect the evolution of continental crust composition and changing geodynamics 

during the late Archean-early Proterozoic transition (e.g. Laurent et al., 2014a; Martin 

et al., 2009; Smithies and Champion, 2000). 

 

Figure 1.6: Field photographs of sanukitoid from the Wallareenya granodiorite high-Mg diorite 
suite, Pilbara Craton. Photographs taken by Laura Spencer. a) Close-up of a fresh surface of 
medium-grained, equigranular biotite-hornblende diorite sanukitoid. b) Diorite-granodiorite 
sanukitoid outcrop containing a microgranular mafic enclave. 

 

The vast majority of sanukitoid occurrences are plutonic, but instances of volcanic and 

subvolcanic sanukitoid magmatism have been identified (e.g. Dey et al., 2015; Guo et 

al., 2017; Shirey and Hanson, 1984; Smithies et al., 2019; Wang et al., 2022). 

Sanukitoids cover a wide silica range and vary lithologically from diorites and quartz 

diorites to monzodiorites and granodiorites plus rare granites (fig. 1.6) (e.g. Heilimo et 
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al., 2010; Martin et al., 2009; Stern and Hanson, 1991). Their mineralogy consists of 

a quartz- and plagioclase-dominated matrix with lesser K-feldspar that contains ñclotsò 

or ñclustersò of mafic minerals ï mainly hornblende and biotite with occasional 

pyroxene ï and sometimes K-feldspar phenocrysts (e.g. Martin et al., 2009; Smithies 

and Champion, 2000; Stern et al., 1989). Accessory phases found in sanukitoids are 

mainly magnetite, ilmenite, titanite, apatite, zircon, epidote and allanite (e.g. de 

Oliveira et al., 2010; Laurent et al., 2014a; Lobach-Zhuchenko et al., 2005). 

Microgranular mafic, generally dioritic to monzodioritic, enclaves are also common (fig. 

1.6b) (e.g. Heilimo et al., 2010; Martin et al., 2009; Smithies and Champion, 2000). 

 

Figure 1.7: Spatial distribution of Archean and Paleoproterozoic sanukitoid occurrences 
reported in published literature. Simplified distribution of Archean cratons and Proterozoic 
shields is after Bleeker (2003) and Groves and Santosh (2021). 

 

Sanukitoids are a minor but ubiquitous component of late Archean-early Proterozoic 

terranes and have been reported on the majority of cratons (fig. 1.7). Most sanukitoid 

magmatism occurred during the Neoarchean (2.8 ï 2.5 Ga) when it was the most 

widespread, but it was also fairly common in the late Mesoarchean (3.0 ï 2.8 Ga) and 

earliest Paleoproterozoic (2.5 ï 2.4 Ga) (fig. 1.8). A few older occurrences of 

sanukitoids have also been reported, dating as far back as the Paleoarchean (~3.3 ï  



20 
 

3.4 Ga) on the Pilbara Craton (Vandenburg et al., 2023). A small burst of sanukitoid 

magmatism appears to have occurred towards the end of the late Archean-early 

Proterozoic transition at ~2.20 ï 2.05 Ga when sanukitoids are again described on 

multiple cratons (e.g. Aidoo et al., 2020; Angeletti et al., 2021; Bruno et al., 2020; 

Terentiev and Santosh, 2017). After ~2 Ga, sanukitoids practically disappear from the 

rock record. Several studies have identified potential Phanerozoic analogues to 

Archean-Paleoproterozoic sanukitoids, primarily high Ba-Sr granite suites from syn- to 

post-collisional settings (e.g. Fowler and Rollinson, 2012; C.-Y.-H. Liu et al., 2022; W. 

Wang et al., 2018; Zhang et al., 2019) and low-silica adakites (also referred to as high-

Mg andesites) from volcanic arcs (e.g. Chiaradia et al., 2014; Martin et al., 2005; Qian 

and Hermann, 2010; Tatsumi, 2006).  

 

In the following sections, I first review how previous studies have defined and classified 

sanukitoids in order to distinguish them from other late Archean-early Proterozoic 

granitoids. I also detail the terminology relating to sanukitoids that has been introduced 

since their initial identification. After this I describe the current state of research into 

the formation and differentiation of sanukitoid magmas, and the questions that remain 

about their petrogenesis. 
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Figure 1.8: Temporal distribution of Archean and Paleoproterozoic sanukitoid occurrences reported in published literature. The green rectangles show the ages 
of reported sanukitoid magmatism for each location. 
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1.2.1. Defining and identifying sanukitoids 

Sanukitoids were first recognised as a distinct component of Archean terranes, 

separate from TTGs, by Shirey and Hanson (1984), who described mantle-derived 

monzodiorites and trachyandesites from the Rainy Lake region of the Superior 

Province. Shirey and Hanson called these rocks ñsanukitoidsò because they shared 

distinctive geochemical characteristics ï silica-oversaturation with high Mg# and high 

Ni, Cr and LILE concentrations ï with Miocene high-Mg andesites from the Setouchi 

volcanic belt, Japan (e.g. Tatsumi, 2006; Tatsumi and Ishizaka, 1982), which were 

originally named ñsanukitoidsò by Koto (1916). However, sanukitoid lithologies had 

been described before this, particularly elsewhere in the Superior Province (Arth and 

Hanson, 1975; Beakhouse, 1983; Longstaffe et al., 1980) and in the Finnish part of 

the Baltic Shield (e.g. Martin et al., 1983; Vidal et al., 1980). 

 

Following their identification, Stern et al. (1989) proposed the first quantitative 

geochemical definition for Archean-Paleoproterozoic sanukitoids based on rocks from 

the southwestern Superior Province (table 1.2). Their definition restricted the term 

ñsanukitoidò to relatively primitive (SiO2 = 55 ï 60 wt%) diorites and monzodiorites, but 

was expanded by Stern and Hanson (1991) to include the more differentiated high-Mg 

granodiorites derived from them, collectively called the ñsanukitoid suiteò. Since then, 

ñsanukitoidò has remained a primarily geochemical term. ñHigh-Mg dioriteò was 

proposed as an alternative name for Archean sanukitoids by Smithies and Champion 

(2000) because of geochemical differences between the Archean rocks and the 

Setouchi high-Mg andesites, namely that the Archean rocks have higher Ba and Sr 

concentrations and La/Yb ratios than the high-Mg andesites. However, ñhigh-Mg 

dioriteò has not been used as widely as ñsanukitoidò in subsequent publications. 

 

Over the past two decades, the geochemical definition of ñsanukitoidò has further 

evolved, with an emphasis on distinguishing sanukitoids from other late Archean-early 

Proterozoic granitoids (i.e. TTGs, biotite granites etc.) (table 1.2) (Halla et al., 2009; 

Heilimo et al., 2010; Laurent et al., 2014a; Lowrey et al., 2023; Martin et al., 2009; 

Moyen, 2020). Classification diagrams for late Archean granitoids were developed by 

Halla et al. (2009), Heilimo et al. (2010) (fig. 1.9) and Laurent et al. (2014a) (fig. 1.10).  
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Figure 1.9: Classification diagrams for sanukitoids and TTGs proposed by Halla et al. (2009) 
and Heilimo et al. (2010), after figure 10 from Heilimo et al. (2010). TTGs are divided into low 
HREE and high HREE subgroups. The geochemical compositions of rocks described as 
ñsanukitoidò in published literature, plotted in green, are taken from my own compilation of 
published sanukitoid geochemical data. Following Martin et al. (2009), this dataset was filtered 
for samples with Ò 62 wt% SiO2 to exclude samples with geochemical compositions 
significantly affected by differentiation. 

 

In these diagrams, sanukitoids are separated from TTGs by their significant 

enrichment in Ba and Sr, their high MgO contents (these features are captured by 

Laurent et al. in the combined parameter ñ2 FMSBò (= 2 * [FeOT + MgO] * [Sr + Ba]), 

fig. 1.10), and their slightly more potassic nature (lower Na2O/K2O). Sanukitoids are 

distinguished from biotite and two-mica granites again by their marked enrichments in 

Ba, Sr and Mg, but also by their lower Al content (captured by lower A/CNK (= molar  
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Table 1.2: The geochemical characteristics used in literature definitions of Archean-Paleoproterozoic sanukitoids, and comparison of the average values of 
geochemical parameters used to distinguish between low-Ti and high-Ti sanukitoids from Martin et al. (2009). The subscript XN refers to the CI chondrite-
normalised REE concentration. Eu/Eu* is the Eu anomaly of a CI-chondrite normalised REE pattern. 

 Paper 
Stern et al. 

(1989) 

Stern and 

Hanson 

(1991) 

Heilimo et 

al. (2010) 

Laurent et 

al. (2014a) 

Lowrey et al. 

(2023) 

Martin et al. (2009) 

Average composition at  

Ò 62 wt% SiO2 

 Term Sanukitoid 
Sanukitoid 

suite 

Sanukitoid 

series 

Sanukitoid 

sensu lato  

Sanukitoid  

(at 60 wt% SiO2) 

Low-Ti 

sanukitoid 

High-Ti  

sanukitoid 

Major 

Elements 

SiO2 (wt%) 55 ï 60 55 ï 73 55 ï 70 45 ï 70 60 Ò 62 Ò 62 

TiO2 (wt%)      0.69 1.21 

MgO (wt%)   1.5 ï 9 1.5 ï 9  4.33 3.39 

Mg# > 60 43 ï 62 45 ï 65 45 ï 65 > 50 58 47 

FeO* + MgO + 

MnO + TiO2 (wt%) 
   5 ï 25    

Na2O (wt%)  4 ï 5.5    4.49 4.09 

K2O (wt%) > 1 0.5 ï 4 1.5 ï 5 1.5 ï 5  3.04 3.20 

K2O/Na2O  < 1 0.33 ï 2 Ó 0.5  0.68 0.78 

P2O5  Ò 0.5    0.42 0.72 

Mantle-

compatible 

trace 

elements 

V (ppm)    > 50    

Cr (ppm) > 200 Ò 150  20 ï 500 > 80 143 58 

Ni (ppm) > 100   15 ï 200 > 50 69 36 

Large ion 

lithophile 

elements 

(LILE) 

Sr (ppm) > 500 500 ï 2000  > 400  1202 994 

Ba (ppm) > 500 500 ï 2000  > 1000  1493 1445 

Ba + Sr (ppm)   > 1400     

Rb/Sr < 0.1 Ò 0.1      

Sr/Y     Ó 30   
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Table 1.2 continued: 

 Paper 
Stern et al. 

(1989) 

Stern and 

Hanson 

(1991) 

Heilimo et 

al. (2010) 

Laurent et 

al. (2014a) 

Lowrey et al. 

(2023) 

Martin et al. (2009) 

Average composition at  

Ò 62 wt% SiO2 

 Name Sanukitoid 
Sanukitoid 

suite 

Sanukitoid 

series 

Sanukitoid 

sensu lato  

Sanukitoid  

(at 60 wt% SiO2) 

Low-Ti 

sanukitoid 

High-Ti  

sanukitoid 

High field 

strength 

elements 

(HFSE) 

Y      20 35 

Zr      172 316 

Nb      10 17 

 
Chondrite-normalised 

REE pattern 

Strongly 

enriched in 

LREE 

Steeply 

fractionated 
     

Rare Earth 

elements 

(REE) 

 

 

CeN  65 ï 170      

YbN  3 ï 6      

Eu/Eu* ~1 ~1  0.5 ï 1    

(La/Yb)N    
10 ï 75, 

most > 25 
 29.2 31.5 

(Gd/Er)N   2 ï 6      
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Al2O3 / [CaO + Na2O + K2O])) and less potassic nature (higher Na2O/K2O) (Laurent et 

al., 2014a) (fig. 1.10). Linear discriminant analysis done by Moyen (2020) on major 

elements in Archean granitoids determined that K/Na is most effective at separating 

potassic granitoids (including sanukitoids) from TTGs, while Fe/Mg segregates 

sanukitoids from other potassic granites. 

 

Figure 1.10: Classification diagram for late Archean granitoids (sanukitoids, TTGs and biotite 
and two-mica granites) proposed by Laurent et al. (2014a), after figure 7 from Laurent et al. 
(2014a). 2 A/CNK = 2 * molar Al2O3 / [CaO + Na2O + K2O]. 2 FMSB = 2 * [FeOT + MgO] * [Sr 
+ Ba]. The geochemical compositions of rocks described as ñsanukitoidò in published 
literature, plotted in green, are taken from my own compilation of published sanukitoid 
geochemical data. Following Martin et al. (2009), this dataset was filtered for samples with Ò 
62 wt% SiO2 to exclude samples with geochemical compositions significantly affected by 
differentiation. 

 

Lowrey et al. (2023) produced a systematic, albeit more complex, classification 

procedure for granitoids from the Yilgarn Craton (table 1.2, fig. 1.11). Sanukitoids are 

included as part of the mafic granite group (Champion and Sheraton, 1997), which are 

primarily separated from other granitoids by their high Mg# (fig. 1.11a and b; see 

Lowrey et al. (2023) for the full classification procedure). Sanukitoids are then 

distinguished from other mafic granites by their high Sr/Y Ó 30 (fig. 1.11c). They also 

introduced the new term of ñsanukitoid-like rocksò to describe rocks which display 

many of the key characteristics of sanukitoids but have slightly lower Mg#, Ni and Cr 

concentrations (fig. 1.11d-f). Lowrey et al. based the location of the boundary between 

sanukitoids and sanukitoid-like rocks on the definition of Stern et al. (1989). As can be 

seen in figures 1.11d-f, many samples that have been described as ñsanukitoidsò in  
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Figure 1.11: Selected figures from Lowrey et al. (2023)ôs granitoid classification procedure. 
The equations of the boundary lines are given in Lowrey et al. (2023). The geochemical 
compositions of rocks described as ñsanukitoidò in published literature, plotted in green, are 
taken from my own compilation of published sanukitoid geochemical data. a) Mg# vs SiO2 
(wt%) separating mafic granites from other granitoids, after figure 25 from Lowrey et al.; b) Sr 
(ppm) vs Mg# separating mafic granites from other granitoids, after figure 34 from Lowrey et 
al.; c) Sr/Y vs Mg# separating sanukitoids and sanukitoid-like rocks from other mafic granites 
after figure 53 from Lowrey et al.. Figures d), e) and f) separate sanukitoids from sanukitoid-
like rocks: d) Mg# vs SiO2 (wt%) after figure 54 from Lowrey et al.; e) Ni (ppm) vs SiO2 (wt%) 
after figure 56 from Lowrey et al.; f) Cr (ppm) vs SiO2 (wt%) after figure 55 from Lowrey et al..
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published literature fall into the field of sanukitoid-like rocks, being less enriched in 

compatible elements than the original definitions of sanukitoid require. 

 

Multiple studies (e.g. Laurent et al., 2014a; Moyen, 2020; Steenfelt et al., 2005) have 

observed that the term ñsanukitoidò has been applied to a more diverse range of rocks 

than those originally described by Shirey and Hanson (1984) and Stern et al. (1989). 

To try to address this, Laurent et al. (2014a) introduced the terms ñsanukitoids sensu 

stricto (s.s.)ò to refer to sanukitoids that fit Stern et al. (1989)ôs definition and 

ñsanukitoids sensu lato (s.l.)ò to refer to a wider group of rocks that have a similar 

petrogenesis to sanukitoids s.s. but differ in geochemical composition (table 1.2). 

Further work is needed to investigate the various heterogeneous rocks that have been 

labelled ñsanukitoidò as the fluctuating and gradually broadening definition of this group 

may obscure important details of the formation of mantle-derived late Archean-early 

Proterozoic granitoids and their potential link to geodynamic changes during this 

period. 

 

Figure 1.12: Plot of TiO2 (wt%) vs MgO (wt%), with MgO/TiO2 = 3.5 used to divide low-Ti 
sanukitoids from high-Ti sanukitoids after Martin et al. (2009). The geochemical compositions 
of rocks described as ñsanukitoidò in published literature, plotted in green, are taken from my 
own compilation of published sanukitoid geochemical data. 
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Further terminology relating to Archean-Paleoproterozoic sanukitoids and closely 

associated rocks has been added to the lexicon. Moyen et al. (2003) identified a 

unique type of late Archean granitoid in the Dharwar Craton, which they named 

ñClosepet-type graniteò after the type locality. Closepet-type granites display many of 

the key characteristics of sanukitoids, such as relatively high Mg#, steeply fractionated 

chondrite-normalised REE patterns and Ba and Sr enrichment. However, Closepet-

type granites differ from typical sanukitoids (i.e. the Stern et al. (1989) and Heilimo et 

al. (2010) definitions) by being more potassic, less aluminous, having higher HFSE 

(e.g. Ti, Zr, Nb), REE and P2O5 contents and lower Mg# and Mg, Cr and Ni 

concentrations (Martin et al., 2009; Moyen et al., 2003) (table 1.2). Martin et al. (2009) 

encouraged grouping Closepet-type granites with sanukitoids. They introduced the 

terms ñlow-Ti sanukitoidò to describe the typical sanukitoids of Stern et al. (1989) and 

ñhigh-Ti sanukitoidò to describe Closepet-type granites, using a plot of TiO2 vs MgO to 

distinguish between the two types (fig. 1.12). The name ñhigh-Ti sanukitoidò is now 

most commonly used in published literature to describe these rocks. They are included 

in sanukitoids s.l. by Laurent et al. (2014a), and high-Ti sanukitoids have also been 

referred to as ñhigh-K calc-alkaline granitoidsò (HKCA granitoids) by Moyen (2020), 

although this group is broader than the typical high-Ti sanukitoids and likely includes 

some hybrid granitoids and granitoids of crustal origin. High-Ti sanukitoids have been 

identified on multiple cratons, including the Amazonian Craton (Silva-Silva et al., 

2020), Limpopo Belt (Laurent et al., 2011), Madagascar Shield (Schofield et al., 2010), 

North China Craton (Wang et al., 2024) and Sarmatian Craton (Terentiev and Santosh, 

2018). 

 

While the exact geochemical parameters used to define sanukitoids have varied over 

the past four decades, some features are shared by almost all definitions (table 1.2). 

These geochemical characteristics provide key constraints on how sanukitoid 

magmas formed: 

1. High Mg# and high concentrations of mantle-compatible elements (e.g. Ni, Cr), 

which show that sanukitoids need a significant ultramafic mantle component in 

their source (e.g. Martin et al., 2009; Shirey and Hanson, 1984). 

2. Enrichment in Ba and Sr, including in the less evolved members of the 

sanukitoid suite, which requires that this mantle source component was 
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enriched in incompatible elements, likely by a component derived from recycled 

crustal material (e.g. Shirey and Hanson, 1984; Stern et al., 1989). 

3. Enrichment in LREE and highly fractionated chondrite-normalised REE 

patterns parallel to those of TTGs, which suggest a petrogenetic link between 

sanukitoids and TTGs (e.g. Martin et al., 2009; Smithies and Champion, 2000). 

 

1.2.2. Petrogenesis of sanukitoid magmas 

The distinctive geochemical characteristics of sanukitoids show that recycling of 

crustal material into the mantle, followed by interaction between a component derived 

from this crustal material (i.e. melt, aqueous fluid) and mantle peridotite, is needed to 

form their parental magmas. This model is consistent with the near-chondritic to 

suprachondritic Nd radiogenic isotope compositions (ŮNd(t)) of sanukitoids that 

indicate a juvenile source (e.g. Heilimo et al., 2013; Laurent et al., 2014a; Ma et al., 

2013; Seixas et al., 2013; Smithies et al., 2004).  

 

The recycled crust-derived component is most commonly proposed to be a TTG-like 

melt generated by metabasite partial melting in the garnet stability field due to the 

similarity between sanukitoid and TTG REE patterns (fig. 1.5c) (e.g. Martin et al., 2009; 

Smithies and Champion, 2000). Experimental studies (Rapp et al., 2010, 1999) and 

geochemical modelling (e.g. de Oliveira et al., 2011; Seixas et al., 2013; Semprich et 

al., 2015; Smithies and Champion, 2000) provide further support for a metabasite-

derived component. However, various other sources have also been proposed for this 

incompatible element-enriched component, which may be particularly pertinent to 

explaining the unique geochemical features of specific sanukitoid intrusions. A 

recycled sediment-derived component is often suggested, either on its own (e.g. Halla, 

2005; Laurent et al., 2011; Raza et al., 2021) or alongside a metabasite-derived 

component (e.g. Scandolara et al., 2024; Sun et al., 2020; Wang et al., 2024). 

Chemical characteristics such as relatively high K2O/Na2O (e.g. Sun et al., 2020; 

Wang et al., 2024), HFSE ratios (e.g. low Zr/Ta; Sun et al., 2020; Xu et al., 2019), 

enrichment in U and Th (e.g. Li et al., 2024) and high zircon ŭ18O (e.g. King et al., 

1998; Moreira et al., 2023; Wang et al., 2024) have been used to argue for sediment 

involvement in sanukitoid petrogenesis. Laurent et al. (2019) proposed that a plot of 

total LREE concentrations (ɆLREE = La + Ce + Pr + Nd) vs [Sr + Ba] (fig. 1.13) could 
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be used to distinguish between sanukitoids formed by mantle-metabasite interaction 

and those formed by mantle-sediment interaction as the latter have high ɆLREE but 

relatively low [Sr + Ba] (e.g. Laurent et al., 2011). A carbonatite melt component has 

been implicated for sanukitoids from West Greenland (Steenfelt et al., 2005) and the 

Superior Province (Semprich et al., 2015) because these intrusions are more enriched 

in Sr, Ba, P, K and REE than the majority of sanukitoids. Finally, Heilimo et al. (2010) 

proposed that an alkaline melt generated from upwelling asthenospheric mantle was 

additionally involved in forming sanukitoids from the Baltic Shield in order to explain 

why their high K-Ba-Sr signature is not correlated with Nd-Hf isotopic evidence for a 

crustal component. 

 

Figure 1.13: Plot of total LREE concentrations (ɆLREE = La + Ce + Pr + Nd) (ppm) vs [Sr + 
Ba] (ppm) after figure 13 from Laurent et al. (2019). Laurent et al. (2019) proposed that this 
graph can be used to distinguish between sanukitoids formed by mantle-TTG interaction (light 
green field) and sanukitoids formed by mantle-sediment interaction (brown field). The 
geochemical compositions of rocks described as ñsanukitoidò in published literature are taken 
from my own compilation of published sanukitoid geochemical data. Following Martin et al. 
(2009), this dataset was filtered for samples with Ò 62 wt% SiO2 to exclude samples with 
geochemical compositions significantly affected by differentiation. 
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Figure 1.14: Plot of Nb/Y vs La/Yb comparing sanukitoids (green circles) to modern high-Mg 
andesites that are thought to form by felsic melt-peridotite interaction (light green field) and 
modern arc magmas that are thought to form by aqueous fluid-peridotite interaction (grey 
field). After figure 7a from Martin et al. (2009). The geochemical compositions of rocks 
described as ñsanukitoidò in published literature are taken from my own compilation of 
published sanukitoid geochemical data. Following Martin et al. (2009), this dataset was filtered 
for samples with Ò 62 wt% SiO2 to exclude samples with geochemical compositions 
significantly affected by differentiation. 

 

There is some disagreement about whether the incompatible element-enriched 

component was a melt (e.g. Martin et al., 2009; Rapp et al., 2010; Semprich et al., 

2015; Smithies and Champion, 2000) or an aqueous fluid generated by dehydration 

of metabasites and/or sediments (e.g. Ahmad et al., 2018; Halla, 2005; Lobach-

Zhuchenko et al., 2008; Stern et al., 1989). Support for a silicate melt comes from the 

elevated La/Yb, Nb/Y and Sr/Y of sanukitoids in comparison to most modern arc 

magmas, which are thought to primarily record fluid-mantle interaction (fig. 1.14) (e.g. 

Martin et al., 2009; Smithies and Champion, 2000). On the other hand, some studies 

favour an aqueous fluid component because sanukitoids display depletions in fluid-

immobile HFSE alongside enrichments in fluid-mobile LILE (Halla, 2005; Stern et al., 

1989). These fluids might also have been CO2-rich (Lobach-Zhuchenko et al., 2008). 
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The nature of the incompatible element-enriched component may affect the 

crystallisation pathway followed by sanukitoid magmas during differentiation as higher 

H2O contents stabilise amphibole over biotite (e.g. Bucholz et al., 2014; C.-Y.-H. Liu et 

al., 2022). Determining whether a melt or fluid component was more important for 

generating sanukitoid magmas has significant geodynamic implications because 

partial melting and dehydration of metabasite/sediment lithologies occur under 

different P-T conditions (e.g. Hern§ndez-Uribe et al., 2019; Johnson and Plank, 2000; 

Martin, 1986). 

 

While it is well-established that sanukitoids formed by interaction between a recycled 

crustal component and mantle peridotite, the nature of this interaction is debated. A 

two-stage process via mantle metasomatism is most commonly invoked (e.g. 

Kovalenko et al., 2005; Shirey and Hanson, 1984; Smithies and Champion, 2000) and 

appears to have become the default petrogenesis proposed in the literature. In this 

model, the mantle is first metasomatised by the crust-derived component, meaning 

the melt/fluid is completely consumed during reactions with mantle peridotite, altering 

its composition and likely forming new minerals such as phlogopite and pargasitic 

amphibole (e.g. Heilimo et al., 2010; Kovalenko et al., 2005; Laurent et al., 2011; 

Lobach-Zhuchenko et al., 2008). This metasomatised mantle source subsequently 

melts to generate sanukitoid parental magma. However, experimental studies (Rapp 

et al., 2010, 1999) and geochemical modelling (e.g. Laurent, 2012; Martin et al., 2009; 

Semprich et al., 2015) demonstrate that a one-stage process where a metabasite-

derived melt assimilates mantle peridotite can also create sanukitoid magmas. In this 

scenario, olivine is the main mineral consumed by the metabasite-derived melt (Rapp 

et al., 2010, 1999). The key difference between these processes is the melt/fluid-to-

rock ratio ï in the one-stage process the melt-to-rock ratio is high and the crustal 

component dominates, whereas in the two-stage process the melt/fluid-to-rock ratio is 

low and mantle peridotite dominates volumetrically (e.g. Martin et al., 2009; Rapp et 

al., 2010). More recently, Smithies et al. (2019, 2018) proposed that sanukitoid 

magmas can evolve from lamprophyric magmas by amphibole-dominated fractional 

crystallisation. This model, which is based on sanukitoids from the Yilgarn Craton, is a 

variation on the two-stage process described above as calc-alkaline lamprophyres 

form by low- to moderate-degree partial melting of metasomatised mantle (e.g. Choi 

et al., 2020; Rock, 1991). Again, determining the nature of crust-derived component-
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mantle interaction has geodynamic implications as the two-stage petrogenetic model 

requires an additional thermal trigger to start melting the metasomatised mantle (e.g. 

Heilimo et al., 2010). Furthermore, the P-T conditions of this interaction are poorly 

constrained (e.g. Martin et al., 2009; Semprich et al., 2015). 

 

The variables detailed above have the potential to generate chemical heterogeneity 

among sanukitoids. A key topic of debate is what is responsible for the compositional 

differences between low-Ti and high-Ti sanukitoids. Martin et al. (2009) and Laurent 

(2012) proposed that low-Ti sanukitoids formed via a one-stage process while high-Ti 

sanukitoids formed via a two-stage process as the latter mechanism creates greater 

enrichments in HFSE and REE. The P-T conditions of the mantle-crustal component 

interaction may also be an important factor. Geochemical modelling by Laurent (2012) 

suggested that high-Ti sanukitoids formed at relatively low pressures and 

temperatures (< 2 GPa, 900 ï 1100ϲC) within the amphibole and phlogopite stability 

fields while low-Ti sanukitoids formed at higher P-T conditions (> 2.5 GPa, 1000 ï

1200ϲC). In contrast, modelling by Wang et al. (2024) supports high-Ti sanukitoids 

forming at higher pressures (~3 ï 4 GPa) than low-Ti sanukitoids (~2 GPa) due to the 

control of pressure on melt TiO2 content. Alternatively, different crustal components 

may be involved. Wang et al. (2024) proposed that the mantle source of high-Ti 

sanukitoids was metasomatised solely by sediment melts, while low-Ti sanukitoids 

required a significant metabasite-derived melt component. A dominant sediment 

component has been implicated for several other high-Ti sanukitoid intrusions, 

including the Bulai pluton, Limpopo Belt (Laurent et al., 2011), the Anjana and Amet 

granites, Aravalli Craton (Raza et al., 2021), and monzogranites from the Jinzhou area, 

North China Craton (Xu et al., 2019). However, modelling by Laurent (2012) 

determined that the composition of the metasomatic agent has only a secondary 

control on sanukitoid geochemistry. Mixing between metasomatised mantle-derived 

melts and magma from crustal sources may also be an important process for 

generating high-Ti sanukitoids (e.g. Jayananda et al., 1995; Moyen et al., 2001; 

Terentiev and Santosh, 2018).  

 

A few studies suggest that there may be secular changes in sanukitoid compositions 

across the late Archean-early Proterozoic transition. Moyen et al. (2003) observed that 



35 
 

there may be a temporal relationship between low-Ti sanukitoids and high-Ti 

sanukitoids in the Dharwar Craton as the high-Ti Closepet granite was emplaced at 

~2520 Ma, after most low-Ti sanukitoid magmatism in the region. However, this 

temporal relationship does not hold across all cratons ï for example, in the Aravalli 

Craton emplacement of the high-Ti Jhiri granite at ~2530 Ma (Raza et al., 2022) 

precedes the majority of low-Ti sanukitoid magmatism on the craton (e.g. Ahmad et 

al., 2018; Mondal and Raza, 2013; Rahaman and Mondal, 2015), and 

contemporaneous low-Ti and high-Ti sanukitoids have also been reported on some 

cratons (e.g. Terentiev and Santosh, 2017; Wang et al., 2024). Mauri et al. (2023) 

found that Paleoproterozoic sanukitoids from the S«o Francisco Craton generally have 

lower (La/Yb)N than typical Archean sanukitoids. They interpreted this as reflecting 

lower degrees of interaction between the crustal component and mantle peridotite in 

the Paleoproterozoic, which may record a transition from typical sanukitoid 

magmatism towards modern BADR (basalt-andesite-dacite-rhyolite) magmatism. 

Secular changes in the geochemistry of Archean intermediate rocks, which include 

dioritic sanukitoids, have also been reported (Wang et al., 2024; Yao et al., 2023). This 

dataset shows increasing K2O/Na2O, (Sr + Ba), TiO2 and Fe* (= FeOT / [FeOT + MgO]) 

during the late Archean (< 3 Ga) (Wang et al., 2024). On the whole, however, the 

secular evolution of sanukitoid compositions remains largely unexplored, despite them 

having been emplaced over an approximately one-billion-year time period (fig. 1.8). 

Investigating the temporal evolution of sanukitoid chemistry may provide further insight 

into changing processes during the late Archean-early Proterozoic transition. In 

particular, the compositions of crustal materials (i.e. altered oceanic crust, sediments) 

recycled into the mantle likely changed across this transition, and sanukitoid 

compositions potentially provide a record of this evolution. 

 

Following their formation, sanukitoid parental magmas differentiated to create the wide 

range of SiO2 contents displayed by the sanukitoid suite (e.g. Heilimo et al., 2010; 

Stern and Hanson, 1991). Sanukitoids follow a differentiation pathway similar to the 

calc-alkaline series (fig. 1.5c), showing a slight increase in K2O/Na2O and no Fe 

enrichment during their evolution, but have slightly lower CaO contents than the 

modern calc-alkaline trend (e.g. de Oliveira et al., 2009; G·mez-Frutos and Castro, 

2022; Martin et al., 2009). Major and trace element modelling shows that this evolution 

was primarily driven by amphibole- and plagioclase-dominated fractional 



36 
 

crystallisation (e.g. Laurent et al., 2013; Seixas et al., 2013; Smithies et al., 2019). 

Other minerals, namely biotite, K-feldspar and pyroxenes, may have also crystallised 

during differentiation, alongside accessory phases such as apatite, titanite, zircon, 

allanite and Fe-Ti oxides (e.g. Seixas et al., 2013; Smithies et al., 2019; Stern and 

Hanson, 1991). This process produced diorite-hornblendite cumulates that are 

sometimes found entrained as xenoliths in the more evolved sanukitoid magma 

(Smithies et al., 2019). Mineral thermobarometry for sanukitoids from the Amazonian 

Craton determined that they crystallised at ~700 ï 950ϲC and were emplaced at 

relatively shallow crustal levels (P å 100 ï 300 MPa), with some intrusions also 

recording a high pressure (~600 ï 900 MPa) crystallisation stage (de Oliveira et al., 

2009; do Nascimento et al., 2023, 2021). These studies also indicate that sanukitoid 

crystallisation likely occurred under high fO2 conditions. In addition, mixing between 

primitive sanukitoid magmas and felsic magmas may have contributed to the 

differentiation of some sanukitoids (e.g. Laurent et al., 2013; Sun et al., 2019). G·mez-

Frutos and Castro (2022) conducted crystallisation experiments on materials 

analogous to Archean sanukitoids, and based on these experiments proposed that the 

compositional range of the sanukitoid suite was generated by self-contamination of 

primitive sanukitoid magmas by pyroxene-rich cumulates formed during the early 

stages of differentiation. However, these experiments may not be particularly relevant 

to the differentiation of natural sanukitoid magmas because the starting materials 

contain either low amounts of H2O (3 wt%) or no H2O, unlike natural sanukitoid 

magmas that contained > 5 wt% H2O (de Oliveira et al., 2009; do Nascimento et al., 

2023, 2021), which likely inhibited crystallisation of hydrous minerals such as 

amphibole and biotite during G·mez-Frutos and Castroôs experiments. 

 

Recent studies have proposed a new petrogenetic link between sanukitoids and TTGs. 

Smithies et al. (2019) observed that in the eastern Yilgarn Craton, the evolved end of 

the sanukitoid differentiation trend intersects with a subset of ñhigh pressureò TTGs 

characterised by very high Sr/Y and Sr concentrations (fig. 1.15). They demonstrated 

that these TTGs could have formed by amphibole-dominated fractional crystallisation 

of sanukitoid magmas. Similarly, Liou and Guo (2019) proposed that some ñhigh 

pressureò TTGs in the North China Craton evolved from metasomatised mantle-

derived diorites with similar geochemical compositions to sanukitoids via amphibole 
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fractional crystallisation. C.-Y.-H. Liu et al. (2022) suggested that only sanukitoids 

which formed from aqueous fluid-metasomatised mantle sources have the potential to 

evolve into TTGs because abundant amphibole crystallisation requires water-rich 

magmas. This alternative petrogenetic model for ñhigh pressureò TTGs is significant 

because it implies that some TTGs were ultimately derived from a mantle source, 

rather than being generated directly by high pressure metabasite partial melting. 

 

Figure 1.15: Comparison between sanukitoids (the Black Flag Group, green) and high-Sr ñhigh 
pressureò TTGs (light red field) from the Eastern Goldfields Superterrane, Yilgarn Craton, after 
figures 4 and 6 from Smithies et al. (2019). a) Sr/Y vs SiO2 (wt%), b) Sr/Y vs Y (ppm), c) Mg# 
vs SiO2 (wt%), and d) Nb (ppm) vs SiO2 (wt%). Black Flag Group geochemical compositions 
are from Smithies et al. (2022). 

 

In summary, the dominant model for sanukitoid formation is interaction between a 

TTG-like melt and mantle peridotite via either a one-stage (assimilation) or two-stage 
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(metasomatism) process. Sanukitoid parental magmas then underwent amphibole- 

and plagioclase-dominated fractional crystallisation to generate the sanukitoid suite. 

Multiple different geodynamic scenarios that fit this petrogenetic model have been 

proposed. As sanukitoid formation requires burial of crustal materials to mantle depths, 

most studies link sanukitoids, or at least the creation of their metasomatised mantle 

source, to a subduction zone setting. The transition from TTG to sanukitoid 

magmatism may have been caused by decreasing degrees of slab melting as the 

mantle cools, causing mantle metasomatism/assimilation processes to dominate (e.g. 

Martin et al., 2009; Moyen et al., 2003), or by the onset of deep subduction with a 

significant mantle wedge overlying the downgoing slab (e.g. Rapp et al., 2010; 

Smithies and Champion, 2000). Some studies that favour a different crust-derived 

component to TTG melts suggest that the appearance of sanukitoids reflects a change 

from metabasite melting to sediment melting as subduction geothermal gradients 

decreased in the late Archean (e.g. Laurent et al., 2011). Alternatively, the sanukitoid 

mantle source might have formed in an intraplate setting that replicates the geometry 

of subduction zones, such as delamination of dense lower crustal eclogite (e.g. 

B®dard, 2006) or dripping of crust into the mantle (sagduction) (e.g. Nebel et al., 2018; 

Smithies et al., 2019). In these scenarios the onset of sanukitoid magmatism may 

record development of asymmetric crustal drips (Nebel et al., 2018) or strengthening 

of the lithosphere and creation of lithospheric structures (e.g. shear zones) that 

facilitated extraction of sanukitoid magmas from the mantle (Smithies et al., 2019). 

 

For the two-stage process a subsequent thermal trigger is needed to melt the 

metasomatised mantle source of sanukitoids. Many proposed triggers occur in a 

subduction-collision setting. Slab breakoff leads to upwelling of hot asthenospheric 

mantle through the newly created gap in the slab, providing heat to melt 

metasomatised mantle (e.g. Heilimo et al., 2010; Lobach-Zhuchenko et al., 2008; 

Moreira et al., 2020; Whalen et al., 2004). Slab breakoff may have been more frequent 

on a hotter, younger Earth when subduction was less stable (e.g. Gunawardana et al., 

2024; van Hunen and van den Berg, 2008), or have occurred following attempted 

subduction of buoyant continental lithosphere or oceanic plateaus (e.g. Davies and 

von Blanckenburg, 1995). Slab rollback can cause extension in the overlying plate 

which might have triggered mantle melting (e.g. Chen et al., 2022; Sun et al., 2019; 

Yu et al., 2021). In a collisional setting, crustal thickening followed by lithospheric 
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delamination or late- to post-collisional thermal relaxation and extension might have 

melted the sanukitoid mantle source (e.g. Kovalenko et al., 2005; Laurent et al., 2014a; 

Whalen et al., 2004), hence the appearance of sanukitoid magmatism in the late 

Archean may reflect the stabilisation of global plate tectonics and the onset of 

continental collision (Laurent et al., 2014a). In an intraplate setting the thermal trigger 

for melting metasomatised mantle may have been provided by plume-like mantle 

upwelling (e.g. Jayananda et al., 2000; Kovalenko et al., 2005; Smithies et al., 2019) 

or lithospheric extension and rifting (e.g. Smithies et al., 2019). In the latter case, the 

onset of sanukitoid magmatism might be related to increasing lithospheric strength as 

the planet cooled, allowing rifting to begin (Hawkesworth et al., 2024). 

 

Overall, while the broad-scale petrogenetic model for sanukitoid magmatism is well-

established (e.g. Martin et al., 2009), details of their formation, such as the source and 

nature (i.e. melt vs aqueous fluid) of the recycled crust-derived component(s), the 

character of crustal component-mantle interaction and the P-T conditions of melting, 

remain debated or poorly constrained. Consequently, there are many different 

interpretations of the significance of sanukitoid magmatism, and their genesis has 

been linked to a variety of geodynamic settings (e.g. B®dard, 2006; Laurent et al., 

2014a; Nebel et al., 2018; Smithies and Champion, 2000). There are also currently 

aspects of sanukitoid magmatism that require further exploration, including their 

proposed link to ñhigh pressureò TTGs (Liou and Guo, 2019; Smithies et al., 2019) and 

potential secular evolution (e.g. Mauri et al., 2023; Wang et al., 2024), that may provide 

new insights into the late Archean-early Proterozoic transition. Novel analytical 

techniques present an exciting opportunity to provide new constraints on sanukitoid 

formation and evolution, and to improve our understanding of continental crust 

evolution and geodynamics during the late Archean-early Proterozoic transition. 

 

1.3.  Application of novel stable isotopes to 

investigating sanukitoid petrogenesis 

ñNovelò or ñnon-traditionalò stable isotope geochemistry is a rapidly developing area of 

research that uses variations in the stable isotope compositions of a wide range of 

elements to study natural processes. This growth was facilitated by advances in mass 



40 
 

spectrometry over the past few decades, which expanded the isotopic systems that 

could be measured at high precision from just the light, abundant, non-metallic 

ñtraditionalò isotopes (H, C, N, O, S) to virtually the entire periodic table. Novel stable 

isotopes have successfully been used to trace numerous high- and low-temperature 

geochemical processes, with different elements being sensitive to different processes. 

In magmatic systems, novel stable isotopes have been used to trace partial melting 

(e.g. Ti, Klaver et al. (2024); Fe, Williams et al. (2009)), magma differentiation (e.g. Ti, 

Hoare et al. (2020); Si, Savage et al. (2011)), recycling of near-surface materials into 

the source regions of igneous rocks (e.g. Ba, Wu et al. (2020); U, Andersen et al. 

(2015)), redox processes (e.g. Fe, Sossi and Debret (2021); Sn, Roskosz et al. (2020)) 

and magmatic-hydrothermal interactions (e.g. Mo, Kaufmann et al. (2021); Ba, Deng 

et al. (2024)). Therefore, novel stable isotopes may provide new constraints on 

sanukitoid formation and evolution, and help further our understanding of changes in 

granitoid magmatism across the late Archean-early Proterozoic transition. 

 

Isotope fractionation is the relative partitioning of isotopes of a particular element 

between two coexisting phases, creating variations in the isotopic compositions of 

such substances. High-temperature stable isotope fractionation often occurs at 

equilibrium, where mass-dependent isotope fractionation is driven by variations in 

bond stiffness (e.g. Bigeleisen and Mayer, 1947; Urey, 1947). Heavy isotopes tend to 

concentrate in strong, stiff bonds where valence state is high and/or coordination 

number is low (e.g. Schauble, 2004; Young et al., 2015). The magnitude of equilibrium 

isotope fractionation depends on temperature, scaling with 1/T2 (Urey, 1947), as well 

as on the relative mass difference between the isotopes, making it smaller at high 

temperatures and for heavier elements. However, very heavy elements (e.g. U, Tl, Hg) 

are also significantly affected by a different kind of equilibrium isotope fractionation 

called nuclear field shift effects that arise from differences in nuclear size and shape 

between isotopes (e.g. Bigeleisen, 1996; Schauble, 2007). Isotopic fractionation 

resulting from nuclear field shift effects scales with 1/T, and hence can generate mas-

independent isotope fractionations that have greater magnitudes than equilibrium 

mass-dependent isotope fractionations (e.g. Bigeleisen, 1996; Fujii et al., 2009). 

Kinetic processes can also cause mass-dependent isotope fractionation during 

unidirectional processes. This is driven by differences in the amount of energy isotopes 

need to react or move, which is lower for lighter isotopes (e.g. Schauble, 2004). Kinetic 
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isotope fractionation is common in biologically mediated reactions and 

evaporation/condensation processes, and helps create large isotope fractionations in 

near-surface materials, but it has also been observed on small length scales at higher 

temperatures due to diffusion (e.g. Watkins et al., 2017). 

 

Over the past few years, various novel stable isotope systems have started being used 

to investigate the formation and evolution of Archean-Paleoproterozoic granitoids, with 

efforts mainly focussed on TTGs. The silicon (Si) isotope compositions of TTGs have 

been most extensively studied using both whole rock samples (Andr® et al., 2022, 

2019; Deng et al., 2019a; Murphy et al., 2024; Zhou et al., 2024) and individual 

minerals (Lei et al., 2023; Murphy et al., 2024). The heavy Si isotope compositions of 

Archean TTGs provide evidence of a seawater silicified metabasite protolith (Andr® et 

al., 2022, 2019; Lei et al., 2023; Murphy et al., 2024), while a possible shift towards 

lighter Si isotope compositions seen in Paleoproterozoic TTGs from the North China 

Craton is interpreted as reflecting interaction of the metabasite protolith with meteoric 

water, (Zhou et al., 2024). Titanium and iron stable isotopes generally support TTG 

genesis by metabasite partial melting followed by fractional crystallisation (Aarons et 

al., 2020; Hoare et al., 2023; Z.J. Zhang et al., 2023), although the iron isotope 

compositions of some TTGs have been interpreted as more consistent with them 

forming by fractional crystallisation of mantle-derived magmas (Doucet et al., 2020; 

Liou et al., 2022). Calcium isotope fractionations in TTGs were used as a proxy for 

geothermal gradient by Antonelli et al. (2021), who calculated gradients of 500 ï 

750ϲC/GPa similar to modern ñhotò subduction zones. In contrast, a combined iron-

zinc (Fe-Zn) isotope investigation by Doucet et al. (2020) found no evidence in TTGs 

from the Kaapvaal Craton of the Fe-Zn isotope decoupling that is generated by various 

processes in modern subduction zones. 

 

Some novel stable isotope systems have been used to study other types of Archean 

granitoids. Li et al. (2020) identified two distinct magnesium isotope compositions 

among Neoarchean potassic granites from the North China Craton, suggesting they 

formed by partial melting of two different sources ï igneous rocks and weathered 

sediments. Si isotopes coupled with Ge/Si ratios demonstrated that the source of 

potassic granites in the Kaapvaal Craton changed from K-enriched, silicified mafic 



42 
 

rocks to pre-existing TTGs at ~3.1 Ga (Andr® et al., 2022). Currently, novel stable 

isotope data for sanukitoids are limited to Fe and Zn isotope compositions, which are 

intermediate between mantle-derived rocks and crustal granitoids and hence reflect 

the involvement of both crustal and mantle components in their formation (Doucet et 

al., 2020, 2018; Li et al., 2024). Li et al. (2024) observed that the Zn isotope 

compositions of sanukitoids from the Kaapvaal and North China Cratons positively 

correlate with Th/Yb and Th/Nb and therefore appear to be tracing a recycled sediment 

component. However, while Li et al. (2024) and Doucet et al. (2020, 2018) refer to 

these rocks as ñsanukitoidsò, their geochemical compositions differ significantly from 

the original geochemical definitions of Archean sanukitoid (e.g. Heilimo et al., 2010; 

Stern et al., 1989) as they are more Fe-rich, have lower Mg# and less fractionated 

REEs, and are not as strongly enriched in Ba (Laurent et al., 2014b; Li et al., 2024). 

Typical Archean-Paleoproterozoic sanukitoids therefore remain unexplored using 

novel stable isotopes, despite being a distinctive component of late Archean-early 

Proterozoic terranes. 

 

Novel stable isotopes have the potential to help answer and resolve some of the 

remaining questions and debates surrounding Archean-Paleoproterozoic sanukitoids, 

and the aim of this thesis is to do precisely that. Selecting appropriate isotope systems 

to use for this investigation is crucial because different isotope systems are sensitive 

to different processes, and our current level of understanding about how these isotope 

systems behave varies between elements. In this thesis I use titanium (Ti) and uranium 

(U) isotope compositions to provide insights into sanukitoid formation and evolution.  

 

1.3.1. Titanium stable isotope systematics 

Titanium is a transition metal that is abundant in the Earthôs crust and mantle. Mass 

dependent Ti stable isotope variations are expressed in delta notation as ŭ49Ti relative 

to the Origins Laboratory Titanium standard (OL-Ti), using the ratio of 49Ti to 47Ti 

(equation 1.1) (Millet and Dauphas, 2014). 
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A particularly attractive quality of Ti is that it is a HFSE, so it has very low mobility in 

aqueous fluids, even at high salinities (e.g. Rustioni et al., 2021). Consequently, Ti 

isotopes are regarded as being resistant to alteration and metamorphism, meaning 

the Ti isotope compositions of ancient, often altered rocks such as sanukitoids are 

expected to be robust. It also means that Ti isotopes are not significantly affected by 

fluid-driven processes (Millet et al., 2016), although the recent studies by Emproto et 

al. (2025, 2022) and Jiang et al. (2024) suggest that some fluid-mineral Ti isotope 

fractionation might occur in hydrothermal ore systems with ligand-rich brines. 

 

Figure 1.16: ŭ49Ti (ă) vs SiO2 (wt%) showing the evolution of ŭ49Ti during differentiation of 
calc-alkaline, tholeiitic, sub-alkaline and alkaline magma suites. Uncertainty in ŭ49Ti is shown 
as the 95% confidence interval. The bulk silicate Earth (BSE) composition of 0.053 Ñ 0.005ă 
(black dashed line) is from Deng et al. (2023), and the depleted MORB mantle (DMM) 
composition of 0.001 Ñ 0.015ă (grey rectangle) is from Klaver et al. (2024). Ti isotope data 
are from Deng et al. (2019b), Greber et al. (2021), Hoare et al. (2020), Johnson et al. (2023), 
Millet et al. (2016) and Zhao et al. (2024). 

 

Ti isotope behaviour in igneous rocks is generally well-understood. Mineral-melt Ti 

isotope fractionation is the main cause of ŭ49Ti variability in terrestrial magmas, and is 
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driven by differences in the coordination of Ti between silicate melts (mainly 5-fold 

coordination, e.g. Farges et al., 1996; Farges and Brown, 1997) and Ti-bearing 

minerals (either 6-fold or 4-fold coordination). Ab initio density functional theory (DFT) 

calculations (Aarons et al., 2021; Leitzke et al., 2018; W. Wang et al., 2020), 

measurements of experimental (Prissel et al., 2024; Rzehak et al., 2022, 2021) and 

naturally occurring mineral separates (Greber et al., 2021; A.C. Johnson et al., 2023, 

2019; Mandl, 2019; Nie et al., 2021), and measurements of micro-milled individual 

crystals (Hoare et al., 2022) have been used to constrain mineral-melt Ti isotope 

fractionation factors. Magmatic suites show increasing ŭ49Ti during differentiation due 

to fractional crystallisation of minerals enriched in light Ti isotopes, particularly of Fe-

Ti oxides (fig. 1.16) (Aarons et al., 2020; Deng et al., 2019b; Greber et al., 2021; Hoare 

et al., 2020; A. C. Johnson et al., 2023, 2019; Millet et al., 2016; Zhao et al., 2024, 

2020). This process produces complementary low ŭ49Ti cumulates (Storck et al., 

2023). Different magma series display varying magnitudes of Ti isotope fractionation 

during differentiation due to them crystallising different modal abundances and 

compositions of Fe-Ti oxides (Deng et al., 2019b; Hoare et al., 2020), as well as 

different proportions of Ti-bearing silicate minerals (Johnson et al., 2023) (fig. 1.16). 

The alkaline magma series displays the greatest increase in ŭ49Ti during 

differentiation, while the calc-alkaline series shows the smallest increase. 

Furthermore, magma H2O content and oxygen fugacity (fO2) affect the timing of Fe-Ti 

oxide saturation and hence the onset of the ŭ49Ti increase during differentiation (Hoare 

et al., 2020), which may enable Ti isotopes to be used as a proxy for magma H2O 

content and fO2 (Hoare, 2021).  

 

Ti isotope fractionation is also observed during partial melting processes. While Ti 

isotopes are not significantly fractionated during melting of typical mantle lithologies 

(i.e. lherzolite, harzburgite) (Millet et al., 2016), partial melting of metabasites and 

metasediments generates melts with higher ŭ49Ti then their protoliths due to retention 

of light Ti isotopes in residual Fe-Ti oxides (e.g. rutile) and amphibole (Hoare et al., 

2023; Klaver et al., 2024; Z.J. Zhang et al., 2023). This process is proposed to explain 

the Ti isotope compositions of both Archean TTGs (Hoare et al., 2023; Z.J. Zhang et 

al., 2023) and modern arc lavas (Klaver et al., 2024). Recycling of isotopically light 

melting residues generated by formation of the early continental crust into the upper 

mantle during the Archean may have lowered the ŭ49Ti of the upper mantle from the 
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chondritic value of 0.053 Ñ 0.005ă (Deng et al., 2023) to its present-day value of 0.001 

Ñ 0.015ă (Klaver et al., 2024), with some modern ocean island basalts (OIB) still 

sampling a primordial, high ŭ49Ti lower mantle reservoir (Deng et al., 2023). 

 

Overall, Ti stable isotopes are a well-understood isotopic system that is capable of 

tracing multiple magmatic processes. The sensitivity of ŭ49Ti to metabasite partial 

melting but not to aqueous fluid-driven processes means that measuring Ti stable 

isotopes in sanukitoids may be able to distinguish between the involvement of silicate 

melt and aqueous fluid components in their petrogenesis. Ti isotopes are sensitive to 

magma differentiation and hence can be used to test the proposed petrogenetic link 

between sanukitoids and ñhigh pressureò TTGs (Liou and Guo, 2019; Smithies et al., 

2019). Finally, as Ti isotope fractionation during differentiation is affected by the H2O 

content and fO2 of magmas, measuring the Ti isotope compositions of sanukitoid 

suites might provide further constraints on the water content and oxidation of 

sanukitoid magmas. 

 

1.3.2. Uranium isotope systematics 

Uranium is a radioactive actinide series metal with atomic number 92. While there are 

no stable isotopes of U, it does have two long-lived isotopes ï 238U (half-life t1/2 = 4.468 

Gyr) and 235U (t1/2 = 0.704 Gyr) (Villa et al., 2016) ï that can be fractionated by non-

radiogenic processes in the same way as stable isotopes. This fractionation creates 

variations in the 238U/235U of geological materials, which are reported in delta notation 

relative to the CRM145 standard as ŭ238U (equation 1.2) (e.g. Andersen et al., 2017). 
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234U has a much shorter half-life of 246,000 years (Cheng et al., 2013), and 

measurement of variations in 234U/238U (ŭ234U, equation 1.3) can be used to determine 

whether the 238U-234U system has been disturbed from secular equilibrium (ŭ234U = 0) 

within the last ~1.5 Myr. Measuring ŭ234U alongside ŭ238U can be helpful for assessing 

whether U isotopes in a sample have been disturbed by recent U mobility due to 
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weathering and alteration (e.g. Andersen et al., 2015; Charbonnier et al., 2023; Pavia 

et al., 2023). 
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U and its isotopes are particularly sensitive to redox processes as U primarily occurs 

in two oxidation states ï fluid-immobile U4+ and fluid-mobile U6+ ï on the Earth. 

Because U is a very heavy element, its isotopes are affected by nuclear field shift 

effects. For isotope substitutions involving a change in redox state, isotope 

fractionation due to nuclear field shift effects dominates and concentrates light 235U in 

U6+ (e.g. Bigeleisen, 1996; Fujii et al., 2006), which is the opposite direction to that 

expected for mass-dependent equilibrium isotope fractionation (e.g. Bigeleisen and 

Mayer, 1947; Young et al., 2015). On the present-day Earth, redox-related U isotope 

fractionation has been observed during alteration of oceanic crust at mid-ocean ridges 

(Andersen et al., 2024, 2015; Noordmann et al., 2016), U reduction and accumulation 

in sediments (e.g. Andersen et al., 2014; Weyer et al., 2008), and mobilisation of U 

from the slab in subduction zones (Freymuth et al., 2019) (fig. 1.17). The U isotope 

compositions of surface reservoirs (e.g. sediments, altered oceanic crust, seawater) 

on the modern Earth are summarised in figure 1.17a. Changes in the oxygenation of 

the Earthôs surface during its history, such as the GOE, had a huge impact on terrestrial 

U cycling (e.g. Cuney, 2010) as well as U isotope fractionation. Consequently, the U 

isotope compositions of sediments (e.g. Chen et al., 2021; X. Wang et al., 2018) and 

altered oceanic crust (Rodney et al., 2024, Preprint) varied through time, with generally 

less U isotope fractionation occurring when the surface was less oxidised and hence 

U mobility was limited. These observations mean that the ŭ238U of materials being 

recycled into the Earthôs mantle likely changed over the Earthôs history. Andersen et 

al. (2015) proposed that such a change is captured by the U isotope compositions of 

recent mid-ocean ridge basalts (MORB) and OIB, both of which have low Th/U ratios 

indicating addition of recycled U to their sources. MORB have slightly higher ŭ238U 

than the bulk Earth due to addition of high ŭ238U altered oceanic crust, similar to that 

found at present-day mid-ocean ridges, to their mantle source. OIB, on the other hand,  
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Figure 1.17: a) Modern U isotope compositions of the Earthôs surface reservoirs, modified from 
figure 1 from Cole et al. (2020). Altered oceanic crust ŭ238U is from Andersen et al. (2024). 
Bulk upper continental crust ŭ238U (black star) is from Noordmann et al. (2016) and Tissot and 
Dauphas (2015). b) Schematic diagram (not to scale) of the modern terrestrial U isotope cycle, 
modified from figure 2c from Andersen et al. (2015). Arc lava ŭ238U values are from Andersen 
et al. (2015), Avanzinelli et al. (2018) and Freymuth et al. (2019), and serpentinite-derived fluid 
ŭ238U is from Freymuth et al. (2019). Ocean island basalt (OIB) ŭ238U values are from Andersen 
et al. (2015), Gaschnig et al. (2021a, 2021b) and Goldmann et al. (2015). Bulk altered oceanic 
crust (AOC) ŭ238U values are from Andersen et al. (2015, 2024) and Noordmann et al. (2016). 
Average mid-ocean ridge basalt (MORB) ŭ238U is from Andersen et al. (2015). 
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have identical ŭ238U to the bulk Earth which suggests that the recycled altered oceanic 

crust in their source had unfractionated ŭ238U and hence likely formed before the 

second major increase in surface oxygenation during the Neoproterozoic Oxygenation 

Event at ~0.8 ï 0.55 Ga (e.g. Fike et al., 2006; Scott et al., 2008). 

 

High-temperature fractionation of U isotopes during magmatic processes is more 

poorly constrained than it is for Ti isotopes. No significant U isotope fractionation is 

thought to occur during mantle partial melting because U is a highly incompatible 

element and partitions almost entirely into the melt phase (Andersen et al., 2017). Most 

unaltered igneous rocks have ŭ238U values that are close to the bulk Earth composition 

(-0.306 Ñ 0.026ă; Andersen et al., 2015), and the present-day continental crust is also  

estimated to have indistinguishable ŭ238U to the bulk Earth at ~-0.3ă (Noordmann et 

al., 2016; Tissot and Dauphas, 2015). No correlation between ŭ238U and indices of 

magma differentiation (e.g. SiO2, MgO) has been observed in terrestrial igneous rocks 

(Gaschnig et al., 2021a; Noordmann et al., 2016; Sheng et al., 2025; Telus et al., 

2012), implying that limited U isotope fractionation occurs during magmatic 

differentiation. However, Tissot et al. (2017) reported variation of ŭ238U with REE 

concentrations in angrite meteorites which they proposed was caused by pyroxene 

accumulation. The U isotope compositions of some igneous and metamorphic mineral 

separates and single zircon crystals have also been measured, and were found to 

have significantly variable ŭ238U (Hiess et al., 2012; Livermore et al., 2018; Tissot et 

al., 2019), suggesting that some high-temperature mineral-melt U isotope fractionation 

does occur on the Earth. U isotope variations in bulk igneous rocks are instead 

dominated by the involvement of recycled crustal materials with heterogeneous ŭ238U 

in their formation. Arc lavas in particular display variable ŭ238U due to addition of 

oxidised, serpentinite-derived fluids with low ŭ238U (Andersen et al., 2015; Freymuth 

et al., 2019) or recycled sediments (Avanzinelli et al., 2018) to their mantle source. 

OIB from St. Helena and Samoa have low ŭ238U which may reflect an ancient altered 

oceanic crust component in their sources (Gaschnig et al., 2021b). However, Telus et 

al. (2012) found that I-, S- and A-type granites from the Lachlan fold belt had 

indistinguishable U isotope compositions, despite them having very different sources. 

U isotopes may also trace magmatic-hydrothermal interactions, which are proposed 

to have generated low ŭ238U in pegmatites from the Tibetan Plateau (Sheng et al., 

2025). Figure 1.17b summarises the modern terrestrial U isotope cycle. 
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Overall, the U isotope compositions of igneous rocks mainly record the presence of 

recycled crustal materials with distinct ŭ238U in their sources (e.g. Andersen et al., 

2015; Gaschnig et al., 2021b). As the U isotope compositions of crustal materials are 

particularly sensitive to changes in redox processes (e.g. Chen et al., 2021; Rodney 

et al., 2024, Preprint) and terrestrial U cycling was significantly altered by the GOE 

(e.g. Cuney, 2010), U isotopes are well-suited to investigating whether sanukitoids 

record a change in the composition of crustal materials being recycled into the mantle 

across the GOE. While U is more mobile than Ti during weathering and alteration 

processes, and hence the U isotope compositions of Archean-Paleoproterozoic rocks 

are less robust, measuring ŭ234U alongside ŭ238U will help monitor for the effects of 

recent U mobility. 

 

1.4.  Thesis outline 

The late Archean-early Proterozoic transition saw numerous significant changes occur 

on the Earth, many of which might be related to geodynamic changes at this time. 

Sanukitoid magmatism is a distinctive feature of this period and marks a major shift in 

continental crust composition, but many aspects of sanukitoid formation, such as the 

nature (melt vs fluid) and source of the recycled crustal component, are debated, 

which has led to multiple different interpretations of their link to geodynamics. 

Furthermore, there are aspects of sanukitoid magmatism, such as its proposed 

petrogenetic link to some TTGs and the potential temporal evolution of sanukitoid 

compositions, that have not been extensively investigated. The aim of this thesis is to 

use novel stable isotopes, specifically titanium and uranium isotopes, to gain new 

insights into the formation and evolution of sanukitoid magmas. This investigation aims 

to improve our understanding of sanukitoid magmatism and further constrain the 

nature of geodynamic changes that occurred during the late Archean-early Proterozoic 

transition. 

 

The chapters of this thesis each focus on investigating different aspects of sanukitoid 

magmatism: 

¶ In Chapter 3 I use Ti stable isotopes to determine whether the recycled crustal 

component involved in sanukitoid formation was a silicate melt or an aqueous 
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fluid, as well as to provide additional constraints on the differentiation and H2O 

content/fO2 of sanukitoid magmas. I achieve this by measuring the Ti isotope 

compositions of sanukitoids from multiple cratons with ages spanning across 

the late Archean-early Proterozoic transition, and by comparing these to 

Phanerozoic high Ba-Sr granites from Scotland that are proposed to be recent 

sanukitoid analogues. This is accompanied by modelling of the Ti isotope 

compositions of experimental melts to investigate the effect of different melting 

conditions on the magnitude of Ti isotope fractionation during metabasite partial 

melting. I find that sanukitoids show a muted ŭ49Ti increase during 

differentiation due to removal of significant proportions of Ti in hornblende 

during fractional crystallisation, which fractionates Ti isotopes less than Fe-Ti 

oxides. Their Ti isotope systematics record early Fe-Ti oxide saturation, 

implying sanukitoid parental magmas were as water-rich and oxidised as 

modern arc magmas. Primitive (pre-oxide saturation) sanukitoids have 

significantly heavier ŭ49Ti than the mantle and modern arc basalts, which 

requires the involvement of a metabasite partial melt. I favour formation of this 

metabasite melt by fluid-fluxed eclogite partial melting, supporting generation 

of the sanukitoid mantle source by a subduction-like process in the late 

Archean. 

¶ In Chapter 4 I use Ti stable isotopes to investigate the proposed formation of 

high-Sr ñhigh pressureò TTGs by amphibole-dominated fractional crystallisation 

of sanukitoids in the Neoarchean Eastern Goldfields Superterrane, Yilgarn 

Craton. I achieve this by measuring the Ti isotope compositions of high-Sr ñhigh 

pressureò TTG samples and comparing these data with the Ti isotope 

compositions of the Yilgarn Craton sanukitoids they are proposed to have 

evolved from, which are presented in Chapter 3. I also analyse TTGs with 

different trace element compositions (i.e. low pressure, medium pressure and 

other high pressure TTGs) from the region to compare the Ti isotope 

compositions of TTGs that are proposed to have formed by different 

mechanisms. Additionally, I use published geochemical data for TTGs and 

sanukitoids to identify other occurrences of high-Sr ñhigh pressureò TTGs and 

hence assess the potential global significance of this mechanism of forming 

ñhigh pressureò TTGs across the late Archean-early Proterozoic transition. I find 

that the ŭ49Ti values of high-Sr ñhigh pressureò TTGs plot at the evolved end of 
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the Yilgarn sanukitoid differentiation trend and Rayleigh fractionation model, 

providing strong support for their generation by fractional crystallisation of 

sanukitoid magmas. The Ti isotope and trace element compositions of the other 

TTGs are best explained by partial melting of hydrous metabasite, sometimes 

followed by fractional crystallisation, demonstrating the diverse petrogenesis of 

TTGs in the Neoarchean Yilgarn Craton. High-Sr ñhigh pressureò TTGs are 

temporally and spatially associated with sanukitoids on many Archean cratons, 

implying that formation of TTGs by fractional crystallisation of metasomatised 

mantle-derived sanukitoid magmas was likely a global phenomenon that 

emerged in the late Archean due to a geodynamic transition which promoted 

interaction between metabasite melts and mantle peridotite. 

¶ In Chapter 5 I use U isotopes to investigate whether the composition of the 

recycled crustal component involved in sanukitoid formation changed across 

the GOE as a result of changing surface oxygenation. I achieve this by 

measuring the U isotope compositions of sanukitoids with ages spanning 

across the entire late Archean-early Proterozoic transition, as well as of the 

Phanerozoic high Ba-Sr granites from Scotland that are proposed to be recent 

sanukitoid analogues. I supplement these data by measuring the U isotope 

compositions of Archean TTGs to improve constraints on the U isotope 

composition of the main constituent of Archean continental crust. I show that 

ŭ238U variations in TTGs and sanukitoids are primarily driven by apatite 

fractional crystallisation. Archean sanukitoid samples not affected by this 

process display distinct ŭ238U-Th/U systematics to modern arc magmas and 

hence show no evidence for addition of oxidised aqueous fluids or sediments 

to the sanukitoid mantle source. This result implies that sanukitoid parental 

magmas were likely oxidised via a different mechanism to modern arc magmas. 

Data for sanukitoid and granitoid samples not affected by apatite fractional 

crystallisation are too limited to confidently discern any secular evolution in their 

U isotope compositions. 

Details of the analytical methodology used to measure Ti and U isotope compositions 

and descriptions of the samples analysed in this thesis are provided in Chapter 2. 
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2. Analytical methods and samples 

 

This chapter first details the analytical methods used in this thesis. It then describes 

the rock samples that were analysed using these methods for the work presented in 

the following chapters. 

 

2.1.  Analytical methods 

Multi-collector inductively coupled plasma mass spectrometry (MC-ICP-MS) is the 

principal analytical technique for measuring non-traditional stable isotope 

compositions and was used to measure titanium (Ti) and uranium (U) isotope 

compositions for this thesis. This section first gives an overview of how MC-ICP-MS 

works, and then describes the specific methods used to purify Ti and U from silicate 

rock samples and analyse their isotopic compositions via MC-ICP-MS. 

 

2.1.1. Overview of multi-collector inductively coupled 

plasma mass spectrometry (MC-ICP-MS) 

MC-ICP-MS is a relatively recent development in the field of mass spectrometry, with 

the first measurements from a MC-ICP-MS reported by Walder et al. (1993). It has 

proven particularly useful for measurement of ñnon-traditionalò or ñnovelò stable isotope 

systems (e.g. Ti, Millet and Dauphas, 2014; Cu and Zn, Mar®chal et al., 1999; Zr, Inglis 

et al., 2018) as the plasma source can efficiently ionize a wider range of elements than 

a thermal ionisation mass spectrometer (TIMS) (Albar¯de and Beard, 2004). The 

higher supply of ions from the plasma also makes measurements quicker for MC-ICP-

MS than for TIMS. However, there is low transmission of ions from the plasma to the 

mass spectrometer, and this contributes to the significant instrumental mass bias 

(mass-dependent isotope fractionation that occurs in the instrument during 

measurement) associated with MC-ICP-MS (e.g. Albar¯de and Beard, 2004; Balaram 

et al., 2022). The plasma gas, most commonly argon (Ar), can also introduce isobaric 

interferences that need to be corrected for. 
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A MC-ICP-MS consists of several key parts ï a sample introduction system, a plasma 

source, an interface and focussing lenses, an analyser, and multiple collectors. Figure 

2.1 shows a schematic diagram of a MC-ICP-MS based on the Nu Plasma II used in 

this thesis. Typically, liquid samples are analysed and are introduced to the instrument 

using a nebuliser to form an aerosol. The inductively coupled plasma is generated in 

a torch using an electromagnetic coil to heat and partially ionise Ar gas. The sample 

aerosol passes through the centre of the torch, and the extreme temperatures of the 

plasma cause the sample to split into individual atoms (atomisation) which are then 

ionised via collisions with electrons from the plasma, forming predominantly singly-

charged, positive ions. The ionised sample then proceeds through the mass 

spectrometer interface which consists of two cones ï the sampler cone and the 

skimmer cone. The interface enables the mass spectrometer to be kept under vacuum 

while the samples are at atmospheric pressure, but a substantial fraction of the ions 

are lost during transfer across the interface. The ions are accelerated using a high 

voltage applied to the cones and are focussed using a series of lenses to create a 

beam of positive ions that passes into the analyser. The Nu Plasma II is double-

focussing, meaning its analyser consists of two sectors. First is the electrostatic sector 

which only makes sure that only ions with specific kinetic energies enter the magnet. 

Next is the magnetic sector which uses a magnetic field to separate ions based on 

their mass/charge ratio. The separated beams then need to be directed into the 

collectors. Some MC-ICP-MS instruments achieve this by moving the collectors 

themselves to align with each ion beam, whereas the Nu Plasma II uses a zoom lens 

system to align the beams with fixed collectors. At the collectors the ions are counted 

by a combination of Faraday detectors and electron multipliers. 

 

The resolution of a mass spectrometer describes its ability to distinguish adjacent 

peaks in a mass spectrum. The mass resolution of an MC-ICP-MS instrument is 

defined as the relative difference in mass between 5% and 95% peak height (ȹM) 

across the peak edge, while the resolving power is determined by dividing the mass 

being measured (M) by ȹM. The resolution of an MC-ICP-MS can be altered by 

passing the ion beam through a slit of changeable width (source defining slit). A 

narrower slit samples a smaller portion of the beam so that beam intensity is averaged 

over a narrower mass interval, giving sharper peak edges and hence higher resolution. 

The cost of measuring at higher resolution is that ions are lost when the beam is 



54 
 

clipped, resulting in lower sensitivity. Clipping also creates aberrations at the edges of 

the beam ï on the Nu Plasma II alpha slits are used to correct for these. For this thesis, 

U isotope measurements were performed in low resolution mode (M/ȹM å 500), while 

Ti isotope measurements were performed in medium resolution mode (M/ȹM å 4000) 

to help resolve polyatomic interferences such as 30Si16O and 28Si19F (Millet and 

Dauphas, 2014). 

 

Figure 2.1: a) Schematic diagram of a MC-ICP-MS based on the Nu Plasma II. b) Schematic 
diagram of the plasma torch and interface of a MC-ICP-MS. c) Schematic diagram showing 
how the width of the entrance slit can be changed to alter the beam resolution. 
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Transmission of a sample through a MC-ICP-MS is non-quantitative, particularly 

through the instrument interface. This is thought to be the main cause of instrumental 

mass bias, and results in heavier ions being transmitted more efficiently through the 

mass spectrometer (e.g. Albar¯de and Beard, 2004; Balaram et al., 2022). High 

precision isotope analysis using MC-ICP-MS hence requires correction for this 

instrumental mass bias. Two common methods for doing this are standard-sample 

bracketing and double spiking. Standard-sample bracketing involves interpolating the 

mass bias for an unknown sample from the mass bias of preceding and succeeding 

runs of a standard of known composition. In contrast, the double spike method adds 

known artificial enrichments (ñspikesò) of two isotopes of the element being analysed 

to the sample in order to trace instrumental mass fractionation. Double spiking is used 

in both Ti and U isotope analysis and is described in detail in section 2.1.1.1. 

 

High precision isotope analysis using MC-ICP-MS also requires purification of the 

desired element from a sample to remove interfering species. These interferences can 

be spectral (isobaric) or non-spectral (also called ñmatrix effectsò). Section 2.1.2 

describes how sample purification is achieved for Ti and U. However, corrections for 

other interferences may still be necessary. These include isobaric interferences 

introduced by the plasma gas (such as Ar-bearing compounds) or by the analyte 

solution. The specific corrections used for Ti and U isotope analysis are detailed in 

section 2.1.3. 

 

2.1.1.1. The double spike method 

Double spiking is a popular method for correcting for instrumental mass bias in mass 

spectrometry. This technique involves measuring the relative amounts of at least four 

isotopes of an element, two of which have been artificially enriched by adding isotopic 

ñspikesò of known abundances to the sample. The composition of the double spike and 

the sample:spike ratio are typically optimised to produce data with small uncertainties 

(Rudge et al., 2009), although practical concerns, such as whether a particular isotope 

is affected by isobaric interferences or mass-independent fractionation (e.g. 

nucleosynthetic anomalies), must additionally be taken into account (e.g. Klaver and 

Coath, 2019). The use of triple spikes to correct for mass bias has also been proposed, 

but whether they provide smaller uncertainties than double spikes is debated (e.g. 
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Galer, 1999; Rudge et al., 2009). A big advantage of the double spike method is that 

if the sample and spike are mixed and equilibrated beforehand, it can also be used to 

correct for any mass-dependent fractionation that occurs during chemical purification. 

This alleviates the need for quantitative yields from sample purification. 

 

The theoretical basis of the double spike method is that if the composition of the double 

spike is known, it is possible to invert the measured isotope ratios to the true, mass 

bias-corrected isotope ratios. From the four isotopes involved we can make three 

isotope ratios that all share a common denominator. For each isotope ratio (Ὥ) three 

equations can be written (equations 2.1, 2.2 and 2.3). Equations 2.1 and 2.2 are the 

discrimination or mass fractionation laws. They can take different forms, but for Ti and 

U isotopes it is assumed that instrumental mass fractionation follows the exponential 

mass fractionation law (e.g. Andersen et al., 2015; Millet and Dauphas, 2014). 

Equation 2.1 expresses the isotope ratio of the sample (ὔ) in terms of mass-

dependent fractionation by fractionation factor ‌ from the isotopic composition of a 

reference standard (ὲ). ὖ is the natural logarithm of the ratio of the atomic masses of 

the isotopes. 

ὔ ὲὩ      ςȢρ 

Equation 2.2 describes the mass-dependent fractionation of the sample-spike mixture 

due to instrumental mass bias (ά) away from its original isotopic composition (ὓ) by 

fractionation factor ‍.  

ὓ άὩ      ςȢς 

Equation 2.3 is the mixing law, showing how the sample (ὔ) and double spike (Ὕ) are 

combined to give the sample-spike mixture (ὓ). ‗ is a parameter that describes the 

proportion of the double spike in the mixture. 

ὓ ‗Ὕ ρ ‗ὔ     ςȢσ 

 

Equations 2.1, 2.2 and 2.3 can be combined into a single equation (equation 2.4): 

Ὂ‗ȟ‌ȟ‍ȟὲȟάȟὝ ‗Ὕ ρ ‗ὲὩ άὩ π     ςȢτ 

Equation 2.4 can be written for each isotope ratio, giving three non-linear simultaneous 

equations. The values of ὲ and Ὕ are known, while ά is the measured sample-spike 

mixture composition, leaving only three unknowns ï ‗, ‌ and ‍. Double spike 

deconvolution involves solving these three simultaneous equations via iterative 
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methods to determine the values of the three unknowns, and then using equation 2.1 

to calculate the true, mass bias-corrected isotope composition of the sample. 

 

The above method is used to correct Ti stable isotope measurements for instrumental 

mass bias. Titanium has five stable isotopes (46Ti, 47Ti, 48Ti, 49Ti, 50Ti), but 50Ti is 

affected by mass-independent nucleosynthetic anomalies so it is not well-suited to use 

for double spike deconvolution. 46Ti also shows mass-independent fractionation in 

meteorites, but these variations are small in comparison to 50Ti and no 46Ti anomalies 

are seen among terrestrial samples, making 46Ti suitable to use for double spike 

deconvolution. Taking into account the unsuitability of 50Ti, Millet and Dauphas (2014) 

used Monte Carlo simulations in 46Ti-47Ti-48Ti-49Ti space to determine that the optimum 

Ti double spike is a 1:1 mixture of 47Ti and 49Ti, while the optimum sample:spike ratio 

is 52:48.  

 

Double spike deconvolution for U isotopes presents a special case. The double spike 

IRMM-3636 containing 50% 233U and 50% 236U is used (Richter et al., 2008). There is 

virtually no 233U or 236U present in natural samples, meaning that the measured 

236U/233U of the sample-spike mixture is equivalent to the 236U/233U of the spike after 

undergoing mass-dependent fractionation in the MC-ICP-MS. As we know the original 

double spike composition, we can directly solve the exponential mass fractionation 

law to find ‍ (equation 2.5), the fractionation factor associated with instrumental mass 

bias, and then use ‍ to calculate the true, mass bias-corrected isotope ratios of the 

sample (equation 2.6). 
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The amount of IRMM-3636 double spike added to each sample aims to achieve a 

238U/236U ratio of ~30 as this results in 233U and 236U concentrations intermediate 

between those of 238U and 235U. IRMM-3636 also contains minute amounts of 234U, 

235U and 238U which need to be corrected for when processing data. 
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2.1.2. Sample preparation and purification 

Before MC-ICP-MS analysis, whole rock samples must be digested in strong acids 

and then purified to isolate the element of interest from the sample matrix. This is 

usually achieved via ion exchange chromatography, as is the case for Ti and U. 

 

2.1.2.1. Titanium purification 

50 ï 70 mg of finely powdered silicate rock samples were digested in a mixture of 1 

ml concentrated HNO3 and 1 ml concentrated HF at 120ÁC for at least 72 hours. Then 

an additional 2 ml of concentrated HNO3 was added before the samples were dried 

down at 100ÁC. Each sample was taken up in 500 ɛl concentrated HNO3 and 

immediately dried down at 120ÁC three times, before being dissolved in 5 ml 6M HCl. 

400 ɛl of saturated boric acid solution was then added to dissolve any fluorides, as 

their formation can remove Ti from the sample solution and cause Ti isotope 

fractionation. The samples were refluxed overnight at 120ÁC, before an aliquot 

containing 5 ɛg Ti was taken from each sample solution. 21.8 ɛl of the 47Ti-49Ti double 

spike was added to each sample aliquot to achieve the optimum sample:spike ratio of 

52:48 (Millet and Dauphas, 2014). The sample-spike mixtures were dried down, then 

taken up in 300 ɛl concentrated HNO3 and immediately dried down twice to help 

equilibrate the spike and sample. 

 

Separation of Ti from the sample matrix was achieved by cation exchange 

chromatography using 2 ml Eichrom DGA resin cartridges, following the established 

method of Zhang et al. (2011) and Millet and Dauphas (2014). A vacuum box was used 

to help regulate the flow of reagents through the resin cartridges. Most samples (all 

those presented in Chapter 3) were purified via two identical passes of the sample 

through the resin following the procedure in table 2.1. Some studies have performed 

an alternative second stage of purification using AG1-X8 resin. The main purpose of 

this stage is to ensure removal of molybdenum (Mo) from the Ti fraction for Mo-rich 

samples, as double-charged Mo is an isobaric interference on Ti during mass 

spectrometry (Millet and Dauphas, 2014; Zhang et al., 2011). This stage was not 

required for the samples in this thesis as they have low Mo/Ti of generally < 0.01. 

Following purification, the samples were dried down, then refluxed in a mixture of 150 
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ɛl concentrated HNO3 and 150 ɛl 30% H2O2 at 120ÁC for at least a few hours to 

remove any organic material, before being dried down again. 

 

Table 2.1: Procedure for a single pass of a sample through 2 ml Eichrom DGA resin cartridges 
to purify Ti for MC-ICP-MS analysis (Millet and Dauphas, 2014; Zhang et al., 2011). This 
procedure is done twice to achieve a double pass of the samples through the resin cartridges. 

Step Reagent Volume (ml) 

Cleaning MQ water 20 

Cleaning 3M HNO3 10 

Conditioning 12M HNO3 10 

Sample loading 12M HNO3 5 

Matrix elution 12M HNO3 20 

Ti elution 12M HNO3 + 1 wt% H2O2 10 

Cleaning 3M HNO3 10 

Cleaning MQ water 20 

 

Table 2.2: Revised procedure for a single pass of a sample through 2 ml Eichrom DGA resin 
cartridges to purify Ti for MC-ICP-MS analysis. Sufficient purification of Ti is achieved after a 
single pass of the sample through the resin. 

Step Reagent Volume (ml) 

Wetting agent 
20% ethanol (left to soak 

the resin for ~1 hour) 
3 

Cleaning MQ water 20 

Cleaning 3M HNO3 10 

Conditioning 12M HNO3 10 

Sample loading 12M HNO3 5 

Matrix elution 12M HNO3 15 

Ti elution 12M HNO3 + 1 wt% H2O2 10 

Cleaning 3M HNO3 10 

Cleaning MQ water 20 

 

  



60 
 

Figure 2.2: Elution curve for geological reference material JB-2 from a 2ml Eichrom 
DGA resin cartridge. 

 

Over the duration of my PhD, it was observed that Ti yields following purification were 

decreasing. For a while this remained satisfactory, as the samples were spiked prior 

to purification so double spike deconvolution could correct for any mass-dependent 

fractionation that occurred due to Ti loss during purification. However, yields continued 

to decrease until almost no Ti was being collected after cation exchange 

chromatography. Following communication with TrisKem, the manufacturer of the 

resin cartridges, it was suggested that 20% ethanol was used as a wetting agent 

before the chromatography in order to improve wetting of the DGA resin. I recalibrated 

the Ti cation exchange chromatography with new DGA resin cartridges, now soaking 

the resin in 20% ethanol for approximately 1 hour before starting to clean the columns. 

The recalibration shows that this method achieves separation of Ti from key matrix 

elements (e.g. Ca, V, Cr, Mo) in a single pass of the sample through the DGA resin, 

and with elution of the matrix in 15 ml 12M HNO3 rather than 20 ml (fig. 2.2). The 
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procedure for this revised method is presented in table 2.2 and was used for the 

samples in Chapter 4. Ti yields of ~85 ï 95% were obtained for these samples. 

 

2.1.2.2. Uranium purification 

30 ï 205 mg of finely powdered silicate rock samples, weighed to contain ~150 ng of 

U, were digested in a mixture of 1 ml concentrated HNO3 and 2 ml concentrated HF 

at 120ÁC for at least 72 hours. The IRMM-3636 233U-236U double spike was added to 

each sample before dissolution, aiming for a 238U/236U ratio of ~30. The samples were 

dried down at 100ÁC, then taken up in 5 ml 6M HCl and refluxed at 120ÁC for ~24 

hours before being dried down again. Next, each sample was taken up in 500 ɛl 

concentrated HNO3 and immediately dried down twice. 

 

Table 2.3: Procedure for a single pass of a sample through 1 ml TRU resin in a Bio-Rad column 
to purify U for MC-ICP-MS analysis. 

Step Reagent 
Volume 

(ml) 

Cleaning 0.1N HCl + 0.3N HF 10 

Cleaning MQ water 5 

Conditioning 1.5N HNO3 10 

Sample loading 1.5N HNO3 10 

Matrix elution 1.5N HNO3 20 

U elution 0.1N HCl + 0.3N HF 10 

 

Separation of U from the sample matrix was done by two-stage ion exchange 

chromatography. When U concentrations are high enough, and hence U:matrix ratios 

are low enough, this can be achieved via two identical passes through ~0.6 ml of 

UTEVA resin (100 ï 150 ɛm particle size) loaded in self-shrink Teflon columns (e.g. 

Tissot and Dauphas, 2015; Weyer et al., 2008). The alternative, which is a necessity 

for samples with high matrix volumes, is to first pass the sample through 1 ml of TRU 

resin loaded in a 10 ml Bio-Rad column, and then do a single pass through UTEVA 

resin for the second stage (Andersen et al., 2015). The procedures for the TRU resin 

and UTEVA resin chromatography stages are presented in tables 2.3 and 2.4 

respectively. Following purification, the samples were dried down, then refluxed in a 
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mixture of 500 ɛl concentrated HNO3 and 500 ɛl 30% H2O2 at 120ÁC for at least a few 

hours to remove any organic material, before being dried down again. 

 

Table 2.4: Procedure for a single pass of a sample through ~0.6 ml UTEVA resin in a self-
shrink Teflon column to purify U for MC-ICP-MS analysis. 

Step Reagent Volume (ml) 

Cleaning 0.1N HCl + 0.3N HF 8 

Cleaning MQ water 2 

Conditioning 3N HNO3 5 

Sample loading 3N HNO3 5 

Matrix elution 3N HNO3 15 

Matrix elution (Th) 3N HCl 9 

U elution 0.1N HCl + 0.3N HF 10 

 

2.1.3. Isotopic analysis using MC-ICP-MS 

Ti and U isotope compositions were measured using the Nu Plasma II MC-ICP-MS at 

the Cardiff Earth Laboratory for Trace Element and Isotope Chemistry (CELTIC), 

Cardiff University. Samples were introduced to the mass spectrometer through an 

Aridus II desolvating nebuliser used with Ar gas. 

 

2.1.3.1. Titanium stable isotope analysis 

Samples were taken up in 2% HNO3 + trace HF (2.5 ml concentrated HF per litre of 

2% HNO3) for analysis and introduced to the MC-ICP-MS at concentrations of 1 ï 1.3 

ppm. Measurements were performed in medium resolution mode, and each sample 

analysis consisted of one block of 50 measurements each with an integration time of 

10 seconds. The cup configuration used is given in table 2.5, and Ca interference on 

46Ti and 48Ti was monitored at mass 44. Ti isotope compositions are given in delta 

notation relative to the Origins Laboratory Titanium standard (OL-Ti) (equation 2.7). 
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To account for small polyatomic interferences than cannot be resolved, such as 28Si19F 

on 47Ti (Si comes from the mass spectrometer torch, while F is from the sample 

solution), all sample measurements were bracketed by measurements of double-

spiked OL-Ti standard. 

 

Table 2.5: Cup configuration used on the Nu Plasma II at Cardiff University for measurement 
of Ti stable isotope compositions. 

Collector H10 H9 H7 H4 L2 

Mass 49 48 47 46 44 

 

Figure 2.3: Measured ŭ49Ti (ă) of geological reference materials JB-2, RGM-2 and BCR-2. 
Filled symbols are measurements made over the duration of this thesis and the errors are the 
95% confidence intervals. The weighted mean values of these measurements are given, and 
the shaded boxes show the 2sd of this weighted mean. Open symbols are values published 
in the literature (Anguelova et al., 2024; Deng et al., 2018a, 2018b, 2019b, 2020, 2023; Greber 
et al., 2021; He et al., 2020, 2022; Hoare et al., 2020, 2022, 2023; Klaver et al., 2021, 2024; 
Kommescher et al., 2020; Li et al., 2022; Mandl, 2019; Millet & Dauphas, 2014; Millet et al., 
2016; Saji et al., 2023; Storck et al., 2023; Williams, 2015; Williams et al., 2021; Zhao et al., 
2020) and the errors are given as 2se. 

 

Data reduction was performed offline using the algebraic method of Millet and 

Dauphas (2014), via code written in Python using the NumPy, SciPy and OpenPyXI 

libraries (Hoare, 2021). First, isobaric Ca interferences on 46Ti and 48Ti were corrected 
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for. Then outliers were removed using a 2ů filter, and the mean of the filtered data was 

calculated. Double spike deconvolution was done on the mean isotope ratios using 

Newton Raphson iteration, and Monte-Carlo simulations were used to estimate the 

internal error as a 95% confidence interval. Finally, the standard-bracketed ŭ49Ti 

values were calculated. 

 

Repeated measurements of geological reference materials (JB-2, RGM-2, BCR-2) 

made over the duration of this PhD are in good agreement with previously published 

values (fig. 2.3, Appendix A). The total procedural blank was ~1 ng Ti which is 

negligible in comparison to the ~10 ɛg Ti processed for each sample-spike mixture. To 

assess the long-term reproducibility of the Ti isotope measurements, a compilation of 

individual measurements of the OL-Ti standard made during this PhD is presented in 

figure 2.4. These data give a mean ŭ49Ti of -0.002 Ñ 0.024ă (2sd, n = 76). 

 

Figure 2.4: Compilation of ŭ49Ti (ă) measurements of OL-Ti made over the duration of this 
PhD. Errors on the individual measurements are the 95% confidence intervals, while errors 
on the session weighted means are 2se. The weighted mean of all the OL-Ti measurements 
is -0.002 Ñ 0.024 ă (2sd, n = 76), and the shaded box shows the 2sd of this weighted mean. 
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2.1.3.2. Uranium isotope analysis 

Samples were taken up in 2% HNO3 for analysis and introduced to the MC-ICP-MS at 

concentrations of 50 ï 100 ppb. Measurements were performed in low resolution 

mode. On-peak zeroes were measured for 60 seconds prior to each sample, while 

each sample analysis consisted of one block of 60 measurements each with an 

integration time of 5 seconds. The cup configuration used is given in table 2.6. Mass 

238 was monitored on H6 as this cup is fitted with a 1010 ɋ resistor. This means it can 

accommodate a larger ion beam than the other cups (which are fitted with 1011 ɋ 

resistors), which is necessary because of the high abundance of 238U (> 99% of natural 

U) compared to the other isotopes. Thorium (Th) was monitored on mass 232. U 

isotope compositions are given in delta notation relative to the CRM145 standard 

(equations 2.8 and 2.9). Every two samples were bracketed by measurements of 

double-spiked CRM145 standard. 
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Table 2.6: Cup configuration used on the Nu Plasma II at Cardiff University for measurement 
of U isotope compositions. 

Collector H6 H4 H3 H2 H1 Ax 

Resistor (ɋ) 1010 1011 1011 1011 1011 1011 

Mass 238 236 235 234 233 232 

 

Data reduction was performed offline in a Microsoft Excel spreadsheet. First the data 

were zero-corrected by subtracting the on-peak zero from the sample measurements. 

Next the data were corrected for tail effects. Collisions in the flight tube create a tail of 

low energy molecules that overlap with lower masses (e.g. Andersen et al., 2004). 238U 

and 236U are the main sources of the tails, so 236U needs to be corrected for 

interference from the 238U tail while all lower masses are corrected for interference 
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from both the 238U and 236U tails. Tail correction was done using the method of Hiess 

et al. (2012), which estimates the tail contribution at a given mass using an exponential 

decay function. The data were then corrected for hydride (MH+) formation during 

measurement. Isobaric interferences from 232ThH+ on 233U and from 233UH+ on 234U 

need to be corrected for, while the contributions of 234UH+ and 235UH+ are insignificant 

in comparison to the 235U and 236U beams respectively. The rate of hydride production 

(UH+/U) has previously been measured to be ~5 x 10-6 and is assumed to be stable 

across all measurements. Following this, the isotope ratios for each cycle were 

calculated from the corrected values and were used in the double spike deconvolution 

to correct for mass bias as described in section 2.1.1.1. Minute contributions to 234U, 

235U and 238U from the IRMM-3636 double spike were then subtracted from the mass 

bias-corrected ratios. Outliers were removed using a 1ů filter, and the mean isotope 

ratio was calculated from the filtered data. Finally, standard-bracketed ŭ238U and ŭ234U 

values were calculated using weighted contributions of the bracketing measurements 

of double-spiked CRM145. Uncertainties on ŭ238U and ŭ234U were estimated from the 

external reproducibility (2se) of repeated measurements of the CZ reference material 

from the same session(s) as the sample measurements. 

 

Repeated measurements of the ŭ238U of geological reference materials (BCR-2, HU-

1, CZ-1) made over the duration of this PhD are in excellent agreement with previously 

published values (fig. 2.5a, Appendix A). Measured ŭ234U of BCR-2 and CZ-1 are also 

in good agreement with published values (fig. 2.5b, Appendix A). The ŭ234U of HU-1 is 

higher than published values (fig. 2.5b), although the ŭ234U of HU-1 has only been 

reported twice previously (Cheng et al., 2013; Hiess et al., 2012) and hence is poorly 

constrained. Total procedural blanks were Ò 75 pg U which is negligible in comparison 

to the ~150 ng U processed for each sample. The repeated measurements of the CZ-

1 secondary standard are used to assess the long-term reproducibility of the U isotope 

measurements, and these data give a mean ŭ238U of -0.05 Ñ 0.04ă and a mean ŭ234U 

of 2 Ñ 1ă (2sd, n = 16) (fig. 2.5).  
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Figure 2.5: a) Measured ŭ238U (ă) and b) measured ŭ234U (ă) of geological reference 
materials BCR-2, HU-1 and CZ-1. Filled symbols are measurements made over the duration 
of this thesis and the errors are 2se. The weighted mean values of these measurements are 
given, and the shaded boxes show the 2sd of this weighted mean (2se for HU-1). Open 
symbols are values published in the literature (Andersen et al., 2014, 2015, 2016, 2018, 2020, 
2024; Avanzinelli et al., 2018; Brennecka et al., 2015, 2018; Brennecka & Wadhwa, 2012; 
Bura-Nakiĺ et al., 2018; Casalini, 2018; Cheng et al., 2013; Clarkson et al., 2021; Condon et 
al., 2010; Dahl et al., 2014, 2017; Dang et al., 2018a, 2018b, 2022; Freymuth et al., 2019; 
Goldmann et al., 2015; He et al., 2021; Hiess et al., 2012; Hinojosa et al., 2016; Holmden et 
al., 2015; Iizuka et al., 2014; Keatley et al., 2021; Kipp et al., 2022; Lau et al., 2016, 2017, 
2022; Lefebvre et al., 2019, 2021; Murphy et al., 2014; Stirling et al., 2005, 2007; Tissot et al., 
2016, 2018, 2019; Tissot & Dauphas, 2015; X. Wang et al., 2018; Weyer et al., 2008). 

 


















































































































































































































































































































































































































































































