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Abstract 43 

 44 

The concentration of dissolved oxygen in the deep oceans has varied over Earth History, but 45 

the timing of the transition from anoxic to oxic deep oceans is debated. Under modern-day, 46 

oxic, deep ocean conditions, alteration of the upper sections of mafic oceanic crust with U-rich 47 

seawater leads to U enrichment, low Th/U ratios, and heterogeneous 238U/235U ratios relative 48 

to fresh mid-ocean ridge basalt (MORB). Given the solubility behaviour of U, its uptake into 49 

altered oceanic crust (AOC) is expected to be smaller and less isotopically fractionated when 50 

deep oceans were anoxic and thus U-poor. Determining when, in the geological record, the U 51 

elemental and isotopic systematics of ancient oceanic crust first resemble modern day AOC 52 

should indicate when deep oceans became oxic. We provide U concentration, Th/U, and U 53 

isotopic data on upper-crustal sections of three ophiolites from 750 to 480 Ma, spanning the 54 

period inferred for deep ocean oxygenation (~ 850 to 400 Ma). The ophiolites at 480 and 540 55 

Ma have high U contents, low Th/U ratios, and variability in 238U/235U ratios like modern-day 56 

AOC, reflecting seawater alteration of oceanic crust under oxygenated seawater conditions. In 57 

contrast, the 750 Ma ophiolite does not show the distinctive decreasing Th/U with increasing 58 

U concentrations trend of modern AOC and has fewer samples with 238U/235U ratios perturbed 59 

from mantle values, reflecting alteration under largely anoxic deep ocean conditions. This is 60 

also supported by Fe3+/FeT ratios in these samples that are like unaltered modern MORB. Thus, 61 

our data suggest oxygenated deep oceans at some time between 750 and 540 Ma, either 62 

reflecting a full transition or intermittent deep ocean oxygenation events within an otherwise 63 

anoxic deep ocean.  64 
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1. Introduction 68 

 69 

The evolution of the deep ocean redox state is important for Earth’s surface 70 

biogeochemical cycles and the evolution of life (e.g., Holland, 1984; Canfield, 1998; Planavsky 71 

et al., 2011; Lyons et al., 2014, 2021, 2024 and references therein). Evidence points to the 72 

development of an oxic deep ocean in the late Proterozoic – early Phanerozoic (~ 850 to 400 73 

Ma) in response to the rising abundance of oxygen in the atmosphere (Canfield et al., 2007, 74 

2008; Scott et al., 2008; Dahl et al., 2014; Lyons et al., 2014; Sperling et al., 2015; Sahoo et 75 

al., 2016; Krause et al., 2018, 2022; Stockey et al., 2024). The atmospheric O2 abundance 76 

needed to oxygenate the deep oceans is uncertain and estimates range from 15 to 50 % of 77 

present atmospheric levels (Canfield et al., 2007; Canfield, 2014; Stockey et al., 2024).  78 

 79 

Estimates of deep ocean oxygen abundances through the late Proterozoic – early Phanerozoic 80 

are largely based on elemental and isotopic proxies (such as C, Fe, U, Mo, Cr, Zn) from 81 

sediments on continental shelfs and slopes. Studies on different locations and proxies have 82 

often resulted in differing views / timings on when the deep oceans became oxygen rich (e.g., 83 

see reviews in Lyons et al., 2014, 2021, 2024; Robbins et al., 2016; Krause et al., 2018, 2022; 84 

Mills et al., 2023; Stockey et al., 2024). One potential reconciliation using evidence from 85 

multiple proxies is that rather than steady conditions, the deep oceans in this time period likely 86 

had considerable variability, with ‘brief’ (<10 million years) periods of ‘ocean oxygenation 87 

events’, that may have been global or region-specific, against a backdrop of anoxic deep oceans 88 

(e.g., Sahoo et al., 2016; Tostevin and Mills, 2020; Krause et al., 2022). For example U isotopic 89 

compositions of sediments point towards brief, punctuated levels of deep ocean oxygenation 90 

in the Proterozoic, potentially as far back as 1000 Ma (e.g., Wei et al., 2021; Chen et al., 2022; 91 

Dang et al., 2022).  92 



 
 

 

 93 

However, recent work from Stockey et al. (2024), using global compilations of U and Mo 94 

concentrations in shales and marine biogeochemical signals, infer an increase in atmospheric 95 

O2 abundance at the Neoproterozoic – Palaeozoic boundary, but not by enough to oxygenate 96 

the deep oceans. Large changes in deep ocean conditions from anoxic / suboxic to more oxic 97 

conditions are not inferred until 539 to 400 Ma, with potential full deep ocean oxygenation 98 

comparable to modern-day at ~ 420 Ma (Stockey et al., 2024). Many of the proxies used for 99 

these estimates however represent local rather than global changes and are largely more 100 

representative of the shallower surface level oceans due to being based on sedimentary records. 101 

The debate over the timing of this critical change of Earth’s surface environment encourages 102 

development of new archives of deep ocean conditions and redox-sensitive, elemental and 103 

isotopic tracers to probe them. 104 

 105 

One novel, potentially more direct proxy of deep ocean redox conditions, is the alteration 106 

history of ophiolites. Ophiolites are the remnants of ancient oceanic crust that were 107 

subsequently accreted to the continents and thus may preserve a record of deep ocean 108 

conditions from their interaction with seawater during alteration. Stolper and Keller (2018) and 109 

Stolper et al. (2022) used ophiolites for this purpose by tracking the Fe3+/FeT (where FeT is total 110 

Fe) of their extrusive sections back to 3500 Ma. Circulation of oxygen-rich seawater through 111 

oceanic crust oxidises Fe2+ to Fe3+, elevating Fe3+/FeT. Values above modern unaltered MORB 112 

and back arc basin basalts (Fe3+/FeT ~ 0.31) indicate the interaction of the ophiolite with 113 

oxygen-rich deep ocean waters. The data of Stolper and Keller (2018) and Stolper et al. (2022) 114 

suggest that consistently elevated Fe3+/FeT are only apparent from the early Phanerozoic and 115 

possibly not widespread until late Palaeozoic (<420 Ma).  116 

 117 



 
 

 

Other redox sensitive characteristics of altered oceanic crust (AOC) may similarly trace deep 118 

ocean oxygenation. A notable feature of  the uppermost 500 m of modern AOC is its enrichment 119 

in U abundances, by up to an order of magnitude through low temperature interaction with 120 

seawater (Hart and Staudigel, 1982; Bach et al., 2003; Kelley et al., 2003). Uranium has two 121 

main redox states, reduced and water insoluble U4+ and oxidised and water soluble U6+ 122 

(Langmuir, 1978). After the onset of the first major rise in atmospheric pO2 across the great 123 

oxygenation event (~ 2300 Ma), there would have been a new supply of U6+ to the oceans from 124 

oxidative continental weathering. However under anoxic marine conditions, the majority of 125 

this U would have been reduced and sequestered as U4+ complexes into sediments in shallow 126 

settings, leading to a low U concentration oceanic reservoir (e.g., Anderson et al., 1989; 127 

Klinkhammer and Palmer, 1991; Partin et al., 2013). Only once the oceans became fully 128 

oxygenated, would U be present in appreciable abundance in the deep seawater that alters the 129 

oceanic crust. Lower U removal rates in ocean basins with decreasing area of anoxic seafloor 130 

area, resulted in increasing U concentration of seawater. On the current ocean floor, the 131 

enrichment of AOC with seawater U is seen through a clear trend of increasing U 132 

concentrations and decreasing Th/U ratios in AOC relative to fresh MORB (Fig. 1a). This trend 133 

is seen in multiple sections of modern AOC, with different spreading rates, and modern 134 

ophiolites, e.g., Troodos (92 Ma) (Fig. 1a). Thorium is a useful comparison to U due to their 135 

similar magmatic behaviours, where both are typically present in the 4+ oxidation state, but 136 

different behaviours in the modern, oxidised surface environment, with U being oxidised and 137 

water soluble in contrast to Th that is water insoluble. Thorium abundances therefore show 138 

little change in the oceanic crust during seawater alteration. The association of high U 139 

concentrations with low Th/U ratios in AOC, relative to unaltered MORB, is indicative of U 140 

addition from oxygenated seawater to the oceanic crust (Fig. 1a).  141 

 142 



 
 

 

The enrichment and redistribution of U in the oceanic crust during oxygenated seawater 143 

alteration is also linked to redox sensitive isotopic fractionation that results in AOC having 144 

heterogenous 238U/235U compositions. Samples of AOC have U isotopic compositions that are 145 

both heavier (higher 238U/235U) and lighter (lower 238U/235U) than unaltered MORB, as shown 146 

from oceanic drill core sites 801C (Pacific), 417/418 (Atlantic), and 1256D (Pacific) (Andersen 147 

et al., 2015; Noordmann et al., 2016; Andersen et al., 2024) (Fig. 1b). In the shallowest portions 148 

of AOC U addition is dominated by sorption of U6+ onto secondary mineral surfaces, such as 149 

Fe-oxyhydroxides, which favours lighter U isotopes. In deeper regions of AOC, where 150 

conditions become more reducing, seawater transported U6+ may undergo partial reduction to 151 

U4+, which favours heavier U isotopes, and subsequent incorporation into secondary minerals 152 

such as calcite (Andersen et al., 2015, 2024). As the oceanic crust cools and moves off-axis, 153 

the overlying sediment package thickness increases, so oxidised seawater flow becomes more 154 

restricted, conditions become increasingly reducing and the average 238U/235U ratio of AOC 155 

increases due to partial reduction processes becoming dominant (Andersen et al., 2024). Some 156 

samples of AOC with low Th/U ratios and high U concentrations show 238U/235U ratios similar 157 

to modern seawater and MORB, likely representing conditions with quantitative U uptake, with 158 

little to no net isotopic fractionation (Andersen et al., 2024).  159 

 160 

A deep ocean dominated by anoxic conditions, should result in a different behaviour of U 161 

during oceanic crust alteration. Firstly, seawater would have a much lower capacity for carrying 162 

U into the deep oceans and presumably most would be lost in shelf settings. This would 163 

strongly limit the magnitude of elemental U enrichment in AOC. Secondly, the main 164 

mechanisms of U incorporation and isotopic fractionation into modern AOC will operate 165 

differently under anoxic conditions; in reducing seawater oxic U6+ would not be stable and any 166 

U uptake into oceanic crust would occur with more quantitative U4+ uptake, resulting in limited 167 



 
 

 

isotopic variability in AOC. Thus, identifying when in geological history AOC first shows 168 

notable U enrichment (with associated low Th/U ratios), and isotopic variability in U should 169 

indicate the onset of oxygen-rich deep oceans. 170 

 171 

We apply these U elemental and isotopic proxies using measurements of ophiolite samples. We 172 

measure the U concentration, Th/U ratio, and natural U isotopic variations in sample sets from 173 

three ophiolites: 750 Ma Gabal Gerf, North Africa (Zimmer et al., 1995), 540 Ma Khantaishir, 174 

Mongolia (Gianola et al., 2019), and 480 Ma Annieopsquotch, Canada (Lissenberg et al., 175 

2005), which span the time range suggested for the onset of deep ocean oxygenation. 176 
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 212 

Fig. 1. (a) U concentration vs. Th/U ratio for AOC samples from the modern ocean floor: DSPD 213 

/ ODP holes 504b (~ 6 Ma) (Bach et al., 2003), 1256D (~ 15 Ma) (Andersen et al., 2024), 214 

417/418 (~ 120 Ma) (Seyedali et al., 2021), 801C (~ 170 Ma) (Andersen et al., 2015). Also 215 

shown are data for fresh (Regelous et al., 2014) and altered (Gillis et al., 2015) Troodos 216 

ophiolite (92 Ma) samples, and global MORB using a compilation of ICP-MS analyses from 217 



 
 

 

Gale et al. (2013). (b) Th/U ratio vs. ẟ238U for AOC samples from the modern ocean floor. 218 

Modern seawater composition (Kipp et al. 2022) is shown as a vertical blue dashed line. Grey 219 

shaded region represents the average Th/U of normal MORB ± 1 SD using a compilation of 220 

ICP-MS analyses from Gale et al. (2013), and the range in ẟ238U for MORB (Andersen et al., 221 

2015). Grey data points are samples that are closest in composition to fresh unaltered MORB 222 

(black, inverted triangles). Samples with lower Th/U imply U uptake during alteration but 223 

under different redox conditions: green data points are samples that are isotopically light (oxic 224 

U6+ adsorption), blue data points are samples that are similar to MORB or seawater in ẟ238U 225 

and indicate quantitative U uptake, red data points are samples that are isotopically heavy 226 

(partial reduction of U6+ to U4+ and uptake). Note that DSDP site 417/418 (Noordmann et al., 227 

2016) also has data for ẟ238U, however there are no associated Th/U values, so these samples 228 

are excluded from this figure. Error bars on ẟ238U are 2SE. 229 
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2. Geological location and samples 243 

 244 

The Annieopsquotch ophiolite, 480 Ma (U/Pb zircon age) (Dunning and Krogh, 1985) 245 

in Newfoundland, Canada is a 5.5 km thick section of oceanic crust, comprising gabbro, 246 

sheeted dykes, and basaltic pillow lavas, with hydrous mineralogical assemblages formed by 247 

seawater alteration (Lissenberg et al., 2005). Evidence of this includes dykes crosscutting 248 

hydrothermal alteration veins (Lissenberg et al., 2004) and a set of late-stage, off-axis dykes 249 

that crosscut the ophiolite stratigraphy that are markedly fresher than the host rocks (Lissenberg 250 

et al., 2005); neither would be the case if alteration occurred syn- or post-obduction as a 251 

metamorphic overprint (Lissenberg et al., 2005). The Annieopsquotch ophiolite formed 252 

following subduction initiation in the Iapetus Ocean and was accreted to the Laurentian 253 

continental margin within 10 Myr of formation (Lissenberg et al., 2005). Samples analysed in 254 

this work are from the sheeted dyke and extrusive sections.  255 

 256 

The Khantaishir ophiolite in Western Mongolia, part of the Central Asian orogenic belt, is 257 

divided into the Naran and Taishir massifs, both with exposed mantle sections, overlain by 258 

gabbro, sill and dyke complexes, and pillow lavas. These have experienced limited greenschist-259 

facies metamorphism that is either ocean floor or accretion related (Gianola et al., 2019) (with 260 

ocean floor alteration being favoured, see below). Reported ages for the Khantaishir ophiolite 261 

vary, with Sm-Nd ages of 532 ±40 Ma for the Taishir massif and 540 ±12 Ma for the Naran 262 

massif (Gianola et al., 2019), while U/Pb dating of plagiogranites suggests ages of 573 ±8 Ma 263 

and 566 ±7 Ma (Jian et al., 2014). Gianola et al., (2019) estimate an age range of ~ 550 – 530 264 

Ma, and for this study, we use an average age of 540 Ma. Dating of metamorphic zircons from 265 

a shear zone at the ophiolite’s boundary with the microcontinent it accreted to suggest 266 



 
 

 

obduction occurred at 514 ±8 Ma (Jian et al., 2014). Samples analysed here span the gabbro, 267 

sill and dyke complex, and extrusive section.  268 

 269 

The Gabal Gerf ophiolite, located in the Southern Eastern Desert of Egypt and Red Sea Hills 270 

of Sudan, is part of the Arabian-Nubian shield (Zimmer et al., 1995). It consists of the Gabal 271 

Gerf, Gabal Harga Zarga, and Gabal Heiani nappe complexes, which include, a serpentinised 272 

ultramafic melange, serpentinised or carbonated ultramafics, gabbro, sheeted dykes, and 273 

basaltic pillow lavas which have variably experienced up to greenschist-facies metamorphism 274 

(Zimmer et al., 1995). Pooled Sm-Nd ages suggest a mean age of ~ 750 Ma for gabbro 275 

crystallisation (Zimmer et al., 1995), with obduction occurring around ~ 715 Ma (Kröner et al., 276 

1992). Samples analysed in this work cover ultramafic cumulates, gabbro, sheeted dyke 277 

complexes, and pillow lavas.  278 

 279 

Many ophiolites are formed in suprasubduction zone environments, which may result in lower 280 

Th/U ratios and higher U concentrations than MORB, as seen in fresh glass samples from the 281 

Troodos ophiolite (Fig. 1a). However, these fresh samples do not show such marked 282 

enrichment in U concentration and low Th/U as most of their altered counterparts (Fig. 1a). 283 

Therefore, we emphasise that the tectonic setting of oceanic crust for each ophiolite has a minor 284 

influence on the magnitude of U enrichment, relative to the effect of seafloor alteration that 285 

dominates over any primary differences (Fig. 1a). Details on the tectonic settings of each 286 

ophiolite are, however, provided in Supplementary Material Section 1. 287 

 288 

A full comparison of alteration mineralogy in modern AOC and our samples is beyond the 289 

scope of this work, but details can be found in other studies (e.g., Alt and Honnorez, 1984; 290 

Zimmer et al., 1995; Alt and Teagle, 2003; Lissenberg et al., 2004, 2005; Alt et al., 2010; 291 



 
 

 

Gianola et al., 2019). However, we provide some descriptions and representative petrographic 292 

images illustrating the typical mineralogy of submarine alteration evident in the ophiolite 293 

samples in Supplementary Material: Section 1. In brief, low temperature alteration phases (e.g., 294 

celadonite, saponite, and prehnite), variations in mineralogy with seafloor temperature gradient 295 

(celadonite in extrusive section samples and calcite and epidote in deeper dyke samples), and 296 

primary igneous textures (e.g., ophitic and pilotassitic textures) are evident in Annieopsquotch 297 

and Khantaishir ophiolite samples (Fig. S2). This, in conjunction with field observations given 298 

above, indicate that the ophiolites preserve seafloor alteration characteristics rather than 299 

metamorphic overprints syn- or post-obduction. It is important to note that while the samples 300 

studied in this work were dominantly collected to study magmatic processes, and so the most 301 

seawater altered samples may have been systematically avoided, the alteration mineralogy 302 

identified and differences between more altered (Fig. S2a-e) and fresher samples (Fig. S2f), 303 

indicates heterogeneous alteration of samples, as would be expected from seawater alteration. 304 

We therefore consider our samples to be representative of submarine alteration of in-situ 305 

oceanic crust. Unfortunately, no thin sections were available for the Gabel Gerf samples. 306 

 307 
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3. Methods 316 

 317 

Major and trace element data for the ophiolite samples are reported in Zimmer et al. 318 

(1995), Lissenberg et al. (2005), and Gianola et al. (2019). For measurement of Th and U 319 

concentrations (non-isotope dilution) 50 mg of sample powders were dissolved and analysed 320 

on a ThermoFinnigan Element2 at the Bristol Isotope Group laboratories following Andersen 321 

et al. (2014). Measured reference materials are in good agreement with reference values 322 

(Supplementary Material: Section 2).  323 

 324 

Uranium isotopic measurement, sample preparation and analysis followed Andersen et al. 325 

(2015), detailed fully in Supplementary Material: Section 2. Uranium isotope analysis was 326 

conducted in the University of Bristol Isotope Group laboratories. Approximately 0.5 – 3 g of 327 

sample powder, spiked with the IRMM3636 236U – 233U double spike (Richter et al., 2008), 328 

was dissolved. Purification and U separation used a two-column method, with TRU resin 329 

followed by UTEVA resin. Uranium aliquots were dissolved in 0.2 M HCl (aiming for U 330 

concentrations of 50 – 300 ng g–1) for isotopic analysis. Procedural blanks were <30 pg U, 331 

negligible compared to amount of U consumed per measurement, ~ 15 – 80 ng.  332 

 333 

Uranium isotope compositions were measured on a ThermoFinnigan Neptune MC-ICP-MS 334 

(serial no. 1002) in low mass resolution (M/ΔM ~ 2000, 5 to 95 % peak height definition). 335 

Samples were bracketed by measurements of the double-spiked standard CRM-145. Uranium 336 

isotope ratios for 238U/235U and 234U/238U were calculated using the exponential mass 337 

fractionation law and reference double spike 233U/236U ratio (Richter et al., 2008). Data are 338 

reported in ẟ notation with ẟ238U = [(238U/235USample / 238U/235UCRM-145) – 1] and ẟ234U = 339 

[(234U/238USample / (234U/238UCRM-145/ (1–0.0386)) − 1]. Note that ẟ234U values are reported 340 



 
 

 

relative to secular equilibrium, given the CRM-145 standard has a ẟ234U of −38.6 ‰ relative 341 

to secular equilibrium (Cheng et al., 2013). 342 

 343 

Long term external reproducibility at various measured U intensities has been estimated using 344 

aliquots of the well characterised reference material BHVO-2 measured during different 345 

analytical sessions. The external reproducibility of ẟ238U and ẟ234U for BHVO-2 ranges from 346 

±0.09 – 0.03 ‰, 2SD, and ±4 – 0.9 ‰, 2SD, respectively, for measured 238U intensities of 200 347 

– 1000 pA respectively (full details reported in Supplementary Material: Section 2). Uranium 348 

isotopic measurements of international reference materials analysed (BHVO-2, BCR-2, BIR, 349 

W-2A, and CZ1) agree with literature values (Supplementary Material: Section 2).   350 

 351 
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4. Results 364 

 365 

Uranium isotopic compositions, concentrations, and Th/U ratios are reported in 366 

Supplementary Material: Section 3 and table S3. To present a homogeneous dataset, we exclude 367 

from further discussion: 1) samples measured for Th/U ratios, but not U isotopic compositions 368 

and 2) amphibolites and ultramafic / peridotite samples that have undergone serpentinization 369 

from Gabel Gerf, given these lithologies are not represented in the other ophiolites, Moreover, 370 

Pavia et al. (2023) illustrated the latter are sensitive to post-serpentinization weathering 371 

processes in subaerial environments that question their utility as palaeo-seawater archives. 372 

 373 

Some samples from Annieopsquotch (480 Ma) and Khantaishir (540 Ma) show enrichment in 374 

U relative to Th, with high U concentrations and low Th/U ratios relative to the field defined 375 

by MORB (Fig. 2a, b). This trend of simple U-addition is similar to that seen in modern sections 376 

of AOC the Troodos ophiolite (Fig. 2b). In figures, we highlight the samples that plot on this 377 

vector of U enrichment relative to modern MORB associated with decreasing Th/U ratios, as 378 

observed in AOC in the current ocean basins. Such samples are identified as having Th/U ratios 379 

lower than one standard deviation of average MORB Th/U from spreading centres and back 380 

arc settings, i.e., a Th/U ratio <2.4, using a compilation of ICP-MS analyses from Gale et al. 381 

(2013), and U concentrations above  55 ng g−1, the average concentration of depleted MORB 382 

from Gale et al. (2013). Nine samples from Khantaishir and five from Annieopsquotch pass 383 

these criteria and define a similar array to data from modern AOC and altered Troodos ophiolite 384 

samples (Fig. 2a & b). In contrast, Gabel Gerf (750 Ma) samples, which generally have lower 385 

Th concentrations (Fig. 2a), have low Th/U ratios in samples that also have low U 386 

concentrations (Fig. 2b). 387 

 388 



 
 

 

Samples from all three ophiolites have ẟ238U that overlap with MORB (Fig. 2c). However, 389 

samples with low Th/U ratios from Annieopsquotch and Khantaishir, and a single sample from 390 

Gabel Gerf, have ẟ238U lower than fresh MORB, similar to modern AOC (Andersen et al., 391 

2015, 2024). There are no ẟ238U measurements, outside of uncertainty, higher than the field of 392 

modern MORB (Fig. 2c).  393 

 394 

Samples from all ophiolites show variation in ẟ234U with compositions above and below secular 395 

equilibrium, where secular equilibrium is ẟ234U = 0 (Fig. 3). However, most samples have ẟ234U 396 

>0 and extend up to ~ +442 ‰, above modern seawater (145.6 ±0.3 ‰, 2SE; Kipp et al., 2022). 397 

There are no clear correlations between ẟ234U and ẟ238U or U concentrations (Fig. 3a & b) or 398 

Th/U ratios (Fig. S4). In general, however, samples with the lowest U concentrations tend to 399 

have the greatest deviation in ẟ234U from secular equilibrium (Fig. 3b). This overview excludes 400 

the anomalous Khantaishir sample with the highest ẟ234U (~ +442 ‰) that also has a high U 401 

concentration (~ 183 ng g−1), marked with a cross on figures 2 and 3. 402 

 403 

Figures 2 and 3 distinguish samples by lithology, which provides a coarse index of depth within 404 

the ophiolite stratigraphy.  Samples with the highest U concentrations and values of d238U lower 405 

than MORB are predominantly, but not exclusively, from the extrusive sections of ophiolites 406 

(Fig. S5). This also argues against post-obduction alteration of samples, which would result in 407 

all sections showing similar degrees of alteration. 408 
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 451 

Fig. 2. (a) U concentration vs. Th concentration, (b) U concentration vs. Th/U ratio 452 

and (c) Th/U ratio vs. ẟ238U for ophiolite samples, modern sections of AOC, the 453 

Troodos ophiolite, and MORB. Symbols are the same as in figure 1. Ophiolite data 454 

are grouped into lithology of samples, circles are samples from the extrusive 455 

section, squares are sheeted dykes / sill and dykes, and triangles are gabbros. 456 

Green samples are from Annieopsquotch, blue from Khantaishir, and orange from 457 

Gabal Gerf. Ophiolite samples are grouped into two sets, those that plot on a vector 458 

of U addition to MORB and have increasing U concentration and decreasing Th/U 459 

indicative of U addition from typical MORB compositions (filled symbols) and 460 

those that do not (hollow symbols), see (b) and main text for details. The 461 

Khantaishir sample with the highest ẟ234U (Fig. 3a) is marked with a cross. In (a) 462 

three lines of constant Th/U, 3.1 (average MORB), 2.4, and 1 are shown. Note that 463 



 
 

 

the concentrations are on a log scale and have been cut at concentrations of Th 464 

1500 ng g−1 and U 350 ng g−1. In (b) two representative mixing curves (black lines) 465 

show the effect of simple U addition to a normal and depleted MORB starting 466 

composition from Gale et al. (2013). Also, in (b) the red line denotes oceanic crust 467 

compositions with variable low initial Th concentrations (white diamonds at 100, 468 

75, 50, 25, 10, 5, and 1 ng g−1 Th) and constant Th/U ratio of 3.1 that has been 469 

perturbed by a representative equal amount of a low U flux, 10 ng g−1. In (c) Error 470 

bars on ẟ238U are 2SE. 471 
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Fig. 3. (a) ẟ234U vs. ẟ238U and (b) ẟ234U vs. U concentration for ophiolite samples. Dashed 512 

black line at ẟ234U = 0 represents secular equilibrium. Ophiolite sample symbol groupings 513 

shapes, and colours are the same as in figure 2. Samples from Khantaishir circled in the dashed 514 

blue box plot off the scale in ẟ234U (Table S3). In (a) the yellow shaded region is the range of 515 

ẟ234U and ẟ238U represented by MORB and ocean island basalt (OIB) samples from Andersen 516 

et al., (2015). In (b) the result of addition of a constant flux of groundwater U (2 ng g−1 with 517 

ẟ234U = 1000 ‰) to samples in secular equilibrium, with a range of initial U concentrations, is 518 

shown as the solid black curved line. Vectors of alteration (dashed lines) link specific fresh and 519 

altered hypothetical samples (white diamonds) with initial U concentrations (10, 20, 30, 40, 520 

50, 100, 150, and 200 ng g−1). Note that in (b) the U concentration is plotted on a log scale. 521 

Error bars are 2SE. 522 
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5. Discussion 537 

5.1 Secular equilibrium and sample alteration 538 

 539 

The U budgets of ophiolites represent the primary rock inventory with additions from 540 

ancient seafloor alteration and possibly more recent subaerial exposure. Measurements of ẟ234U 541 

can help differentiate these processes. A deviation from secular equilibrium (ẟ234U = 0) 542 

suggests U loss or gain in the last ~ 2 Myr. Uranium loss during chemical weathering typically 543 

causes 234U deficits (ẟ234U <0) through preferential loss of daughter 234U atoms that sit in 544 

damaged recoil sites (Thurber, 1962; Bacon, 1978; MacDougall et al., 1979; Chabaux et al., 545 

2003; Gaschnig et al., 2021) resulting in complementary ẟ234U >0 of decreasing magnitude in 546 

groundwaters, rivers, and oceans (e.g., Osmond and Cowart, 1976; Dunk et al., 2002; Kipp et 547 

al., 2022).  548 

 549 

Many samples measured across all three ophiolites, have ẟ234U higher than secular equilibrium, 550 

implying some recent U gain. In subsurface aqueous environments equilibrium adsorption-551 

desorption exchange between ionic U6+ complexed species in the groundwater and mineral 552 

surfaces can lead to net adsorptive U uptake (e.g., Osmond and Cowart, 1976; Sylwester et al., 553 

2000). The extreme ẟ234U of groundwater, typically ~ 50 – 1000 ‰ (extending to >2000 ‰) 554 

(Osmond and Cowart, 1976), means samples can acquire modestly perturbed ẟ234U (~ 20 ‰) 555 

with only minor elemental U addition. We illustrate this in figure 3b where hypothetical 556 

samples with a range of initial U concentrations (white diamonds at secular equilibrium) are 557 

perturbed by a fixed addition of groundwater U (2 ng g–1 with a characteristic ẟ234U value of 558 

1000 ‰). This yields the black curve (perturbed samples shown as white diamonds along this 559 

curve, which are shifted imperceptibly along the x-axis i.e., minor total U addition) that 560 

reproduces much of the variability seen in ẟ234U, including the tendency for samples with lower 561 



 
 

 

U concentration to have higher ẟ234U. For samples with U concentrations over 20 ng g−1 this 562 

flux would account for <10 % of the U content of samples, this would result in a small shift in 563 

U concentrations. We also, following the approach in Andersen et al. (2024), model the 564 

changes in Th/U ratios (Fig. S6a) and ẟ238U (Fig. S6b & c) following groundwater U addition 565 

with ẟ234U = 1000 ‰ (Supplementary Material: Section 4). In brief shifts in Th/U and ẟ238U 566 

are calculated and to account for unknown ẟ238U compositions of groundwater we model two 567 

scenarios using the lowest and highest ẟ238U compositions in each ophiolite for the 568 

groundwater composition. We assume starting ẟ234U compositions of 0 ‰ for the rock with no 569 

groundwater U addition and apply the model to samples with ẟ234U ≥0 ‰. Samples plot within 570 

uncertainty of a 1:1 line between corrected compositions for groundwater U addition and the 571 

measured compositions in Th/U and ẟ238U (Fig. S6), except for the sample from Khantaishir 572 

with highest ẟ234U (~ 44 % groundwater U addition, Table S4). This sample, however, when 573 

corrected for recent U addition still shows evidence of seawater U addition, i.e., low Th/U 574 

(measured Th/U 0.6 versus corrected Th/U 1.0). This simple model highlights that recent 575 

subaerial weathering may not have a significant impact on Th/U and ẟ238U compositions, even 576 

when showing elevated ẟ234U. 577 

 578 

An important observation is also that samples with high U concentrations are not systematically 579 

associated with elevated ẟ234U. This indicates that alteration during recent ophiolite exposure 580 

is not the main cause of their U enrichment relative to MORB. The ẟ234U isotopic data however 581 

only preserve the last ~ 2 Myr of groundwater interaction and therefore do not reflect the entire 582 

history of potential groundwater U addition that may have occurred over longer timescales. As 583 

discussed above, however, other lines of evidence, such as the alteration mineralogy of samples 584 

indicating seafloor alteration assemblages rather than subaerially formed secondary minerals, 585 

support the inference of limited groundwater U addition to the samples.  586 



 
 

 

  587 

Furthermore, there is no obvious relationship between ẟ234U and ẟ238U (Fig. 3a). Much of the 588 

range of ẟ234U is found in samples with ẟ238U within uncertainty of primary magmatic ẟ238U 589 

(Fig. 3a). This supports the notion developed above that modest perturbation of ẟ234U by 590 

groundwaters with high ẟ234U need not dramatically alter the overall U budget, especially for 591 

samples with high U concentrations from submarine alteration acquired before such subaerial 592 

weathering (Fig. S6). The low U concentrations of groundwater (e.g., Dunk et al., 2002) results 593 

in only minor amounts of U addition compared to the greater quantities of U that may be added 594 

by larger volumes of U-rich seawater during seafloor alteration. Therefore, our samples may 595 

have experienced recent subaerial groundwater U addition, but, and especially for samples with 596 

high U concentrations, this would not result in significant changes in U elemental and isotopic 597 

compositions, although larger changes may occur in low U concentration samples. We 598 

therefore focus our interpretations on high U concentration samples with low Th/U ratios that 599 

are most indicative of compositions resulting from seafloor alteration.  600 

 601 

5.2 Comparisons of ophiolites to more recent altered oceanic crust 602 

 603 

Our analyses show distinct patterns of U enrichment in the two younger ophiolites 604 

relative to the oldest one. In the former, most samples with high U concentrations plot on a 605 

vector of increasing U concentration and decreasing Th/U ratio, similar to modern AOC (Fig. 606 

2b). This trend is readily explained by the process of U addition during seafloor alteration, 607 

which we depict on figure 2b (Hart and Staudigel, 1982; Bach et al., 2003; Kelley et al., 2003; 608 

Andersen et al., 2015, 2024). Some Annieopsquotch samples extend to high Th/U ratios (>4.5) 609 

at low U concentrations (Fig. 2a, b) which may indicate some U loss and or remobilisation as 610 

seen in some deeper sections of modern AOC (Andersen et al., 2024). 611 



 
 

 

 612 

Samples from the older Gabel Gerf ophiolite also have Th/U ratios lower than unaltered 613 

MORB, but in samples with the lowest rather than the highest U concentrations (Fig. 2b). They 614 

define a group with low Th and U concentrations, distinct from the Khantaishir and 615 

Annieopsquotch samples that show significant U enrichment similar to modern seafloor 616 

samples (Fig. 2a). The variable but low Th/U ratios in Gabal Gerf likely reflect the addition of 617 

small amounts of seawater or recent groundwater U to oceanic crust with low initial Th 618 

concentrations (Fig. 2a & b), orders of magnitude smaller than that observed in Khantaishir, 619 

Annieopsquotch, and modern AOC. We reproduce these Gabel Gerf samples with a simple 620 

model that starts with a range of unaltered crustal compositions with variable, low initial Th 621 

concentrations (1, 5, 10, 25, 50, 75, and 100 ng g−1) but constant Th/U ratios (3.1).  A fixed, 622 

low U flux (10 ng g−1) added to these model compositions successfully accounts for the trend 623 

displayed by the Gabal Gerf and some Khantaishir samples, that have low Th/U ratios (Fig. 624 

2b) and low Th and U concentrations (Fig. 2a). There are no Gabel Gerf samples that plot on 625 

vector of seawater U addition to oceanic crust, with low Th/U ratios at high U concentrations 626 

(Fig. 2b). The systematics of U and Th trends identified in the Gabal Gerf samples are therefore 627 

not characteristic of seawater alteration on the modern, oxic ocean floor. They are more readily 628 

attributed to minor U addition, from either groundwater of perhaps more simply, from seafloor 629 

alteration in an anoxic ocean. The Gabal Gerf data therefore suggest that the redox state of the 630 

deep oceans was different at ~ 750 Ma relative to 540 and 480 Ma.  631 

 632 

The contrast in the ẟ238U between the oldest and more recent ophiolites is more subtle than the 633 

contrast in U concentrations and Th/U ratios. All analyses of Gabel Gerf, bar one sample, are 634 

within error of modern magmatic ẟ238U (Fig. 2c).  As argued above, the low Th/U ratio in some 635 

Gabel Gerf samples reflect minor U addition to low Th concentration samples. This process 636 



 
 

 

appears to result in perturbed ẟ238U in only one case, with this sample also having a low U 637 

concentration (Fig. S5) and may be related to recent groundwater U addition. All other Gabal 638 

Gerf samples reflect the unfractionated bulk addition of minor amounts of U, which we 639 

attribute to this process occurring in an anoxic ocean. In contrast, ẟ238U in some low Th/U ratio 640 

samples from both Khantaishir and Annieopsquotch are significantly lower than unaltered 641 

modern MORB (Fig. 2c), which we interpret as further evidence of oxic submarine alteration. 642 

This is a less definitive signature than the U-Th elemental systematics, as different styles of 643 

238U-235U fractionation are observed with depth in modern AOC (Andersen et al., 2015, 2024). 644 

In keeping, some of the low Th/U ratio samples from Khantaishir and Annieopsquotch have 645 

ẟ238U within uncertainty of unaltered MORB, likely reflecting near-quantitative U addition 646 

during seafloor alteration.  647 

 648 

It is notable that there are no ẟ238U compositions outside of uncertainty in the ophiolite samples 649 

higher than unaltered MORB, as can occur through partial reduction of U6+ (Fig. 1b). Altered 650 

oceanic crust may develop high ẟ238U from more restrictive U addition due to sediment build 651 

up off-axis restricting the flow of oxidised seawater through the oceanic crust. Conditions of 652 

alteration therefore can become more reducing with age of oceanic crust, resulting in higher 653 

ẟ238U, as seen in some modern AOC, most notably from the oldest AOC samples (Hole 801, 654 

Fig. 1b)  (Andersen et al., 2015, 2024). Our U enriched ophiolite samples may not have been 655 

on the seafloor for long enough before obduction for conditions of alteration to become 656 

dominantly reducing. As seen in hole 1256D (~ 15 Ma) the majority of samples have low ẟ238U 657 

values, with high ẟ238U only seen in a few samples at select horizons (Andersen et al., 2024). 658 

Therefore, it is perhaps expected that most samples from AOC altered in an oxic deep ocean 659 

analysed will have predominantly low ẟ238U as is seen in Annieopsquotch and Khantaishir 660 

ophiolite samples. Whether ẟ238U values of AOC are higher or lower than MORB, our 661 



 
 

 

conclusions remain unchanged, as both require that U6+ is present in the oxic deep oceans. The 662 

ẟ238U data therefore corroborates with the inference from the elemental U and Th systematics 663 

of changing styles of submarine alteration from anoxic at 750 Ma to oxic at 540 and 480 Ma. 664 

 665 

Comparisons of ophiolite samples with modern AOC are potentially affected by sampling 666 

biases, as ophiolite samples are typically collected to study magmatic processes and so the most 667 

seawater altered samples may be avoided. This could explain some of the more muted levels 668 

of U enrichment seen in our samples from Khantaishir and Annieopsquotch and the lack of 669 

enrichment seen in Gabal Gerf. In this context we note that our interpretation of Gabal Gerf as 670 

altered in anoxic deep ocean conditions is a conservative interpretation. If the lack of U 671 

enrichment at Gabal Gerf were solely due to a sample bias, then it would extend our inferred 672 

duration of oxic deep ocean conditions considerably further back in time than most current 673 

estimates (see section 1 and 5.3). Thus, the lack of U enrichment in Gabal Gerf is unsurprising. 674 

More significant is the evidence for U addition in Khantaishir samples, indicative of oxic deep 675 

oceans at 540 Ma, also older than many literature estimates. 676 

 677 

5.3 Comparison with other recent models of changing ocean anoxia 678 

 679 

Given the use of ocean crust alteration recorded in ophiolites in this study, it is valuable 680 

to compare our observations to the estimates of deep ocean dissolved O2 concentrations derived 681 

from Fe3+/FeT ratios in ophiolites (Stolper and Keller 2018). Stolper and Keller (2018) calculate 682 

a gradual increase in the dissolved O2 concentration of the deep ocean from anoxic conditions 683 

in the Neoproterozoic (a period encompassing the Gabel Gerf ophiolite) to values resolvable 684 

from zero in the early Palaeozoic (during which Annieopsquotch and Khantaishir were formed 685 

and altered), with subsequent continued rise to modern day concentrations (Fig. S7a). We note 686 



 
 

 

that the Fe3+/FeT ratios of Gabal Gerf samples are amongst the most reduced values in the 687 

Neoproterozoic time step of Stolper and Keller (Fig. S7b) and Fe3+/FeT in Gabal Gerf samples 688 

show no correlation with ẟ238U (Fig. S8). Unfortunately, we do not have Fe3+/FeT data for our 689 

Annieopsquotch or Khantaishir samples. 690 

 691 

The systematic change in style of  seawater U addition between ophiolites of different ages in 692 

our study is, at least qualitatively, consistent with the timing of onset of discernible deep ocean 693 

oxygenation inferred by Stolper and Keller (2018). However, their model does not show a 694 

significant rise in deep ocean O2 concentrations until ~ 420 Ma, which is younger than the 695 

formation and obduction of our youngest ophiolite (480 Ma) which we infer to have 696 

experienced alteration in an oxygenated deep ocean. In a subsequent, more detailed study of 697 

the Bay of Island ophiolite (485 Ma) Stolper et al. (2022) infer, from Fe3+/FeT ratios, oxidation 698 

of volcanic rocks in the ophiolite sequence, but to less of an extent than seen in the late 699 

Palaeozoic-modern systems. Stolper et al. (2022) argue that, from globally binned averages, 700 

the clear increase in deep ocean O2 is not seen until the late Palaeozoic. However, with 701 

individual locations (e.g., Bay of Island, Annieopsquotch, Khantaishir), increases in deep ocean 702 

O2 can be seen earlier, which may represent a global trend or local / transient events in deep 703 

ocean O2 levels. It is encouraging that Annieopsquotch and the Bay of Island ophiolite, both of 704 

similar ages and from similar palaeo-geographic locations show evidence of increased deep 705 

ocean O2 from different palaeo-redox proxies.    706 

 707 

Perfect agreement between the two proxies is not expected however, as the controls on Fe 708 

oxidation and U addition through seawater interaction are different and redox thresholds 709 

between the systems may be different. The main host minerals and sites for U in AOC are 710 

poorly constrained and U addition may be associated with multiple phases of secondary 711 



 
 

 

mineral formation in oxidising and reducing conditions. Increases in Fe3+/FeT ratios however, 712 

that may scale with increasing levels of deep ocean O2, will primarily be associated with phases 713 

such as Fe-oxyhydroxides that may overprint earlier alteration phases (Alt, 2004). Uranium 714 

addition to AOC, which may not directly scale with increasing levels of deep ocean O2, may 715 

be more sensitive to low levels of dissolved O2 than Fe3+/FeT ratios. Different elemental 716 

systems have different thermodynamic redox thresholds, however, the exact redox potential for 717 

each element will vary as a function of the local chemical and physical conditions (e.g., pH 718 

and ligand-complexation) and lithology investigated (Langmuir, 1978; Anderson et al., 1989; 719 

Algeo and Li, 2020). Therefore, the measurable fingerprint of deep ocean oxygenation may 720 

differ for the U and Fe system during seafloor alteration in AOC. Our U data could record 721 

lower levels of deep ocean oxygenation than recorded by the Fe system (Stolper and Keller, 722 

2018; Stolper et al., 2022), thus providing a potential explanation for the different time 723 

inferences from the proxies. Overall, however we stress that it is difficult to envisage the 724 

extensive addition of U to the oceanic crust, which we observe in 480 and 540 Ma ophiolites, 725 

without high U concentration in deep ocean water, which requires an oxygenated deep ocean. 726 

 727 

Sedimentary records have also been analysed to investigate deep ocean O2 (see section 1) and 728 

the marked rise in U content in some marine sedimentary sections at ~ 600 Ma (e.g., Partin et 729 

al., 2013) has been interpreted to reflect the timing of deep ocean oxygenation, similar to the 730 

timing based on arguments from the diversification of life (e.g., Butterfield, 2007; Canfield et 731 

al., 2007; Dahl et al., 2010; Lenton et al., 2014; Planavsky et al., 2014). However, a recent 732 

compilation of marine sedimentary U and Mo concentration data, suggests no major change in 733 

the oxygen content of the deep oceans until ~ 420 – 400 Ma (Stockey et al., 2024). This timing 734 

again is significantly later than our inference of deep ocean oxygenation >540 Ma. 735 

 736 



 
 

 

A possible explanation of the different inferred timing of deep ocean oxygenation is that the 737 

approaches have a different sensitivity to transient ocean oxygenation events, i.e., brief periods 738 

of increased ocean oxygenation against a backdrop of long term ocean anoxia. Marine 739 

sedimentary data integrates over ~ 10-million-year timescales, and as such, may not capture 740 

transitory ocean oxygenation events. Although ophiolites also integrate conditions on the deep 741 

ocean floor over a similar timescale, a signature of U addition from a short-lived period of 742 

oxygenation can be seen as an elevated U concentration or low Th/U ratio relative to a baseline 743 

of unaltered MORB. In the sedimentary case, short-lived periods of oxygenation, that result in 744 

spikes in U concentrations relative to average compositions, may be damped by the averaging 745 

effect of continuous sedimentation. Thus, it may be that the U ophiolite proxy is better at 746 

capturing shorter ocean oxygenation events in an otherwise anoxic deep ocean.  747 

 748 

However, ophiolites provide a direct record of interaction between basaltic rock and deep ocean 749 

water, while sedimentary proxies of ocean anoxia trace local conditions on continental shelves 750 

and the consequences of these observations for deep ocean conditions requires further 751 

biogeochemical modelling. It is interesting to note that the raw sediment U concentration data 752 

in the study of Stockey et al. (2024, their supplementary Fig. S2) show a systematic increase 753 

in the 75th percentile and maximum value in temporally binned samples younger than ~ 550 754 

Ma. Only with a more sophisticated, statistical learning treatment, to address sample bias, is 755 

the rise in sedimentary U content (used to model oxygenation of the deep ocean) delayed until 756 

~ 420 – 400 Ma.  757 

 758 

 759 

 760 

 761 



 
 

 

6. Conclusions 762 

 763 

Mafic samples from the Annieopsquotch (480 Ma) and Khantaishir (540 Ma) ophiolites 764 

showing a trend between low Th/U ratios, <2.4, and high U concentrations, >55 ng g–1, and 765 

variability in ẟ238U, ranging from –0.5 to –0.2 ‰, reflect the significant uptake of U during 766 

seafloor alteration prior to obduction. These observations imply alteration by oxic, deep ocean 767 

water, with U present in its oxidised form, since at least 540 Ma. Samples from the Gabal Gerf 768 

750 Ma ophiolite do not show this systematic significant deep ocean U addition and likely 769 

reflect seawater alteration of ocean crust under anoxic conditions. The Th-U elemental, and U 770 

isotopic compositions of Gabal Gerf are consistent with Fe3+/FeT ratios of the samples, that 771 

reflect anoxic alteration conditions. Our data argue for deep ocean oxygenation between 750 – 772 

540 Ma, but it is not clear if the ophiolite data reflect a full transition or intermittent events 773 

within a largely anoxic deep ocean. Nonetheless, U abundances and Th/U ratios of ophiolites 774 

are useful tracers of the oxygenation state of deep ocean water during its alteration of the 775 

oceanic crust. The U isotope data, that suggest 238U-235U isotopic fractionation during U uptake 776 

into ancient AOC similar to processes in modern AOC, provide important supporting 777 

information but are less diagnostic given the relatively small isotopic fractionations and ability 778 

of different styles of seafloor alteration to cause fractionations in different senses.  779 

 780 
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